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L  DISCUSSION 

This  report  covers  the  period  11  August  1986  to  30  September  1989, 
and  describes  the  work  completed  for  contract  N00014-86-C-2365,  SAIC 
project  #1-157-13-241.  The  work  on  numerical  simulation  of  cyclone 
genesis  was  perfomed  by  SAIC  staff  on-site  at  NRL  and  via  a  subcontract  to 
North  Carolina  State  University  by  Dr.  Sethu  Raman  and  his  graduate 
students.  The  space  science  engineering  tasks  were  performed  by  SAIC 
staff  on-site  at  NRL  and  the  mesospheric  simulations  by  our  consultant,  Dr. 
Darrell  Strobel  of  Johns  Hopkins  University.  In  the  following  sections  each 
of  these  efforts  is  described  in  some  detail,  with  more  complete  detail 
provided  in  Appendices. 

n.  NUMERICAL  CYCLONE  CODE  DEVELOPMENT  AND  SIMULATION 

1.  Introduction 

\, 

The  Limited  Area  Numerical  Weather  EredictiorL  system  at  the  Naval 
Research  Laboratory  (NRL)'  is  being  developed  to  accurately  simulate  and 
study  the  development  of  extratropical  cyclones,  which  rapidly  develop  off 
the  east  coast  of  the  U.S.  and  the  North  Atlantic  Ocean.  Data  collected 
during  the  Genesis  of  Atlantic  Lows  Experiment  (GALE)  and  the  Experiment 
on  Rapidly  Intensifying  Cyclones  in  Atlantic  (ERICA)  are  being  used  for 
model  simulations  and  studies  and  for  testing  of  the  software  developed. 
SAIC  has  contributed  extensively  to  the  development  of  the  NRL  mesoscale 
numerical  model  for  GALE,  including  analysis  and  initialization  methods,  and 
parameterization  of  sub-grid  scale  circulations  and  has  used  the  NRL  model 
for  simulation  studies.  We  have,  also,  assisted  with  the  NRL  east  coast 
snowstorm  study  described  in  Section  2.  SAIC  has  run7  simulations  for  tHe 
case  of  cold  air  damming  and  coastal  front  formation  and  the  subsequent  off¬ 
shore  cyclogenesis  during  the  second  intensive  observing  period  „o£  GALE.y 
This  work  is  also  described  in  Section  2.  SAIC  has  developec^software^fo 
read  and  unpack  the  special  packed  binary  data  for  the  analyses  and 
forecasts  on  the  National  Meteorological  Center  (NMC)  history  tapes,  and  for 
the  preprocessing  of  GALE  data  on  the  VAX  computers,  at  NRL.  Copies  were 
made  of  the  NMC  history  tapes  and  archived  by  SAIC  at  NRL  for  the  periods 
of  the  GALE  and  ERICA  experiments.  SAIC  developed'^  dry  convective 
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adjustment  scheme  to  parameterize  sub-grid  scale  dry  convection  and 
incorporated  a  Davies^  (19.Z6),'  lateral  boundary  formulation  for  use  in  the 
model  for  the  simulation  of  GALE  storms.  SAIC  has  worked  with  the  NRL 
staff  in  the  development  of  ^initialization  schemes,  including' a  vertical  mode 
initialization  scheme,  and  ha^  extensively  tested  the  schemes,  with  analyses 
for  the  GALE  period  from  the  NMC.  For  use  with  the  initialization 
procedures,  the  JNiKE^solver  for  partial  differential  equations  was  also 
modified  as  described,  m  a  report  by  SAIC  and  discussed  in  Section  3>  For 
the  analysis  of  the  GALE  data.  -SAICJias  developed,  an  efficient  analysis 
scheme^  based  on  the  successive  corrections  method,  to  enhance  the 
operational  NMC  analyses  and  has  included  an  extensive  quality  control 
package.  These  efforts  are  described  further  in  the  following  sections. 


2.  Simulation  of  GALE  Cases 


The  basic  numerical  model  developed  at  NRL  is  described  in  the  technical 
report  of  Madala  et  al.  (1987).  A  version  of  the  model  to  be  used  for  GALE 
studies,  was  used  to  study  the  east  coast  snowstorm  of  February  10-12,  1983 
in  the  paper  of  Chang  et  al.  provided  in  Appendix  A  and  published  in  Mon. 
Wea.  Rev.  117,  1768  (1989).  The  study  demonstrated  the  feasibility  of 
enhancing  operational  analyses  with  the  original  data  soundings  using  the 
Barnes  (1973)  scheme,  as  adapted  for  the  NRL  model  by  Brehme  (1987). 
Sensitivity  of  the  forecasts  of  the  snowstorm  along  the  east  coast  to  boundary 
conditions  and  physical  processes  were  investigated  in  the  study,  details  of 
which  can  be  found  in  Appendix  A.  For  this  study,  SAIC's  software  was  used 
to  unpack  the  initial  data  to  be  used  for  the  analysis  of  Brehme  (1987)  and 
also  used  to  process  the  NMC  analyses,  used  for  verification  purposes. 
SAIC's  dry  convective  adjustment  software  (see  below)  was  also  used.  This 
model  and  modifications,  which  were  to  be  used  for  the  GALE  simulations, 
was  also  presented  at  the  6th  Extratropical  Cyclone  Workshop  of  the 
American  Meteorological  Society  in  Monterey,  CA,  June,  1987,  entitled  "A 
Model  for  the  Simulation  of  Extratropical  Cyclones  During  GALE,"  R.V. 
Madala,  K.  D.  Sashegyi,  and  S.W.  Chang. 

In  the  papers  by  Sashegyi  et  al.  (Appendices  B,  C,  and  D),  simulations 
of  the  development  of  cold  air  damming  and  the  coastal  front  and  the 
subsequent  offshore  cyclogenesis  for  the  case  of  the  second  Intensive 
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Observing  Period  (IOP#2)  of  GALE  were  carried  out  by  SAIC  using  the  NRL 
model.  The  simulations  by  SAIC  showed  that  as  the  cold  front  moved  off  the 
east  coast  of  the  U.S.,  a  strong  low  level  temperature  contrast  was  produced 
in  the  model  in  the  first  36  hours  of  integration.  This  was  caused  by  (1)  the 
blocking  by  the  Appalachian  mountains  of  the  north-easterly  flow  of  cold  air 
behind  the  front  (cold  air  damming),  (2)  strong  surface  sensible  heat  fluxes 
over  the  Gulf  Stream,  and  (3)  a  confluent  flow  along  the  western  edge  of  the 
Gulf  Stream  enhancing  the  temperature  gradient.  In  the  simulation  of  the 
subsequent  offshore  cyclogenesis  by  Sashegyi  et  al.  described  in  Appendix  D 
the  low  level  trough/coastal  front  moved  inland  with  a  weak  low  forming  on 
the  front  and  moving  rapidly  up  the  coast.  A  new  cyclone  then  formed 
offshore  of  Cape  Hatteras,  in  agreement  with  the  operational  analyses. 
Realistic  precipitation  patterns  were  developed  in  the  model.  Details  of  the 
simulations  can  be  found  in  the  papers  by  Sashegyi  et  al.  in  Appendices  B,  C, 
and  D. 

SAIC  has  developed  software  to  read  and  unpack  the  special  packed 
binary  data  for  the  analyses  and  forecasts  on  the  NMC  history  tapes,  and  for 
the  preprocessing  of  GALE  data  on  the  VAX  computers  at  NRL.  Copies  were 
made  of  the  NMC  history  tapes  and  archived  by  SAIC  at  NRL  for  the  periods 
of  the  GALE  and  ERICA  experiments.  To  extract  the  NMC  analyses  from  the 
history  tapes,  extensive  use  is  made  of  the  VAX  system  service  utilities  for 
magnetic  tape  I/O. 

SAIC  developed  a  dry  convective  adjustment  scheme,  based  on  Manabe 
et  al.  (1965),  to  parameterize  sub-grid  scale  dry  convection  for  use  in  the 
model  for  the  east  coast  snowstorm  study  of  Chang  et  al.  (1989)  (see 
Appendix  A)  and  for  the  simulation  of  GALE  storms  by  Sashegyi  et  al. 
(Appendices  B,  C,  and  D).  In  the  scheme,  unstable  lapse  rates  between 
adjacent  layers  are  removed  by  lifting  the  air  adiabatically  to  the  next  layer 
and  exchanging  the  heat  at  constant  pressure.  This  is  continued  to 
successively  higher  layers  up  to  and  including  the  first  stable  layer  above  the 
unstable  lapse  rate.  In  this  way  the  temperature  of  the  unstable  layers  and 
the  first  stable  layer  above  are  adjusted  to  a  neutral  lapse  rate. 

The  single  layer  planetary  boundary  layer  formulation  of  Chang  (1981), 
which  is  based  on  similarity  theory,  was  adapted  for  use  by  SAIC  in  the  GALE 
model.  In  this  formulation  the  surface  fluxes  of  momentum,  sensible  heat 
and  moisture  are  dependent  on  the  stability  as  well  as  the  wind  speed. 
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Realistic  surface  fluxes  were  obtained  by  SAIC  with  the  GALE  simulation  and 
described  in  the  paper  of  Sashegyi  et  al.  (1988)  (Appendix  D).  The  spatial 
gradients  in  the  fluxes  were  sharper  than  with  the  constant  drag  coefficient 
formulation  that  had  been  used  by  SAIC  in  the  earlier  simulation  of  Sashegyi 
et  al.  (1987)  (see  Appendix  C),  bringing  an  improvement  in  the  predicted 
model  low  level  winds  and  temperatures  in  the  cold  air  over  the  ocean. 

A  relaxation  type  of  lateral  boundary  condition,  following  Davies(1976, 
1983),  in  which  the  model  variables  are  relaxed  to  specified  boundary  values 
of  the  variables,  was  developed  and  tested  by  SAIC  for  the  NRL  model.  This 
scheme  better  simulated  the  propagation  speed  of  fronts  from  the  boundary 
region  into  the  domain  than  the  Perkey-Kreitzberg  (1976)  scheme  in  which 
tendencies  are  specified  at  the  boundary.  Tests  by  SAIC  of  the  influence  of 
the  lateral  boundaries  of  the  model  domain,  nested  grid,  diffusion  and  the 
use  of  initial  conditions  initialized  with  the  vertical  mode  scheme  (described 
below)  on  the  GALE  simulation  for  IOP#2  are  currently  underway. 
Preliminary  test  simulations  with  the  GALE  case  with  the  nested  version  of 
the  model,  being  developed  by  Dr.  R.V.  Madala  at  NRL,  were  presented  orally 
by  SAIC  at  the  International  Conference  on  High  Resolution  Atmospheric 
Limited  Area  Modelling  in  August,  1989  in  Oslo,  Norway,  entitled  "The  NRL 
Nested,  Limited-Area  Weather  Prediction  Model"  by  R.  Madala,  K.  Sashegyi, 
and  S.  Chang. 

3.  Initialization  for  GALE  Data 

Errors  in  the  observations  and  analysis  and  inconsistencies  of  the  data 
analysis  with  the  physics,  dynamics  and  numerics  of  the  model  give  rise  to 
inertial  gravity  wave  oscillations  in  numerical  integrations  of  a  model.  In  the 
papers  by  Sashegyi  et  al.  (1987)  and  Sashegyi  and  Madala  (1988),  provided 
in  Appendices  B  and  E  respectively,  SAIC  showed  that  the  split-explicit  time 
integration  scheme  of  Madala  (1981),  which  is  used  in  the  NRL  model, 
reduces  the  amplitude  of  the  external  gravity  wave  oscillations  in  the  first 
three  or  four  hours  of  integration.  Oscillations  in  the  vertical  motion  are  not 
reduced,  however.  With  an  explicit  centered  difference  scheme  for  time 
integration,  however,  the  resulting  high  frequency  oscillations  seen  in  the 
surface  pressure,  can  be  as  large  5  or  6  mb,  for  example.  SAIC  adopted  a 
static  non-linear  initialization  procedure  to  control  the  initial  oscillations, 
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except  for  an  initial  adjustment  of  the  vertical  motion  in  the  first  five  hours 
of  integration.  However,  a  small  mean  drift  of  about  a  mb  in  the  surface 
pressure  is  produced  by  this  scheme  in  the  first  twelve  hours  of  integration. 
For  further  details  refer  to  the  papers  in  Appendices  B  and  E. 

SAIC  has  assisted  with  the  development  of  a  vertical  mode 
initialization  scheme,  based  on  the  work  of  Bourke  and  McGregor  (1983),  to 
remove  these  unwanted  high  frequency  inertial  gravity  wave  oscillations  in 
the  NRL  model.  The  scheme  provides  a  dynamically  balanced  velocity 
divergence  field  for  the  first  three  vertical  modes  of  the  model.  It  uses  an 
iterative  procedure  to  solve  a  system  of  linear  Helmholtz  equations,  based  on 
the  model  dynamical  equations,  to  filter  the  high  frequency  gravity  waves 
from  the  initial  data  used  for  the  model.  Only  the  external  and  the  first  two 
internal  vertical  modes  are  initialized.  The  procedure  eliminates  the 
unwanted  high  frequency  gravity  wave  oscillations  in  the  model  integrations, 
and  provides  a  dynamically  balanced  initial  vertical  motion  field  for  the  first 
three  vertical  modes  of  the  model,  thereby  reducing  the  spin  up  time  of 
disturbances  in  the  model.  The  scheme  also  produces  smaller  changes  to 
the  initial  mass  and  wind  fields  compared  to  the  static  initialization. 
Preliminary  results  with  the  scheme  were  described  by  SAIC  in  the  paper  by 
Sashegyi  and  Madala  (.1988)  in  the  Numerical  Weather  Prediction 
Conference  preprints  volume  (see  Appendix  E).  A  paper  for  publication  is 
being  prepared  by  Madala  and  Sashegyi.  The  results  were  presented  orally  by 
SAIC  at  the  2nd  Storm  Workshop  on  Regional  Data  Assimilation  in  Norman, 
OK  in  March,  1989  entitled  "Vertical  Normal  Mode  Initialization  for  the 
Naval  Research  Laboratory's  Mesoscale  Numerical  Model,"  R.V.  Madala  and 
KS.  Sashegyi. 

In  a  technical  report  to  be  submitted  by  Sashegyi  and  Madala  the 
extensive  testing  of  the  vertical  mode  initialization  scheme  is  described  in 
detail  by  SAIC  using  NMC  analyses  for  the  GALE  period.  The  convergence  of 
the  iterative  procedure,  used  to  obtain  the  initialized  fields,  was  tested  for 
different  grids,  and  grid  domains  and  model  boundary  conditions.  For  a 
large  domain  with  a  2  x  1.5  degree  grid  covering  the  continental  U.S,  and 
little  topography  on  the  boundary,  convergence  of  the  scheme  was  rapid  for 
the  first  three  modes.  Only  three  iterations  were  required  before  changes 
to  the  fields  were  small.  For  the  GALE  domain  with  a  0.5  degree  grid,  the 
sloping  topography  on  the  western  boundary  required  specification  of  the 
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boundary  divergence  in  the  velocity  field.  In  this  case,  the  convergence  of 
the  divergence  changes  was  slower  for  the  third  mode,  but  three  iterations 
were  still  sufficient.  The  NRL  model  was  integrated  with  uninitialized  and 
initialized  initial  conditions  for  the  two  grids,  using  two  different  lateral 
boundary  treatments.  In  the  Davies  (1976,  1983)  lateral  boundary 
treatment,  model  integrated  variables  are  relaxed  to  prescribed  boundary 
values  in  a  boundary  zone,  while  the  Perkey-Kreitzberg  (1976)  scheme 
damps  the  model  tendencies  of  the  integrated  variables.  Boundary  values  or 
tendencies  are  obtained  by  interpolation  from  twelve  hourly  larger  scale 
analysis  fields,  which  have  been  further  initialized  for  the  cases  of  model 
integrations  starting  from  initialized  fields.  For  the  large  U.S.  domain, 
smooth  traces  of  surface  pressure  and  vertical  motion  variation  with  time 
were  produced  for  both  treatments  of  the  model  lateral  boundaries.  The 
Perkey-Kreitzberg  scheme  produced  some  noise  in  the  boundary  zone 
however.  For  the  U.S.  domain,  the  values  of  the  divergence  in  the  boundary 
zones  were  small.  However  for  the  GALE  domain,  in  which  the  divergence 
is  substantial  over  the  sloping  topography  along  the  western  boundary  and 
the  grid  separation  was  smaller,  more  noise  was  produced  in  the  boundary 
zone  for  both  cases.  During  the  integrations,  some  small  amplitude  gravity 
wave  oscillations  of  long  period  were  present  using  the  Perkey-Kreitzberg 
scheme,  which  were  not  present  using  the  Davies  scheme. 

For  use  with  the  initialization  procedures,  the  NRL  solver  for  partial 
differential  equations  was  also  modified.  In  NRL  Memorandum  Report  6450 
(1989)  by  Sashegyi  and  Madala,  provided  in  Appendix  F,  the  modifications  of 
the  Stabilized  Error  Vector  Propagation  method  of  solving  elliptic  partial 
differential  equations  are  described.  The  code  was  modified  to  include 
cyclic  boundary  conditions,  the  case  for  a  single  block,  and  the  merging  of 
the  code  to  handle  any  of  the  other  boundary  condition  types,  Dirichlet  or 
Neumann  (including  four  sided  Neumann).  For  further  details  refer  to  the 
report  by  Sashegyi  and  Madala  in  Appendix  F. 

4.  Analysis  Scheme  for  Extra  GALE  Data 

During  the  GALE  and  ERICA  experiments,  a  large  number  of  extra 
observations  were  collected  using  extra  upper  air  soundings  taken  by  balloon 
sondes  and  by  dropwindsondes  deployed  from  aircraft.  An  efficient  analysis 
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scheme,  based  on  a  successive  corrections  technique  for  the  interpolation  of 
the  observed  data  to  the  model  grid,  has  been  developed  by  SAIC  to  enhance 
the  NMC  operational  analyses  using  the  extra  GALE  data  on  the  Cray 
supercomputer.  The  scheme  includes  an  extensive  quality  control  package, 
which  discards  bad  data  by  using  a  buddy  check  of  neighboring  observations 
and  fills  data  void  regions  with  bogus  null  data  (no  change  to  first  guess). 
The  quality  control  prior  to  analysis  allowed  for  the  vectorizing  of  the 
analysis  code  and  a  dramatic  reduction  in  the  CPU  time  required  to  produce 
analyses. 

In  the  analysis  procedure  for  the  GALE  data,  SAIC  extensively  modified 
Brehme’s  (1987)  analysis,  which  adapted  the  successive  corrections  scheme 
of  Barnes  (1973)  for  the  NRL  model,  to  analyze  the  deviations  from  a  first 
guess  NMC  analysis  on  a  1.5  degree  latitude  and  longitude  grid,  consistent 
with  the  average  upper  air  station  spacing  of  350  km.  By  analyzing  the 
deviations,  any  large  scale  balance  of  the  mass  and  wind  fields  which  existed 
in  the  first  guess  analysis  is  retained,  while  maintaining  the  well  defined 
wavelength  response  characteristics  of  the  Barnes  interpolation  weights  for 
the  analysis  of  the  deviations.  The  Barnes  scheme  uses  two  iterations  of  the 
analysis  with  the  second  pass  using  a  smaller  influence  radius  for  the 
observations  to  update  the  smaller  scales  in  the  analysis,  thereby  rapidly 
converging  to  an  accurate  analysis.  A  third  pass  of  the  analysis  scheme  on  a 
smaller  0.5  degree  grid  can  be  added  in  regions  of  higher  observational 
density,  such  as  in  regions  of  drifting  buoys  or  dropwindsondes.  The  Barnes 
successive  corrections  approach  is  very  efficient  compared  to  other  more 
sophisticated  analyses  such  as  multivariate  optimal  interpolation,  which  are 
used  for  larger  scale  synoptic  analysis  at  operational  centers. 

An  important  part  of  any  analysis  scheme  of  real  data  is  testing  for 
accuracy  (or  the  quality  control)  of  the  data.  Data  which  are  inconsistent 
with  the  first  guess  and  are  not  supported  by  neighboring  observations  or 
are  of  a  scale  too  small  to  be  resolved  by  the  analysis  scheme,  will  create 
fictitious  features  in  any  analysis.  To  handle  the  extra  GALE  observational 
data,  SAIC  has  developed  extensive  quality  control  software  for  use  with  the 
analysis  scheme.  Similar  to  quality  control  procedures  at  operational 
weather  centers,  the  upper  air  soundings  are  initially  checked  for 
hydrostatic  consistency,  and  at  each  pressure  level,  data  are  checked  for 
gross  errors  compared  to  the  first  guess  analysis,  a  buddy  check  performed 
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to  compare  observations  to  near  neighbors  and  the  inconsistent  observations 
removed.  To  prevent  observations  in  regions  of  much  higher  than  average 
observation  density  from  having  too  much  weight  compared  to  areas  of  lower 
density  during  analysis,  closely  spaced  observations  are  averaged  and 
replaced  by  a  single  “super”  observation.  To  prevent  extrapolation  of 
observations  into  data  void  areas  during  analysis,  “bogus”  null  data  deviations 
(from  first  guess  values)  are  inserted  at  approximately  the  average  station 
spacing  in  data  void  regions.  Further,  after  the  first  pass  of  our  analysis 
scheme,  the  data  are  again  checked  for  inconsistency  with  the  first  pass 
analysis  itself,  and  the  inconsistent  data  (spikes)  removed  and  the  first  pass 
repeated.  A  further  advantage  of  the  quality  control,  is  that  by  removing  bad 
and  missing  data  prior  to  the  analysis,  our  analysis  code  was  able  to  be 
vectorized  to  run  rapidly  on  a  supercomputer. 

HI.  NUMERICAL  MODELING  STUDIES  OF  THE  MID-LATITUDE  AND 
TROPICAL  CYCLONE  BY  THE  N.C.  STATE  UNIVERSITY 


Following  are  the  principal  results  of  the  collaborative  research 
between  the  North  Carolina  State  University  (NCSU)  and  SAIC  in  support  of 
the  program  at  NRL: 

(1)  Incorporation  of  an  interpolation  scheme  in  the  NRL  limited  area 
weather  forecasting  model  for  initial  data. 

(2)  Incorporation  of  improved  graphics  package  in  the  model  to  assist  in 
the  analysis  of  model  results. 

(3)  Incorporation  of  Planetary  Boundary  Layer  (PBL)  parameterization 
schemes  with  improved  physics  and  testing  the  sensitivity  of  the 
model  results  to  these  parameterizations  using  the  Genesis  of  Atlantic 
Lows  Experiment  (GALE)  data. 

(4)  A  study  of  the  structure  of  the  outflow  jet  of  an  idealized  tropical 
cyclone  using  the  NRL  tropical  cyclone  model. 

(5)  Study  of  the  evolution  of  the  Hurricane  Florence  (1988)  (in  progress). 

(6)  Sensitivity  of  the  results  using  the  nested  grid  models  in  simulating 
orographically  induced  precipitation  (in  progress). 

This  work  has  resulted  in  three  theses  at  NCSU  on  the  M.S.  level  and 
one  Ph.D.  thesis,  as  follows: 
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(1)  A  method  of  objective  analysis  for  meteorological  fields  for  use  in 
numerical  weather- prediction  model,  K.A.  Brehme,  M.S.  (1987). 

(2)  Study  of  the  seasonal  migration  of  the  ITCZ  and  the  quasi-periodic 
oscillations  in  a  simple  monsoon  system  using  an  energy  balance 
model,  K.K.  Alapati,  MS  (1988). 

(3)  A  numerical  study  of  the  structure  of  the  outflow  layer  of  a  tropical 
cyclone  using  a  primitive  equation  model,  J.J.  Shi,  M.S.  (1988). 

(4)  Boundary  layer  parameterization  for  use  in  a  limited  area  forecast 
model,  T.R.  Holt,  Ph.D.  (1989). 

The  M.S.  Thesis  by  J.J.  Shi  was  totally  supported  by  this  program  and 
is  reproduced  here  in  Appendix  G. 

In  addition,  several  journal  publications  resulted  from  this  work,  as 
follows: 

Holt,  T.  and  S.  Raman  (1988):  A  review  and  comparative  evaluation  of  multi¬ 
level  boundary  layer  parameterization  for  first  order  and  kinetic 
energy  closure  schemes,  Reviews  of  Geophysics,  26,  761-780. 

Holt,  T.,  S.  Chang  and  S.  Raman  (1989):  A  numerical  study  of  the  coastal 
cyclongenesis  in  GALE  IOP  2:  Sensitivity  to  PBL  parameterizations, 
Monthly  Weather  Review  (in  press). 

Gerber,  H.,  S.  Chang,  and  T.  Holt  (1989):  Evolution  of  a  marine  boundary- 
layer  Jet,  Journal  of  the  Atmospheric  Sciences,  46,  1312-1326. 

Chang,  S.,  K.  Brehme,  R.  Madala,  and  K.  Sashegyi  (1989):  A  numerical  study 
of  the  east  coast  snowstorm  of  10-12  February  1983,  Monthly  Weather 
Review,  117,  1768-1778. 

Shi,  J.,  S.  Chang,  and  S.  Raman  (1989):  A  Numerical  study  of  the  outflow 
layer  of  tropical  cyclones,  submitted  to  Monthly  Weather  Review. 
Alapati,  K.  and  S.  Raman  (1989):  Study  of  the  seasonal  migration  of  the  ITCZ 
and  the  quasi-periodic  oscillations  in  a  simple  monsoon  system  using 
an  energy  balan.ce  model.  Meteorology  and  Atmospheric  Physics  (in 
press). 

Of  the  above  publications,  the  paper  by  Holt  and  Raman  (1988) 
appears  here  as  Appendix  H  and  the  paper  by  Gerber,  et  al.  is  reproduced  in 
Appendix  I.  The  Chang,  et  al  paper  has  already  been  described  and  is 
Appendix  A.  Finally,  Appendix  J  provides  the  paper  by  Shi,  et  al. 
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IV.  CHEMISTRY  AND  TRANSPORT  MODELING  IN  THE  MESOSPHERE 


The  focus  of  this  research  during  the  past  three  years  has  been  on  the 
analysis  and  interpretation  of  chemical  species  in  the  mesosphere  that  serve 
as  tracers  of  atmospheric  transport  processes.  In  the  first  study  ground- 
based  microwave  spectroscopy  measurements  of  mesospheric  CO  and  H2O 
vertical  mixing  ratio  profiles  were  used  to  infer  vertical  mixing  rates  in  the 
upper  mesosphere.  The  CO  and  H2O  data  consistently  implied  vertical  eddy 
diffusion  coefficients  in  the  70-85  km  region  of  K^z  <  (1-2)  x  10s  cm2  s'1 
during  spring  through  summer  at  midlatitudes.  The  effect  of  chemical 
acceleration  of  vertical  transport  was  investigated  and  found  to  be  substantial 
for  O  and  O3  below  the  mesopause,  but  the  divergences  of  their  associated 
fluxes  were  modest,  with  at  most  a  factor  of  2  effect  on  the  concentrations 
of  O  and  O3  for  measured  variability  in  gravity  wave  activity.  A  comparison  of 
the  vertical  eddy  diffusion  coefficients  for  momentum  stresses,  constituent 
transport,  and  heat  transport  suggests  that  the  eddy  Prandt  number  must  be 
of  order  10.  For  further  details,  see  Appendix  K  entitled  "Vertical 
Constituent  Transport  in  the  Mesosphere,"  by  Strobel  et  al,  published  in  the 
Journal  of  Geophysical  Research  92,  6691  (1987). 

In  a  follow-up  study  with  a  much  larger  H2O  mixing  ratio  data  base,  the 
low  mesospheric  Kzz  values  deduced  from  the  vertical  gradient  of  the 
microwave  H2O  measurements  by  Strobel  et  al.  in  the  previous  paper  were 
confirmed  for  all  seasons.  In  addition  the  data  indicated  that  the  H2O 
seasonal  variation  at  mid-latitudes  in  the  upper  mesosphere  is  dominated  by 
an  annual  component  with  low  mixing  ratios  in  winter  and  high  mixing 
ratios  in  summer.  This  suggests  that  the  vertical  distribution  of  H2O  in  the 
upper  mesosphere  (up  to  80  km)  is  controlled  by  advective  rather  than 
diffusive  processes  and  points  to  the  need  for  a  2D  model  of  the  middle 
atmospheric  dynamics.  This  wnd  is  described  in  detail  in  Appendix  L, 
which  has  been  accepted  for  publication  in  the  Journal  of  Geophysical 
Research. 
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More  recently,  a  ID  photochemical  model  and  a  time  dependent  heat 
equation  were  used  to  study  the  response  of  mesospheric  ozone 
concentration  to  short  term  solar  UV  flux  variations.  This  study  was 
motivated  by  the  current  deficiencies  in  our  understanding  of  O3 
photochemistry  in  the  mesosphere.  We  found  that  the  magnitude  of  the 
computed  ozone  response  to  increased  solar  UV  flux  in  the  upper 
mesosphere  (>  70  km)  strongly  coupled  to  the  H2O  abundance  through  the 
HOx  catalytic  cycle  that  removes  O3.  We  concluded  that  a  better  theoretical 
description  of  the  temperature  response  due  to  both  chemical  and 
dynamical  effects  is  needed  than  was  included  in  our  model.  The  results  of 
this  work  have  been  sumitted  (December  1989)  for  publication  in  the 
Journal  of  Geophysical  Research  entitled  "A  Model  Study  of  the  Response  of 
Mesospheric  Ozone  to  Short-Term  Solar  Ultraviolet  Flux  Variations," 
Summers,  et  al.,  which  is  included  in  Appendix  M  of  this  report. 

In  our  pursuit  of  understanding  O3  photochemistry  in  the  mesosphere 
an  experimental  and  theoretical  study  of  the  diurnal  variation  of  O3  was 
carried  out.  A  comparison  of  observed  and  theoretical  O3  mixing  ratios 
suggests  that  the  O3  photolysis  rate  and  diurnal  variation  was  accurately 
modeled.  However  the  observations  did  not  provide  a  sensitive  test  of 
mesospheric  chemistry  controlling  the  abundance  of  odd  oxygen.  This  work 
has  been  submitted  for  publication  in  the  Journal  of  Geophysical  Research 
and  is  included  here  as  Appendix  N. 

V.  SPACE  SCIENCE  ENGINEERING  SUPPORT 


In  support  of  the  Upper  Atmosphere  Physics  Branch  of  NRL's  Space 
Science  Division  for  the  Space  Shuttle  Hitchhiker  programs,  UVLIM  and 
MAHRS,  SAIC  performed  various  tasks  that  ranged  from  initial  design 
concepts  to  fabrication  of  space  flight  hardware.  At  each  phase,  from 
conception  to  fabrication  steps  were  taken  to  insure  that  NASA  quality  and 
safety  requirements  were  carried  out  and  documented. 

The  first  task  carried  out  was  to  update  the  current  design  for  the 
payload  controller  and  to  incorporate  those  changes  into  the  artwork  that 
was  then  being  done  in  house.  Fabrication  problems  occured  due  to  the 
tight  tolerances  which  were  needed  to  correctly  mate  the  payload  controller 
board  to  an  existing  buffer  card  and  the  need  to  plot  the  artwork  out  on  a 
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conventional  plotter.  These  problems  were  overcome  in  a  joint  effort 
between  SAIC  and  the  board  manufacturers  by  carefully  matching  the 
artwork  between  the  two  different  boards. 

With  the  fabrication  of  the  payload  controller  subsystem  of  the  UVLIM 
project  underway  the  next  priority  was  the  development  of  a  power 
conditioning  and  distribution  system  and  a  stepper  motor  driver  system. 
Special  attention  was  required  to  adhere  to  the  NASA  specifications  on 
interfacing  with  NASA  Shuttle  Power  Systems.  Filtering  of  noise,  fuze 
protection,  prevention  of  ground  loops,  redundancy  of  critical  power  paths, 
reliability  of  relays  all  needed  to  be  built  into  the  power  distribution  design 
from  the  initial  design  stages.  Design  concerns  for  the  stepper  motor 
included  electrical  isolation  of  the  motors  from  the  rest  of  the  payload 
electronics  and  a  power  reducing  circuit  to  control  the  duty  cycle  of  the 
stepper  motor. 

Documentation  in  the  form  of  reports,  schematics,  netlist,  partlist, 
benchmarks,  timing  diagrams,  mechanical  drawings,  memos,  and  test 
procedures  was  also  generated  and  made  available  to  all  members  of  the 
project  team.  Schematics  for  all  electronic  subsystems  were  completed 
including  wiring  harness  drawings  which  are  critical  to  understanding  the 
interconnections  between  all  the  electrical  subsystems. 

A  successful  electrical  integration  with  NASA  Hitchhiker  equipment  at 
Goddard  Space  Flight  Center  was  also  accomplished,  assuring  that  all  the 
power  and  communications  u.ies  were  fully  functional  and  that  the  software 
drivers  written  were  downloading  commands  and  data  correctly.  Other 
successful  tests  at  Goddard  included  a  mechanical  integration  with  the 
Hitchhiker  canister  and  a  complete  shake  and  vibration  test.  The 
preparation  for  these  tests  requires  a  considerable  amount  of  preliminary 
work.  In  the  case  of  electrical,  all  circuits  must  be  tested  to  insure  their 
correct  location  in  their  connector,  their  interconnections  with  other 
circuits  and  the  creation  of  ground  loops.  The  mechanical  interface 
required  close  attention  to  details  and  tolerances.  For  the  shake  and 
vibration  test  we  performed  a  mechanical  stress  analysis  which  required 
providing  the  mechanical  drawings  and  the  weights  of  the  printed  circuit 
cards  including  estimates  of  their  center  of  gravity  and  material  type. 

With  the  UVLIM  project  coming  to  an  end  the  initial  studies  on  the 
requirements  for  the  MAHRS  project  began.  The  MAHRS  payload  is  to  be 
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integrated  onto  a  German  pallet  called  Astro-Spas.  The  electrical  and 
mechanical  interfaces  were  defined  in  the  Astro-Spas  system  equipments 
specifications.  This  specification  allowed  us  to  determine  the 
communication  rates  and  power  requirements  for  our  payload.  With  the 
given  restrictions  on  power  and  communication  rates  it  then  had  to  be 
determined  if  the  MAHRS  project  could  cany  out  its  mission  on  the  German 
Pallet  Astro-Spas.  Calculations  on  the  processing  speeds  of  the  80286  and 
the  68020  were  performed  in  addition  to  data  compression  techniques 
using  the  TMS32C25.  Along  with  processing  speed,  power  consumption 
and  board  sizes  were  also  then  taken  into  consideration.  A  preliminary 
control  system  configuration  was  designed  which  included  board  sizes  and 
their  positions.  The  control  systems  box  size  and  its  location  on  the  MAHRS 
payload  was  also  determined. 

Mechanical  size  and  weight  requirements  were  also  defined  and 
addressed  by  our  preliminary  study  of  the  MAHRS  payload  system.  While  the 
MAHRS  payload  is  of  considerable  size  and  mass  it  does  appear  that 
modification  can  be  made  to  the  existing  design  to  reduce  the  weight  and 
still  maintain  its  structural  integrity.  The  conclusion  of  the  preliminary 
study  showed  that  it  will  be  possible  to  develop  the  MAHRS  payload  with  the 
given  restriction  on  power,  weight,  room  and  communication  bandwidth. 
This  effort  was  completed  in  August  1989. 

Starting  in  August  SAIC  has  been  supporting  the  Radio  and  IR 
Astronomy  Branch  of  NRL's  Space  Science  Division.  This  entails 
development  of  an  optical  interferometer.  This  optical  interferometer  has 
its  light-collecting  components  located  at  a  number  of  separate  and 
independent  stations  which  together  act  as  a  unified  system.  These 
independent  stations  are  called  siderostats.  Each  siderostat  must  move  with 
extreme  accuracy  and  resolution.  The  control  of  these  siderostats  is  SAIC's 
primary  task  on  this  project. 

Other  initial  tasks  were  to  gain  overall  familiarity  with  the  project  in 
the  areas  of  servo  control  loops,  optical  interferometry,  optical  detectors, 
high  precision  rail  tables  and  2  axis  optical  mounts.  Initial  hardware  tasks 
include  the  evaluation  and  troubleshooting  of  a  servocontrol  system 
prototype,  manufactured  by  MFM  Technology  and  the  repair  of  an  optical 
detector  for  a  laser  metrology  system. 
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ABSTRACT 

A  numerical  study  of  the  East  Coast  snowstorm  of  10-12  February  1983  has  been  conducted  with  the  NRL 
mesoscale  model.  The  three-dimensional,  hydrostatic,  pri'  ~ve  equation  model  has  91  X  51  horizontal  grid 
points  with  a  half  degree  resolution  in  a  verification  doraai.  f  100*W  to  60*W  and  25°N  to  45*N.  There  arc 
ten  layers  in  the  vertical  of  equal  a  (’•p/p,)  thi denes'  *  ue  model  uses  a  split-explicit  method  for  temporal 
integration  and  a  second-order  accurate  spatial  finite  differencing.  Model  physics  include  precipitation  on  the 
resolvable  scale  and  parameterized  boundary  layer  and  cumulus  convection. 

The  NMC  2.5  degree  hemispheric  analyses  are  used  as  the  basic  dataset  (called  NMC  analysis  hereafter). 
Because  significant  details  in  the  initial  conditions  contained  in  the  original  rawinsonde  observations  may  have 
been  smoothed  out  by  the  NMC  analysis  algorithm,  the  analyses  are  also  altered  to  provide  a  closer  fit  to  the 
rawinsonde  data.  Original  rawinsonde  data  are  used  in  this  enhancement  of  the  NMC  analyses  (called  enhanced). 
Forecasts  are  made  from  both  the  NMC  analysis  and  the  enhanced  analyses  to  determine  whether  the  enhancement 
can  improve  the  forecasts.  The  Bames  analysis  scheme  with  parameters  suitable  for  reducing  the  short  wavelength 
noise  on  the  model  grid  scale  is  used  to  enhance  the  NMC  analyses  with  the  original  soundings.  Three  types  of 
lateral  boundary  treatments — constant,  tendency  damping,  and  temporal  relaxation  boundary  conditions — are 
tested  and  compared.  Results  from  forecast  experiments  show  that  the  boundary  treatment  has  a  great  impact 
on  the  model  performance.  The  constant  boundary  condition  produces  an  unusable  forecast  after  1 2  h  as  judged 
by  the  SI  scores,  while  the  relaxation  boundary  condition  produces  an  excellent  forecast  The  enhancement  of 
the  initial  conditions  has  a  negligible  effect  on  predictions  when  reasonable  boundary  updates  are  used  for  the 
snowstorm  case.  The  enhanced  dataset  produces  a  slightly  better  but  still  useless  forecast  when  constant  boundary 
conditions  are  used. 

Numerical  experiments  have  also  been  conducted  to  test  the  sensitivity  of  the  cyclogenesis  to  physical  processes 
by  suppressing  one  or  more  physical  processes  in  the  model  It  is  found  that  the  evaporation  from  the  ocean 
modulates  the  location  and  amount  of  precipitation.  Without  the  evaporation,  the  intensity  of  the  cyclone 
remains  the  same  but  the  center  stays  on  the  coast  instead  of  staying  off  shore.  The  track  of  the  snowstorm  is 
such  that  the  sensible  beating  from  the  ocean  dampens  the  development  of  the  cyclone  by  reducing  the  low- 
level  baroclinicity.  Without  the  sensible  heating,  the  minimum  surface  pressure  of  the  cyclone  is  1 1  mb  lower. 
The  latent  heating  is  found  to  be  important  for  this  case  in  which  the  maximum  heating  rate  is  15*-20*C/day. 
When  latent  heating  is  suppressed,  the  cyclone  translates  at  a  much  reduced  rate  and  its  central  pressure  is  10 
mb  higher  after  two  days  of  simulation.  These  results  from  the  sensitivity  tests  are  of  course  case-dependent 


1.  Introduction 

The  wintertime  cyclone  of  10-1 2  February  1983  de¬ 
veloped  from  a  wealc  low  pressure  center  over  eastern 
Texas  and  produced  heavy  snowfalls  in  almost  every 
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major  city  along  the  East  Coast  The  heavy  snow  as¬ 
sociated  with  this  cyclone  extended  from  western  North 
Carolina  to  Boston,  creating  traffic  disruptions,  urban 
dislocation  and  general  economic  losses.  The  synoptic 
situation  during  the  period  of  10-12  February  1983. 
has  been  described  in  detail  by  Sanders  and  Bosart 
( 1985a, b)  and  Bosart  and  Sanders  (1986).  They 
pointed  out  many  meteorologically  interesting  aspects 
of  the  snowstorm,  such  as  the  narrow  snow  bands, 
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mois!  symmetric  stability,  and  the  intense  singular 
gravity  wave. 

During  the  period  of  00Z  of  10  and  12  February 
1983,  the  low  pressure  system  originated  in  Texas- 
Louisiana,  underwent  a  reorganization  off  the  Georgia- 
Florida  coast  and  developed  into  a  well-organized  cy¬ 
clone  off  Cape  Hatteras.  More  significant  deepening 
occurred  after  00Z  of  12  February  1983.  The  purpose 
of  conducting  a  numerical  simulation  study  of  the 
snowstorm,  concentrating  on  the  period  of  10-12  Feb¬ 
ruary  1983,  is  twofold.  First,  we  would  like  to  find  out- 
whether  the  early  oq^anizing  stage  of  an  eventually  in¬ 
tensifying  cyclone  can  reasonably  be  simulated  or  pre¬ 
dicted  by  the  NRL  mesoscale  prediction  model.  Cur¬ 
rent  operational  numerical  models  still  have  difficulty 
in  predicting  the  timing  and  location  of  the  early  phase 
of  the  cyclogenesis.  Specifically,  it  is  of  great  interest 
to  find  how  to  best  treat  the  initial  data  and  boundary 
conditions  to  produce  better  forecasts.  Second,  it  is  im¬ 
portant  to  isolate  the  contribution  of  various  physical 
processes,  such  as  sensible  heating  and  latent  heating, 
to  the  cyclogenesis  and  heavy  snowfalls.  The  snowstorm 
case  of  10-12  February  1983  is  ideal  because  it  has 
attracted  much  attention  and  it  was  carefully  docu¬ 
mented  by  Sanders  and  Bosart. 

The  NRL  mesoscale  prediction  model  is  used  to 
conduct  the  numerical  experiment  As  described  in  de¬ 
tail  in  Madala  et  al.  ( 1987),  the  model  uses  primitive 
equations  with  a  quasi-hydrostatic  assumption  and  a 
cr  vertical  coordinate.  It  uses  a  Barnes  objective  analysis 
scheme  (Barnes  1973;  Koch  et  al.  1981 ),  and  a  non¬ 
linear,  nondivergent  balanced  initialization.  The  pa¬ 
rameterized  physics  in  the  model  include  convective 
precipitation,  grid-scale  precipitation,  surface  drag  and 
exchanges  of  sensible  and  latent  heats,  convective  ad¬ 
justment  and  internal  diffusion.  In  all,  the  NRL  me¬ 
soscale  model  is  quite  similar  to  many  other  operational 
or  research  mesoscale  models.  Some  differences  in  the 
model,  however,  warrant  a  discussion  later  in  the  paper. 

The  organization  of  the  paper  is  as  follows.  In  section 
2,  the  synoptic  situation  of  the  snowstorm  will  be  dis¬ 
cussed  briefly.  Data  source  and  method  of  analysis  will 
be  presented  in  section  3.  The  NRL  mesoscale  model 
will  be  introduced  la  section  4.  In  section  5,  results  of 
numerical  experiments  on  the  effects  of  initial-field  en¬ 
hancement  and  boundary-condition  treatment  will  be 
presented.  The  relative  importance  of  some  physical 
processes  will  be  discussed  in  section  6. 

2.  Data  source  and  methods  of  analysis 

The  basic  dataset  is  the  National  Meteorological 
Center’s  (NMC)  2.5-dcgree  resolution,  gridded  hemi¬ 
spheric  analyses  provided  every  12  h  from  OOZ  10  Feb¬ 
ruary  1983  (Q2/10/00Z)  to  OOZ  12  February  1983 
(02/12/G0Z).  The  analyses  of  geopotential,  temper¬ 
ature,  and  the  u  and  v  wind  components  are  on  isobaric 
surfaces  at  the  standard  pressure  levels.  Relative-hu¬ 


midity  analyses  are  available  on  levels  between  300 
and  1000  mb.  A  subset  of  this  dataset  bounded  by  1 5°N 
and  55°N,  1 10° W  ar.d  50°W,  is  used  for  this  study.  It 
is  suspected  that  the  NMC  2.5  degree  analyses  may 
necessarily  contain  some  smoothing  and  that  meteo¬ 
rological  signals  at  small  scale  are  sometimes  not  prop¬ 
erly  assimilated.  Therefore,  in  addition  to  the  NMC 
2.5  degree  analyses,  original  rawinsonde  data  are  ob¬ 
tained  from  the  National  Climate  Data  Center 
(NCDC).  The  original  rawinsonde  data  are  used  for 
the  “enhancement”  of  analyses.  It  is  hoped  that  the 
enhancement  is  capable  of  retaining  some  of  these 
sraoothed-out  signals.  The  enhancement  is  done  with 
the  bilinear  back  interpolation  to  the  locations  of  the 
rawinsonde  observations  and  with  the  computation  of 
residues.  Because  our  main  interest  is  not  to  test  the 
effects  of  additional  data  but  a  reanalysis  (or  enhance¬ 
ment)  of  the  same  original  data,  no  additional  data, 
such  as  satellite  or  aircraft  data,  are  included. 

A  modified  Barnes  objective  analysis  scheme  (Koch 
et  al.  1981;  Koch  1983;  Harms  1985;  Brehme  1987), 
a  two-step  successive  corrections  method  using  Gaus¬ 
sian  weighting  (Barnes  1973),  is  used  for  the  analysis. 
Each  value  on  the  grid  of  the  2.5  degree  NMC  analysis 
is  treated  as  an  observation.  Many  constants  in  the 
modified  Barnes  analysis  scheme  are  selected  subjec¬ 
tively  (Brehme  1987)  so  that  the  divergence  fields 
computed  from  the  wind  analyses  are  meteorologically 
meaningful.  The  enhancement  is  accomplished  in  the 
second  step  of  the  standard  Barnes  analysis  procedure, 
which  involves  a  bilinear  back-interpolation  of  the  first 
guess  field  to  the  locations  of  the  original  rawinsonde 
observations  and  a  computation  of  residues  between 
the  first  guess  and  the  rawinsonde  observations.  This 
is  followed  by  the  correction  of  the  first  guess  field  with 
the  obtained  i  jsidues. 

3.  Synoptic  situation 

The  rawinsonde  enhanced  analyses  of  1000  and  500 
mb  surfaces  at  02/10/0OZ  (mm/dd/hh),  02/11/ 
OOZ  and  02/  12/00Z  are  shown  in  Figs.  1, 2  and  3.  At 
02/  10/00Z,  the  sea  level  pressure  shows  that  a  weak 
low  with  a  central  pressure  of  1005  mb  is  located  on 
the  Louisiana  coast  There  is  a  pressure  ridge  extending 
from  the  Great  Lakes  region  to  the  Atlantic  Ocean  east 
of  the  Florida  peninsula.  An  occluded  surface  low  with 
a  minimum  pressure  of 988  mb  is  located  to  the  north¬ 
east  of  Nova  Scotia.  Strong  north  westerlies  associated 
with  the  surface  pressure  gradient  occupy  most  of  the 
western  Atlantic  Ocean  between  30°  and  50°N,  with 
strong  cold  advection  over  the  ocean.  The  500  mb 
analysis  features  mostly  zonal  thermal  and  height  fields 
except  for  the  short-wave  trough  over  eastern  Texas 
and  Oklahoma. 

During  the  period  around  02/11  /00Z,  multiple  low 
pressure  centers  form  over  southern  Georgia.  After  02/ 
i  1  /06Z,  the  low  center  located  offshore  of  Georgia 
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Fig.  1.  (a)  Rawinsonde  enhanced  sea  level  pressure  (solid  lines, 
every  2  mb),  1000-mb  temperature  (dashed  line,  every  4°C)  and 
1000-rab  wind  vector  for  1983/02/ I0/00Z.  (b)  Rawinsonde  en¬ 
hanced  geopotential  height  (solid  lines,  every  60  m),  temperature 
(dashed  lines,  every  4*C)  and  wind  vector  (max.  38.4  m  s‘‘)at  500 
mb  level  for  1983/02/ 10/00Z. 


reintensifies  and  eventually  organizes  into  the  low  cen¬ 
ter  off  Cape  Hatteras  at  02/  12/00Z.  Due  to  the  2.5 
degree  resolution  of  the  NMC  analyses  and  the  equally 
, coarse  rawinsonde  station  spacings  in  the  enhanced 
analyses,  the  multiple  centers  are  not  resolved.  The 
enhanced  analyses  at  02  / 1 1  /00Z  in  Fig.  2  show  that 
the  surface  low  over  eastern  Texas  has  moved  into  the 
southeastern  United  States  with  one  center  of  1004  mb 
located  in  southern  Georgia.  The  isotherms  start  to 
pack  over  the  mid-Atlantic  states  at  this  time  and  strong 
onshore  surface  winds  start  to  organize  along  the  coast 
of  the  Carolinas.  The  500  mb  trough  has  moved  into 
Tennessee  and  Alabama  with  southwesterly  flow  along 
the  eastern  seaboard.  At  this  time,  heavy  precipitation 
is  occurring  over  Georgia  and  the  Carolinas.  Precipi¬ 
tation  is  in  the  form  of  snow  in  the  higher  elevations 
of  North  Carolina  and  from  Virginia  to  New  Jersey. 

By  02/  12/00Z,  a  well-organized  cyclone  has  formed 
approximately  500  km  east  of  Cape  Hatteras.  The  cen¬ 
tral  pressure  of  1003  mb  is  not  particularly  low,  but 


the  tight  isobars  north  of  the  storm  have  generated 
strong  onshore  flow  from  Virginia  to  New  England. 
Heavy  snowfalls  occur  along  the  coast  and  at  the  major 
East  Coast  cities  from  Richmond  to  Boston.  The  500 
mb  trough  is  located  over  western  Pennsylvania.  The 
surface  low  later  passed  300  km  offshore  of  New 
England. 

For  more  detailed  synoptic  description  of  the  snow¬ 
storm  case,  readers  can  refer  to  Sanders  and  Bosart 
(1985a,b). 

4.  The  NRL  mesoscale  model 

The  model  used  for  our  study  is  the  NRL  mesoscale 
numerical  prediction  model.  The  model  equations  and 
numerical  technique  are  documented  in  Madala  et  al. 
(1987).  Only  a  brief  description  of  the  model  is  given 
here. 

a.  The  governing  equations 

The  governing  primitive  equations  are  in  surface- 
pressure-weighted  flux  form  written  for  curvilinear 
horizontal  coordinates.  The  vertical  coordinate  is  a 
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Fio.  2.  (a)  Same  as  Fig.  la,  except  for  1983/02/ 1 1  /OOZ. 
(b)  Same  as  Fig.  lb,  except  for  1983/02/ II /00Z. 
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Fig.  3.  (a)  Same  as  Fig.  la,  except  for  1983/02/12/0OZ. 
(b)  Same  as  Fig.  lb,  except  for  1983/02/  12/OOZ. 


( -ptPs )  (Phillips  1957),  The  hydrostatic  assumption 
is  used. 

b.  Parameterized  physics 

The  model  physics  include  dry  convective  adjust¬ 
ment,  latent  heat  released  in  nonconvective  clouds,  a 
parameterized  planetary  boundary  layer,  convective 
precipitation  and  internal  diffusion.  The  atmospheric 
radiative  transfer  processes  are  not  considered  in  the 
model  due  to  its  computational  complexity  and  the 
short  integration  range  of  48  h. 

Precipitation  from  convective  clouds  is  parameter¬ 
ized  with  a  modified  Kuo  scheme  (Kuo  1974;  Anthes 
1977).  Convective  precipitation  occurs  when  low-level 
moisture  convergence  exists  in  a  convectively  unstable 
environment.  The  partitioning  of  the  latent  heating 
and  moistening,  or  the  b  factor,  is  determined  by  the 
column  mean  relative  humidity.  The  vertical  distri¬ 
bution  of  the  heating  is  proportional  to  the  temperature 
difference  between  the  pseudoadiabat  and  the  environ¬ 
ment. 


Nonconvective  precipitation  occurs  ,vhen  saturation 
is  reached  on  the  resolvable  scale.  The  Clausius- 
Clapeyron  equption  is  used  to  compute  the  excess 
moisture  and  the  isobaric  heating.  Depending  on  the 
height  where  the  saturation  occurs,  a  part  of  the  excess 
moisture  is  assumed  to  precipitate  into  the  lower  model 
layers  and  to  reevaporate.  The  remainder  of  the  excess 
precipitates  to  the  surface. 

Dry  convective  adjustment  is  activated  when  the 
static  energy  of  a  layer  exceeds  that  of  the  adjacent 
higher  layer.  The  adjustment  results  in  a  slightly  stable 
lapse  rate  while  the  total  static  energy  is  conserved. 
The  adjustment  can  take  place  over  several  layers. 

A  second-order  horizontal  diffusion  with  a  constant 
coefficient  of  4.0  X  10*  cm2  s2  is  used  in  the  model  to 
suppress  the  computational  instabilities.  This  yields 
approximately  a  value  of 0.004  for  the  nondimensional 
diffusion  coefficient  KHAt/(Ax)2.  The  small  diffusion 
(Klemp  and  Lilly  1978;  Anthes  and  Warner  1978)  en¬ 
ables  the  model  solution  to  remain  nearly  undamped; 
but  some  diffusion  is  needed  in  the  model,  no  matter 
how  small  KH  is,  to  prevent  the  growth  of  the  nonlinear 
instability  which  may  deteriorate  the  solution  after  long 
integrations.  In  addition,  the  horizontal  diffusion  of 
temperature  and  mixing  ratio  on  a  surfaces  over 
mountainous  terrain  includes  vertical  diffusion.  In  the 
model,  the  diffusion  operator  KHV2  operates  on  the 
deviations  of  the  temperature  and  mixing  ratio  from 
those  of  the  standard  atmosphere  at  the  same  pressure. 
Therefore,  the  horizontal  diffusions  of  temperature  and 
mixing  ratio  do  not  contain  diffusion  in  the  vertical 
direction. 

For  the  coarse  vertical  resolution  in  the  lower  tro¬ 
posphere  in  the  current  version  of  the  model,  a  bulk 
PBL  parameterization  described  in  Chang  (1981)  is 
most  expedient  In  order  to  provide  the  most  clear-cut 
difference  in  our  no-sensible-heating  and  no-evapora¬ 
tion  experiments,'  constant  exchange  and  drag  coeffi¬ 
cients  are  applied  The  drag  coefficient  is  0.003  over 
the  land  and  0.00 1 5  over  the  ocean.  The  exchange  coef¬ 
ficients  for  sensible  and  latent  heat  are  0  over  the  land 
and  0.002  over  the  ocean.  By  not  allowing  sensible  and 
latent  heats  over  the  land,  the  important  diurnal  vari¬ 
ations  are  precluded  from  the  simulations.  This  is  only 
justifiable  because  our  main  interest  in  this  comparison 
study  is  the  differences  between  various  experiments. 
The  monthly  mean  sea  surface  temperature  (Reynolds 
1982)  is  used,  which  gives  a  weak  signature  of  the  Gulf 
Stream.  The  terrain  at  each  model  grid  point  is  defined 
as  the  mean  terrain  height  within  a  half  degree  box 
based  on  the  Navy’s  10  minute  data. 

c.  Numerics 

The  finite  difference  form  of  the  governing  equations 
is  of  second-order  accuracy  in  space.  A  split-explicit 
scheme  (Madala  1978)  with  the  Brown  and  Campana 
(1978)  filter  is  used  for  temporal  integration.  In  this 
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scheme,  the  natural  (or  eigen )  modes  of  the  numerical 
model  are  obtained  from  the  linearized  governing 
equations.  The  spectral  equations  corresponding  to  the 
eigenmodes  are  integrated  with  different  time  intervals. 
The  eigenmodes  are  then  combined  at  the  long  interval 
to  compute  the  nonlinear  advection  and  physics.  The 
method  allows  a  time  interval  equal  to  four  times  that 
of  a  conventional  leapfrog  scheme. 

The  C  grid  ( Arakawa  and  Lamb  1977)  in  the  model 
has  a  “uniform”  resolution  of '/:  degree  in  longitude 
and  latitude.  It  is  known  that  the  impact  of  lateral 
boundaries  increases  with  time  in  the  limited-area 
forecast  (e.g.,  Orlanski  and  Katzfey  1987).  A  rather 
small  domain  of  20  degrees  latitude  and  40  degrees 
longitude  is  selected  for  this  study  to  test  the  lateral 
boundary  updating  technique  without  costly  long-time 
integration.  The  interior  of  the  model  covers  a  domain 
of  100°W  to  60°W  and  25°N  to  45°N.  There  are  five 
extra  points  on  each  boundary  for  the  boundary  con¬ 
dition  treatment  The  model  has  ten  vertical  layers  with 
a  uniform  thickness  of  A<r  =  0.1.  There  are  a  total  of 
91  X  5 1  X  10  grid  points  in  the  model. 

o'.  Boundary  conditions 


all  dependent  variables  -within  five  grid  lengths  of  the 
boundaries  art  replaced  by  (Ptrkey  and  Kreitzberg 
1976): 


iX 

6t 


»(!-«) 


(1) 


where X  represents  the  dependent  variables,  (5X/5t)m 
represents  the  tendencies  as  computed  by  the  model, 
and  (5X/6t)L  represents  the  large-scale  tendencies.  The 
weighting  parameter  a  is  a  linearly  varying  constant 
between  0.2  (at  the  fifth  point  from  the  boundary)  and 
1.0  (at  the  boundary).  In  this  study,  the  large-scale 
tendencies  are  obtained  from  analyses  at  12  h  intervals. 
This  resembles  a  scenario  in  an  operational  forecast  in 
which  the  large  scale  prediction  of  tendencies  is  perfect 
In  the  above,  the  tendencies  are  held  unchanged  during 
the  12  h  interval. 

(iii)  A  temporal  relaxation.  In  this  scheme,  the  val¬ 
ues  within  five  grid  lengths  of  the  boundaries  are  relaxed 
toward  the  large-scale  analyses  by: 

f-<>  <2> 


One  of  the  uncertainties  in  a  limited-area  model 
most  difficult  to  resolve  is  the  treatment  of  the  lateral 
boundaries.  Most  of  the  known  lateral  boundary  con¬ 
ditions  for  the  limited  area  model  are  mathematically 
ill-posed.  Most  boundary  treatments  are  engineering 
efforts  which  involve  overspecifications  of  boundary 
parameters.  The  available  techniques  include  a  variety 
of  blending  of  tendency  damping,  smoothing,  and  re¬ 
laxation  (Shapiro  1970;  Perkey  and  Kreitzberg  1976; 
Baumhefner  and  Perkey  1982;  Davies  and  Turner 
1977;  Orlanski  and  Katzfey  1987).  It  is  generally  agreed 
that  the  benefit  of  higher  resolution  in  the  limited  area 
model  can  be  offset  by  the  improper  treatment  of  the 
boundaries. 

Many  current  limited  area  models  try  to  minimize 
the  impact  of  boundary  conditions  by  employing  large 
domains.  The  purpose  of  our  tests  of  the  boundary 
treatment  is  to  determine  the  timing  and  the  degree  of 
deterioration  of  the  model  performance  due  to  various 
boundary  treatments.  This  task  can  be  accomplished 
economically  with  a  model  that  has  a  relatively  small 
domain.  Once  the  best  boundary  treatment  is  found, 
the  deterioration  of  the  forecasts  in  the  interior  of  the 
model  can  be  further  reduced  by-expansion  to  a  large 
domain.  For  our  tests,  a  small  domain  of  20  degrees 
latitude  and  40  degrees  longitude  is  chosen  for  the 
model.  Three  fundamentally  different  treatments  are 
tested: 

(i)  A  constant  boundary  condition.  The  initial 
boundary  values  are  used  throughout  the  integration. 
This  resembles,  to  a  certain  degree,  a  scenario  of  a  total 
failure  of  a  large  scale-forecast  in  an  operational  center. 

(ii)  A  damping  of  the  tendency.  The  tendencies  of 


where  the  parameter  X  is  the  relaxation  frequency  and 
the  large  scale  values  Xo  are  from  analyses  at  12  h  in¬ 
tervals.  It  is  through  the  last  term  on  the  right-hand 
side  of  (2 )  that  the  forecast  fields  X are  relaxed  toward 
the  analyzed  12,  24,  36  and  48  h  values. 

5.  Forecast  experiments  with  various  initial  analyses, 
initializations  and  boundary  conditions 

A  total  of  nine  numerical  experiments  have  been 
conducted  using  different  combinations  of  initial  anal¬ 
yses  and  boundary  conditions.  The  characteristics  of 
all  the  experiments  are  summarized  in  Table  1,  along 
with  the  48  h  forecast  root-mean-square  (rms)  errors 
and  SI  scores  (see  Appendix  for  definition).  The  two 
initial  analyses  tested  are  the  NMC  2.5  degree  analysis 
only  and  the  analysis  enhanced  with  the  original  ra- 
winsonde  observations.  The  analysis  procedure  used 
to  produce  the  two  analyses  has  been  discussed  in  sec¬ 
tion  3.  The  three  different  boundary  conditions  tested, 
constant  boundary  conditions,  a  tendency-damping 
method,  and  the  relaxation  method,  are  discussed  in 
section  4.  In  supplementary  numerical  experiments, 
the  effect  of  the  initialization  procedure  is  studied  by 
comparing  the  predictions  made  with  initialized  and 
analyzed  (unbalanced)  fields.  It  is  found  that  the  pre¬ 
diction  started  from  unbalanced  fields  contains  initial 
oscillations  of  the  surface  pressure  with  a  magnitude 
of  several  mbs.  These  oscillations  dissipate  in  the  first 
12  h  of  the  forecast,  however,  due  to  the  damping  of 
the  high  frequency  gravity  waves  by  the  split-explicit 
time  integration  scheme  (Sashegyi  and  Madala  1988). 
The  initialized  and  analyzed  (unbalanced)  predictions 
are  not  noticeably  different  in  terms  of  24  and  48  h 
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Table  I.  48  h  forecast  statistics.  iPK  represents  Perkey  and  Kreitzberg  (1976).  Exps.  5-9  use  relaxation  boundary  where  A  is  me 
relaxation  coefficient  and / the  Conolis  frequency.  The  rms  errors  for  temperature,  wind  and  height  are  for  5,0-mb  level.) 
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Initial  data 

Boundary  treatment 
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Rms  errors 

Temperature 
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9 
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X*/ 
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1.8 
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49 
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performance  statistics.  The  performance  statistics  listed 
in  Table  1  are  pertinent  for  the  unbalanced  initial  fields, 
i.e.,  forecasts  start  from  unbalanced  fields,  using  un¬ 
balanced  boundary  values  and  compared  with  unbal¬ 
anced  analyses. 

It  is  obvious  that  the  worst  48  h  predictions  among 
the  nine  experiments  are  produced  with  constant 
boundary  conditions  (exps.  1  and  2).  The  forecasts 
produced  in  exps.  1  and  2  (not  shown )  are  not  realistic 
at  all,  with  low  center  located  way  south  of  the  verifi¬ 
cation  location.  The  best  prediction  starts  from  the 
NMC  analysis  using  a  relaxation  boundary  condition 
with  a  relaxation  factor  of  /  (exp.  9).  It  is  common 
knowledge  that  a  prediction  with  an  SI  score  (see  Ap¬ 
pendix)  of  30  is  a  nearly  perfect  prediction  while  a 
prediction  with  an  SI  score  of  80  is  almost  useless 
(Anthes  1983).  When  the  time-dependent  boundary 
conditions  are  used,  either  using  the  Perkey-Kreitzberg 
method  or  the  relaxation  method,  the  SI  scores  im¬ 
proved  dramatically.  The  boundary  effects  are  consid¬ 
erable  in  this  model  with  a  relatively  small  domain  and 
for  this  case  with  strong  pressure  tendencies  along  the 
boundaries.  Therefore,  the  updating  of  the  boundary 
values  by  any  method  results  in  an  improvement  of 
the  prediction.  The  48  h  SI  scores  for  exps.  3  through 
9  are  at  least  24  points  less  than  that  of  exp.  2.  In  exps. 
3  and  4,  where  the  Perkey  and  Kreitzberg  (1976)  type 
boundary-value  blending  is  used,  useful  forecasts  are 
generated  with  SI  scores  of  54  and  60  respectively.  The 
rms  errors  in  both  experiments  are  also  significantly 
lower  than  the  constant-boundary  experiments.  Here 
with  the  Perkey  and  Kreitzberg  boundary  treatment, 
the  forecast  made  from  NMC  analysis  (exp.  3)  is  even 
slightly  better  than  that  from  the  enhanced  analysis 
(exp.  4). 

The  relaxation  boundary  condition  is  used  in  exps. 
5-8  with  different  relaxation  coefficients.  The  48  h  error 
statistics  arc  very  similar  among  the  four  forecasts;  but 
the  strongest  relaxation  produces  unrealistically  large 
gradients  normal  to  the  southern  boundaries,  which, 
in  turn,  produces  precipitation  bands  along  the  south¬ 
ern  boundary.  Therefore,  exp.  8  with  X  =  /is  judged 


the  best  among  the  five  experiments  starting  from  the 
enhanced  analysis.  Davies  and  Turner  (1977)  argued 
that  the  relaxation  boundary  treatment  retards  the 
phase  speed  of  meteorologically  important  waves  less 
than  the  Perkey-Kreitzberg  treatment.  Here  we  are 
dealing  with  a  complex  real  data  case,  however,  Davies 
and  Turner’s  acclaim  is  still  borne  out  by  the  forecast 
statistics. 

As  for  the  usefulness  of  the  enhanced  dataset,  there 
seems  to  be  no  clear-cut  conclusion  among  the  exper¬ 
iments.  For  example,  a  comparison  between  exps.  8 
and  9  may  indicate  a  negative  impact  of  the  enhanced 
analysis,  contrary  to  the  positive  impact  that  may  be 
inferred  from  the  comparison  between  exps.  1  and  2.. 
Here,  the  enhanced  analysis  in  exp.  8  produces  an  in¬ 
ferior  prediction  in  terms  of  rms  error  and  SI  score  to 
the  more  smoothed  NMC  analysis.  The  latter  produces 
a  very  low  48  h  SI  score  of  29.  The  lack  of  impact  of 
the  rawinsonde-data  enhancement  on  the  24  ana  48  h 
forecast,  either  positive  or  negative,  turns  out  to  be  a 
common  behavior  of  many  mesoscale  forecast  systems 
(e.g.,  Orlanski  andJCatzfey  1987;  NCAR  1988)  with 
comparable  horizontal  resolutions  as  our  model.  Small 
and  subtle  differences  between  the  forecasts  made  from 
the  NMC  and  enhanced  analyses  are  mostly  masked 
by  the  boundary  conditions  and  model-produced  at¬ 
mospheric  structures. 

6.  The  control  experiment 

Experiment  9  is  the  best  forecast  and  will  serve  as 
the  control  experiment  to  test  various  physical  pro¬ 
cesses.  Figures  4  and  5  show  the  500  mb  and  surface 
forecasts  at  24  and  48  h,  valid  for  2/ 1 1  / 00Z  and  0 1  / 
12/00Z,  respectively.  At  24  h,  the  model  seems  to  have 
developed  two  low  pressure  areas,  one  located  over  the 
Florida  Panhandle  and  the  other,  just  off  the  eastern 
Florida  coast.  This  is  in  contrast  to  the  analysis  in  Fig. 
2a,  which  shows  one  low  center  at  the  Georgia/Florida 
.  border  due  to  the  coarse  resolution  of  the  analyses. 
The  strong  north-south  temperature  gradient  from 
Cape  Hatteras  to  Long  Island  is  well  simulated.  The 
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Fig.  4.  (a)  24  h  surface  forecast  for  exp.  9  (control  exp.),  valid 
for  02/ 1 1 /00Z.  (b)  Same  as  Fig.  4a  except  for  500  mb  level. 


cold-air  outbreak  over  the  Gulf  of  Mexico  and  the 
temperature  wave  west  of  the  surface  low  are  also  re¬ 
alistically  simulated.  The  Appalachian  Mountains  in 
the  model  produce  more  pronounced  effects  on  the 
northeasterly  flow  than  indicated  by  the  NMC  analysis. 
Also,  the  forecast  500  mb  trough  associated  with  the 
developing  surface  low  shows  a  slower  phase  speed  than 
the  observed,  with  the  temperature  wave  also  weaker 
than  observed. 

As  mentioned  before,  the  period  between  2/11  /00Z 
and  2/ 1 1  /  12Z  features  the  development  of  multiple 
low  centers.  At  36  h  of  the  prediction  (not  shown), 
the  model  deepens  the  low  with  the  center  located  off 
shore  of  Wilmington,  North  Carolina.  The  western  low 
center,  located  in  southern  Georgia  with  good  surface 
cyclonic  circulation,  starts  to  dissipate. 

At  48  h,  valid  for  2/  12/00Z,  the  predicted  low  pres¬ 
sure  center  is  located  approximately  3°  due  east  of  the 
Virginia  and  North  Carolina  border  with  a  central  sur¬ 
face  pressure  of  1001  mb.  Compared  to  the  analysis, 
the  model  makes  a  perfect  location  prediction  and 
overpredicts  theintensity  by  2  mb.  At  2/  12/00Z,  both  > 
the  surface  analysis  (Fig.  3)  and  the  prediction  feature  ' 
strong  easterly  onshore  winds  along  the  eastern  sea¬ 


board  between  Washington,  D.C.  and  Boston,  which 
transports  moisture  inland  for  the  heavy  snowfall.  The 
predicted  surface  temperature  field  seems  to  have  a 
stronger  east-west  thermal  gradient  along  the  coastline 
and  stronger  cold-air  damming  east  of  Appalachian 
Mountains.  For  example,  the  zero  degree  isotherm  that 
outlines  the  dammed  cold  air  is  restricted  to  the  north- 
central  North  Carolina  in  the  analysis,  while  it  intrudes 
into  South  Carolina  in  the  forecast.  This  discrepancy 
is  related  to  (i)  the  different  horizontal  resolution  in 
the  NMC  analysis  (2.5°)  and  the  model  (0.5°),  and 
(ii)  the  crude  PBL  parameterization  that  precludes 
surface  heating  and  vertical  mixing  between  the  lowest 
layers  in  the  model. 

The  500  mb  forecast  indicates  that  the  short-wave 
trough  associated  with  the  surface  low  is  weaker  than 
observed.  The  predicted  thermal  wave  has  the  same 
amplitude  as  the  observed  but  with  a  slower  phase 
speed.  Both  the  analyses  and  forecast  show  cold  ad- 
vection  to  the  west  and  warm  advection  to  the  east  and 
north  of  the  storm  at  the  500  mb  level. 

Figure  6  compares  the  land-based  raingage  analysis 
as  presented  in  Sanders  and  Bosart  ( 1985a)  with  the 
model  predicted  rainfall  amount  during  02/ 10/00  to 


a 


Fig.  5.  (a)  48  h  surface  forecast  for  exp,  9,  valid  for  02/  12/00Z. 
(b)  Same  as  Fig.  5a,  except  for  500  mb  level. 
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Fig.  6.  (a)  Total  rain  and/or  equivalent  liquid  depth  of  frozen 
precipitation  (mm)  10-12  Feb.  1983  (Sanders  and  Bosart  1985a). 
(b)  Model  forecast  48  h  accumulated  precipitation  amount  (cm) 
valid  for  02/ 12/00Z. 


02/12/00Z.  Except  for  the  heavy  precipitation  band 
near  the  southern  boundary,  which  is  probably  due  to 
the  boundary  treatment  discussed  eariier,  the  predicted 
heavy  precipitation  mainly  occurs  along  the  Appala¬ 
chian  range  and  along  the  Carolina  coast,  where  the 
terrain  lifting  and  the  frictional  induced  convergence 
are  the  strongest  Regions  of  maximum  precipitation 
in  western  Maryland,  eastern  West  Virginia  and  south¬ 


east  Pennsylvania  are  pinpointed  in  the  forecast.  Un¬ 
fortunately,  the  predicted  precipitation  along  the  Car¬ 
olina  coast  and  over  the  ocean  cannot  be  verified  by 
Fig.  6a.  In  their  numerical  study  of  the  Presidents'  Day 
cyclone,  which  had  a  similar  storm  track  to  the  present 
case,  Orlanski  and  Katzfey  ( 1987)  showed  a  similar 
precipitation  pattern  along  the  Carolina  coast. 

In  all,  the  East  Coast  snowstorm  of  10-12  February 
1983,  seems  to  have  been  realistically  simulated  by  exp. 
9,  in  spite  of  relatively  simple  physical  parameteriza- 
tions.  To  investigate  the  contribution  of  various  phys¬ 
ical  processes  that  contribute  to  the  cyclogensis,  three 
additional  nc.aerical  experiments  are  conducted,  in 
which  one  or  more  of  the  physical  processes  are  sup¬ 
pressed  in  each  experiment. 

» 

7.  Sensitivity  to  physical  processes 
a.  Effects  of  evaporation 

To  test  the  effect  of  evaporation,  expt.  NOE  is  con¬ 
ducted  in  which  the  evaporation  from  the  ocean  is  sup¬ 
pressed.  Figures  7  and  8  show  the  48  h  (valid  for  2/ 
12/00Z)  surface  prediction  and  precipitation  amount 
The  surface  low  in  exp.  NOE  is  located  in  Maryland 
Eastern  Shore  with  a  minimum  pressure  of  1001  mb. 
The  concentration  of  the  isotherms  to  the  north  and 
south  of  the  low  center  fits  the  description  of  a  cold/ 
warm  front  coinciding  with  the  coastline.  The  most 
striking  difference  in  the  precipitation  pattern  is  the 
absence  of  precipitation  along  the  coast  and  over  the 
ocean  that  is  evident  in  the  control  (exp.  9).  The  max¬ 
imum  precipitation  along  the  Appalachian  ridges, 
however,  is  higher  than  the  control  due  to  the  more 
landward  location  of  the  low  pressure  center  and  in¬ 
trusion  of  the  moist  onshore  easterly  flow.  These  suggest 
for  this  case  that  the  evaporation  has  great  influence 
on  the  location  and  pattern  of  precipitation  although 
it  does  not  greatly  affect  the  intensity  of  the  cyclone. 
Without  the  evaporation  from  the  ocean  to  provide 
enough  convective  instability  over  the  ocean,  the  low 
pressure  remains  close  to  the  coast  where  the  sea-land 


Fio.  7. 48  h  surface  forecast  valid  for  2/  12/00Z 
for  exp.  NOE  ( no  evaporation ). 
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tions  of  the  maximum  surface  fluxes  and  the  cyclone 
are  crucial  in  determining  the  positive  or  negative  con¬ 
tribution  of  the  surface  fluxes  to  the  development  of 
the  cyclone. 

The  precipitation  pattern  in  exp.  NOS  (not  shown) 
differs  from  the  control  experiment  in  that  the  precip¬ 
itation  is  more  concentrated  along  the  coastal  baro- 
clinic  zone.  In  exp.  NOS,  the  moist  easterlies  north  of 
the  cyclone  turn  more  sharply  due  to  the  strong  pres¬ 
sure  gradient,  becoming  northerlies  west  of  the  cyclone 
center.  Thus,  the  precipitation  over  the  Appalachian 
Mountains  is  reduced. 


FIG.  8. 48  h  accumulated  total  precipitation  for  exp.  NOE 

temperature  contrast  provides  the  strongest  baroclin- 
icity  for  growth. 

b.  Effects  of  sensible  heating 

When  the  sensible  heating  from  the  ocean  is  sup¬ 
pressed  in  exp.  NOS,  the  central  pressure  of  the  cyclone 
deepens  to  990  mb  at  48  h  (Fig.  9).  The  location  is 
only  slightly  to  the  north  of  that  in  the  control.  The 
cold  air  outbreak  to  the  west  and  southwest  of  the  cy¬ 
clone  is  much  stronger  than  the  control  and  advances 
well  into  the  Atlantic  Ocean  over  the  Gulf  Stream. 
Therefore,  the  cyclogenesis  in  NOS  is  more  vigorous 
than  that  of  control  expt.  9  as  the  low  pressure  centers 
in  both  cases  move  offshore.  Also,  the  area  to  the 
southwest  of  the  low  pressure  with  strong  temperature 
gradients  in  NOS  (Fig.  9)  is  much  larger  than  that  in 
the  control  (Fig.  5a).  It  is  apparent  for  this  storm,  the 
sensible  heating,  which  is  mainly  from  the  Gulf  Stream, 
occurs  mostly  in  the  cold  sector  of  the  cyclone  after 
02/ 1 1  /00Z  as  the  low  center  moves  from  Georgia  to 
offshore  of Virginia.  Therefore,  the  sensible  heating  acts 
to  decrease  the  low-level  baroclinicity  and  reduce  the 
strength  of  the  cyclogenesis.  The  warm  sector  to  the 
east  of  the  low  center  in  NOS  is  warmer  than  the  con¬ 
trol,  due  to  the  stronger  northward  advection  in  the 
more  intense  cyclone  of  the  wanner,  low-latitude  air. 

The  damping  effect  of  the  sensible  heating  on  the 
East  Coast  cyclogenesis  has  also  been  found  by  others, 
such  as  Danard  and  Ellenton  (1980)  and  Nuss  and 
Anther  (1987).  The  sensible  heating,  however,  can 
contribute  positively  to  the  cyclogenesis  if  its  horizontal 
distribution  is  in  phase  with  the  lower  tropospheric 
temperature  distribution.  By  evaluating  operational 
forecasts  of  29  rapidly  deepening  cyclones  over  the 
western  Atlantic  Ocean,  Davis  and  Emanuel  (1988) 
concluded  that  the  latent  and  sensible  heating  from  the 
ocean  can,  in  the  mean,  enhance  the  explosive  cyclo¬ 
genesis.  Chen  and  Dell’Osso  (1987)  found  that  the 
surface  energy  fluxes  are  important  in  coastal  cyclo¬ 
genesis.  The  surface  fluxes,  however,  had  no  impact 
on  an  explosive  cyclogenesis  in  Eastern  Pacific  (Kuo 
and  Reed  1988).  It  is  apparent  that  the  relative  loca¬ 


c.  The  effect  of  latent  heating 

Experiment  NOL  is  conducted  with  the  latent  heat¬ 
ing  suppressed,  including  both  the  convective  heating 
and  the  large  scale  heating.  As  shown  by  the  48  h  sur¬ 
face  forecast  in  Fig.  10,  the  latent  heating  has  a  signif¬ 
icant  effect  on  the  development  of  the  cyclone.  At  48 
h,  the  surface  low  is  located  just  off  the  South  Carolina 
coast  with  a  central  pressure  of  101 1  mb.  The  cyclone 
in  this  case  has  a  slower  speed  and  is  10  mb  higher 
than  that  of  the  control.  Accordingly,  the  latent  heating 
in  our  control  exp.  roust  be  responsible  for  a  10  mb 
deepening.  Nuss  and  Anthes  ( 1987)  found  a  4  mb  dif¬ 
ference  when  latent  heating  was  suppressed,  whereas 
a  13  mb  difference  was  found  in  Orlanski  and  Katzfey 
(1987).  In  our  control  experiment,  the  maximum 
heating  rate  between  24-48  h  is  15°-20°C  day-1, 
which  is  stronger  than  the  rate  of  5°C  day-1  in  Nuss 
and  Anthes  (1987)  but  approaches  the  25°C  day-1 
found  in  the  western  Pacific  explosive  cyclogenesis  case 
of  Liu  and  Elsberry  (1987).  Our  10  mb  difference  be¬ 
tween  the  control  and  exp.  NOL  is  thus  very  reasonable. 
Without  latent  heating,  the,  temperature  gradient  in 
front  of  the  midlevel  trough  and  the  steering  current 
cannot  be  maintained,  resulting  in  a  slower  translating 
speed  of  the  cyclone.  The  importance  of  latent  heating 
in  intensifying  the  surface  low,  in  maintaining  the  up¬ 
per-level  jet,  and  in  the  vertical  coupling  within  the 
cyclone  has  also  been  found  in  many  recent  numerical 
studies  of  marine  cyclogenesis  (e.g.,  Chen  and 


Fig.  9.  Same  as  Fig.  7,  except  for  exp.  NOS  ( no  sensible  heat). 
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Fig.  10.  Same  as  Fig.  7  except  for  exp.  NOL  (no  latent  heat). 


Dell’Osso  1987;  Chang  etal.  1987;  Kuo  and  Re«d  1988; 
Pauley  and  Smith  1988). 

8.  Discussion 

The  forecast  experiments  presented  here  have  been 
conducted  with  the  NRL  mesoscale  model.  In  terms 
of  parameterized  physics,  resolution,  and  domain  size, 
the  model  is  intentionally  made  to  be  rather  conser¬ 
vative  so  that  the  results  are  more  trackable  and  model- 
independent  The  results  from  the  experiments  with 
differing  boundary  conditions  confirm  that  the  bound¬ 
ary  treatment  is  of  great  importance  in  the  mesoscale 
model  prediction.  Reprdless  of  the  method  of  updat¬ 
ing,  the  predictions  with  boundary  updating  are  much 
improved  compared  to  the  nonupdating  cases,  exps.  1 
and  2.  The  effect  of  the  enhanced  analyses  is  not  clear- 
cut:  with  boundary  updating,  NMC  produces  better 
forecasts,  but  without  updating,  the  enhanced  analysis 
yields  a  better  forecast  It  is  perhaps  because  the  snow¬ 
storm  develops  from  instabilities  that  are  already 
embedded  in  the  large-scale  environment  that  addi¬ 
tional  details  in  the  description  of  the  initial  state  are 
not  needed.  Also,  our  experimentation  may  be  hin¬ 
dered  by  the  fact  that  the  NMC  analyses  already  contain 
the  original  rawinsonde  observations,  although  there 
are  significant  statistical  differences  between  the  NMC 
and  the  enhanced  analyses  (Brehme  1987).  Thus  it 
would  be  useful  to  test  if  “additional’’  data,  that  are 
not  included  in  the  basic  dataset,  can  improve  model 
performance.  Efforts  are  now  being  undertaken  to 
conduct  such  study  using  the  GALE  dataset. 

The  sensible  and  latent  heating  from  the  warmer 
Atlantic  Ocean  can  enhance  or  dampen  the  develop¬ 
ment  of  the  cyclone  depending  on  the  phasing.  The 
evaporation  supplies  moisture  for  convection  over  the 
ocean.  Without  the  available  moisture  over  the  ocean, 
the  cyclone  develops  on  the  coastline  where  the  sea- 
land  temperature  contrast  provides  the  greatest  low- 
level  baroclinicity.  The  sensible  heating  for  this  10-12 
February  1983  snowstorm  dampens  the  development 
of  the  cyclone  while  it  undoubtedly  reduces  the  low- 
level  stability.  The  track  of  the  snowstorm  is  such  that 


the  sensible  heating  warms  up  the  cold  sector,  which 
decreases  the  thermal  advection  and  vertical  motion 
in  the  baroclinic  zone.  As  a  result,  the  model  cyclone 
is  1 1  mb  deeper  in  the  absence  of  sensible  heating.  In 
the  megalopolitan  snowstorm  of  10-12  February  1983, 
latent  heating  apparently  has  an  important  contribu¬ 
tion.  Without  the  release  of  latent  heating,  the  cyclone 
is  weaker  and  becomes  disassociated  from  the  upper- 
level  flow. 
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APPENDIX 
SI  Score 

S 1  score,  perhaps  the  most  commonly  used  measure 
of  forecast  skill  in  mesoscale  or  synoptic  scale  models, 
is  defined  as  (Teweles  and  Wobus  1954;  Anthes  1983): 

S1 3 100  rkr 

where  ea  is  the  error  of  the  forecast  pressure  '.’{Terence, 
and  Gl  is  the  maximum  of  either  the  "  jserved  or  fore- 
•cast  pressure  difference  between  two  points,  the  "-"m- 
mation  is  over  all  or  selected  model  grid  points  or  ob¬ 
servations  in  the  verification  domain.  In  this  paper,  the 
SI  scores  arc  summation  over  model  grid  poir.is,  ex¬ 
cluding  the  five-point  boundary  zone  along  eacti  lateral 
boundary. 
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ABSTRACT 

The  Naval  Research  Laboratory’s  Limited  Area 
Weather  Prediction  model  uses  an  efficient  split- 
explicit  scheme  to  integrate  in  time.  The  split- 
explicit  scheme  itself  is  shown  to  greatly  reduce 
the  amplitude  of  the  unwanted  external  gravity 
wave  oscillations  in  the  first  three  to  four  hours 
of  integration.  A  static  non-linear  initialization 
procedure  provides  a  balanced  initial  state, 
except  for  an  initial  adjustment  of  the  vertical 
motion  in  the  first  five  hours  of  integration. 
Examples  of  model  forecasts  are  shown  for  the 
cases  of  an  explosive  cyclogenesis  on  February  10- 
12,  1983  and  for  a  cold-air  damming  and  coastal 
front  event  of  January  23-25,  1986  during  GALE. 


Keywords:  Limited  Area  Numerical  Weather 
Prediction,  Split-explicit,  Gravity  Wave 
Oscillations,  Dynamical  and  Non-linear  Static 
Initialization,  Forecast,  GALE 


1.  INTRODUCTION 

A  limited  area  numerical  weather  prediction  system 
has  been  developed  to  study  the  development  of 
extratropical  cyclones,  which  occurred  along  the 
East  coast  of  the  U.S.  during  the  Genesis  of 
Atlantic  Lows  Experiment  (GALE) .  The  Naval 
Research  Laboratory's  primitive  equations  model 
(Ref.  5)  uses  sigma  coordinates  and  incorporates 
topography  and  physical  parameterizations  of  the 
boundary  layer  and  precipitation  processes.  The 
model  is  integrated  in  time  using  the  efficient 
split-explicit  method  (Ref.  4),  A  static  non¬ 
linear  initialization  procedure  provides  a 
balanced  initial  state.  The  effect  of  the  split- 
explicit  scheme  and  the  non-linear  initialization 
procedure  in  reducing  gravity  wave  oscillations  in 
the  model  are  presented.  Real  data  experiments 
have  been  conducted  with  selected  GALE  and  other 
cyclogenesis  cases. 

1.1  Model  Description 

In  the  horizontal.  an.Arakawa  C  grid  is  used  with 
0.S  degree  resolution.  The  finite  difference 
scheme  is  a  second  order  quadratic  conserving 
scheme.  In  the  vertical,  ten  layers  of  equal  a 
thickness  are  used.  The  domain  of  the  model  is 
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from  22.5°S  to  47.5°N  in  latitude  and  102. 5®W  to 
57.5“W  in  longitude.  An  enveloped  topography  is 
derived  from  the  U.S.  Navy’s  global  10  minute 
elevation  data  using  the  grid  heights  plus  one 
standard  deviation.  Climatalogical  1  degree 
resolution  mean  sea  surface  temperatures  from 
Reynolds  (Ref.  7)  for  the  month  of  interest  are 
interpolated  to  the  model  grid.  The  model  includes 
large  scale  precipitation  and  a  cumulus 
parameterization  using  a  modified  Kuo  scheme. 
Unstable  lapse  rates  are  removed  by  a  dry 
convective  adjustment  scheme.  The  boundary  layer 
is  parameterized  using  a  drag  coefficient 
formulation.  The  boundary  conditions  of  Perkey  ar.d 
Kreitzberg  'Ref.  6)  are  used  to  update  the  large 
scale  conditions  at  the  horizontal  boundaries 
during  the  integration  of  the  model.  A  nudging 
technique  or  one  way  interaction  technique  is  also 
being  used  to  update  the  variables  at  the 
horizontal  boundaries. 

% 

1.2  Analysis  and  Initialization 

A  first  guess  analysis  is  provided  by  a  National 
Meteorological  Center  (NMC)  2.5°  hemispheric 
analysis.  The  NMC  2.5°  resolution  hemispheric 
analysis  is  interpolated  to  the  horizontal  model 
grid  using  cubic  polynomial  interpolation  to 
provide  a  first  guess  analysis.  Conventional 
observations  and  available  supplementary 
observations  (e.g.  from  GALE)  are  incorporated  by 
Brehme  (Ref.  2)  using  the  Barnes  (Ref.  1)  scheme 
to  enhance  this  first  guess  analysis. 

The  analyzed  vorticity  on  pressure  surfaces  is 
used  to  fir-st  calculate  the  non-divergent 
component  of  the  wind.  A  first  guess  of  the 
surface  pressure  and  temperature  is  found  by 
interpolation  to  the  model  topography.  The  non- 
divergent  wind  is  interpolated  to  the  surface,  and 
a  consistent  surface  pressure  is  then  derived  from 
a  non-linear  balance,  using  the  first  guess 
surface  temperature  and  pressure  for  the  non¬ 
linear  terms.  The  non-divergent  wind,  temperature 
and  humidity  are  then  interpolated  to  the  model 
sigma  levels  and  a  static  initialization  of  the 
mass  field  performed  using  the  non-linear  mass 
balance  equation  in  sigma  coordinates.  A  vertical 
mode  initialization  scheme  following  that  of 
Bourke  and  McGregor  (Ref.  3)  is  being  adapted  for 
use  with  our  model. 
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In  the  split-explicit  method  of  Madala  (Ref.  4),  a 
centered  difference  scheme  (except  for  diffusion 
which  uses  forward  differencing)  with  a  time  step 
of  150  s,  appropriate  for  the  Rossby  modes,  is 
used  to  step  the  model  variables  once  forward  in 
time.  Gravity  wave  amplitudes  for  the  deviations 
of  the  divergence  and  the  generalised  geopotential 
on  sigma  surfaces  i  «  Psl ^+RT*-^*}  are  integrated 
at  a  smaller  time  steps  for  the  external  (37.5  s) 
and  the  first  two  internal  vertical  modes  (75  s 
and  ISO  s).  The  average  of  these  deviations,  over 
a  interval  of  twice  the  large  time  step,  is  then 
used  to  correct  the  explicit  computation  of  the 
variables.  Besides  providing  a  4  to  5  times  saving 
in  computer  time  over  explicit  methods,  the 
averaging  of  the  lower  gravity  wave  eigenmodes  may 
be  expected  to  act  as  a  partial  filter  of  the 
higher  frequency  gravity  waves. 

2.  INITIALIZATION  EXPERIMENTS 

To  test  the  effect  of  the  non-divergent 
initialisation  and  the  split-explicit  time 
integration  scheme  in  reducing  the  unwanted  high 
frequency  oscillations  in  the  model,  the  model  is 
integrated  with  initialised  and  uninitialized  data 
both  with  the  split-explicit  scheme  described 
above  and  with  an  explicit  time  integration  of  30 
s.  The  NMC  2.5  degree  hemispheric  analysis  for  12Z 
January  23,  1986  is  used  to  start  the  integrations 
for  these  experiments.  For  the  boundary  conditions 
the  Perkey  and  Kreitsberg  scheme  is  used  with 
twelve  hour  tendencies  derived  from  initialized 
analyses.  Time  series  of  surface  pressure  and 
vertical  motion  b  in  sigma  coordinates  at  selected 


Figure  1.  Time  series  of  surface  pressure  in  mb  at 
a  grid  point  at  35°N  and  90°W  during  the 
first  12  hours  of  integration.  Curves 
are  for  uninitialized  initial  conditions 
for  an  explicit  integration  in  time 
(Curve  A)  and  a  split-explicit 
integration  (Curve  B);  foi  split- 
explicit  integrations  with  a  non- 
divergent  initial  condition  (Curve  C) 
and  a  non-linear  mass  balance  (Curve  D). 


•*w£  *3 

Figure  2.  As  in  Figure  1  except  for  the  vertical 

motion  (in  sigma  coordinates)  at  ff  =  0.5 
multiplied  by  a  standard  pressure  pg  of 
1000  mb.  Units  are  in  mb/hour. 


points  were  compared  for  four  experiments.  In 
Figures  1  and  2  we  compare  time  series  for  the 
■first  twelve  hours  of  integration  for  surface 
pressure  and  for  the  vertical  motion  p0<7  at  level 
a  n  0.5  for  a  grid  point  at  35®N  and  90°W,  where 
Po  *  1000  mb. 


The  model  is  integrated  with  a  leapfrog  scheme  for 
12  hours  with  a  time  step  of  30  s.  Oscillations  of 
surface  pressure  of  as  much  as  5  to  8  mb  of 
amplitude  and  periods  of  1  to  2  hours  are  observed 
in  the  first  12  hours  of  integration.  Curve  A  in 
Figure  1  shows  these  typical  oscillations.  Curve  A 
in  Figure  2  shows  the  vertical  motion  po<7  at 
a  ■  0.5.  The  curve  shows  a  typical  rapid 
adjustment  (increase  in  this  figure)  between  hours 
4  to  6  of  the  integration  with  smaller 
oscillations  of  periods  of  2  to  4  hours 
superimposed.  The  higher  frequency  oscillations  in 
surface  pressure  are  largely  due  to  the  barotropic 
external  gravity  mode  while  the  adjustment  and 
oscillations  in  b  in  the  middle  troposphere  are 
largely  due  to  the  internal  gravity  modes. 


The  model  is  integrated  for  48  hours  with  the 
split-explicit  scheme  using  a  time  step  of  150  s 
for  uninitialized  data.  For  the  first  hour  or  so 
the  oscillations  in  the  surface  pressure  (Curve  B 
in  Figure  1)  are  the  same  as  in  the  explicit 
integration.  However  the  oscillations  are  strongly 
damped  in  the  next  three  hours  of  integration. 
Little  difference  is  noticed  in  Figure  2  in  the 
variation  of  b  at  a  »  0.5  between  the  explicit 
(Curve  A)  and  split-explicit  (Curve  B) 
integrations.  One  can  conclude  that  the  split- 
explicit  integration  scheme  acts  as  a  dynamical 
initialisation  by  greatly  reducing  the  amplitude 
of  the  unwanted  external  gravity  waves  in  the 
first  three  to  four  hours  of  integration. 
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Figure  3.  Sea  level  pressure  in  mb,  1000  mb  wind 
and  temperature  (0C)  for  the  initial 
conditions  at  002  February  10,  1983.  The 
maximum  vector  is  indicated  by  the 
labelled  arrow  in  m  s"*. 


In  the  next  two  experiments  the  effect  of  our 
current  initialization  procedure  is  assessed. 

2.3  Non-divergent  Wind 

In  the  first  part  of  our  initialization  procedure, 
the  non-divergent  wind  and  analyzed  temperature 
are  interpolated  to  the  model  sigma  surfaces, 
using  a  balanced  surface  pressure.  A  48  hour 
integration  using  the  split-explicit  scheme  is 
then  performed  with  this  data.  As  shown  by  Curve  C 
in  Figure  1,  the  amplitude  of  the  initial 
oscillations  of  the  surface  pressure  are  reduced 
to  2  to  3  mb  and  are  largely  damped  out  after  3 
hours.  The  balancing  of  the  initial  surface 
pressure  has  produced  a  small  shift  in  the  initial 
value  of  the  surface  pressure  compared  to  the 
uninitialized  cases.  Curve  C  in  Figure  2  shows 
that  the  strong  adjustment  (increase)  in  the 
vertical  motion  a  is  still  present  in  the  first  6 
hours  and  the  superimposed  higher  frequency 
oscilations  are  only  slightly  reduced  in 
amplitude.  By  removing  the  divergent  component  of 
the  wind  from  the  analyzed  data  the  initial  value 
of  a  is  also  reduced.  On  sigma  surfaces  over 
sloping  topography  a  vertical  shear  of  the  non- 
divergent  wind  will  introduce  a  non-zero  value  as 
will  horizontal  divergence  introduced  by  errors 
caused  by  vertical  interpolation.  By  largely 
removing  the  horizontal  divergence  we  have 
essentially  removed  the  external  gravity  mode 
after  three  hours  of  integration. 


Figure  4.  As  in  Fig.  3  but  for  48  hour  forecast. 


2.4  Static  Non-linear  Mass  Balance 

In  the  last  step  of  our  initialization  procedure 
we  use  the  non-linear  balance  equation  and  derive 
a  balanced  geopotential  and  temperature  field  from 
the  non-divergent  wind  field.  A  48  hour 
integration  was  carried  out  using  this  fully 
initialized  data.  The  oscillations  shown  in  Curve 
D  in  the  surface  pressure  are  of  the  same 
amplitude  as  in  the  non-divergent  case  (Curve  C) 
being  damped  after  3  hours  of  integration.  The 
vertical  motion  shown  in  curve  D  still  shows  the 
rapid  adjustment  (increase)  during  the  first  5 
hours,  but  the  higher  frequency  oscillations  are 
much  reduced  in  amplitude  and  mostly  eliminated 
after  4  hours  of  integration.  The  non-linear 
balance  of  the  mass  field  essentially  removes  the 
internal  gravity  waves  except  for  the  initial 
adjustment  in  the  first  4  hours. 

In  all  the  three  cases  (B),  (C)  and  (D)  using  the 
split-explicit  scheme  with  uninitialized  and 
initialized  data,  the  12  to  48  hour  forecasts  are 
very  similar.  Only  in  the  case  of  the  12  hour 
expl  cit  time  integration  with  uninitialized  data 
are  high  frequency  oscillations  in  the  surface 
pressure  and  vertical  motion  still  substantial  at 
12  hours  of  integration,  which  can  be  seen  to 
produce  a  marked  difference  m  the  12  hour 
forecast. 

3.  SIMULATION  OF  EXPLOSIVE  CYCLOGENSIS 

We  chose  the  example  of  the  storm  which  occurred 
on  12  February,  1983  to  test  our  prediction 
system.  For  our  initial  conditions  we  use  the  NMC 

2.5  degree  hemispheric  analysis  of  002  10 
February,  1983,  enhanced  with  the  observed  upper 
air  data  and  surface  marine  data.  The  initial 
surface  conditions  are  illustrated  in  Figure  3. 

The  Figure  shows  a  low  along  the  Gulf  coast.  For 
the  boundary  conditions  in  this  case,  12  hourly 
tendencies  were  derived  from  initialized  NMC  2.5 
degree  analyses  and  a  nudging  technique  used  to 
update  the  boundary  values  during  the  integration. 
The  resulting  48  hour  forecast  is  shown  in  Figure 
4,  which  shows  a  low  which  had  developed  along  the 
east  coast  and  intensified  as  it  moved  up  the 
coast.  The  verification  from  the  NMC  analysis  is 
shown  in  Figure  5.  The  position  and  intensity  of 
the  low  has  been  well  simulated  and  the  strong 
easterly  winds  north  of  the  low  forecast  by  our 
model.  With  our  limited  area  for  integration,  the 
forecasts  are  strongly  dependent  on  the  accuracy 
of  the  boundary  values.  With  fixed  boundary 
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Figure  5.  As  in  Fig.  3  but  for  a  Verifying 
analysis  at  002  February  12,  1983. 
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gure  5.  Se3  level  pressure  in  mb,  1000  mb  wind  Figure  7.  As  in  Fig.  4  but  for  a  36  hour  forecast, 

and  temperature  (*0)  for  initial 
conditions  at  122  January  23,  1986. 


conditions,  the  initial  low  weakened  with  time  S.  ACKNOWLEDGEMENTS 
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Successful  simulations  of  the  development  of  the 
coastal  front  and  the  cold  air  danming  observed 
prior  to  the  offshore  cyclogensis  in  the  second 
Intensive  Observing  Period  of  GALE  have  been 
performed.  The  model  has  beer,  initially  integrated 
from  the  first  gue3s  analysis  interpolated  from 
the  NMC  2.5'’  resolution  analysis  of  122,  January 
23,  Perkey  and  Kraitzberg  boundary  conditions  are 
used  with  12  hourly  tendencies  obtained  from 
initialized  NMC  analyses.  Figure  6  shows  the 
initial  surface  conditions.  Despite  the  reduction 
of  the  initial  temperature  gradients  with  the  use 
of  a  static  initialization  and  the  large  scale 
analysis,  the  frontal  strength  is  reproduced  by 
the  model  after  the  first  twelve  hours  of 
integration.  With  the  further  eastward  movement  of 
the  front,  a  wedge  of  cold  air  develops  between 
the  Appalachians  and  the  coast  in  a  northerly  low 
level  flow  behind  the  front.  Convective  and  stable 
precipitation  develops  in  the  moist  north  easterly 
air  that  overflows  the  wedge  of  cold  air.  The  cold 
wedge  can  be  seen  in  Figure  7,  which  shows  the  36 
hour  model  forecast.  After  36  hours  of 
integration,  a  coastal  front  develops  southwards 
from  Cape  Hatteras  to  offshore  of  the  Carolinas, 
vhere  the  north-easterly  flow  meets  the  wedge  of 
cold  air.  With  further  integration  to  48  hours  the 
precipitation  strengths  offshore  and  the  coastal 
front  moves  inland  forming  a  trough. 

5.  SUMMARY 

The  Naval  Research  Laboratory  Limited  Area 
Numerical  Weather  Prediction  model  uses  the  split- 
explicit  scheme  to  integrate  in  time.  The  scheme 
has  been  shown  to  greatly  reduce  the  amplitude  of 
the  unwanted  external  gravity  wave  oscillations  in 
the  first  three  to  four  hours  of  integration.  The 
static  non-linear  initialization  procedure  further 
reduces  the  initial  external  and  internal  gravity 
wave  oscillations,  except  for  an  initial 
adjustment  of  the  vertical  motion  in  the  first 
five  hours  or  less  of  integration.  The  model  has 
successfully  simulated  the  case  of  an  explosive 
cyclogenesis  on  February  10-12,  1983  and  the  cold- 
air  damming  and  coastal  front  event  of  January  23- 
25,  1986  during  GALE. 
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1.  INTRODUCTION 

The  Naval  Research  Laboratory’s  Mesoscale 
Weather  Prediction  Model  is  being  used  to  study 
the  development  of  an  extratropical  cyclone  which 
occurred  off  the  East  coast  of  the  U.S.  during 
the  second  Intensive  Observing  Period  (I0P)  of 
the  Genesis  of  Atlantic  Lows  Experiment  (GALE)  on 
January  23-29,  1936.  The  model  is  a  three 
dimensional  primitive  equations  model, 
incorporating  topography  and  physical 
parameterizations  of  the  boundary  layer  and 
precipitation  processes  (Madala  et  al.,  1987).  In 
the  vertical,  sigma  coordinates  are  used  while  in 
the  horizontal  a  staggered  grid  is  used.  The 
finite  difference  scheme  is  a  second  order 
quadratic  conserving  scheme.  The  model  is 
integrated  in  time  using  the  split-explicit 
method  (Madala,  1981). 

2.  MODEL  DESCRIPTION 

The  domain  of  the  model  is  from  22.3°S  to 
47.5°N  in  latitude  and  102. 5°W  to  57.3°W  in 
longitude  with  a  half  a  degree  horizontal 
resolution.  In  the  vertical,  ten  layers  of  equal 
a  thickness  are  used.  An  enveloped  topography  is 
derived  from  the  U.S.  Navy’s  global  10  minute 
elevation  data  by  calculating  the  mean  for  each 
model  grid  square  and  adding  one  standard 
deviation.  Climatological  1  degree  resolution 
mean  sea  surface  temperatures  for  January  from 
Reynolds  (1982)  are  interpolated  to  the  model 
grid.  The  model  includes  large  scale 
precipitation  and  a  cumulus  parameterization 
using  a  modified  Kuo  scheme.  Unstable  lapse  races 
are  removed  by  a  dry  convective  adjustment 
scheme.  The  boundary  layer  is  parameterized  using 
a  drag  coefficient  formulation. 

An  NMC  2.5°  resolution  hemispheric  analysis 
is  interpolated  to  the  horizontal  model  grid 
using  cubic  polynomial  interpolation  to  provide  a 
first  guess  analysis.  Available  observed  GALE 
data  will  be  analyzed  in  future  using  the  Barnes 
(1973)  scheme  to  enhance  this  first  guess 
analysis  following  Brehme  (1937).  The  non- 
divergenc  wind,  temperature  and  humidity  are  then 
interpolated  to  the  model  sigma  levels  and  a  non¬ 
linear  static  initialization  of  the  mass  field 
performed.  The  Perkey  and  Kreitzberg  (1976) 
boundary  conditions  are  used  to  update  the  large 
scale  conditions  at  the  horizontal  boundaries 
during  the  integration  of  the  model.  The  large 
scale  tendencies  are  obtained  from  initialized 
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NMC  2.5®  resolution  hemispheric  analyses  and  are 
updated  every  twelve  hours  in  the  boundary 
region.  The  smaller  scale  interior  waves  produced 
by  the  model  and  propagating  into  the  boundary 
region  are  absorbed  by  this  technique. 

3 .  MODEL  SIMULATION 

Successful  simulations  of  the  development  of 
the  coastal  front  and  the  cold  air  damming  and 
the  subsequent  offshore  cyciogenesis  during  the 
second  IOP  of  GALE  have  been  performed.  The  model 
has  been  initially  integrated  from  the  first 
guess  analysis  interpolated  from  the  NMC  2.5° 
resolution  analysis  of  122,  January  23.  Figure  1 
shows  the  initial  conditions.  Despite  the 
reduction  of  the  initial  temperature  gradients 
with  the  use  of  a  static  initialization  and  the 
large  scale  analysis,  the  frontal  strength  is 
reproduced  by  the  model  after  the  first  twelve 
hours  of  integration.  With  the  further  eastward 
movement  of  the  front,  a  wedge  of  cold  air 
develops  between  the  Appalachians  and  the  coast 
in  a  northerly  low  level  flow  behind  the  front. 
Convective  and  stable  precipitation  develops  in 
the  moist  easterly  air  that  overflows  the  wedge 
of  cold  air.  After  36  hours  of  integration,  a 
coastal  front  develops  southwards  from  Cape 
Hatteras  to  offshore  of  the  Carolinas,  where  the 
north-easterly  low-level  flow  meets  the  wedge  of 
cold  air.  With  the  upper  level  wave  and  surface 
low  approaching  the  coast  from  the  west,  the 
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Fig.  1.  Contours  of  sea  level  pressure  every  2 
mb,  1000  mb  wind  and  temperature  (every  2.5°C) 
for  the  initial  conditions  at  122  January  23, 
1986.  The  maximum  vector  is  indicated  by  the 
labelled  arrow. 
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Fig.  2.  Contours  of  sea  level  pressu: 
temperature  (every  5°C)  for  (a)  43  hou: 
25,  1986,  (c)  72  hour  forecast  and  (d) 


precipitation  strengths  offshore  and  the  coastal 
front  moves  inland  forming  a  trough  at  43  hours 
of  integration  (see  Figure  2a).  The  large  scale 
surface  analysis  at  this  time  shown  in  Figure  2b 
does  indicate  a  surface  trough  in  the  same 
position.  In  our  model  integration,  a  weak  low 
forms  at  the  southern  end  of  the  coastal 
front/ trough  and  then  moves  rapidly  northwards  up 
the  coast  slowly  deepening.  3y  72  hours  this  low 
can  be  found  in  Figure  2c  along  the  N.J.  coast  in 
a  position  a  little  further  north  than  the 
analysis  shown  in  Figure  2d.  In  the  72  hour 
simulation,  the  low  which  approached  from  the 
west  is  found  on  the  Georgia  and  North  Carolina 
border,  while  the  analysis  shows  a  weaker  area  of 
low  pressure.  In  the  next  12  hours,  a  cyclone 
forms  offshore  moving  off  Cape  Hatteras  and 
deepening  more  rapidly  as  it  moves  north  of 
Hatteras.  This  scenario  of  cyclogenesis  is 
similar  to  that  observed. 

3y  updating  the  large  scale  flow  at  the  model 
boundaries,  using  tendencies  derived  from 
initialized  analyses,  the  major  short  wave  event 
propagates  smoothly  in  from  the  western  boundary 
through  the  integration  period  and  cyclogenesis 
occurs  offshore  as  observed.  However  the  strength 
of  a  weak  short  wave,  which  crossed  the  coastline 
at  12  hours  of  integration,  did  not  deepen  so 
that  a  reduced  south  easterly  flow  is  found 
behind  the  first  front.  This  may  lead  to  the  cold 
air  damming  to  persist  longer  and  be  stronger 
than  is  observed.  The  influence  of  topography  and 
sensible  heating  on  the  cold  air  damming,  the 
coastal  front  and  on  the  subsequent  cyclogenesis 
offshore  is  being  studied. 
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■e  every  4  mb.  1000  mb  wind  and 
;  forecast,  (b)  analysis  for  12Z  January 
analysis  for  12Z  January  26,  1986. 
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1 .  INTRODUCTION 

The  Naval  Research  Laboratory’s  Mesoscale  Weather  Prediction  Model  is 
being  used  to  study  the  development  of  an  extratropical  cyclone  which 
occurred  off  the  East  coast  of  the  U.S.  during  the  second  Intensive 
Observing  Period  (IOP)  of  the  Genesis  of  Atlantic  Lows  Experiment  (GALE)  on 
January  23-29,  1986.  The  model  is  a  three  dimensional  primitive  equations 
model,  incorporating  topography  and  physical  parameterizations  of  the 
boundary  layer  and  precipitation  processes  (Madala  et  al.,  1987).  In  the 
vertical,  sigma  coordinates  are  used  while  in  the  horizontal  a  staggered 
grid  is  used.  The  finite  difference  scheme  is  a  second  order  quadratic 
conserving  scheme.  The  model  is  integrated  in  time  using  the  split-explicit 
method  (Madala,  1981). 

2.  MODEL  DESCRIPTION 

The  domain  of  the  model  is  from  22.5°S  to  47.5°N  in  latitude  and  102. 5°W 
to  57 . 5°W  in  longitude  with  a  half  a  degree  horizontal  resolution.  In  the 
vertical,  ten  layers  of  equal  0  thickness  are  used.  An  enveloped  topography 
is  'derived  from  the  U.S.  Navy’s  global  10  minute  elevation  data  by 
calculating  the  mean  for  each  model  grid  square  and  adding  one  standard 
deviation.  Climatological  1  degree  resolution  mean  sea  surface  temperatures 
for  January  from  Reynolds  (1982)  are  interpolated  to  the  model  grid.  The 
model  includes  large  scale  precipitation  and  a  cumulus  parameterization 
using  a  modified  Kuo  scheme.  Unstable  lapse  rates  are  removed  by  a  dry 
convective  adjustment  scheme.  The  boundary  layer  is  parameterized  using  a 
single  layer  with  the  fluxes  of  heat  and  momentum  computed  using  a 
generalized  similarity  theory,  in  which  the  drag  coefficients  are  stability 
dependent . 

An  NMC  2.5°  resolution  hemispheric  analysis  is  interpolated  to  the 
horizontal  model  grid  using  cubic  polynomial  interpolation  to  provide  a 
first  guess  analysis.  Available  observed  GALE  data  will  be  analyzed  in 
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future  using  the  Barnes  (1973)  scheme  to  enhance  this  first  guess  analysis 
following  Brehme  (1987).  The  non-divergent  wind,  temperature  and  humidity 
are  then  interpolated  to  the  model  sigma  levels.  The  Perkey  and  Kreitzberg 
(1976)  boundary  conditions  are  used  to  update  the  large  scale  conditions  at 
the  horizontal  boundaries  during  the  integration  of  the  model.  The  large 
scale  tendencies  are  obtained  from  NMC  2.5°  resolution  hemispheric  analyses 
with  the  divergence  removed.  The  tendencies  are  updated  every  twelve  hours 
in  the  boundary  region.  The  smaller  scale  interior  waves  produced  by  the 
model  and  propagating  into  the  boundary  region  are  absorbed  by  this 
technique . 

3 .  MODEL  SIMULATION 

Successful  simulations  of  the  development  of  the  coastal  front  and  the 
cold  air  damming  and  the  subsequent  offshore  cyclogenesis  during  the  second 
IOP  of  GALE  have  been  performed.  The  model  has  been  initially  integrated 
from  a  first  guess  analysis  interpolated  from  the  NMC  2.5°  resolution 
analysis  of  12Z,  January  23.  Figure  la  shows  the  initial  conditions  of  a 
cold  front  moving  off  the  east  coast  of  the  U.S. 

With  the  further  eastward  movement  of  the  front,  a  wedge  of  cold  air  can 
be  seen  to  develop  after  24  hours  of  integration  (Figure  lb)  between  the 
Appalachians  and  the  coast  in  a  northerly  low  level  flow  behind  the  front. 
Comparing  with  the  verifying  surface  analysis,  shown  in  Figure  lc,  we  see 
that  the  simulated  secondary  low  on  the  front  has  not  deepened  as  much  as 
was  observed.  The  temperature  gradient  across  the  coastline  of  North 
Carolina  and  Virginia  is  further  enhanced  in  the  model  simulation  by  large 
surface  sensible  heat  fluxes  of  as  much  as  391  watts  m“2  over  the  Gulf 
Stream  (Figure  2a) .  Latent  heat  fluxes  in  the  same  region  in  the  model  are  2 
to  3  times  as  large  as  the  sensible  heat  fluxes.  The  model  shows  in  Figure 
2b  a  realistic  pattern  of  precipitation  in  the  secondary  low  and  shows 
convective  and  stable  precipitation  developing  off  the  coast  in  the  moist 
easterly  air  that  overflows  the  wedge  of  cold  air.  Satellite  photographs  do 
indicate  convection  offshore  over  the  Gulf  Stream  on  the  afternoon  of  the 
24th. 

The  cold  wedge  is  well  developed  at  36  hours,  as  shown  in  Figure  2c.  A 
developing  coastal  front  is  indicated  in  the  figure  by  the  confluent  flow  in 
a  region  of  enhanced  temperature  gradient  along  the  western  edge  of  the  Gulf 
Stream  between  the  easterly  flow  across  the  Gulf  Stream  and  the  north 
easterly  flow  over  the  land,  A  trough  has  developed  at  the  southern  end  of 
this  "coastal  front"., The  2.5  degree  hemispheric  analysis  (Figure  2d)  cannot 
resolve  such  features.  With  the  upper  level  wave  and  surface  low  approaching 
the  coast  from  the  west,  the  precipitation  strengthens  offshore  and  the 
coastal  front  moves  inland  forming  a  trough  at  48  hours  of  integration  (see 
Figure  3a).  The  large  scale  surface  analysis  at  this  time  (shown  in  Figure 
3b)  does  indicate  a  weak  surface  trough  in  a  position  from  Cape  Hatteras  to 
offshore  of  the  Carolinas. 

With  further  integration  of  our  model,  a  weak  low  forms  at  the  southern 
end  of  the  coastal  front/ trough  and  then  moves  rapidly  northwards  up  the 
coast  slowly  deepening.  By  72  hours  this  low  can  be  found  in  Figure  3c  north 
oi  New  Jersey,  in  a  position  further  north  than  in  the  analysis  shown  in 
Figure  3d.  In  the  72  hour  simulation,  the  low,  which  approached  from  the 
west,  is  found  on  the  Georgia  and  North  Carolina  border,  close  to  the 
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observed  position  in  the  analysis  but  a  little  deeper  in  intensity.  The 
precipitation  pattern  for  60-72  hours,  showr  in  Figure  4a,  has  realistic 
magnitude  and  distribution.  Qualitatively  the  bands  followed  those  seen  in 
the  satellite  cloud  pictures.  In  the  next  12  hours,  a  cyclone  forms  offshore 
moving  off  Cape  Hatteras  (Figure  4b)  and  deepening  more  rapidly  as  it  moves 
north  of  Hatteras.  This  scenario  of  cyclogenesis  is  similar  to  that 
observed. 

4.  SUMMARY 

By  updating  the  large  scale  flow  at  the  model  boundaries,  using 
tendencies  derived  from  initialized  analyses,  the  major  short  wave  event 
propagates  smoothly  in  from  the  western  boundary  through  the  integration 
period  and  cyclogenesis  occurs  offshore  as  observed.  However  the  strength  of 
a  weak  short  wave,  which  crossed  the  coastline  at  12  hours  of  integration, 
did  not  deepen  so  that  a  reduced  south  easterly  flow  is  found  behind  the 
first  front.  This  may  lead  to  the  cold  air  damming  to  persist  longer  and  be 
stronger  than  is  observed.  The  coastal  trough  formed  in  the  model  moved 
inland  sooner  than  observed  with  the  result  that  the  low,  which  formed  at 
its  southern  end,  moved  up  the  coast  earlier  than  observed.  The  influence  of 
topography  and  sensible  heating  on  the  cold  air  damming,  the  coastal  front 
and  on  the  subsequent  cyclogenesis  offshore  will  be  being  studied  in  future. 
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ACCUMULATED  PRECIPITATION  FOR  6 


a)  The  accumulated  precipitation  (cms)  for  60  -  72  hours  of  integrat 
el  pressure  (contours  every  4  mb),  1000  mb  wind  and  temperature  (eve 
ecast,  and  for  (c)  NMC  hemispheric  analysis  for  00Z  January  27,  1986 


24  HOUR  FORECAST 


Fig.  1.  Sea  level  pressure  (contours  every  4  mb),  1000  mb  wind  and  temperature  (every  5  C) 
for  (a)  the  initial  conditions  at  12Z  January  23,  1986;  (b)  for  a  24  hour  forecast  and 
(c)  the  verifying  NMC  hemispheric  analysis  for  12Z  January  24,  1986.  The  maximum  vector  Is 
indicated  by  the  labelled  arrow  (m  s-^-). 
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1.  INTRODUCTION 

Various  initialization  procedures  have  been 
tested  for  use  with  the  Naval  Research  Labor¬ 
atory’s  Limited  Area  Weather  Prediction  system. 
The  system  has  been  developed  to  study  the 
development  of  extracrooical  cyclones,  which 
occurred  along  the  East  coast  of  the  U.S.  during 
the  Genesis  of  Atlantic  Lows  Experiment  (GALE). 
The  effect  of  the  split-explicit  scheme,  used  for 
integration  in  time,  and  various  non-linear 
initialisation  procedures  in  reducing  gravity 
wave  oscillations  in  the  model  are  presented. 
Preliminary  results  with  a  vertical  mode  initial¬ 
isation  scheme  are  shown. 

2.  MODEL  DESCRIPTION 

The  Naval  Research  Laboratory’s  primitive 
equations  model  (Madala  et  al.,  1S87)  uses  sigma 
coordinates  and  incorporates  topography  and 
physical  parameterisations  of  the  boundary  layer 
and  precipitation  processes.  The  model  is  inte¬ 
grated  in  time  using  the  efficient  split-explicit 
method  (Madala,  1981),  In  the  horizontal,  an 
Arakawa  C  grid  is  used  with  0.5  degree  resolution 
in  latitude  and  longitude.  The  finite  difference 
scheme  is  a  second  order  quadratic  conserving 
scheme.  In  the  vertical,  ten  layers  of  equal  a 
thickness  are  used.  An  enveloped  topography  is 
derived  from  the  U.S.  Navy’s  global  10  minute 
elevation  data  using  the  average  grid  heights 
plus  one  standard  deviation.  Climatalogical  1 
degree  resolution  mean  sea  surface  temperatures 
from  Reynolds  (1982)  for  the  month  of  interest 
are  interpolated  to  che  model  grid.  The  model 
includes  large  scale  precipitation  and  a  cumulus 
parameterization  using  a  modified  Kuo  scheme. 
Unstable  lapse  races  are  removed  by  a  dry  con¬ 
vective  adjustment  scheme.  The  boundary  layer  is 
parameterized  using  a  drag  coefficient  formulat¬ 
ion.  The  boundary  conditions  of  Perkey  and 
Kreitsberg  (1976)  are  used  to  update  the  large 
scale  conditions  at  the  horizontal  boundaries 
during  the  integration  of  the  model.  An  alter¬ 
native  nudging  technique  or  one  way  interaction 
technique  is  also  being  used  to  update  the 
variables  at  the  horizontal  boundaries. 

2.1  Analysis 

A  first  guess  analysis  is  provided  by  a 
National  Meteorological  Center  (NMC)  2.5® 
hemispheric  analysis.  The  NMC  2.5®  resolution 


Rangarao  V.  Madala 

Atmospheric  Physics  Branch 
Naval  Research  Laboratory 
Washington,  D.C.  20375 


1 


hemispheric  analysis  is  interpolated  to  the 
horizontal  model  grid  using  cubic  polynomial 
interpolation  to  provide  a  first  guess  analysis. 
Conventional  observations  and  available  supple¬ 
mentary  observations  (e.g.  from  GALE)  are 
incorporated  by  Brehme  (1987)  using  the  Barnes 
(1973)  successive  corrections  scheme  to  enhance 
this  first  guess  analysis. 

2.2  Solit-Exollcit  Time  Integration 

In  the  split-explicit  method  of  Madala 
(1981),  a  centered  difference  scheme  (except  for 
diffusion  which  uses  forward  differencing)  with  a 
time  step  of  150  s,  appropriate  for  the  Rossby 
modes,  is  used  to  step  the  model  variables  once 
forward  in  time.  Gravity  wave  amplitudes  for  the 
deviations  of  the  divergence  and  the  pseudo¬ 
geopotential  on  sigma  surfaces 
$  -  Ps[?S-^s+RT*-fS*] 

are  integrated  at  a  smaller  time  steps  for  the 
external  (37.5  s)  and  the  first  internal  vertical 
mode  (75  s).  The  average  of  these  deviations, 

over  a  interval  of  twice  the  large  time  step,  is 
then  used  to  correct  the  explicit  computation  of 
the  variables.  Besides  providing  a  4  to  5  times 
saving  in  computer  time  over  explicit  methods, 
the  averaging  of  the  lower  gravity  wave  eigen- 
modes  may  be  expected  to  act  as  a  partial  filter 
of  the  higher  frequency  gravity  waves. 

3 .  EXPERIMENTS 

To  test  the  effect  of  the  split-explicit 
time  integration  scheme  in  reducing  the  unwanted 
high  frequency  oscillations  in  the  model,  the 
model  is  integrated  with  uninitialised  data  both 
with  the  split-explicit  scheme  described  above 
and  with  an  explicit  time  integration  of  30  s. 
Integrations  with  varying  degrees  of  initial¬ 
ization  are  then  compared  in  three  other 

experiments.  Time  series  of  surface  pressure  and 
vertical  motion  <7  in  sigma  coordinates  at 

selected  points  were  compared  in  the  five 
experiments.  The  NMC  2.5  degree  hemispheric 
analysis  for  12Z  January  23,  1986  is  used  to 

start  the  integrations  for  each  of  the 
experiments.  This  is  a  case  of  a  cold-air  damming 
and  coastal  front  event,  which  occurred  from 
January  23-25,  1986,  during  GALE.  The  domain  of 
che  model  is  from  22.5®S  to  47.5®N  in  latitude 
_  and  102. 5®W  to  57.5°W  in  longitude. 
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3.1  Uninitialized  initial  state  vith  gxalir.it 

Integration 

The  model  is  integrated  in  time  vith  a 
conventional  leapfrog  scheme  for  12  hours  vith  a 
time  step  of  30  s  for  uninitialised  data. 
Oscillations  of  surface  pressure  of  as  much  as  5 
to  8  mb  of  amplitude  and  periods  of  1  to  2  hours 
are  observed  in  the  first  12  hours  of  integ¬ 
ration.  Curve  A  in  Figure  1  shows  these  typical 
oscillations  in  the  surface  pressure  for  a  grid 
point  at  35°N  and  90°V.  Curve  A  in  Figure  2  shows 
the  vertical  motion  p^cr  at  a  =  0.5  for  the  same 
grid  point,  where  p<j  =  1000  mb.  The  curve  A  shows 
a  typical  rapid  adjustment  (increase  in  this 
figure)  between  hours  1  to  6  of  the  integration 
with  smaller  oscillations  of  periods  of  2  to  4 
hours  superimposed.  The  higher  frequency 
oscillations  in  surface  pressure  are  largely  due 
to  the  barotropic  external  gravity  mode  while  the 
adjustment  and  oscillations  in  a  in  the  middle 
troposphere  are  largely  due  to  the  internal 
gravity  modes. 


3.2  Up 


■•3lited  initial  st3te  with  Solit- 


The  model  is  integrated  for  48  hours  with 
the  split-explicit  scheme  using  a  time  step  of 
150  s  for  uninitialised  data.  For  the  first  hour 
or  so  the  oscillations  in  the  surface  pressure 
(Curve  3  in  Figure  1)  are  the  same  as  in  the 
explicit  integration.  However  the  oscillations 
are  strongly  damped  in  the  next  three  hours  of 
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FIG.  2.  As  in  Figure  1  except  for  the  vertical 
motion  (in  sigma  coordinates)  at  a  =  0.5  multi¬ 
plied  by  a  standard  pressure  p0  of  1000  mb.  Units 
are  in  mb/hour. 
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FIG.  1.  Time  series  of  surface  pressure  in  mb 
at  a  grid  point  at  35*M  and  90%"  during  the  first 
12  hours  of  integration.  Curves  are  for 
uninitialised  initial  conditions  for  an  explicit 
integration  in  time  (Curve  A)  and  a  split- 
explicit  integration  (Curve  B);  for  a  split- 
explicit  integration  with  a  non-divergent  initial 
condition  (Cur/e  C) . 


integration.  Little  difference  is  noticed  in 
Figure  2  in  the  variation  of  b  at  a  =  0.5  between 
the  explicit  (Curve  A)  and  split-explicit  (Curve 
3)  integrations.  One  can  conclude  that  the  split- 
explicit  integration  scheme  acts  as  a  dynamical 
initialisation  by  greatly  reducing  the  amplitude 
of  the  unwanted  external  gravity  waves  in  the 
first  three  to  four  hours  of  integration. 

3.3  Hon-divercent  Initial  State 

The  analysed  vorticity  on  pressure  surfaces 
is  used  to  first  calculate  the  non-divergent 
component  of  the  wind.  A  first  guess  of  the 
surface  pressure  and  temperature  is  found  by 
interpolation  to  the  model  topography.  The  non- 
divergent  wind,  analysed  temperature  and  humidity 
are  then  interpolated  to  the  model  sigma  levels. 
A  48  hour  integration  using  the  split-explicit 
scheme  is  then  performed  with  this  data.  As  shown 
by  Curve  C  in  Figure  1,  the  amplitude  of  the 
initial  oscillations  of  the  surface  pressure  are 
reduced  to  2  to  3  mb  and  are  largely  damped  out 
after  3  hours.  Curve  C  in  Figure  2  shows  that  the 
strong  adjustment  (increase)  in  the  vertical 
motion- <r  is  still  present  in  the  first  6  hours 
and  the  superimposed  higher  frequency  oscillat¬ 
ions  are  only  slightly  reduced  in  amplitude.  By 
removing  the  divergent  component  of  the  wind  from 
the  analyzed  data  the  initial  value  of  a  is  also 
reduced.  On  sigma  surfaces  over  sloping  topog¬ 
raphy,  a  vertical  shear  of  the  non-divergent  wind 
will  introduce  divergence  on  the  a  surfaces,  as 
will  errors  caused  by  vertical  interpolation.  By 
largely  removing  the  horizontal  divergence  we 
have  essentially  removed  the  external  gravitv 
mode  after  three  hours  of  integration. 
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3.4  Stacie  Mon-linear  Mass  Salar.ee 

A  static  initialisation  of  the  mass  field 
performed  using  the  non-linear  mass  balance 
equation  in  sigma  coordinates.  The  non-linear 
balance  equation  is  used  to  derive  a  balanced 
geopotential  and  temperature  field  from  the  non- 
divergent  wind  field.  A  48  hour  integration  was 
carried  out  using  this  fully  initialised  data. 
The  oscillations  in  the  surface-pressure,  shown 
in  Curve  D  of  Figure  3,  are  of  the  same  amplitude 
as  in  the  non-divergent  case  (Curve  C  in  Figure 
1),  being  damped  after  3  hours  of  integration. 
However,  a  small  mean  drift  of  about  a  mb  is  seen 
to  develop  in  the  surface  pressure  (cur/e  D) 
during  the  12  hours  of  integration.  The  vertical 
motion  shown  in  curve  D  of  Figure  4  still  shows 
the  rapid  adjustment  (increase)  during  the  first 
5  hours,  but  the  higher  frequency  oscillations 
are  much  reduced  in  amplitude  and  mostly  elimin¬ 
ated  after  4  hours  of  integration.  The  non-linear 
balance  of  the  mass  field  essentially  removes  the 
internal  gravity  waves  except  for  the  initial 
adjustment  in  the  first  4  hours. 

3.5  Vertical  Non-Linear  Mormal  Mode 

Initialization 

A  vertical  mode  initialization  scheme 
following  that  of  Bourke  and  McGregor  (1983)  has 
been  adapted  for  use  with  our  model.  The  observed 
wind  and  temperature  is  first  interpolated  to  the 
a  surfaces,  and  the  non-divergent  wind  computed. 
An  iterative  procedure  is  then  used  to  compute 
incremental  changes  to  the  pseudo-geopotential, 
divergence  and  vorticity  for  he  first  five 
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FIG.  3.  Time  series  of  surface  pressure  in  mb 
at  a  grid  point  at  35’H  and  90°W  during  the  first 
12  hours  of  integration.  Curves  are  for 

uninitialized  initial  conditions  for  an  explicit 
integration  in  time  (Curve  A);  for  split-explicit 
integrations  with  a  non-linear  mass  balance 
(Curve  D)  and  a  vertical  mode  initialization 
(Curve  E) . 


mot.-.on  (in  sigma  coordinates)  at  0  =*  0.5  multi¬ 
plied  by  a  standard  pressure  pg  of  1000  mb.  Units 
are  in  mb/hour. 


vertical  modes.  The  surface  pressure  is  not 
changed  during  the  iterative  procedure.  Four 
iterations  are  found  to  be  sufficient  for  the 
iterative  scheme  to  converge.  The  oscillations  in 
surface  pressure,  shown  in  curve  E  of  Figure  3, 
are  half  a  mb  or  less  after  the  first  hour  of 
integration  and  no  mean  drift  of  the  surface 
pressure  is  seen.  Curve  E  in  Figure  4  shows  that 
the  rapid  initial  adjustment  has  been  removed, 
leaving  a  slower  increase  in  the  vertical  motion 
with  time.  The  procedure  provides  a  balanced 
vertical  motion  field  and  produces  smaller 
changes  to  the  initial  mass  field,  compared  to 
the  static  initializatior . 

3.6  Model  Forecasts 


When  using  the  split-explicit  scheme  with 
uninitialized  or  initialized  data,  the  12  to  48 
hour  forecasts  are  very  similar.  Only  in  the  case 
of  the  12  hour  explicit  time  integration  with 
uninitialized  data  are  high  frequency  oscill¬ 
ations  in  the  surface  pressure  and  vertical 
motion  still  substantial  after  12  hour."  of  integ¬ 
ration,  producing  noticeable  differences  * xj.  the 
12  hour  forecast. 

4 .  SUMMARY 

The  Naval  Research  Laboratory  Limited  Area 
Numerical  Weather  Prediction  model  uses  the 
I  split-explicit  scheme  to  integrate  in  time.  The 

scheme  has  been  shown  to  greatly  reduce  the 
amplitude  of  the  unwanted  external  gravity  wave 
oscillations  in  the  first  three  to  four  hours  of  j 
integration.  However,  a  typical  rapid  adjustment  . 
with  superimposed  oscillations  occurs  in  the  mid-  , 
troposphere  vertical  motion  in  the  first  4  to  6  j 
hours  of  integration.  By  interpolating  the  non-  | 
divergent  wind  and  analyzed  temperature  to  the  • 
!  model  sigma  surfaces,  the  amplitude  of  the 
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initial  oscillations  of  the  surface  pressure  are 
reduced  to  2  to  3  mb  and  are  largely  damped  out 
after  3  hours.  Using  the  non-dive rgent  wind  and 
performing  a  static  non-linear  initialization  of 
the  mass  field,  provides  a  balanced  initial 
state,  except  for  a  smooth  initial  adjustment  of 
the  vertical  motion  in  the  first  five  hours  or 
less  of  integration  and  a  small  mean  drift  in  the 
surface  pressure.  Initial  tests  with  the  vertical 
mode  initialisation  procedure  show  promise  to 
prevent  gravity  wave  oscillations,  without 
producing  a  mean  drift  in  the  surface  pressure, 
and  to  provide  a  balanced  vertical  motion  field. 
Smaller  changes  are  produced  to  the  initial  mass 
field,  compared  to  the  static  initialisation.  The 
various  initialisation  procedures  produce  similar 
12  to  48  hour  forecasts. 
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A  USER’S  GUIDE  TO  THE  SEVP  SOLVER: 

AN  EFFICIENT  DIRECT  SOLVER  FOR  ELLIPTIC 
PARTIAL  DIFFERENTIAL  EQUATIONS 


1 .  INTRODUCTION 


This  report  describes  the  Stabilized  Error  Vector  Propagation  (SEVP) 
fortran  subroutines,  which  have  been  developed  at  the  Naval  Research 
Laboratory  (NRL)  for  the  solution  of  elliptic  partial  differential  equations 
using  finite  difference  methods.  The  SEVP  subroutines  have  been  used 
extensively  with  the  NRL  numerical  weather  prediction  models.  Since  the  code 
was  first  developed  (Madala,  1978),  various  enhancements  have  been  made.  The 
code  is  now  also  being  more  widely  used  at  NRL  and  at  other  research 
institutions  and  a  users  guide  has  therefore  become  necessary. 


The  SEVP  method  is  an  efficient  direct  method  which  is  used  to  solve  the 
finite  difference  approximation  to  an  elliptic  partial  differential  equation 
of  the  form 


a(x,y) 


+ 


b(x,y) 


d24 

a  2 

9y 


+ 


c(x,y) 


a* 

ax 


+  d(x,y) 


U 

6y 


+  e(x,y)  ^ 


f(x,y) 


in  which  a(x,y)  b(x,y)  >0  on  a  rectangular  domain  in  some  arbitrary  x  and 
y  coordinate  system.  Grid  points  may  be  of  variable  spacing.  The  boundary 
conditions  for  ^(x,y)  can  be  Dirichlet,  Neumann,  periodic  in  one  direction, 
or  a  mixed  combination  of  these.  The  SEVP  solver  can  be  used  for  separable  and 
non-separable  elliptic  equations. 


Common  examples  of  these  elliptic  partial  differential  equations  are 
Poisson’s  equation  *  f  in  two  dimensions  and  the  special  case  when 
f  5  0,  Laplace’s  equation  in  two  dimensions.  For  the  boundary  conditions  in 
each  case,  the  value  of  ^  (Dirichlet  boundary  condition)  or  the  normal 
derivative  of  ^  (Neumann  boundary  condition)  are  specified  on  each  boundary. 
Poisson’s  equation,  for  example,  arises  in  boundary  value  problems  in  which  a 
stream  function  is  used  to  solve  for  the  motion  of  an  incompressible  fluid 
when  the  vorticity  is  given.  A  Poisson’s  equation  is  also  encountered  whenever 
a  steady  state  potential  distribution  is  produced  in  response  to  sources  or 
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sinks  of  a  quantity,  where  the  rate  of  flow  of  the  quantity  is  proportional  to 
the  gradient  of  the  potential  distribution. 

As  shown  in  Madala  (1978),  the  SEVP  method,  which  is  based  on  the  error 
vector  propagation  (EVP)  method  (Hirota,  et  al.,  1970;  for  example),  is  much 
faster  than  successive  over-relaxation  (by  10  to  20  times)  and  uses  an  order 
of  magnitude  less  storage  space  than  the  method  of  Lindzen  and  Kuo  (1969). 
Unlike  the  EVP  method,  which  was  shown  by  McAvaney  and  Leslie  (1972)  to  be 
unstable  for  more  than  40  grid  points  in  the  marching  direction,  the  SEVP 
method  is  stable  for  any  number  of  grid  points.  The  stabilization  is 
accomplished  by  dividing  the  integration  region  into  EVP  stable  overlapping 
blocks  and  imposing  artificial  boundaries  between  the  blocks. 

In  this  report,  the  form  of  the  difference  equation,  boundary  conditions 
and  the  subroutine  arguments  for  the  SEVP  solver  are  first  described.  We  then 
describe  the  derivation  of  the  difference  equation  and  boundary  conditions 
from  a  two-dimensional,  elliptic  partial  differential  equation,  defined  on  a 
rectangular  grid.  The  following  sections  describe  the  stabilized  error  vector 
propagation  method  and  each  of  the  SEVP  subroutines.  In  the  initial  set  up  in 
subroutine  SEVP,  the  difference  equations  are  modified  for  the  boundary 
conditions.  The  sections  on  the  preprocessor  subroutine  BSM1  and  the  solution 
subroutines  BSM2,  BSM3  may  be  skipped  by  the  reader  who  is  only  interested  in 
using  the  routines.  As  an  example,  Poisson’s  equation  is  solved  in  spherical 
coordinates  on  a  domain  on  the  surface  of  the  earth  bounded-  by  constant 
latitude  and  longitude  circles.  Two  test  examples  demonstrating  the  use  of 
Dirichlet  and  Neumann  boundary  conditions  in  the  y  (marching)  direction  with 
periodic  boundary  conditions  in  x  are  described.  A  listing  of  the  test 
programs  is  provided  in  the  appendix. 
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2.  SUBROUTINE  SEVP 


Subroutine  SEVP  solves  a  system  of  linear  equations  of  the  form 

AX(i, j )*X(i-l, j )  +  AY(i,j)*X(i,j-l)  +  BB(i, j )*X(i, j ) 

+  CX(i, j )*X(i+l, j )  +  CY(i, j )*X(i, j+1)  -  F(i,j)  (2.1) 

for  i  =«  2,...,M-1  and  j  *  2,...,N-1. 

with  boundary  conditions  for  j  =1,  j  =  N,  i  *  1  and  i  *  H  of  the  form 

X(i, 1)  =  (1-All) *X(i, 1)  +  All*(X(i, 2)  -  Fll(i)) 

X(i,N)  *  (l-AlN)*X(i,N)  +  AlN*(X(i,N-l)  +  FlN(i) ) 
and 

X(l,j)  *  (1-A21) *X(1, j )  +  A21*(X(2,j)  -  F21( j ) ) 

X(M, j )  *  (1-A2M) *X(M, j )  +  A2M*(X(M-1, j )  +  F2M( j ) ) 
or  X(ltj)  -  X(M-l,j) 

X(M,  j  )  »  X(2, j )  for  j  *  1, . . . ,N. 

These  difference  equations  result  from  the  discretization  of  elliptic 
partial  differential  equations  of  the  form 

a(x,y)  +  b(x,y)  +  c(x,y)  ^ 

6x  3y  3x 

+  d(x,y)  +  e(x,y)-  jJ  *  f(x,y)  (2.3) 

3y 

defined  in  a  rectangular  domain  xa  <  x  <  x^,  Ya  <  Y  <  Yb  in  which 
a(x,y)  b(x,y)  >  0,  and  the  x  and  y  represent  some  coordinate  system.  Grid 
points  can  be  of  variable  spacing.  Boundary  conditions  for  j(x,y)  may  be 
Dir,ichlet  or  Neumann  at  the  x  and  y  boundaries  x  *  xa,  x  =  x^,, 
Y  3  Ya»  Y  *  Yb»  or  periodic  in  x;  or  a  mixed  combination  of  these. 


for  i  =  1, . . . ,M 


(2.2) 


for  j  *  1, . . . ,N 
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2.1  Description  of  Arguments 

The  SEVP  subroutines  are  called  by  the  statement 
CALL  SEVP ( AX ,  AY ,  CX ,  C  Y ,  BB , RINV , RINV1 , RCOR , NBS IZ  2 , IS , IE , INX , SUMF , 

DUMMY1 , RTILDA , X , F , ERR , Fll ,  FIN , F21 , F2M, M, N , HI , N1 , M2 , N2 , NBLK, 

NBLX1 , B1 , B2 , All , AIN , A21 , A2M, ICY , TOL , IFLS ) 
where  the  arguments  are  as  follows: 

QK.  M 

H 

The  number  of  points  in  the  i  direction,  including  the  boundary. 

Ml  =  M-l,  M2  =  M-2. 

N 

The  number  of  points  in  the  j  (marching)  direction,  including  the  boundary. 
N  must  be  larger  than  4. 

N1  *  N-l,  N2  *  N-2 . 


NBLK 

Represents  the  number  of  blocks  in  j  (marching)  direction.  For  N  larger 
than  14,  NBLK  *  (N+3)/9  gives  blocks  of  approximately  8  to  13  rows  each. 
For  N  less  than  11  but  larger  than  4,  use  NBLK  *  1;  while  for  N  between  11 
and  14,  one  or  two  blocks  may  be  used. 

Note:  For  the  case  of  Neumann  boundary  conditions  at  boundary  j  =  N  (i.e. 
AIN  =  1)  and  with  NBLK  larger  than  one,  last  block  is  fixed  with  7  rows  by 
SEVP  solver,  to  allow  for  a  more  efficient  convergence  of  the  solution.  In 
this  case,  use  formula  to  calculate  the  number  of  blocks  required  for  the 
first  N-5  rows  and  then  add  one  to  get  total  number  of  blocks. 

NBLK1 

*  NBLK-1,  for  NBLK  greater  than  one. 

=  1  for  NBLK  equal  to  one. 

AX,  AY,  CX,  CY,  BB 

Two-dimensional  arrays  of  dimension  M  x  N  containing  the  coefficients  of 
the  difference  equation. 


X 

Two-dimensional  array  that  on  input  contains  an  initial  guess  for  solution 
on  interior  points  i  =  2,... M-l,  j  *  2,..., N-l;  and  for  Dirichlet  boundary 
conditions,  contains  the  boundary  values  at  the  appropriate  boundaries. 
Initial  guess  might  be  an  average  of  the  boundary  values  (for  Dirichlet 
BC’ s)  dr  a  zero  value  (for  Neumann  BC’s),  for  example. 

F' 

Two-dimensional  array  of  dimension  M  x  N  that  specifies  the  forcing  on  the 
right  hand  side  of  the  difference  equation. 


Fll,  FIN 

One-dimensional  arrays  of  length  M  that  contain  coefficients  for  the 

Neumann  boundary  conditions  at  the  j  boundaries. 

F21,  F2M 

One-dimensional  arrays  of  length  N  that  contain  coefficients  for  the 

Neumann- boundary  conditions  at  the  i  boundaries. 

All,  AIN,  A21,  A2M 

Real  variables  which  take  the  value  0.0  for  Dirichlet  boundary  conditions, 
and  1.0  for  Neumann  boundary  conditions  at  their  respective  boundaries.  All 
corresponds  to  j  =  1,  AIN  to  j  *  N,  A21  to  i  «  1,  and  A2M  to  i  *  M.  For 

periodic  boundary  conditions  in  i  (with  ICY  ■  1),  A21  and  A2M  are  zero. 


ICY 

=  1  for  periodic  boundary  conditions  in  i. 
=  0,  otherwise. 


TOL 

Error  tolerance  for  SEVP  solver. 

IFLG 

=  0  for  first  call  of  SEVP  solver.  Preprocessor,  subroutine  BSM1  called. 

*  1  for  subsequent  calls  if  coefficients  AX,  AY,  CX,  CY,  BB  of  difference 
equation  and  the  boundary  condition  type  All,  AIN,  A21,  A2M,  ICY  do  not 
change.  Preprocessor  is  then  skipped. 

ON  OUTPUT 


Two-dimensional  array  of  dimension  M  x  N  containing  the  solution. 

ERR 

Two-dimensional  array  of  dimension  M  x  N  containing  the  residual  error  for 
the  difference  equation. 

OUTPUT  ARRAYS  COMPUTED  BY  PREPROCESSOR 

These  arrays  must  not  be  destroyed  if  SEVP  will  be  called  again  with 
IFLG  *  1. 

RINV 

Three-dimensional  array  of  dimension  M2  x  M2  x  NBLK,  containing  two- 
dimensional  M2  x  M2  influence  or  residual  matrices  for  the  blocks.  The 
first  NBLK-1  influence  matrices  relate  the  solution  error  on  the  last 
interior  row  of  each  block  to  that  on  the  second  row  of  that  block.  The 
last  two-dimensional  matrix  is  a  residual  matrix  relating  the  residual 
error  computed  on  the  last  interior  row  to  the  solution  error  on  the  second 
row  of  the  last  block. 

RINVl 

Three-dimensional  array  of  dimension  M2  x  M2  x  NBLK1,  containing  NBLK-1 
two-dimensional  M2  x  M2  influence  matrices,  which  relate  the  solution  error 
on  the  last  two  rows  of  each  block,  except  the  last. 
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WORKING-INTEGER  ARRAYS 


NBSIZ2 

One -dimensional  integer  array  of  size  NBLK,  containing  the  number  of 
interior  rows  in  the  j  (marching)  direction  between  the  end  boundaries  of 
the  blocks.  The  first  block  contains  a  total  of  NBSIZ2(1)  +  2  rows,  while 
the  remaining  blocks  contain  NBSIZ2()  +  3  rows  each. 

IS,  IE 

One-dimensional  integer  arrays  of  size  NBLK,  defining  the  beginning  and  end 
row  of  each  block,  respectively. 


INX 

One-dimensional  integer  array  of  size  M  containing  i  indices. 

WORKING  REAL  ARRAYS 
SUMF 

One-dimensional  array  of  size  NBLK  containing  the  sum  of  the  absolute 
values  of  the  forcing  on  the  last  interior  row  of  each  block. 

RCOR 

Two-dimensional  array  of  dimension  M  x  3  containing  set  of  three  row 
vectors  used  for  marching  in  j  direction. 

RTILDA 

One-dimensional  error  vector  of  size  M-2. 

Bl,  B2 

One -dimensional  work  arrays  of  size  M-2. 

DUMMY1 

Two-dimensional  work  arrays  of  size  M-2  x  M-2. 

INTERNAL  PARAMETERS  IN  SUBROUTINE  SEVF 
IOUT 

To  print  residual  errors  after  each  iteration  set  iout=*l,  otherwise  iout=0. 
EPS 

The  machine  precision  of  computer,  used  as  a  lower  limit  on  the  tolerance 
TOL.  For  the  Cray  with  64  bit  words,  single  precision  floating  point  words 
(with  48  bit  mantissa)  are  precise  to  14  decimal  places  or  for  a  machine 
precision  of  about  0.5  x  10-1^. 

MAXSIZ 

Maximum  number  of  points  allowed  in  each  block.  For  the  precision  of  the 
Cray  computer  setting  MAXSIZ  =  15  ensures  the  solver  converges  rapidly  to  a 
solution. 
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IX,  JX,  JF 

For  4-sided  Neumann,  or  2-sided  Neumann  with  cyclic  boundary  conditions,  a 
boundary  value  must  be  prescribed  at  point  (IX,  JX)  for  a  solution  to  be 
obtained.  JF  is  the  nearest  interior  row  to  the  prescribed  boundary  point 
(IX,  JX) .  For  boundary  point  IX»2,  JX*1,  the  nearest  interior  row  is  JF*2. 

PROGRAM  LANGUAGE  Fortran-77 

PRECISION  Single  precision  on  64  bit  computer.  For  32  bit  computer, 

subroutines  should  be  modified  for  double  precision. 

ORIGINATOR  Rangarao  V.  Madala 

Naval  Research  Laboratory,  Washington  D.C.  20375 
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3.  DIFFERENCE  APPROXIMATION 


In  this  section  we  show  how  the  difference  equation  is  derived  from  a  two- 
dimensional  elliptic  partial  differential  equation.  A  two-dimensional  elliptic 
equation  of  the  form 

a(x,y)  +  b(x,y)  +  c(x,y)  ^ 

3x2  3y  3x 

+  d(x, y )  ^  +  e(x,y)  4  =  f(x,y)  (3.1) 
3y 

is  assumed  to  be  defined  in  a  rectangular  domain  xa  <  x  <  xjj,  and 
ya  <  y  <  yt,,  where  a(x,y)  c{x,y)  >  0  ,  with  boundary  conditions  specified  at 
boundaries  x=xa,  x=Xb,  y=ya*  and  y=yb*  Boundary  conditions  may  be  Dirichlet, 
Neumann  in  x  and  y  or  periodic  in  x. 

As  an  illustration,  we  define  a  grid  mesh  of  M  by  N  points  (X£,  y-p  with  a 
grid  spacing  of  constant  Ax  and  Ay.  However,  variable  grid  spacing  can  be 
used,  resulting  in  modification  to  the  coefficients  of  the  difference 
equation.  A  second  order  finite  difference  approximation  of  Eq.  (3.1),  using  a 
five  point  stencil,  is  then 


*m.\  -2h 

,  i  +  ^i-lti 

^i, i+i 

'  2  *  i.i  + 

i,j  Ax2 

+  D . 

i.j 

Ay2 

.  ^i+l.i  " 

t  1  , 

-  *i, 

hi 

+  c,  - 

1,3  2  Ax 

-f 

u .  . 

i.J 

2  Ay 

+  e.  ,  4,  . 

i.J  ri.J 

= 

fi,j 

(3.2) 

where  4,  .  = 

ri,J 

^(xi,  y^. ) , 

fi.j  " 

f(x..  y.) 

and  a ,  .  = 

i.J 

a(xi,  y^), 

etc. 

By  defining  X(i,j) 

■  h,\ 
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AX(i.j) 


AY(i.j)  * 

CX(i,j)  * 

CY(i,  j )  =* 

BB ( i ,  j  )  =■ 

F(i, j )  * 

Our  difference  equation  (3.2)  can  then  be  written  in  the  form 
AX(i, j )*X(i-l, j )  +  AY(i,j)*X(i,j-l)  +  BB(i, j )*X(i, j ) 

+  CX(i, j )*X(i+l, j )  +  CY ( i , j ) *X ( i , j  +1 )  -  F(i,j)  (3.4) 

for  i  =  2,...,M-1  and  j  *  2,...,N-1. 

We  will  now  demonstrate  the  use  of  Neumann,  Dirichlet  and  periodic 
boundary  conditions  in  x. 

3 . 1  Dirichlet  Boundary  Conditions 

For  Dirichlet  boundary  conditions  in  x,  boundary  values  are  given  at  x»xa  and 
X=*Xb 

j*(xa,y)  ■  p(y) 

and  ^(xb,y)  -  q(y)  for  ya  S  y  i  yb 

For  our  grid  mesh,  defining  K  points  in  x  with 
xj[  *  (i-1)  Ax  +  xa  for  i  »  1,...,H 
where  Ax  *  (xb-xa) / (M-l) ,  we  have 
jJ(l.j)  »  Pj 

^(M,  j )  -  qj  for  j  *  1 . N 

By  defining  A21  *  A2M  *  0.0  and 

X(l,j)  *  pj  and  X(M,j)  *  qj  for  j=*l,...,N 
our  boundary  conditions  are  in  the  appropriate  form  of  Eq.  (2.2). 


c .  . 

_L_1 

Ax2 

2  Ax 

1 Ltd. 

d.  ^  ■ 

Ay2 

2  Ay 

a .  . 

c .  . 

+  -±»J. 

4*2 

2  Ax 

d,  . 

+ 

Ay2 

2  Ay 

2  a.  . 

__Atl 

iiiu 

Ax2 

fi.j 

Ay2 
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3.2  Neumann  Boundary  Conditions 

For  Neumann  boundary  conditions  in  x,  derivatives  are  specified  at  the 
boundaries  x*xa  and  x*xb 

dl  ai 

—  (x  ,y)  -  u(y)  and  — ■  (x.  ,y)  =*  v(y)  for  y  <  y  <  yu 

aT  a  D  a  'b 


For  our  grid  mesh,  we  include  two  columns  of  fictitious  points  at  xa-Ax/2  and 
Xb+Ax/2,  and  define  our  x  grid  points  with  a  shift  of  Ax/2,  so  that 
x^  »  (i-1)  Ax  +  xa  -  Ax/2  for  i  * 
with  Ax  »  (xb-xa)/(M-2) .  Then  using  centered  differences  we  have 


u.  and 
J 


~  ^M-l.i 

Ax 


v.  for  j  =  2 . N-l 


By  defining  A21  =  A2M  =  1,0, 

F21 ( j )  =  Ax  uj,  and  F2M( j )  =  Ax  vj  for  j  »  2,... N-l 

we  have  our  boundary  conditions  in  the  Appropriate  form  of  Eq.  (2.2). 


3 .3  Periodic  Boundary  Conditions 

Suppose  that  ^  is  a  periodic  function  in  x  with  period  L  =  *b-xa  so  that 

^(x+xfc.y)  =  ( x+xa ,  y ) 

With  a  column  of  points  included  at  xax^+Ax,  we  define  our  grid  mesh  over  a  x 
domain  of  xa  $  x  $  x^+Ax  so  that 
X£  =  (i-1)  Ax  +  xa  for  i  *  1,...,M 
with  Ax  »  (xb-xa)/(M-2) .  Then  we  have 


* 


M-l,j 


and 


^M.j 


2,j 


for  j  *  1, 


>N. 


Setting  ICY  *  1  with  A21  *  A2M  =  0.0  will  give  the  boundary  conditions 
X(l,j)  a  X(M-1, j ) 

X(H,j)  *  X(2, j ) ,  for  j  =  1,...,N 
as  required  in  Eq.  (2.2). 
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4.  SOLUTION  METHOD 


The  method  is  based  on  the  error  propagation  method  (EVP)  or  sweep  out 
method  (Hirota  et  al.,  1970).  In  the  EVP  method,  a  forward  sweep  provides  a 
particular  solution,  which  is  followed  by  a  further  forward  sweep  of  the 
solution  error  and  the  correction  of  the  solution.  We  demonstrate  the  method 
for  the  case  of  Dirichlet  boundary  conditions. 

At  the  interior  points,  we  start  with  an  initial  guess  solution,  which  may 
be  a  constant  value  equal  to  the  average  of  the  boundary  values,  for  example. 
Rearranging  the  difference  equation  (2.1)  we  can  write 

X(i, j+1)  -  [F(i, j )  -  AX(i, j )*X(i-l, j )  -  AY(i, j )*X(i, j-1)  -  BB(i, j )*X(i, j ) 

-  CX(i, j )*X(i+l, j ) ]  /  CY ( i , j ) 

for  i  *  2,...,M-1  and  j  *  2,...,N-1.  (4.1) 

A  particular  solution  Xp(i,j)  can  be  found  by  starting  with  the  initial  guess 
on  the  second  row  j  *  2  and  marching  Eq.  (4.1)  forward  row  by  row  to  the  end 
boundary  j  =  N,  The  particular  solution  Xp(_  i)  then  satisfies  the  boundary 
conditions  on  three  sides  j  =  1,  i  =  1,  i  =  M  but  differs  from  the  solution  at 
the  end  boundary  j  =*  N  by  an  error  row  vector  defined  by 
eN(i)  »  X(i,N)  -  Xp(i,N) 

*  X(i,N)  -  [F(i,N-l)  -  AX(i,N-l)*Xp(i-l,N-l)  -  AY(i,N-l)*Xp(i,N-2) 

-  BB ( i , N- 1 ) *Xp ( i , N- 1 )  -  CX(i,N-l)*Xp(i+l,N-l) ]  /  CY(i.N-l) 
for  i  =■  2 . M-l .  (4.2) 

A  solution  error  Xh(i,j)  *  X(i,j)  -  Xp(i,j)  can  be  defined  which  satisfies 
the  homogeneous  difference  equation  (Eq.  (2.1)  with  F  =  0)  with  the 
homogeneous  boundary  conditions  on  the  three  sides 
Xh(i.l)  -  0,  for  i  ■  1.....M 

Xhd.j)  -  Xh(M,j)  -  0  for  j-l,...,M  (4.3) 

and  a  non-zero  boundary  value  given  by  the  solution  error 

Xh(i,N)  -  eN(i)  for  i  =  2 . M-l  (4.4) 

at  the  end  boundary  j  *  N.  We  can  compute  an  influence  matrix  which  relates 
the  solution  error  on  the  last  interior  row  to  that  on  the  second  row.  The 
solution  error  can  then  be  obtained  for  the  whole  domain  by  marching  forward 
from  the  second  row  and  the  particular  solution  corrected  to  give  the 
solution. 

To  obtain  the  influence  matrix  we  start  with  a  unit  row  vector  eje  drf?;,ced 
on  the  second  row.  The  unit  row  vector  ej,;  has  the  element  unity  ?nd  U  e 
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remaining  elements  zero.  Marching  the  unit  row  vector  forward,  using  the 

homogeneous  difference  equation,  we  obtain  influence  row  vectors  t^  on  the 
last  row  j  =  N,  defining  the  row  of  our  influence  matrix  T.  Repeating  the 
marching  sequence  for  all  the  M-l  unit  row  vectors  defines  a  set  of  M-l 
influence  row  vectors,  completing  the  influence  matrix  T.  Using  a  linear 

combination  of  influence  vectors  and  the  principle  of  linear  superposition,  we 

can  relate  our  error  row  vector  £jj(i)  (for  the  last  row  j  »  N)  to  the  error 

vector  £2(i)  (  *  Xh(i.2)  )  on  the  first  interior  row  j  =  2.  That  is,  in  matrix 

form  using  the  influence  matrix,  we  have 

£N  =  C2  T  (4.5) 

Therefore  given  the  computed  particular  solution  Xp(i,j)  and  the  error 
vector  Cjj  on  the  last  row,  the  error  vector  can  be  computed  on  the  first 
interior  row, 

€2  *  eN  T"1*  (4.6) 

Then  marching  the  solution  error  forward  provides  the  solution  error 
throughout  the  whole  domain,  and,  when  combined  with  the  particular  solution, 
completes  the  solution. 

The  marching  of  the  solution  error  can  alternatively  be  conceptualized  as 
follows.  The  error  vector  6jj  at  the  end  boundary  j  *  N  can  be  related  to  a 

residual  vector  p  defined  on  the  last  interior  row  j«N-l.  Rearranging  Eq. 

(4.2),  we  have 

AX(i,N-l)*Xp(i-l,N-l)  +  AY(i,N-l)*Xp(i,N-2)  +  BB(i,N-l)*Xp(i,N-l) 

+  CX(i,N-l)*Xp(i+l,N-l)  +  CY(i,N-l)*X(i',N) 

-  F(i,N-l)  +  CY(i,N-l)*£N(i)  (4.7) 

where  we  define  the  residual  vector  p  on  the  last  interior  row  j  =*  N-l  by 

/9(i)  *  CY(i,N-l)*£N(i),  for  i  -  2 . M-l.  (4.8) 

The  solution  error  can  now  be  thought  of  satisfying  the  homogeneous  boundary 
conditions  on  all  sides  and  the  homogeneous  difference  equation  at  all  rows 
except  at  the  last  interior  row.  At  the  last  row  j*N-l,  the  solution  satisfies 
the  difference  equation  with  a  forcing  function  given  by  the  residual  p .  By 
similarly  marching  the  unit  vectors  forward,  a  set  of  residuals  can  be 
computed  on  the  last  interior  row,  defining  a  residual  matrix  R  (Hirota,  et 
si,  1970}.  The  residual  matrix  then  relates  the  solution  error  on  the  second 
row  t*5  the  residual  p  defined  on  the  last  interior  row. 

p  -  £2  R  (4-9) 
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The  two  equivalent  views  of  the  solution  error  are  shown  schematically  below 
in  Fig.  1. 

Due  to  round-off  errors  in  inarching  the  particular  solution  forward  and 
due  to  inaccuracies  in  the  computed  inverse  T"3-,  the  error  vector  £3  computed 
on  the  second  row  using  Eq.  (4.6)  is  an  approximation  to  the  true  error 
vector.  Marching  the  error  vector  forward  then  and  correcting  the  particular 
solution  provides  an  approximate  solution.  Provided  that  the  error  vector  is 
not  too  inaccurate,  an  improved  solution  can  be  found  by  recomputing  a  new 
error  vector  on  the  last  row  and  repeating  the  above  procedure.  A  number  of 
iterations  of  the  procedure  are  usually  required  to  converge  to  an  accurate 
solution. 


SOLUTION  ERROR 

i=l  6=0  i=M  e  =  0  i=M 


Fig.  1.  The  two  equivalent  views  of  the  boundary  conditions  and  forcing  for 
the  solution  error,  (a)  Solution  error  satisfies  homogeneous  difference 
equation  with  a  non  zero  boundary  condition  at  j=N  given  by  the  error  vector 
Influence  matrix  T  found  by  marching  set  of  unit  vectors  {e^}  to  last  re- 
j  *  N.  (b)  Solution  error  satisfies  homogeneous  boundary  conditions  with 
non-zero  line  forcing  function  given  by  the  residual  p  at  j=N-l.  Residual 
matrix  R  found  by  marching  unit  vectors  {e^}  to  last  interior  row  j  =  N-l  and 
computing  residuals  r^  on  that  row. 


13 


As  pointed  out  by  McAvaney  and  Leslie  (1972),  the  residual  matrix  (or 
equivalently  the  influence  matrix)  is  ill-conditionad,  with  the  degree  of  ill- 
conditioning  increasing  rapidly  with  increasing  number  of  points  N  in  the 
marching  direction.  For  large  N,  the  inverse  of  the  influence  matrix  may  not 
be  computed  very  accurately  and  for  moderate  round-off  error  any  accuracy  in 
the  computed  error  vector  may  be  lost.  The  iterative  procedure  then  will  not 
converge  to  a  solution.  The  accuracy  of  the  inverse  therefore  limits  the 
number  of  points  that  can  be  effectively  used  in  the  marching  and  correction 
process.  On  the  Cray  computer  with  64  bit  words,  this  limit  is  about  20 
points.  The  degree  of  ill-conditioning  of  the  influence  matrix,  which  leads  co 
inaccuracies  in  the  inverse,  can  be  measured  by  a  condition  number  defined  by 
cond(T)  =  I  HI  I  I  IT"1! !  (4.10) 

where  MtII  and  I  I T~ 1 1  I  are  matrix  norms  of  the  influence  matrix  and  it’s 
inverse,  respectively  (see  Dahlquist  and  Bjorck,  1974;  for  example).  Then 
given  an  error  llfe^ll  in  the  error  vector  on  the  last  row,  an  upper  bound  on 
the  relative  error  of  the  computed  error  vector  on  the  second  row  can  shown  to 
be 


life  I  I  life  II 

- —  <  cond(T)  - - —  (4.11) 

1 1 6.1 1  lleJI 

2  h 

where  the  matrix  and  vector  norms  are  defined  in  a  consistent  manner  (see 
Dahlquist  and  Bjorck).  For  example,  taking  the  case  of  a  domain  with  14  points 
in  the  marching  j  direction  and  51  points  in  i  direction  the  condition  number 
is  computed  to  be  of  order  10®.  Then  given  an  extreme  case  of  a  high  relative 
round-off  error  of  lO-1^  |n  the  computed  error  vector  6^  on  the  last  row,  when 
using  single  precision  floating  point  numbers  on  the  64  bit  Cray  computer,  we 
expect  the  computed  error  vector  on  the  second  row  to  have  a  precision  of  at 
least  four  significant  figures  (for  a  relative  error  of  10"4) .  The  iterative 
procedure  will  then  converge  to  a  solution. 

To  stabilize  the  EVP  method  for  a  large  number  of  grid  points,  Madala 
(1978)  divided  the  domain  into  a  series  of  blocks  in  the  marching  direction. 
Adjacent  blocks  overlap  in  the  marching  direction  so  that  the  first  and  last 
two  rows  of  adjacent  blocks  are  common.  To  provide  for  a  rapid  convergence 
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€  *  0 


i*l 


i-M 


j*IS(l)*l 

j-2 

j=IS (2)=IE(1) -1 

j-IE(l) 

0 

j*IS(3)*IE(2)-l 

j-IE(2> 


j=IE(3)=N-l 

j=N 


6  =>  0 


Fig.  2.  The  relationship  between  the  error  vectors  e  on  various  rows  at  the 
block  boundaries  and  the  residual  error  on  the  next  to  the  last  row  j=N-l, 
for  the  case  of  three  blocks.  R^,  R12,  ^21*  &22  are  influence  matrices  and 
B.31  is  a  residual  matrix,  defined  on  the  rows  shown. 


of  the  iterative  procedure,  the  number  of  points  in  each  block  is  limited  to 
less  than  15  points. 

In  the  preprocessor  step,  NBLK  x  2  -  1  matrices  are  computed  which  relate 
the  solution  error  on  various  boundary  rows  of  each  block.  In  Fig.  2,  showing 
three  blocks  for  example,  the  influence  matrices  R^2*  R11  f°r  the  first  block 
relate  the  error  vector  €1  on  the  second  row  to  the  error  vector  C3  on  the 
last  row  and  to  the  error  vector  € 2  on  next  to  the  last  row,  respectively. 
Similar  influence  matrices  R22>  R21  are  computed  for  the  second  block.  For  the 


last  block  a  residual  matrix  R31  relates  the  residual  solution  error  fa  on  the 
last  interior  row  j=N-l  to  the  error  vector  €5  on  the  second  row  of  the  last 
block. 

In  the  forward  sweep  a  particular  solution  is  found  by  the  marching  and 
correction  process  above,  satisfying  the  boundary  conditions  and  the  initial 
guess  field  on  the  interior  block  boundaries.  The  particular  solution 
satisfies  the  forcing  function  at  all  points  except  on  the  last  interior  row, 
where  the  difference  equation  satisfies  the  forcing  plus  a  residual  ^3.  In  the 
backward  sweep  a  solution  error  can  be  computed  on  the  block  boundaries  and 
the  first  interior  row  from  the  residual  on  the  last  interior  row,  using 
the  residual  and  influence  matrices  defined  for  the  blocks.  By  marching  the 
solution  error  forward  in  each  block  the  particular  solution  is  then  corrected 
to  give  the  solution.  The  details  of  the  stabilized  error  vector  propagation 
method  are  described  in  the  next  chapter. 
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5.  DESCRIPTION  OF  SEVP  SUBROUTINES 


5.1  Initial  Set-up.  SEVP 

In  the  main  subroutine  SEVP,  the  block  boundaries  are  first  computed  for 
the  prescribed  number  of  blocks  and  the  difference  equations  are  modified  to 
accommodate  boundary  conditions  which  are  not  Dirichlet. 

Fig.  2  shows  the  relationship  of  the  block  boundaries  for  the  case  of 
three  overlapping  blocks.  The  beginning  and  end  rows  of  the  blocks  are  defined 
by  the  one-dimensional  arrays  IS  and  IE,  respectively.  The  integer  array 
NBSIZ2 ,  defining  the  number  of  interior  rows  between  the  end  boundaries  of  the 
blocks,  is  computed  for  the  prescribed  number  of  blocks  in  subroutine  BLKSIZ. 
The  first  block  contains  a  total  of  NBSIZ2(1)  +  2  rows,  while  the  remaining 
blocks  contain  NBSIZ20  +  3  rows  each.  For  the  special  case  of  Neumann 
boundary  conditions  at  boundary  j  *  N  (i.e.  AIN  *  1),  the  last  block  (third 
block  in  Fig.  2)  is  set  with  NBSIZ2()  *  4  by  BLKSIZ  (for  a  total  of  7  rows  for 
the  block),  to  provide  for  a  more  efficient  convergence  of  the  solution. 

For  the  case  of  cyclic  boundary  conditions  we  define  an  i  index  INX(i)  by 

INX(i)  *  i  for  i=2, . . . ,M-1 

INX(l)  =  M-l  (5.1) 

INX(M)  =  2 

The  difference  equation  (2.1)  is  then  modified 
AX(i, j )*X(INX(i-l) , j )  +  AY(i,j)*X(i,j-l)  +  BB(i, j)*X(i, j) 

+  CX(i,j)*X(INX(i+l),j)  +  CY(i,j)*X(i,j+l)  *  F(i, j )  (5.2) 

for  i  »  2,..., M-l  and  j  *  2,...,N-1. 

to  provide  for  the  cyclic  boundary  conditions  at  the  boundaries  i  *  1  and 
i  *  M, 

X(l, j )  =  X(M-1 , j ) 

X(M, j )  =  X(2, j ) ,  for  j  =  2, . . . ,N-1 .  (5.3) 

In  the  case  of  Neumann  boundary  conditions  at  the  x  boundaries  i  =  1  and 
i  »  M,  our  boundary  conditions  are 

X(l,j)  *  X(2, j )  -  F21( j )  and 

X(M, j )  =  X(M-1, j )  +  F2M( j )  for  j  =  2.....N-1.  (5.4) 
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Now  the  difr  rence  equation  at  i  =  2  is 

AX(2,j)*X(l,j)  +  AY(2,j)*X(2,j-l)  +  BB(2,j)*X(2,j)  +  CX(2, j )*X(3, j ) 

+  CY(2, j )*X(2, j+1)  =  F(2,j)  (5.5) 

for  j  =  2, . . . ,N-1. 

Substituting  our  boundary  condition  Eq  (5.4)  for  X(l,j)  in  Eq.  (5.5)  we  have 
AY(2, j ) *X(2, j -1)  +  [BB(2, j )  +  AX(2, j ) ]*X(2, j )  +  CX(2, j ) *X(3 , j ) 

+  CY(2,j)*X(2,j+l)  *  [F(2,j)  +  AX(2, j )*F21( j ) ]  (5.6) 

for  j  =  2, . . . ,N-1. 

By  redefining  our  variables  such  that 

X(l,j)  “*  0.0 

BB(2,  j  )  -*■  BB(2,  j )  +  AX(2,  j  )  .  (5.7) 

F(2, j )  -♦  F(2,j)  +  AX(2,j)*F21(j)  for  j  *  2 . N-l 

we  can  leave  the  form  of  the  difference  equation  the  same  as  for  the  case  of 
Dirichlet  boundary  conditions.  Similarly,  by  redefining 
X(M,  j  )  -+  0.0 

BB(M-l.j)  — ►  BB (M-l  ,,j  )  +  CX(M-l.j)  (5.8) 

F(M-l.j)  -*•  F(M-l.j)  -  CX(M-1,  j  )*F2M(j )  for  j  *  2 . N-l 

the  form  of  the  difference  equation  .is  maintained  for  i=M-l.  We  have 
essentially  folded  our  boundary  conditions  into  the  difference  equation, 
ostensibly  replacing  Neumann  boundary  conditions  with  Dirichlet  boundary 
conditions  with  zero  boundary  values  X(l,j)  =  X(M,j;  =  0.0  at  the  boundaries 
i  *  1  and  i  =  M,  respectively.  Similar  modifications  are  made  for  Neumann 
boundary  conditions  at  the  y  boundaries,  j  =  1  and  j  =  N. 

In  the  case  of  4-sided  Neumann  boundary  conditions  or  2-sided  Neumann  with 
cyclic  boundary  conditions  in  x,  the  solution  is  indeterminate.  For  if  if)  is  a 
solution,  then  so  is  ^  +  ft,  where  ft  is  an  arbitrary  constant.  For  the  solver 
to  obtain  a  solution,  a  boundary  value  must  be  prescribed  at  some  chosen 
boundary  point  (IX,  JX) .  For  the  most  efficient  convergence  of  the  solution, 
it  is  recommended  that  a  zero  value  be  used  in  this  case  for  the  initial  guess 
and  for  the  constant  value  at  the  prescribed  boundary  point.  For  the  nearest 
interior  row  j  =  JF  to  the  prescribed  boundary  point,  the  boundary  point 
X(IX,JX)  and  the  coefficients  BB(IX,JF)  and  the  forcing  F(IX,JF)  in  the 
difference  equation  are  not  modified  by  the  SEVP  subroutine.  The  boundary 
point  initially  chosen  in  SEVP  is  IX  *  2,  JX  *  1,  with  the  nearest  interior 
row  being  JF  *  2. 
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For  convenience,  we  further  modify  the  difference  equation  for  j*N-l  to 
include  the  Dirichlet  boundary  condition  at  j*N  in  the  forcing  function.  In 
this  case  the  value  X(i,N)  of  the  solution  variable  is  prescribed  on  the 
boundary  j=N.  The  difference  equation  for  j=N-l  is 

AX(i,N-l)*X(i-l,N-l)  +  AY ( i , N- 1 ) *X ( i , N- 2 )  +  BB(i,N-l)*X(i,N-l) 

+  CX(i,N-l)*X(i+l,N-l)  +  CY(i,N-l)*X(i,N)  =  F(i.N-l)  (5.9) 

for  x  3  2, . . . ,M-1, 
which  we  rearrange  as 

AX(i,N-l)*X(i-l,N-l)  +  AY(i,N-l)*X(i,N-2)  +  BB(i.N-l) *X(i,N-l) 


+  CX(i,N-l)*X(i+l,N-l)  =>  F(i,N-l)  -  CY(i,N-l)*X(i,N)  (5.10) 

for  i  *  2,...,M-1. 

By  redefining  our  forcing  function  at  j*N-l  such  that 

F(i.N-l)  —►  F(i,N-l)  -  CY(i,N-l)*X(i,N)  for  i  -  2 . M-l  (5.11) 

we  can  assume  for  convenience  that  X(i,N)  *  0.0  at  the  end  boundary  j  =  N. 


5.2  The  Preprocessor.  BSM1 

In  the  preprocessor,  subroutine  BSM1,  NBLK  x  2  -  1  matrices  are  computed 

which  relate  the  solution  error  on  various  boundary  rows  of  each  block  and  the 
residual  error  on  the  last  interior  row  j  *  N-l.  The  solution  error  satisfies 
homogeneous  boundary  conditions  on  all  sides,  and  the  homogeneous  difference 
equation  at  all  interior  points  except  the  last  interior  row  j  *  N-l.  On  the 
last  interior  row  the  solution  error  is  forced  by  a  residual. 

To  obtain  the  influence  matrices  for  the  first  block,  the  unit  vector  e^ 
(with  the  kfck  element  one)  defined  on  the  second  row  j  *  2,  is  marched  forward 
with  homogeneous  boundary  conditions  to  compute  row  vectors  on  the  last  two 
rows  of  the  block,  j  *  IE(1).-1,  j  *  IE(1).  These  define  the  k*-*1  rows  for  two 
influence  matrices  (shown  as  R^i  and  R^  in  Fig*  2)  for  the  last  two  rows. 
Repeating  the  marching  procedure  for  the  other  unit  vectors  completes  the 
influence  matrices  R^  and  R^2>  which  then  relate  the  solution  error  vector 
on  the  second  row  to  the  error  vectors  €2.  £3  on  the  last  two  rows, 

respectively,  so  that 

€2  *  £1  Rll  (5.12) 

■and 
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e3  =  61  R12  (5.13) 

By  matrix  multiplication  of  the  inverse  of  R^  times  Rj^  a  further  influence 
matrix  Si  can  be  obtained,  which  relates  the  solution  error  vector  on  the  next 
to  the  last  and  the  last  rows  of  the  first  block.  For  by  the  elimination  of 
in  Eqs.  (5.12)  and  (5.13),  we  have 

€3  *  €2  Rn“^Ri2  =  C£  Si-  (5.14) 

The  inverse  of  the  influence  matrix  Si  is  computed  using  Si-^-  =  Ri2-1  Ru  • 

For  the  second  block  (and  any  other  subsequent  interior  blocks),  we  again 
start  with  a  unit  vector  defined  on  the  second  row  of  the  block,  but  the 
vector  on  the  first  row  is  now  defined  by  the  k^  column  of  the  inverse  of  the 
influence  matrix  Si  defined  for  the  previous  block.  For  if  is  the  unit 
vector,  then  the  vector  on  the  first  row  is  given  by  e^  Si-1.  Marching  to 
the  last  row  for  each  unit  row  vector,  then  defines  the  influence  matrices  R3i 
and  R22  for  the  last  two  rows  of  the  block.  If  error  vectors  e3,  64  and 
represent  the  solution  error  on  the  second  and  last  two  rows  of  the  block, 
respectively,  then 

C4  «  C3  R2i  (5.15) 

and 

€5  *  63  R22  '  (5.16) 

An  influence  matrix  S2  relating  the  solution  error  on  the  last  two  rows  of  the 
block  is  again  defined  so  that 

€5  =*  €4  S2  (5.17) 

where  $2  *  R21"1  ®22*  an<*  *ts  inverse  also  computed  using  S2”-1-  55  R22”1  R21- 

For  the  last  block  (third  block  in  Fig.  2),  the  unit  vectors  are  marched 
to  the  next  to  last  row  and  residuals  computed,  defining  the  rows  of  a 
residual  matrix,  R3i-  The  residual  matrix  then  relates  the  residual  solution 
error  p  on  the  last  interior  row  j  *  N-l  to  the  solution  error  €5  on  the 
second  row  j  =  IE(2)  of  the  last  block,  so  that 

P3  *  £5  ®31  (5.18) 
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5.3  The  Solution.  BSM2,  BSM3 


In  the  forward  sweep  an  approximate  solution  is  found  for  each  block, 
satisfying  the  boundary  conditions  and  an  initial  guess  field  on  the  last  row 
of  each  block.  This  particular  solution  satisfies  the  forcing  function  at  all 
points  except  on  the  last  interior  row,  where  the  difference  equation 
satisfies  the  forcing  plus  a  residual. 

For  the  first  block,  we  want  to  obtain  the  particular  solution  which 
satisfies  an  assigned  initial  guess  value  on  the  interior  block  boundary 
j  =  IE(1).  The  boundary  values  and  the  initial  guess  on  the  second  row  are 
used  to  march  forward  to  the  block  boundary  and  the  error  CP3  from  the 
assigned  guess  value  on  the  block  boundary  is  computed.  The  required 
correction  on  the  second  row  is  then  given  by  ePi  *  6P3  R12"1*  applying  Eq. 
(5.13).  By  marching  the  error  forward,  the  corrected  particular  solution  is 
obtained.  The  process  is  repeated  for  several  iterations  to  reduce  the  round 
off  error. 

For  subsequent  interior  blocks,  the  particular  solution  on  the  first  two 
rows  of  the  block,  which  has  been  computed  in  the  previous  block,  is  similarly 
marched  forward  and  corrected  for  the  assigned  initial  guess  value  on  the  last 
row  of  this  block.  For  the  last  block  the  particular  solution  from  the 
previous  block  is  marched  to  the  last  interior  row  j  *  N-l  and  a  residual 
error  p$  computed. 

In  the  backward  sweep,  error  vectors  are  computed  on  the  block  boundaries 
and  the  first  interior  row  given  the  residual  error  on  the  last  interior  row, 
by  using  the  residual  and  influence  matrices  defined  for  the  blocks.  The 
solution  error  can  then  be  marched  forward  in  each  block  and  the  particular 
solution  corrected  to  give  the  solution. 

For  the  case  of  three  blocks,  as  shown  in  Fig.  3,  we  start  the  backward 
sweep  with  the  residual  error  £3  given  on  the  last  interior  row  j  *  N-l.  The 
error  vectors  64,  €5  on  the  first  two  rows  of  the  last  block  can  then  be 
computed  using  the  residual  matrix  R31  and  the  influence  matrix  S2.  using 
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€  =  0 


i*l 


i=M 


j=l 

3=2 

j=IS(2)=IE(l)-l 
j  =1E ( 1 ) 

0 

j=IS(3)=IE(2)-l 

j=IE(2) 


j=IE(3) -1=N-1 
j=IE(3)=N 


e  =*  o 


Fig.  3.  Th*a  solution  errors  computed  in.  the  backward  sweep  of  the  blocks,  p 3 
is  the  residual  error  on  the  row  j=N-l  and  e  represents  the  error  vectors  on 
the  rows  shown. 


£5  *  pi  Rsi”1  (5.19) 

€4  *  65  S2"^  (5.20) 

A  forward  marching  of  the  solution  error  then  corrects  the  solution  in  the 
last  block.  As  before,  several  iterations  are  used  to  reduce  round  off  error. 

In  the  backward  sweep  of  the  remaining  blocks,  the  particular  solution  is 
recomputed  on  the  last  row  of  each  block  and  the  solution  error  recomputed  on 
the  block  boundary.  For  the  second  block  in  Fig.  3  for  example,  the  error 
vector  6*5  is  recomputed  by  backing  up  three  rows  into  the  second  block  and 
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1 

?  ; 
i  V 

repeating  a  small  segment  of  the  forward  sweep.  The  solution  error  is  then 
obtained  on  the  first  two  rows  of  the  block  using  Eqs.  (5.16)  and  (5.14), 

i  «3  *  «*5  R22"1  (5.21) 

62  *  £3  S^-^-  (5.22) 

and  the  solution  corrected  throughout  the  block  as  above.  For  the  first  block 
the  recomputed  error  vector  6*3  on  the  last  row  provides  the  error  vector 
,  on  the  second  row  of  the  block  by  using  Eq  (5.13) 

*  6  3  (5.23) 

and  the  solution  corrected  throughout  the  block. 

With  the  correction  of  the  solution  in  the  first  block  the  solution  is 
complete.  After  the  forward  and  backward  sweep,  the  remaining  residual  error 
accumulates  on  the  interior  boundaries  of  the  blocks.  If  necessary,  the 
forward  and  backward  sweep  of  the  blocks  is  repeated  for  several  iterations  to 
reduce  any  remaining  error. 
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6.  DESCRIPTION  OF  TEST  EXAMPLE 


As  an  example  we  solve  Poisson’s  equation  ji  =■  f  in  spherical  coordinates 

in  a  rectangular  domain  on  the  surface  of  a  spherical  earth.  We  define 
transformed  coordinates  x  and  y  by 
x  «  r  X  and  y  *  r  6 

where  r  »  6371  km  is  the  average  radius  of  the  earth,  9  and  X  are  the  latitude 
and  longitude,  respectively  in  radians.  In  our  coordinates,  Poisson’s 
equation  is  written 


1  p 

h 

_Z 

' 

a 

-i  - 

A*' 

h  h  I  « 
x  y  L  ox 

.  h 

r 

3x 

ay 

.  h  9y  . 

v  J 

* 

r,  x  x  <  x  <  x,  , ,  „ . 

f(x,y),  a  b  (6.1) 

ya  <  y  *  yb 


where  for  our  spherical  coordinates  the  map  factors  hx  and  hy  are 
hx  »  cos.?  *  cos(y/r),  and  hy  =■*  1. 

For  our  rectangular  domain  we  choose 

xa  *  0  km,  xjj  *  12,000  km,  ya  *  2,000  km  and  yj,  =  7,000  km. 

We  want  to  force  a  wave  solution  on  a  zonal  background  field.  An  example  of 
such  a  solution  is  given  by 
♦ 

i(x, y)  *  5.5  -  0.5  tanh(y  )  +  0.5  exp(-y  2)  cos  -2~-*  (6.2) 

P  P 


and  L  *  xj)  -  xa  *  12,000  km,  yc  *  4,500  km,  yw  =  1,500  km.  By  applying  Eq. 
(6.1).  the  appropriate  forcing  function  for  this  solution  is  th  t'. 


y  y 

f(x,y)  ■  — ~~r  [  2  tanh(y  )  +  ~  tan(  -  )  ]  sech2(y  )  + 

2  y  p  p 

■'w 


2  yw  y 

t  2  j  +  —  tan(  ~  )  y 

1  J  p  r  r  J  p 


'w 


2.  .  2  r  x  . 

c  )  exp(-y  )  cos  (  — - —  ) 


(6.3) 


where  c  =  1  + 


,  ,2  2 
2  T  y 
/  w 


L2  cos2  (  1  ) 
r 
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6'1  Pirichlet  Boundary  Condit-innQ  in  y 

Our  boundary  conditions  are  taken  as  periodic  in  x  such  that 
^(x+x  ,y)  =  ^  (x+x  ,y) 

and  in  this  first  case  we  treat  Dirichlet  boundary  conditions  at  the  y 
boundaries,  specifying  the  values  of  ^  at  y  .  ya  and  y  -  yb.  That  is 

^(x,y  )  *  5.9655  +  0.0311  cos 

a  L 

^(x,yb)  *  5.0344  +  0.0311  cos  —-•*  (6,4) 

L 


we  define  a  grid  of  M  =  82  by  »  ■=  51  points  (xf,  yj)  adding  an  extra  coin™ 
of  points  at  *-xb+Ax  for  the  cyclic  boundary  conditions.  The  grid  is  then 
xi  *  (i-1)  Ax  +  xa  for  i  *  1,..,,M 

yj  -  (j-1)  Ay  +  ya  for  j  *  1 . N  (6  5) 

With  Ax  -  (xb-x,)/(M-2>  .  150  km  and  Ay  -  <yb-ya)  /  (N-i,  .  100  km 

Our  Poisson's  equation  (6.1)  can  now  be  written  in  finite  difference  form  as 


hxj  hyj4* 


h  .  h  .Ay 
xj  yj  1 


-Zi 


_  hy.i  [  ^i.i  ~  ^l-i,-)] 


xj 


Ax 


Xj 


Ax 


^  [  1*1,^!  -  *M1  _  \j.l,  [  *1.)  -  *i.ui1  1 


V%  4y 


h  .  ,  Ay 
yj-%  7 


(6.6) 


where  hxj+%  -  (hxj+1  +  hxj)/  2  and  with  the  boundary  conditions  (6.4) 


*1.1  • 

5.9655 

+  0.0311  cos 

2  r  x. 

X 

L 

*l,H  ' 

5.0344 

+  0.0311  cos 

2  r  x. 
x 

L 

(6.7) 

and 

= 

Vi.j 

*M,j  ‘ 

^2,j 

The  difference  equation  (6.6)  can  further  be  written  as 


h  . 
XI 

[  *i+l, 
Ax2 

•  -  2  4.  .  +  i.  .] 

,J  ri,j  ri-l,jJ 

hxi+lr  [  ^i,  i+1  "  ^i,  i 

+ 

1  . 

[  *i.i  -  *i.i-i]  1 

h  . 

yj 

Ay2 

hyj  +h 

hyj-%  ^ 

a 

h  }  Ax2  f.  . 

XJ  l.J 

(6.7) 

Setting  PHI(i,j)  *  and  defining  the 

difference  equation  (2.1)  we  have  for  i  =  2, 

coefficients  in  the  form 

...  ,M-1  and  j  =»  2,...,N-1 

for  the 

AX(i,j) 

s 

i. 

CX(i,j) 

SI 

l. 

AY(i,j) 

h  ,  (  h  .  +  h  .  , ) 

xi  xi  xi-1 

Ax2 

s 

h  .  (  h  .  +  h  .  . ) 

yj  yj  yj-i 

Ay2 

CY(i,j) 

h  .  (  h  .  +  h  . ) 

xi  xi+1  xr 

Ax2 

(6.8) 

ss 

h  .  (  h  . +  h  . ) 

yj  yj+i  yj 

Ay2 

BB(i, j ) 

2* 

-  2  -  AY ( i , j )  -  CY(i, 

j) 

F(i,j) 

a 

h  2  Ax2  f.  . 
xj  l.J 

For  our  boundary  conditions  we  have  for  i  = 
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PHI(i.l)  = 

5.9655 

+  ( 

PHI(i.N)  - 

5.0344 

+  i 

[  ICY  -  0, 

A21  = 

A2M 

PHI(l.j)  = 

PHKM-l 

.j) 

2  r  x. 

_ i 

L 

2  X  x. 


with  All  -0.0 
with  AIN  “  0.0 


(6.9) 


d  PHI(M,j)  =>  PHI (2,  j )  (6.10) 
As  a  first  guess  in  the  interior  of  the  domain,  we  initially  set  PHI  to  the 
average  of  the  boundary  values  at  y  =  ya  and  y  =  yjj,  giving 

PHI(i.j)  *  5.5  for  i  =  2.....H-1  and  j  »  2 . N-l.  (6.11) 


With  a  call  to  SEVP,  the  solution,  and  the  residual  error  are  computed.  The 
residual  error  gives  the  difference  between  the  forcing  and  the  discrete 
Laplacian  of  the  computed  solution.  The  maximum  of  the  absolute  values  of  the 
residual  errors,  divided  by  the  maximum  forcing  is  then  computed  and  printed. 
A  normalized  discretization  error  is  also  computed  by  taking  the  maximum  value 
of  the  absolute  differences  between  the  exact  analytic  solution  Eq.  (6.2)  and 
the  computed  solution  and  dividing  by  the  maximum  value  of  the  exact  solution. 
With  the  Cray  computer,  the  following  values  are  printed: 

Maximum  residual  error  (normalized  by  maximum  forcing)  *  5.9805  x  10"11 

Maximum  discretization  error  (normalized  by  maximum  value  of  exact  solution) 

-  8.3005  x  10-5. 


6.2  Neumann  Boundary  Conditions  in  v 

0".r  boundary  conditions  are  again  taken  as  periodic  in  x  such  that 
^(x+xb,y)  *  j5(x+xa»y) 

but  in  this  case  we  treat  Neumann  boundary  conditions  at  the  y  boundaries, 
specifying  the  values  of  the  normal  gradient  of  f  at  y  *  ya  and  y  *  yb*  From 
our  definition  of  ^  the  y-gradient  of  ^  at  the  boundaries  y  =■  ya  and  y  *  y^  is 
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We  define  a  grid  of  M  =  82  by  N  =  53  points  (X£,  yj)  adding  an  extra  column 
of  points  at  x=xb+Ax  for  the  cyclic  boundary  conditions  and  two  rows  of  points 

at  y  *  y&  ~  Ay/2  and  y  =  yb  +  Ay/2  for  the  Neumann  boundary  conditions.  The 

grid  is  then 

X£  =  (i-1)  Ax  +  xa  for  i  = 

yj  =  (j-D  Ay  +  ya  -  Ay/2  for  j  =  (6.13) 

with  Ax  =  (xb-xa)/(M-2)  =  150  km  and  Ay  =  (yb'Ya) / (N-2)  =  100  km. 

Setting  PHI(i,j)  =  «  the  coefficients  for  the  difference  equation  are 

defined  by  Eq.  (6.8)  as  in  the  case  of  Dirichlet  boundary  conditions,  but  with 
the  map  factors  computed  for  the  new  grid.  For  our  boundary  conditions  we 
define 

Fll(i)  =  ;  1  ■■  sech2y 

L  2  yw  'pa 

FlN(i)  =  sech2y  ,  - 

2  y  'pb 

'w  r 

with  All  =1.0  and  AIN  =  1.0 


y  „  2  r  x. 

pa  2  ,  x 

y  ^  'pa  L 

'w  r 

126  2  ZT*i 

y  e*P<  'V  C°S  ~T~ 


(6.14) 


and  ICY  =  0,  A21  =  A2M  =  0.0  giving 

PHI(1, j )  =  PHI(M-l.j)  and  PHI(M.j)  =  PHI(2,j)  (6.15) 

With  the  boundary  conditions  as  given,  the  solution  is  indeterminate .  To 
obtain  a  unique  solution,  we  require  a  value  for  the  solution  at  a  selected 
point  chosen  on  the  boundary  (preset  as  i  =  2,  j  =  1  in  the  SEVP  solver).  For 
the  most  efficient  convergence  of  the  solver  we  use  a  zero  value  for  PHI  at 
this  point  and  as  the  first  guess,  defining 
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PHI(i.j) 


0.0 


for  i  =  and  j  *  1 


N. 


(6.16) 


With  a  call  to  SEVP,  the  solution  and  the  residual  error  are  computed.  The 
residual  error  gives  the  difference  between  the  forcing  and  the  discrete 
Laplacian  of  the  computed  solution.  The  maximum  of  the  absolute  values  of  the 
residual  errors,  divided  by  the  maximum  forcing  is  then  computed  and  printed. 
A  normalized  discretization  error  is  also  computed  by  taking  the  maximum  value 
of  the  absolute  differences  between  the  exact  analytic  solution  and  the 
computed  solution  and  dividing  by  the  maximum  value  of  the  exact  solution. 
With  the  Cray  computer,  the  following  values  are  printed: 

Maximum  residual  error  (normalized  by  maximum  forcing)  *  8.0661  x  10"^ 

Maximum  discretization  error  (normalized  by  maximum  value  of  exact  solution) 

*  8.8219  x  10-5. 
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APPENDIX:  LISTING  OF  TEST  PROGRAMS 


1.  Test  Example  with  Dirichlet  Boundary  Condition 

PROGRAM  DRIVR1 
C 

C  This  program  uses  SEVP  to  solve  Poisson’s  equation 
C  LAPLACIAN  OF  PHI  =  F 

C  with  cyclic  boundary  conditions  in  x  and  Dirichlet 
C  boundary  conditions  in  y. 

C 

PARAMETER  (M=82,  N=51) 

PARAMETER  (NBLK=(N+3) / 9 ,  NBLK1-NBLK-1) 

PARAMETER  (M1=M-1,  M2=M-2,  N1=N-1,  N2=N-2) 

PARAMETER  (MN=M*N) 

DIMENSION  AX(M,N) , AY(M, N) ,CX(M, N) , CY (M,N) , BB (M, N) , 

1  RINV (M2 , M2 , NBLK) , RINV1 (M2 , M2 , NBLK1 ) , RCOR (M, 3 ) , RTILDA (M2 ) , 

2  NBSIZ2 (NBLK) , IS (NBLK) , IE (NBLK) ,SUMF (NBLK) ,IXNDX(M) , 

3  DUMMY (M2, M2) , B1 (M2) , B2(M2) 

DIMENSION  F(M,N) ,PHI(M,N) ,ERR(M,N) 

DIMENSION  Fll(M) ,F1N(M) ,F21(N) ,F2M(N) 

DIMENSION  X(M) ,Y(N) ,Y?1(N) ,YP2(N) 

DIMENSION  HXU(N) , HXV(Nl) , HYU(N) , HYV (Nl) 

DIMENSION  AA(N) ,AC(N) ,CC(N) 

DIMENSION  T1(N) ,T2(N) ,T3(N) ,T4(N) 

DIMENSION  DUM3 (M, N) 

C  SET  COEFFICIENTS  OF  DIFFERENCE  EQUATION  AND  BOUNDARY  CONDITIONS  TO 
C  ZERO  INITIALLY 

DATA  AX/MN*0 .0/,CX/MN*0.0/ , AY/MN*0 . 0/ , CX/MN*0 . 0/ , BB/MN*0 . 0/ , 

1  F/MN*0.0/,F11/M*0.0/,F1N/M*0.0/,F21/N*0.0/,F2M/N*0.0/ 

C 

PI  =  4 . 0*ATAN(1 . 0 ) 

AR  *  6371. 

XL  =  12000.0 
YL  =  5000.0 

DEFINE  GRID 

DELX  =  XL / FLOAT (M- 2) 

DELY  *  YL / FLOAT (N-l) 

PRINT  990, DELX, DELY 

990  FORMAT (1H  , 5HDELX=, 1PE13 .5,5X,5HDELY=,1PE13.5) 

DO  5  J=1 , N 

Y  ( J ) “DEL Y*FL0AT (J-l)+2000. 

5  CONTINUE 
DO  6  1=1, M 
X  ( I ) =DELX  *FL0AT ( I - 1 ) 

6  CONTINUE 
DELXSQ=DELX*DELX 
DELYSQ=DELY*DELY 

C  DEFINE  MAP  FACTORS 
DO  10  J=1,N 
HXU(J)=COS(Y(J)/AR) 

HYU(J)=1.0 
10  CONTINUE 
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DO  20  J=1,N1 

HXV(J)=0.5*(HXU(J)+HXU(J+1) ) 

HYV(J)=1.0 
20  CONTINUE 

DEFINE  FORCING  FUNCTION 
XC=  0.0 
YC  -  4500.0 
YV  =  1500.0 
C1=YW/AR 
C2=1./(YW*YW) 

C3=2 . *PI*PI* ( YW/XL) * (YW/XL ) 

DO  60  J=1 , N 

YP1 ( J)=(Y (J) -YC) /YW 

YP2(J)  =  Y(J)/AR 

60  CONTINUE 

DO  61  J=1,N 

T1(J)  *  TANH(YP1(J)) 

T2(J)  -  EXP(-YP1(J)*YP1(J) ) 

61  CONTINUE 

DO  62  J=1,N 

CSQ=COS (YP2(J) )*CC  (  '2(J) ) 

T3 ( J)=2 . *T1  ( J)+C1*  VP2(  J) ) 

T4(J)=  2.*YP1(J) *YP1(J)  -  1.0  +  C1*YP1(J)*TAN(YP2(J) ) 

1  C3/CSQ 

62  CONTINUE 

FORCING  FUNCTION  DEFINED  AT  INTERIOR  POINTS  OF  DOMAIN  ONLY 
DO  65  J=2,N-1 
DO  65  1=2. M-l 

F(I.J)  *  0.5*C2*T3(J)*(1.-T1(J)*T1(J) ) 

1  +  C2*T4 ( J) *T2( J) *COS (2 . *PI*(X(I) -XC) /XL) 

65  CONTINUE 


PIRICHLET  BOUNDARY  CONDITIONS  IN  Y 
All  =  0.0 
AIN  =  0.0 
DO  100  1=1, M 

PHI(I,1)=5.5-0.5*T1(1)+0.5*T2(1)*C0S(2.*PI*(X(I)-XC) /XL) 
PHI(I,N)=5.5-Q.5*T1(N)+0.5*T2(N)*COS(2.*PI*(X(I)-XC) /XL) 
100  CONTINUE 

FOR  DIRICHLET  B.C.  INITIALLY  SET  PHI  IN  INTERIOR  TO  AVERAGE 
OF  BOUNDARY  VALUES 
AVPH  =0.0 
DO  110  1=2, Ml 

AVPH  =  AVPH+PHI  (1,1)  +PiJI  ( I ,  N) 

110  CONTINUE 

AVPH=AVPH  /  FLOAT  ( 2*-(M-2  ) ) 

DO  120  J~2.N1 
DO  120  1=2, Ml 
PHI (I, j)=  AVPH 
120  CONTINUE 
C  FOR  CYCLIC  BOUNDARY  CONDITIONS 
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ICYC  -  1 
A21  =  0.0 
A2M  *  0.0 

.  CO  *^*>  HIM  ...I.  .  I '  I  ^  -V-. '  —  ■ 

PHI(l.J)  =  PHI(H-l.J) 

PHI (M, J)  -  PHI(2,J) 

130  CONTINUE 
C 

C  DEFINE  COEFFICIENTS  ON  L.H.S.  OF  DIFFERENCE  EQUATION. 

C  COEFFICIENTS  DEFINED  IN  INTERIOR  OF  DOMAIN  ONLY. 

DO  25  J=2,N-1  ' 

AA(J)=((HXU(J)*HXV(J-1))/(HYV(J-1)*HYU(J)))*(DELXSQ/DELYSQ) 
CC( J)=( (HXU(J) *HXV(J) ) / (HYV(J)*HYU(J) ) ) * (DELXSQ/DELYSQ) 

AC ( J)=-AA( J) -CC( J) 

25  CONTINUE 

DO  165  I  =  2,M-1 
DO  165  J  =  2,N-1 
AX(I, J)  =  1.0 
CX(I.J)  =  1.0 
A Y ( I , J )  =  AA( J) 

CY(I, J)  =  CC(J) 

BB(I,J)  *  AC(J)-2.0 
165  CONTINUE 

C  DEFINE  R.H.S.  OF  DIFFERENCE  EQUATION,  SCALING  FORCING  FUNCTION 
DO  170  J=2,N-1 
DO  170  1=2, M-l 
CON  =  HXU ( J ) *HXU ( J ) *DELXSQ 
F(I, J)  =  F(I , J) *C0N 
170  CONTINUE 
FMAX  =  0. 

DO  305  J=2,N-1 
DO  305  1=2, M-l 

FMAX  =  AMAX1(FMAX,ABS(F(I, J) ) ) 

305  CONTINUE 
C 
C 

C  TOLERANCE  FOR  SOLVER 
TOL  *  1.0E-8 
C 

IFLG  =  1 

CALL  SEVP (AX , AY, CX , CY, BB , RINV , RINV1 , RCOR, NBSIZ2 , IS , IE , IXNDX, 
1SUMF,DUMMY,RTILDA,PHI,F,ERR,F11,F1N,F21,F2M,M,N,M1,N1,M2,N2, 
2NBLK, NBLK1 , B1 , B2 , All , AIN , A21 , A2M, ICYC , TOL , IFLG) 

C 

PRINT  710 
PRINT  711,  NBSIZ2 

710  FORMAT (IX, ’BLOCK  SIZE  GIVEN  BY  NBSIZ2(l)+2  (1ST  BLOCK)  OR’, 

1  ’  NBSIZ20+3  (OTHER  BLOCKS)  IX,  ’  NBSIZ2:  ’) 

711  FORMAT (IX, 1014) 

C, 

C  RESIDUAL  ERROR  OF  LAP LAC IAN 
ERMAX=0 . 0 
DO  750  1=2, Ml 
DO  750  J=2,N1 
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ERMAX  *  AMAX1(ERMAX,ABS(ERR(I, J) /FMAX) ) 

750  CONTIMUE 

PRINT  751,  ERHAX 

751  FORMAT (IX, ’  MAXIMUM  RESIDUAL  ERROR  [(FORCING  -  LAPLACIAN'' /MAX’ 

1  '  FORCING  ]  =  MPE12.4)  '  ~ - -  ““ 

C 

C  DISCRETIZATION  ERROR 
PMAX  *  0. 

DO  3000  J=1,N 
DO  3000  1*1, M 
PHIX*  5.5-0.5*Tl(J) 

1  +  0.5*T2(J)*C0S(2.*PI*(X(I)-XC) /XL) 

PMAX  *  AMAX1 ( PMAX, ABS( PHIX)) 

DUM3  (I,  J)*-PHI(I,  J)-PHIX 
3000  CONTINUE 
DSMAX*0.0 
DO  3007  1=2, Ml 
DO  3007  J=2, N1 

DSMAX  *  AMAX1 (DSMAX, ABS (DUM3 (I, J) /PMAX) ) 

3007  CONTINUE 

PRINT  732,  DSMAX 

732  FORMAT ( IX , *  MAXIMUM  DISCRETIZATION  ERROR  [(COMPUTED  -  ANALYTIC’, 

1  ’  PHI) /MAX  ANALYTIC  PHI]  =  ’.1PE12.4) 

C 

600  CONTINUE 
END 


O  o  o  o 


PROGRAM  DRIVR2 


i. 


C 

C  This  program  uses  SEVP  to  solve  Poisson’s  equation _ 

C -  '  LAP  LAC  IAN  OF  PHI  -  F  " 

C  with  Neumann  boundary  conditions  in  y 
C  and  Cyclic  boundary  conditions  in  x 
C 

PARAMETER  (M*82,  N=53) 

PARAMETER  (NBLK*l+(N-5+3) /9 ,  NBLK1-NBLK-1) 

PARAMETER  (Ml-M-1,  M2*M-2,  Nl-N-1,  N2-N-2) 

PARAMETER  (MN*M*N) 

DIMENSION  AX(M,N) ,AY(M,N) ,CX(M,N) ,CY(M,N) , BB(M,N) , 

1  RINV (M2 ,M2 , NBLK) , RINV1 (M2 , M2 , NBLK1 ) , RCOR(M, 3 ) , RTILDA(M2 ) , 

2  NBSIZ2 (NBLK) , IS (NBLK) , IE (NBLK) , SUMF(NBLK) , IXNDX(M) , 

3  DUMMY (M2,  M2) ,B1(M2) ,B2(M2) 

DIMENSION  F(M,N) ,PHI(M,N) ,ERR(M,N) 

DIMENSION  Fll (M) , FIN (M) ,F21(N) , F2M(N) 

DIMENSION  X(M) ,Y(N) , YP1(N) ,YP2(N) 

DIMENSION  HXU(N) ,HXV(N1) , HYU(N) , HYV(Nl) 

DIMENSION  AA(N) ,AC(N) ,CC(N) 

DIMENSION  T1(N) ,T2(N) ,T3(N) ,T4(N) 

DIMENSION  DUM3 (M, N) 

C  SET  COEFFICIENTS  OF  DIFFERENCE  EQUATION  AND  BOUNDARY  CONDITIONS 
C  TO  ZERO  INITIALLY. 

DATA  AX/MN*0 . 0/ , CX/MN*0 .0/ , AY/MN*0 . 0/ , CX/MN*0 . 0/ , BB/MN*0 . 0/ , 
1  F/MN*0 .Cl,  ;?11 / M*0 .01, F1N/M*0 . 0 / , F21 /N*0 . 0 / , F2M/N*0 . 0 / 

C 

PI  =  4.0*ATAN(1.0) 

AR  =  6371. 

XL  *  12000.0 
YL  »  5000.0 


DEFINE  GRID 

DELX  =  XL  /  FLOAT  (M- 2) 

DELY  *  YL/FLOAT(N-3) 

PRINT  9 90, DELX, DELY 

990  FORMAT (1H  , 5HDELX*, 1PE13 . 5, 5X, 5HDELY*, 1PE13 .5) 
DO  5  J*1,N 

Y(J)*DELY*(FLOAT( J-l) -0 .5)  +  2000.0 

5  CONTINUE 
DO  6  1*1, M 

X ( I ) =DELX*FLOAT ( I - 1 ) 

6  CONTINUE 
DELXSQ«DELX*DELX 
DELYSQ=DELY*DELY 


DEFINE  MAP  FACTORS 
DO  10  J*1,N 
HXU(J)*COS(Y(J)/AR) 
HYU(J)*1.0 
IQ  CONTINUE 
DO  20  J*1,N1 
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C 

C 


HXV < J ) «0 . 5 * ( HXU ( J ) +HXU ( J+l) 
HYV(J)-l.o 
20  CONTINUE 


) 


DEFINE  FORCING  FUNCTION 
XC»  0.0 


C 


YC  *  4500.0 
YV  *  1500.0 
Oi^YU/AR 
C2=l. / (YW*YW) 

C3=2 .  *PI*PI*(  YW/XL)  *(YW/jjL) 

DO  60  J=1,N 
YP1(J)*(Y(J)_YC)/YW 
YP2(J)  a  Y(J)/AR; 

60  CONTINUE 
DO  61  J-l.N 


T1(J)  *  TANH(YP1(J) ) 

T2(J)  .  EXP(-YP1(J)*YP1(J)) 

61  CONTINUE 

DO  62  J-l.N 

CSQ=C0S(YP2(J) )*COS(YP2(J) ) 
T3(J)=2.*Tl(J)+ci*TAN(YP2(J)) 

T4(J)a  2. *YP1 ( J) *YP1 ( J )  .  i.o 
1  -  C3/CSQ 

62  CONTINUE 


+  C1*Y?I (J) *TAN{YP2 ( J) ) 


FORCING5FWCTION  ONLY  DEFINED  IN  INTERIOR  OF  DOMAIN* 
DO  65  1*2 1 M- 1 


F(I.J)  * 

1 

65  CONTINUE 


0.5*C2*T3(J)*(i..Tl(J)*xi(J) ; 

+  C2*^(J)*T2(J)*COS(2.*PI*(X(I).XC}/XL) 


C 


C 

C 


Neumann  boundary  conditions  in  y 
Ail  =  1.0  * 

AIN  *  1.0 

Yll  «  (Y(l)  +  (DELY/2.0)-YC)  lYVf 
YIN  *  {Y(N)-(DELY/2.0)-YC)/YV 
Til  *  TANH(Yll) 

TIN  *  TANH(YIN) 

T21  *  EX?(-YH*yH) 

T2N  »  EXP (- YIN* YIN) 

DO  150  I  *  2.M-1 

ni(l)  «  -  (DELY/YW}*(  0 -5*( l . 0-Tl.l*T'i ? 

1  * T^*T2;-^S(:2-1‘PI-^(I>-XG3yxL)  ) 

(  _>*«■  (DELY/YW)  *(  0 , 5*  ( 1 , 0-TlN*'TlH‘ 

CYCLIC  BOUNDARY  CONDITIONS  IN  X 
ICYC  *  1 
A21  *  0.0 
A2M  *  0.0 


FOR  INDETERMINATE  NEUMANN  BOUNDARY  CONDITIONS. 


A  BOUNDARY  VALUE 
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C  MUST  BE  PROVIDED  AT  A  SINGLE  BOUNDARY  POINT  (IX, JX)  FOR  THE  SOLVER  TO 
C  OBTAIN  A  SOLUTION.  THE  BOUNDARY  POINT  SELECTED  IN  SEVP  IS  IX*2,  JX*1. 
C  FOR  THE  EFFICIENT  CONVERGENCE  OF  THE  SOLUTION,  WE  USE  A  ZERO  VALUE 
C  FOR  THE  SINGLE  BOUNDARY  POINT  AND  AS  THE  FIRST  GUESS. 

C 

DO  120  J*1,N 
DO  120  1*1, M 
PHI(I.J)*  0.0 
120  CONTINUE 
C 

C  DEFINE  COEFFICIENTS  ON  L.H.S.  OF  DIFFERENCE  EQUATION. 

C  COEFFICIENTS  DEFINED  IN  INTERIOR  OF  DOMAIN  ONLY. 

DO  25  J-2.N-1 

AA( J)*( (HXU( J) *HXV ( J-l) ) / (HYV (J-1)*HYU( J) ) ) *(DELXSQ/DELYSQ) 

CC(J)«( (HXU(J) *HXV( J) ) / (HYV(J) *HYU( J) ) ) * (DELXSQ/DELYSQ) 

AC( J)*-AA( J) -CC( J) 

25  CONTINUE 

DO  165  I  -  2,M-1 
DO  165  J  -  2.N-1 
AX(I, J)  -  1.0 
CX(I,J)  -  1.0 
AY(I, J)  -  AA(J) 

CY(i,J)  CC(J) 

BB (I, J)  »  AC ( J ) - 2 . 0 
165  CONTINUE 

C  DEFINE  R.H.S.  OF  DIFFERENCE  EQUATION,  SCALING  FORCING 
DO  170  J-2.N-1 
DO  170  1-2, M-l 
CON  *  HXU ( J ) *HXU ( J ) *DELXSQ 
F(I.J)  -  F(I, J)*CON 
170  CONTINUE 
FMAX  »  0. 

DO  305  J-2.N-1 
DO  305  1*2, M-l 

FMAX  *  AMAX1(FMAX,ABS(F(I, J) ) ) 

305  CONTINUE 
C 
C 

C  TOLERANCE  FOR  SOLVER 
TOL  -  1.0E-8 
C 

IFLG  -  1 

CALL  SEVP (AX , AY, CX,CY,BB,RINV,RINV1, RCOR , NBS I Z 2 , 1 S , IE , IXNDX , 

1SUMF , DUMMY, RTILDA , PHI , F , ERR , Fll , FIN , F21 , F2M, M , N , Ml , N1 , M2 , N2 , 

2NBLK, NBLK1 , B1 , B2 , All , AIN , A21 , A2M , ICYC , TOL , IFLG ) 

C 

PRINT  710 

710  FORMAT (IX, 'BLOCK  SIZE  GIVEN  BY  NBSIZ2(l)+2  (1ST  BLOCK)  OR’, 

1  ’  NBSIZ20+3  (OTHER  BLOCKS)  */, IX,  ’  NBSIiZ’  ’) 

PRINT  711,  NBSIZ2 

711  FORMAT (IX, 1014) 

C 

C  RESIDUAL  ERROR  OF  LAPLACIAN 
FNORM-FMAX 
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ERMAX-0 . 0 
DO  750  1-2. Ml 
DO  750  J-2.H1 

ERMAX  «  AMAX1(ERMAX,ABS(ERR(I, J) /FNORH) ) 

750  'CONTINUE 

PRINT  751,  ERMAX 

751  FORMAT (IX, ’  MAXIMUM  RESIDUAL  ERROR  [(FORCING  -  LAPLACIAN) /MAX' 

1  *  FORCING  ]  =  ’.1PE12.4) 

C 

C  DIFFERENCE  AT  PRESCRIBED  BOUNDARY  POINT  (IX, JX) 

PHI21-5 .5-0 . 5*T1 (l)+0 . 5*T2( 1) *C0S (2. *PI*(X(2) -XC) /XL) 

PDIFF  -  PHI21  -  PHI (2,1) 

C  DISCRETIZATION  ERROR- 
PMAX  =  0. 

DO  3000  J=1,N 

DO  3000  1=1, M 

PHIX*  5.5-0.5*Tl(J) 

1  +  0 . 5*T2 ( J) *COS (2 . *PI*(X(I) -XC) /XL) 

DUM3 (I, J) -PHI ( I , J) -PHIX+PDIFF 
PMAX  =  AMAX1 ( PMAX, ABS (PHIX)) 

3000  CONTINUE 

PNORM  =  PMAX 
DSMAX-0 . 0 
DO  3007  1=2, Ml 

DO  3007  J=2-N1 

DSMAX  =  AMAX1 (DSMAX, ABS (DUM3 (I, J)/PNORM) ) 

3007  CONTINUE 

PRINT  732,  DSMAX 

732  FORMAT (IX, *  MAXIMUM  DISCRETIZATION  ERROR  [(COMPUTED  -  ANALYTIC 
1  ’  PHI) /MAX  ANALYTIC  PHI]  =  MPE12.4) 

C 

600  CONTINUE 
END 
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ABSTRACT 


SHI,  JAINN-JONG.  A  Numerical  Study  of  the  Structure  of  the 
Outflow  Layer  of  a  Tropical  Cyclone  Using  a  Primitive  Equation 
Model.  (Under  the  direction  of  Dr.  Sethu  Raman) 

A  primitive  equation  numerical  model  is  used  to  simulate 
the  outflow  structure  of  a  tropical  cyclone  and  study  how  the 
outflow  jet  and  the  cyclone  react  to  the  upper  tropospheric 
forcing.  The  model,  which  was  developed  at  the  Naval  Research 
Laboratory  (NRL),  is  a  three-dimensional,  meso-scale,  primitive 
equation  model  incorporating  a  split-explicit  time  integration 
scheme  along  with  cumulus  and  boundary  layer 
parameterizations.  It  is  also  hydrostatic  with  ten  c-layers  and  is 
initialized  with  a  cyclonic  vortex  in  the  mean  tropical  sounding 
without  large  scale  wind. 

The  model  tropical  cyclone  reaches  a  quasi-steady  state  with 
a  central  pressure  of  984  mb  and  a  maximum  surface  wind  of  20 
ms-1  at  72  hour.  The  anticyclonic  flow  is  strongest  at  150  mb. 
The  outflow  is  dominated  by  a  narrow,  3000  km  long  jet 
originating  north  of  the  storm  and  curving  anticyclonically  to  the 
southwest  with  a  maximum  speed  of  33  ms*1.  Angular 
momentum  budget  shows  that  the  transport  by  the  outflow  jet  is 
twice  as  compared  to  that  by  the  mean  flow.  Analysis  of  the 
cross-section  perpendicular  to  the  outflow  jet  shows  that  there  is 
a  circum-jet  secondary  circulation  in  the  entrance  region  of  the 
jet.  The  secondary  circulation  has  an  ascending  branch  on  the 

ii 


anticyclonic  shear  side  of  the  jet  and  a  descending  branch  on  the 
cyclonic  shear  side. 

Two  numerical  experiments  were  conducted  to  test  the 
response  of  the  model  tropical  cyclone  to  the  upper-tropospheric 
forcing.  In  Experiment  1,  the  jet  is  accelerated  artificially  to 
simulate  the  situation  of  the  joining  of  the  outflow  jet  with  a 
westerly  jet.  In  Experiment  2 ,  the  divergence  atop  the  tropical 
cyclone  is  increased  to  simulate  the  superposition  of  a  ridge  over 
the  tropical  cyclone.  In  Experiment  1,  the  model  tropical  cyclone 
reacts  to  the  forcing  only  slightly,  while  it  deepens  by 
approximately  10  mb  in  Experiment  2.  These  results  suggest  that 
the  superposition  of  the  upper  tropospheric  ridge  is  a  favorable 
condition  for  the  intensification  of  a  mature  tropical  cyclone.  It  is 
also  found  that  imposed  upper  tropospheric  divergence  causes  an 
increased  deep  convection  in  the  first  few  hours  of  the 
simulation.  The  low  level  convergence  then  gets  strengthened 
several  additional  hours  later  because  of  this  increased 
convection. 


iii 


ACKNOWLEDGEMENTS 


I  desire  to  express  my  deepest  appreciation  to  Dr.  Sethu 
Raman,  Chairman  of  the  advisory  Committee  for  patiently  sharing 
his  time  to  direct  this  research.  He  provided  many  helpful 
suggestions  for  the  completion  of  this  thesis.  Particular  thanks  is 
given  to  Dr.  Simon  Chang  of  the  Naval  Research  Laboratory,  one 
of  my  committee  members,  for  his  guidance  in  this  work  and  his 
assistances  in  understanding  the  NRL  numerical  weather 
prediction  model  and  in  using  the  NRL  computer  facilities. 
Appreciation  is  also  extended  to  the  other  committee  members, 
Dr.  Mark  DeMaria  for  giving  me  valuable  suggestions  and  Dr. 
W.  Robbins  for  his  help  in  Computer  Graphics. 

I  am  very  grateful  for  the  time  I  was  able  to  spend  with 
Drs.  Rao  Madala  and  Keith  Sashegyi  of  the  Naval  Research 
Laboratory  for  giving  me  a  lot  of  technical  assistances  and 
suggestions. 

I  also  appreciate  to  my  fellow  graduate  students  for  giving 
me  all  kinds  of  assistances  I  need,  especially  to  Mr.  Teddy  Holt, 
Miss  Kathy  Brehme,  Capt.  James  Kroll  and  First  Lt.  John  Pickle.  I 
would  like  to  thank  Mrs.  Susan  Templemen  for  typing  this  thesis 
for  me. 

Finally,  I  wish  to  thank  my  parents,  wife,  Amy  and  lovely 
daughter,  Katherine,  for  their  support  during  the  work. 

This  research  was  supported  by  the  Naval  Research 
Laboratory,  Washington,  D.C.. 


iv 


Table  of  Contents 


Page 

List  of  Symools  .  vi 

List  of  Figures  .  ix 

List  of  Tables  .  xii 

1.  INTRODUCTION  .  1 

1 . 1  Bacxground  .  1 

1.2  Literature  Review  .  3 

1.2..1  General  Picture  of  the  Outflow  Layer  3 

1.2.2  Influence  of  the  Environment  on  the 

Outflow  Layer  .  7 

1.3  Research  Objectives  . 10 

2.  BRIEF  REVIEW  OF  THE  NRL  TROPICAL  CYCLONE  MODEL  ..  12 

2.1  Governing  Equations  .  12 

2.2  Grid  System  . 16 

2.3  Finite  Difference  Scheme  . 19 

2.3.1  Spatial  Differencing  .  19 

2.3.2  Time  Differencing  .  20 

2.4  Parameterization  Scheme  .  23 

2.4.1  Cumulus  Parameterization  .  23 

2.4.2  Boundary  Layer  Parameterization  ...  25 

2.5  Initial  and  Boundary  Conditions  .  25 

3.  DISCUSSION  OF  RESULTS  .  28 

3.1  A  yuasi-Steady  Tropical  Cyclone  Generated  by 

the  NRL  Tropical  Cyclone  Model  .  28 

3.2  The  Outflow  Layer  .  3  5 

3.2.1  Core  of  the  Outflow  Jet  .  35 

^  3.2.2  Secondary  Circulation  .  40 

3.2.3  Angular  Momentum  Budget  .  45 

3.3  Trajectories  of  the  Released  Particles  .  50 

3.3.1  Purpose  and  Methodology  .  50 

3.3.2  Trajectories  .  53 

4.  RESPONSES  OF  A  TROPICAL  CYCLONE  TO  LARGE-SCALE 

FORCING  IN  THE  UPPER  TROPOSPHERE  .  61 

5.  SUMMARY  AND  CONCLUSIONS  .  74 

6.  REFERENCES  .  77 


v 


List  of  Symbols 


f  Coriolis  parameter 

g  acceleration  due  to  gravity 

hx  map  factor  in  the  x-direction 

hy  map  factor  in  the  y-direction 

k  unit  vector  in  the  z-direction 

m  =  rv,  relative  angular  momentum 
ma  =  rv  +  fr2/2,  absolute  angular  momentum 

q  specific  humidity 

r  radius 

ro  radius  of  the  maximum  tangential  wind 
t  time  coordinate 

u  velocity  component  in  the  x-direction;  radial  wind 
component  in  the  cylinderical  coordinates 
v  velocity  component  in  the  y-direction;  tangential  wind 
component  in  the  cylinderical  coordinates 
w  velocity  component  in  the  z-direction 
Cd  =  1  x  10*3,  drag  coefficient 

Q=  =  2  x  10-3,  exchange  coefficient  of  latent  heat 

Ch  =  2  x  JO-3,  exchange  coefficient  of  sensible  heat 

Cp  specific  heat  for  dry  air  at  constant  pressure 

D  mass  divergence 

Fu  the  friction  force  in  the  x-direction 

Fv  the  friction  force  in  the  y-direction 

Ft  source  or  sink  of  heat 

vi 


Fq  source  or  sink  of  moisture 

H  total  amount  of  water  vapor  needed  to  create  a  cloud  over 
a  unit  area 
K  =  R/Cp;  index 

L  latent  heat  of  condensation 

M  total  angular  momentum  in  a  certain  volume;  the  total 
number  of  grid  points  in  the  x-direction 
N  the  total  number  of  grid  points  in  the  y-direction 
P  pressure 

Pb  pressure  of  the  bottom  of  a  cumulus  cloud 
Ps  surface  pressure 

Pt  pressure  of  the  top  of  a  cumulus  cloud 
R  gas  constant  for  dry  air 
T  temperature 

V  velocity 

5x  finite  difference  operator  in  the  x  coordinate 

8y  finite  difference  operator  in  the  y  coordinate 

8c  finite  difference  operator  in  the  c  coordinate 

-  Ax  half  degree  longitude  distance  at  equator 

Ay  half  degree  latitude  distance  at  equator 
At  time  interval 

C  —  k  *  (V  ♦  V),  vertical  component  of  relative  vorticity 
8  potential  temperature;  latitude 

X  frequency  scale 

p  air  density 

c  =  P/Ps,  vertical  coordinate  in  the  model 

vii  ) 


=  dc/dt,  vertical  velocity  in  the  a  coordinate 
=  1000/PS 

vertical  depth  of  each  layer  in  the  model 
subdivided  time  interval  of  At 
geopotential 
longitude 

=  dp/dt,  vertical  velocity  in  P-coordinate 


List  of  Figures 


page 

1.1  Upper-tropospheric  outflow  layer  analysis  for 
Hurricane  Camille,  1969.  Values  of  isotachs 
are  in  ms~  .  The  principal  outflow  channel  is 
nortn  of  tne  cyclone  center.  Circle  is  at 
radius  of  6°  latitude  (666  Km).  Figure  adapted 


from  BiacK  and  Anthes  (1971)  .  5 

1.2  Same  as  Figure  1.1  but  for  Hurrican  Irene, 

1981.  The  outflow  channel  is  located  to  the 

northeast  of  the  cyclone  center.  Figure 

adapted  from  Smith  (1975)  .  5 


1.3  Outflow  channel  schematic  from  Sadler  (1976). 
Note  tnat  the  cyclone  is  located  to  the  right 
rear  of  the  wind  speed  maximum  in  the  outflow 


channel  . 9 

2.1  Hori2ontal  and  vertical  grid  network  utilized 
in  the  model  for  the  simple  case  of  K  =  2. 

(Madala,  et.  al.,  1987)  .  17 

2.2  Typical  vertical  distribution  of  normalized 

pressure  for  five  vertical  layers  (KK  =  5). 
(Madala,  et.  al.,  1987)  .  18 

2.3  Division  of  time  interval  2  t  into 
m-subintervals  for  use  in  the  split-explicit 

time  integration  scheme  (Madala,  1981)  .  22 

2.4  Initial  condition  of  surface  pressure  (solid 

lines)  and  1000  mb  wind  (vectors)  .  26 

3.1  1000  mo  temperature  (dash  lines)  pressure 
(solid  lines)  and  1000  mb  wind  (vectors) 

structure  at  96  hour,  (from  141  x  91  model)  ..  29 

3.2  Temperature  (dash  lines),  height  (solid  lines) 
and  wind  (vectors)  structure  at  150  mb  at  96 

hour,  (from  141  x  91  model)  .  31 

3.3  Isotacns  at  150  mo  at  96  hour,  (from  141  x  91 

model)  .  32 

3.4  Distnoution  of  the  precipitable  water  amount 
(cm).  Shaded  area  indicates  the  model  eye 

wall,  (from  141  x  91  model)  .  3  3 


ix 


page 


3.5  Isotachs  (from  81  x  81  model)  at  150  mo  at  96 

hour.  A  and  B  mark  the  two  cross-sections  ....  36 

3.6  Cross-section  at  the  outflow  jet  entrance 
region  at  96  hour.  The  contours  are  the  wind 
normal  to  the  cross  section.  The  vectors  are 
tne  comoination  of  the  vertical  motion  and  the 

wind  tangent  to  the  cross-section  . , .  3  7 

3.7  Same  as  Fig.  3.5  but  for  the  cross  section 

intercepting  the  jet  maximum  wind  .  38 

3.8  Relative  humidity  (%)  at  150  mb  at  96  hour  ...  41 

3.9  Potential  vorticity  (10~^  g  °k  cm-^  s“^)  at 

1 50  mb  at  96  hour  .  4  2 

3.10  Cross-section  of  the  deviation  of  the 
potential  temperature  from  the  horizontal  mean 

at  the  jet  entrance  region  at  96  hour  .  44 

3.11  Trajectories  of  the  particles  released  at 

950  mo.  A  and  B  indicate  the  trajectoris  of 
the  particles  released  at  20  and  50  km, 
respectively  .  54 

3.12  Trajectories  of  the  particles  released  at  500 

mb  .  57 

3.13  Trajectories  of  the  particles  released  at  150 

mo  .  58 

3.14  Trajectories  of  all  particles  .  60 

4.1  Variation  of  the  minimum  surface  pressure  with 

time.  A  represents  the  control  model  tropical 
cyclone.  B  and  C  represent  Experiment  1  and  2, 
respectively  .  64 

4.2  Same  as  Figure  4.1  but  for  the  maximum 

convective  precipitation  rate  .  66 

4.3  Same  as  Figure  4.1  but  for  the  maximum  wind 

speed  at  sigma  =  0.15  .  67 

4.4  Same  as  Figure  4.1  but  for  the  maximum  wind 

speed  at  sigma  =  0.95  .  68 


x 


page 


4.5  The  close  region  A  fo.r  equation  (4.3).  (ICEN, 

JCEN)  is  the  grid  point  where  the  surface 

pressure  is  lowest  .  69 

4.6  Tne  mass  divergent  profile  at  96  hours.  A,  B 
ana  C  represent  the  same  results  as  in  Figure 

4.1  .  71 

4.7  Same  as  Figure  4.6  but  for  120  hours  .  72 


List  of  Tables 


page 

3.1  Model  and  empirical  angular  momentum  budgets 

in  the  upper  layer  of  tropical  cyclones  .  48 

3.2  Distrioution  of  the  particles  at  0  hour  .  52 


xii 


1.  INTRODUCTION 


1 . 1  Background 

A  tropical  storm  is  defined  as  a  warm  core  low  pres¬ 
sure  system  in  which  the  maximum  sustained  surface  wind  is 
35  Knots  (17.8  ms-*-)  or  greater.  Tropical  storms  with  a 
maximum  sustained  wind  equal  or  exceeding  65  knots  (33.0 
ms-'*’)  are  called  as  tropical  cyclones,  hurricanes  (when 
they  occur  over  the  Atlantic  Ocean  and  over  the  Eastern 
Pacific  Ocean)  or  typhoons  (over  the  Western  Pacific 
Ocean ) . 

Tne  horizontal  scale  of  a  typical  mature  tropical 
cyclone  circulation  may  vary  by  over  a  factor  of  two  from 
storm  to  storm,  but  tne  general  value  is  between  500  and 
1000  Km.  Because  the  stratosphere  above  a  tropical  cyclone 
is  believed  to  be  relatively  undisturoed ,  the  vertical 
scale  may  be  defined  by  the  tropopause  height  of  about  15 
Km. 

An  intense  tropical  cyclone  (or  hurricane)  is  one  of 
the  most  destructive  weather  phenomena  of  all  natural  dis¬ 
asters.  A  tropical  cyclone,  with  its  gale  force  wind  and 
torrential  rainfall,  can  cause  tremendous  damage  to  the 
coastal  zone  and  the  shipping  industries  (Anthes,  1982). 
Numerous  empirical  and  theoretical  studies  during  the  past 
35  years  have  tremendously  increased  our  understanding  of 


these  destructive  storms.  Still,  the  structure  of  the 
tropical  cyclone  is  not  as  fully  understood  as  the  mid¬ 
latitude  systems  for  the  lack  of  observational  data  over 
the  vast  tropical  ocean. 

Recent  studies  (Holland  and  Merrill,  1984)  have 
demonstrated  that  the  movement  and  growth  of  tropical 
cyclones  are  partly  dependent  on  the  inertial  stability  of 
the  storm's  wind  structure.  For  example,  Holland  and  Mer¬ 
rill  (1984)  pointed  out  that  the  strong  cyclonic  vorticity 
in  the  lower  and  middle  troposphere  in  an  intense  tropical 
cyclone  becomes  more  stable  and  likely  more  resistant  to 
environmental  forcing,  whereas  the  upper  tropospheric  an- 
ticyclonic,  asymmetric  outflow  is  not  as  stable  inertially 
(Black  and  Anthes,  1971),  and  therefore  may  be  less  resis¬ 
tant  to  the  environmental  forcing.  Thus,  the  movement  and 
intensity  of  an  intense  tropical  cyclone  would  probably 
respond  rapidly  to  an  upper  tropospheric  forcing.  There¬ 
fore,  an  improved  understanding  of  the  structure  of  the 
^outflow  of  the  tropical  cyclone  is  important  in  predicting 
the  tropical  cyclones'  intensification  and  tracks. 

Real  data  analysis  of  the  outflow  layer  of  the  tropi¬ 
cal  cyclone  is  difficult  because  of  the  sparsity  of  the  ob¬ 
servational  data  over  the  tropic-  ocean.  Much  of  our 
knowledge  has  come  from  composite  studies  (Holland,  1982 
and  1983;  Chen  and  Gray,  1984)  or  from  a  few  case  studies 
(Black  and  Anthes,  1971;  Sadler,  1976  and  1977;  Holland  and 
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Merrill,  1984).  for  this  reason,  we  choose  to  study  the 
outflow  layer  of  a  numerical  model  -generated  tropical 
cyclone,  in  the  hope  that  the  outflow  structure  and 
dynamics  can  be  realistically  simulated  in  a  numerical 
model.  With  a  numerical  model,  it  is  easier  to  isolate 
various  mechanisms  that  affect  the  tropical  cyclone  outflow 
and  to  conduct  controlled  numerical  experiments. 


1.2  Literature  Review 

1.2.1  General  Properties  of  the  Outflow  Layer  of  the 
Tropical  Cyclone 

The  outflow  layer  of  the  tropical  cyclone  is  generally 
anticyclonic  and  divergent  on  the  synoptic  scale.  It  is 
considerably  more  asymmetric  than  the  middle  and  lower 
layers  (Alaka,  1961,  1962;  Miller,  1963).  Black  and  Anthes 
(1971)  noted  that  the  outflow  circulation  is  highly  asym- 
metric,  especially  beyond  400  km  from  the  storm  center 
where  the  standard  deviation  of'  the  radial  and  tangential 
wind  components  exceed  the  mean  value.  In  their  study,  the 
asymmetric  part  of  the  circulation  is  obtained  by  subtract¬ 
ing  tne  axisymmetric  part  of  the  circulation  from  the  total 
flow.  The  resultant  circulation,  defined  as  the  asymmetric 
wind,  reveals  that  two  eddies  dominate  the  outflow  struc- 
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ture.  It  is  suggested  that  these  eddies  are  organized  by 
tne  environmental  flow  streaming  around  the  divergent  out¬ 
flow  field.  The  outflow  layer  of  the  tropical  cyclone  is 
comparatively  shallow,  generally  confined  between  100  and 
300  mo  (Frank,  1977a).  The  asymmetric  outflow  of  the  tropi¬ 
cal  cyclone  is  characterized  by  outflow  jets.  Merrill 
(1984)  mentioned  that  the  outflow  from  a  hurricane  appears 
to  be  concentrated  in  one  or  two  outflow  maxima  or  chan¬ 
nels.  The  wind  maximum  in  the  outflow  layer  can  normally 
be  found  to  the  north  or  northwest  of  the  storm  center. 
Figure  1.1  and  1.2  show  this  concept.  Chen  and  Gray (  1984) 
speculated  that  the  outflow  jets  help  to  remove  mass  from 
tne  central  region  and  transport  the  warm  and  dry  air  to 
outer  regions,  maintaining  the  convective  instability  near 
the  eye. 

Merrill  (1984)  noted  that  the  appearance  of  outflow 
channels  is  similar  to  that  oe  the  "jet  streaks"  which  are 
commonly  observed  in  association  with  the  mid-latitude 
<trouyns.  He  also  speculated  that  the  upper-tropospheric, 
baroclinic  processes  may  be  important  in  the  hurricane  out¬ 
flow  jet  streak.  He  speculated  that  there  may  be  a  pos- 
sinle  secondary  circulation  around  the  outflow  layer, 
similar  to  the  jet  streak  in  mid-latitudes.  In  the  classi¬ 
cal  jet  streak  theory  (Palmen  and  Newton,  1969),  confluence 
of  the  synoptic  scale  flow  into  the  entrance  region  results 
in  a  stronger  temperature  gradient  and  the  development  of  a 
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Figure  1.1  Upper-tropospneric  outflow  layer  analysis  for 

Hurricane  Camille,  1969.  Values  of  isotachs  are 
in  ms“l.  The  principal  outflow  channel  is  north 
of  the  cyclone  center.  Circle  is  at  radius  of  6U 
latitude  (666  km).  Figure  adapted  from  Black  and 
Anthes  (1971). 


Figure  1.2  Same  as  Figure  1.1  except  for  Hurricane  Irene, 
1981.  The  outflow  cnannel  is  located  to  the 
nortneast  of  the  cyclone  center.  Figure  adapted 
from  Smith  (1975). 
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direct  secondary  circulation  with  ascending  motion  occur- 
ing  to  tne  warm  side  of  the  upper-tropospheric  temperature 
gradient.  This  circulation  acts  to  reduce  the  temperature 
gradient  and  increase  the  vertical  shear  to  keep  the  flow 
in  thermal-wind  balance.  Therefore  the  jet  streak  would 
increase  the  upper-tropospheric  vertical  motion  within  the 
convective  region  of  the  cyclone.  This  would  then  enhance 
deep  convection,  and  shift  the  net  convective  heating  up¬ 
ward.  The  outgoing  flux  of  warm  air  from  the  cyclone  ce...er 
acts  to  further  increase  the  temperature  gradient  and  thus 
results  in  a  positive  feedback. 

Merrill  (1984)  also  noticed  that  there  exists  a  secon¬ 
dary  maximum  inflow  layer  at  approximately  400  mb  level, 
wnicn  could  be  the  return  branch  of  secondary  circulation. 
The  existence  of  jet  streaKs  also  nelps  to  explain  the  ex¬ 
istence  of  cirrus  lines  oriented  radially  outward  from  the 
cyclone  wnicn  are  sometimes  observed  in  intensifying 
cyclones , 

Ooyama  (1987)  was  able  to  generate  the  asymmetric  out¬ 
flow  in  various  environmental  flows  in  a  simple  two  dimen¬ 
sional  (in  the  x-  and  y-  directions)  model  of  the  outflow 
layer  using  shallow  water  equations  with  a  prescribed  up- 
welling  mass  flux.  In  his  model  study,  two  well-defined 
outflow  channels  in  opposite  directions  were  generated  in  a 
two-sided  shear  environmental  flow,  while  only  one  well- 
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defined  channel  was  generated  m  a  one-sided  shear  environ¬ 
mental  flow.  He  also  found  that  the  cyclonic  vorticity  ex¬ 
ists  within  a  radius  of  250  km  in  this  simple  model. 


1.2.2  The  Influence  of  the  Environment  on  the  Outflow 
layer  and  the  Intensification  of  a  Tropical  Cyclone 

There  are  many  observational  studies  (e.g.  Sadler, 
1976  and" 1977;  Steranka  et  al.,  1986;  Rodgers  et  al.,  1987) 
wmch  link  the  behavior  of  tropical  cyclones  to  the 
strength  and  position  of  TUTTs  (Tropical  Upper  Tropospheric 
Troughs).  Sadler  showed  that  in  general  as  a  TUTT  aligns 
vertically  with  the  underlying  tropical  cyclone,  the  tropi¬ 
cal  cyclone  weakens.  If  a  tropical  cyclone  is  aligned  with 
an  upper  tropospheric  ridge,  the  cyclone  generally  inten¬ 
sifies.  However,  the  relationship  between  the  TUTTs  and  a 
^.tropical  cyclone  is  not  simple  and  straightforward.  For 
example,  Cnen  and  Gray  (1984)  suggested  that  the  outflow 
jets  are  formed  by  the  coupling  of  the  storm's  outflow  with 
upper-  and  mid-tropospheric  troughs.  Rodger  et.  al.(1987) 
also  observed  this  phenamenon. 

In  spite  of  the  evident  relationship  between  TUTTs  and 
the  intensity  of  tropical  cyclones,  the  mechanisms  of  the 
intensification  still  are  not  fully  understood.  But,  an 
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outflow  to  the  westerlies  has  long  been  recognized  as  a  re¬ 
quirement  for  tropical  storm  development.  Sadler  (1976) 
suggested  that  the  multi-directional  outflow  channels  to 
the  large  scale  circulation  of  the  upper  troposphere  serve 
to  remove  the  excess  heat  in  the  tropical  cyclone's  central 
region.  Figure  1.3  is  a  schematic  illustrating  the 
relationship  between  the  tropical  storm  outflow  and  some 
common  large  circulation  patterns.  In  Figure  1.3a,  the 
storm's  northern  outflow  is  suppressed  when  it  is  located 
in  a  region  of  upper-tropospheric  northeasterl ies .  In 
Figure  1.3b  the  east  side  of  deep  troughs  in  the  westerlies 
was  a  principal  outflow  channel  for  each  cyclone.  In 
Figure  1.3c,  there  is  an  outflow  channel  to  the  east  of  a 
TUTT  into  the  large-scale  westerlies  and  an  outflow  into 
the  equatorial  easterlies  south  of  the  sub-equatorial 
ridge.  This  configuration  permits  vigorous  outflow  for  ef¬ 
ficient  removal  of  mass  and  heat  from  the  tropical  cyclone. 

According  to  Sadler (  1976  ) ,  a  tropical  cyclone  is 
-iixely  to  intensify  if  it  is  surrounded  by  concentrated  air 
currents  to  the  east  of  an  upper-tropospheric  trough  in  the 
upper  troposphere  or  by  a  strong  equatorial  outflow  channel 
(see  Figure  1.3).  Sadler  (1977)  further  conjunctured  that 
the  strengthening  of  an  outflow  channel  can  extend  inward 
towards  the  storm  center  and  act  as  an  outflow  link  to  the 
cyclone's  inner  region  of  deep  convection. 
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Recent  study  of  satellite-measured  total  ozone  amount 
oy  Rodgers  et  al.  (1987)  suggested  that  the  enhancement  of 
the  inner  core  convection  of  a  tropical  cyclone  can  be  re¬ 
lated  to  the  upper-tropospheric  environment  forcing.  They 
found  that  an  increase  in  the  inner  core  convection  in  Hur¬ 
ricane  Irene  (  1980)  was  preceded  by  the  formation  of  an 
outflow  cnannel.  When  the  strength  of  the  outflow  channel 
decreased,  the  inner  core  convection  weakened  abruptly. 
They  also  found  a  3  3  nour  lag  between  the  changes  in  the 
inner  core  convection  and  Irene's  intensity  changes. 


1.3  Research  Objective 

The  objective  of  this  research  is  to  study  the  struc¬ 
ture  and  sensitivity  of  the  outflow  layer  of  a  model  gener¬ 
ated  tropical  cyclone.  In  order  to  understand  the  structure 
of  tne  tropical  cyclone  outflow,  the  numerical  model  starts 
"from  an  idealized  vortex  imbedded  in  a  tropical  environment 
witn  zero  large  scale  winds  over  a  ocean  with  constant  sur¬ 
face  temperature.  The  structure  of  the  outflow,  especially 
the  outflow  channel  (or  jet),  will  be  carefully  analyzed. 
Tne  mass  divergence,  potential  vorticity,  upper- 
tropospneric  relative  humidity(RH) ,  and  angular  momentum 
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will  be  discussed.  To  help  further  depict  the  circulation 
in  the  tropical  cyclone,  trace  particles  are  used  to  create 
trajectories . 

In  addition,  the  sensitivity  of  the  outflow  layer  and 
tne  cyclone  itself  to  the  upper-tropospheric  forcing  are 
also  examined.  In  Chapter  2,  we  will  briefly  review  the 
NRL  Tropical  Cyclone  Model.  In'  Chapter  3,  the  simulated 
structure  of  the  tropical  cyclone  outflow  will  be 
presented.  The  simulated  response  of  the  model  generated 
tropical  cyclone  under  the  artificially  introduced  upper- 
tropospheric  forcing  will  be  discussed  in  Chapter  4. 
Finally,  in  Chapter  5,  the  summary  and  conclusions  are 
presented . 


11 


2.  BRIEF  REVIEW  OF  THE  NRL  TROPICAL  CYCLONE  MODEL 


The  Naval  Research  Laboratory  (NRL)  tropical  cyclone 
model  is  a  three-dimensional,  quasi-hydrostatic,  primitive 
equation  model  incorporating  a  split-explicit  time  integra¬ 
tion  scheme  along  with  cumulus  and  boundary  layer 
parameterizations  (Madala  et  al.,  1987).  The  model  util¬ 
izes  the  sigma  vertical  coordinate  and  time  independent 
boundary  conditions.  In  the  following  sections  more  details 
about  this  model  will  be  presented. 


2.1  Governing  Equations 

Tne  governing  primitive  equations  incorporated  in  the 
model  are  formulated  in  the  flux  forms,  i.e.,  P_u,  P_v, 
etc.  The  system  of  seven  equations  (five  prognostic  and 
two  diagnostic)  form  a  closed  system  for  the  seven  depend- 
ent  variables:  u,  v,  T,  q,  P_,  4>  and  a  ,  where  u  and  v  are 
the  velocity  components  in  the  x-  and  y-direction,  respec¬ 
tively.  T  is  the  temperature,  q  is  the  specific  humidity, 
Ps  is  the  surface  pressure,  <f>  is  the  geopotential  height 
and  <r  (=d<r/dt)  is  the  vertical  velocity.  The  equations 
given  below  describe  the  motion  of  a  mesoscale,  quasi¬ 
hydrostatic,  baroclinic  atmosphere  in  a  system  with  a 
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(=P/PS)  as  the  vertical  coordinate.  The  equations  are  ex¬ 
pressed  in  x,  y,  <r  and  t  coordinates  using  the  general¬ 
ized  expression  for  curvilinear  distance. 

1.  The  momentum  equation  in  x-direction  (east-west): 


3Psu  t  d(P<u  hyu)  3(Psvhxu)  3(Psdu) 

St  +hxhy(  Sx  +  ciy  So  ’  sv 

_uv_^x  _  .Ps^.RI^s.p 

shxhy  3y  “  hx3x  hx  3x  s  u 


(2.1) 


where  Fu  is  the  frictional  force  and  hx  and  hy  are  the  map 
factors  in  tne  x-  and  y-  direction,  respectively.  R  is  the 
gas  constant  for  dry  air  and  f  is  the  Coriolis  parameter. 

2.  The  momentum  equation  in  y  direction  (north-south): 


"  apsv 

3t 

+  P 


1  /  3(PsUhyv)  3(Psvhxv)  x  3(Psdv) 

+  hj^(  3x  +  dy  )+  do 

U2  .  RJ^Ls  p  c 

shxhy  3y  =  ’  hy  Sy  ’  hy  3y  s  v 


*  fP^ 


•(2.2) 


where  Fv  is  the  frictional  force. 
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3.  The  thermodynamic  equation: 


9PST  !  ^(PfiMhyT)  3(PsvhxT)v  i<sKd(PscQ)  RT 
at  +hxhy(  ax  +  ay  ,  +  W  da  ■  Cp 


RT,_u_^s 
‘  Cplhx3hx 


v  3Ps 


hy  ay 


-sr>-P  sFi 


(2.3) 


wnere  Fm  is  the  source  or  sink  of  heat,  such  as  sensible 
and  latent  heating,  <r0  =  1000/ps,  K  =  R/Cp  and  6  is  the 
potential  temperature.  Cp  is  the  specific  heat  of  dry  air 
at  constant  pressure. 

4.  The  moisture  continuity  equation: 


SPjfl  ,  ,3(PsUhyq)  3(Psvh,fl),  3(Psdq)  „  „ 
TT+h^'  3x  +  3y  ,+  3o 


where  F  is  the  source  and  sink  of  moisture,  such  as  con- 
densation  and  evaporation. 


5.  The  hydrostatic  equation: 


d<t>  RT 
5o  =  *  a 


(2.5) 
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6. 


The  continuity  equation: 


8P£ 

8ct 


r*j 


=  D-  D  . 


7.  The  surface  pressure  tendency  equation: 


D 


(2.6) 


(2.7) 


wnere 


da 


and  mass  divergence 


D 


V-  (P,v) 


1  3(hyPsu)  3(h»Psv), 

hxhy  ^  +  By  ' 


All  the  variables  have  .their  conventional  meteorologi¬ 
cal  meaning  and  are  defined  in  the  list  of  symbols.  Equa¬ 
tions  2.1  to  2.7  form  a  closed  set  of  equations  if  the 
functional  form  of  the  last  „  terms  representing  the 
source  and  sinK  in  Equations  2.1  to  2.4  (i.e.,  Fu,  Fv,  FT, 

F,J  are  known. 

4 


15 


2.2  Gria  System 


The  number  of  grid  points  of  this  model  is  (M  x  N  x 
KK),  where  M,  N  and  KK  are  maximum  grid  points  in  x-,  y- 
ana  a  directions.  The  vertical  depth  of  each  layer  is 
defined  as  A<r(K),  where  K  =  1  to  KK.  The  horizontal  in¬ 
tervals  between  each  two  grid  points  are  half  degree  lon¬ 
gitude  and  latitude  distance  in  x-  and  y-  direction, 
respectively.  While  the  horizontal  coordinates  are  cur¬ 
vilinear  with  horizontal  grid  spacing,  the  actual  horizon¬ 
tal  interval  should  be  hxAx  and  hyAy,  where  hx  and  hy  are 
map  scale  factors,  and  Ax  and  Ay  are  half  degree  lon¬ 
gitude  and  latitude  distances  at  the  equator. 

The  horizontal  grid  network  is  fully  staggered  accord¬ 
ing  to  Araxawa 's  C  grid  {see  Figure  2.1)  because  it  ac¬ 
curately  simulates  the  geostropnic  adjustment  process.  For 
mass  field,  temperature  (T),  geopotential  height  {<f>)  and 
specific  humidity  (q)  are  computed  at  mass  points  (i,;j), 
while  the  east-west  velocity  component  u  is  defined  at  the 
midpoint  of  ma-ss  points  along  the  x-axis  and  the  north- 
soutn  velocity  component  v  is-  computed  at  the  midpoint 
along  the  y-axis. 

By  definition,  <r  is  equal  to  unity  at  the  surface  and 
zero  at  the  top  of  the  model.  The  vertical  velocity  a, 
defined  as  dc/dt,  is  evaluated  at  the  (K  +  1/2)  levels  for 
K  =  0  to  KK  (see  Figure  2.2),  where  KK  is  the  total  number 
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HALF  LEVEL 


SURFACE 

(P5) 


x  -T,^  ,q  ,cr 
u 

•  :  v 


Figure  2.1  Horizontal  and  vertical  grid  network  utilized 
in  tne  model  for  the  simple  case  of  K  =  2. 
(Haaala.,  et.  ai.,  1987) 
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of  layers.  Vertical  velocity  is  equal  to  zero  at  surface  (K 
=  KK  and  a  —  l )  and  at  the  top  (K  --  0  and  <*  =  0)  of  the 
moael . 

For  this  study,  two  different  kinds  of  the  grid  system 
were  used.  One  has  81  x  81  x  10  points  (in  the  x,  y 
and  a  direction)  and  the  other  has  141  x  91  x  10  points. 
Both  grid  systems  had  the  same  horizontal  resolution  and 
vertical  interval  of  0.1  for  all  layers.  For  the  smaller 
grid,  the  model  horizontal  domain  covers  a  longitudinal 
span  of  40°  degrees  and  the  latitudinal  borders  are  on  1®N 
and  41®N.  For  the  larger  grid,  the  domain  covers  70^  de¬ 
grees  longitudinal  span  and  the  latitudinal  borders  are  on 
0°N  and  45°N. 

2.3  Finite  Difference  Scheme 

2.3.1  Spatial  Differencing  Scheme 

"■n 

The  spatial  finite  differencing  of  the  governing  equa¬ 
tions  are  second  order  accurate,'  quadratic  conserving.  Let 
the  parameter  represent  the  value  F  (any  dependent 
variable  in  tne  model)  at  the  (i,j)t^  horizontal  grid  point 
on  tne  Ktn  level.  Then,  Jx,  Sy  and  represent  the 
finite  differencing  operators  in  the  horizontal  and  the 
vertical  such  that: 
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(2.8) 


5xF!I.i  = 

5yFi.I  = 


So 


MU)  Ax 

hy(i.j)  Ay 


k+i 


k-4 


(F.  .2  -  F.  .2} 

•  1  ■  I _ *■  I 

Ao(k) 


(2.9) 


(2.10) 


wnere  ix  and  Ay  are  half  degree  longitude  and  latitude 
distance  at  equator,  hx(i,j)  and  hy{i,j)  are  the  map  fac¬ 
tors  in  tne  x-direction  and  y-direction  at  the  (i,j)th 
grid  point  for  F,  respectively. 


2.3.2  Time  Integration  Scheme 

Tne  time  integration  scheme  in  this  model  is  the 
split-explicit  method  with  the  Leapfrog  scheme  (central 
differencing  scheme).  The  split-explicit  method  (Madala, 
1981)  is  utilized  to  allow  for  an  increase  in  time  step  by 
separating  various  terms  in  the  prognostic  equations  into 
parts  governing  the  slower  moving  Rossby  modes  and  the 
faster  gravity  modes. 
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Tne  meteorologically  relevant  Rossby  modes  move  much 
slower  tnan  tne  gravity  modes,  especially  the  external 
gravity  mode.  In  the  split-explicit  method,  one  uses  the 
linearized  equations  of  motion,  which  can  be  splitted  into 
KK  vertical  modes  for  the  model  with  KK  layers.  The  non¬ 
linear  terms  are  then  treated  as  a  source  for  the  gravity 
modes.  For  example,  in  the  ten  layer  model  used  in  this 
study,  the  external  and  the  first  four  internal  gravity 
modes  have  characteristic  wave  speeds  roughly  of  300,  100, 
30,  15  and  5  ms--*-,  respectively.  while  the  Rossby  mode 
moves  roughly  at  20  ms-1.  Thus,  the  external  and  first  in¬ 
ternal  modes,  moving  much  faster  than  the  Rossby  mode,  re¬ 
quire  a  much  smaller  time  step.  Therefore,  one  simply  in¬ 
tegrates  the  faster  modes  with  a  sufficiently  small  time 
steps,  and  then  integrates  the* slower  modes  equations  with 
a  larger  Rossny  time  step. 

In  the  split-explicit  method,  the  time  interval  At  is 
subdivided  into  in  subintervals  of  length  At  (see  Figure 
2.3).  Within  tnese  subintervals  time  step  (  at  ) ,  the  time 
integration  is  carried  out  explicitly.  The  numerical 
scheme  in  the  tropical  cyclone*  model  subdivides  the  time 
interval  t  into  8,  4  and  2  subintervals  for  the  external, 
first  and  second  internal  gravity  modes,  respectively.  All 
the  other  modes  move  slowly  enough  to  be  incorporated  into 
the  large  Rossby  time  step,  At. 
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Figure  2.3  Division  of  time  interval  2  t  into 

m-suointervals  for  use  in  the  split-explicit 
time  integration  scheme  (Madala,  1981). 
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For  tne  first  time  step  of  integration  for  tne  subin- 
tervai  At,  the  Euler-forward  time  integration  method  is 
used  to  march  from  time  t  -  it  (i.e.,  =  0  in  Figure 
2.3)  to  t  -  At  +  Ar(i.e.,  Mj_  =  1  in  Figure  2.3).  Then 
the  Leapfrog  scheme  is  used  to  march  each  successive  time 
step  at  until  time  t  +  At. 

For  tne  81  x  81  x  10  model,  At  was  equal  to  150 
seconds  and  for  the  141  *x  91  x  10  model,  it  was  120 
seconds.  A  smaller  time  step  was  required  for  the  141  x 
91  x  10  model  because  of  the  smaller  grid  distance  in  tne 
northern  part  of  the  model. 


2.4  Parameterization  Schemes 

2.4.1  Cumulus  Parameterization 

This  tropical  cyclone  model  uses  a  modified  Kuo  scheme 
■tor  parameterizing  tne  effect  of  cumulus  convection.  The 
scheme,  introduced  by  Anthes  (1977),  is  based  on  the  theory 
of  the  conditional  instability  of  the  second  kind  (CISK) 
(Charney  and  Eliassen,  1964).  According  to  CISK,  the  con¬ 
vection  occurs  when  there  is  a  low-level  moisture  conver¬ 
gence  m  a  conditional  unstable  environment. 
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Mathematically,  the  cumulus  moisture  H  is  computed  as 
a  function  of  the  difference  between  the  cloud  temperature 
Tc  and  the  environmental  temperature  Te  and  the  difference 
oetween  the  cloud  humidity  Qc  and  the  environmental 
humidity  Q^.  H  is  then  defined  by 


H  «g 


\e. 


TffTc-T  J  +  (qc-qe)3  dP 


(2.11) 


where  and  Pt  are  the  pressures  at  bottom  and  top  of  the 
cloud  and  L  is  latent  heat.  H  is  also  the  measure  of  the 
total  amount  of  water  vapor  needed  to  create  a  cloud  over  a 
unit  area.  Tne  moist  adiabat  determines  Tc.  Conditional 
instability  is  assumed  to  exist  when  H  >  0.  The  new  tem¬ 
perature  and  humidity  values  are  then  computed  and  added  to 
the  conservation  equations  as  source  or  sink.  Stable  heat¬ 
ing  is  also  calculated  when  there  is  no  cumulus  convection 
and  the  relative  humidity  is  greater  than  96%.  If  the 
stable  heating  is  positive,  an  additional  modification  of 
humidity  and  temperature  is  required  due  to  the  horizontal 
and  vertical  advection  of  moisture  (Madala  et  al.,  1987). 
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2.4.2  Boundary  Layer  Parameterization 


The  planetary  ooundary  layer  is  parameterized  in  the 
numerical  model  to  include  the  effect  of  friction  and  the 
air-sea  sensiole  and  latent  heat  exchanges.  The  PBL  is 
represented  by  a  single  layer  with  a  constant  drag  coeffi¬ 
cient  (CD)  and  constant  exchange  coefficients  for  the  sen¬ 
sible  (CH)  and  the  latent  (CE)  heat.  In  the  model,  CD  =  1  X 
10~3,  CH  =  CE  =  2  X  10"3. 

2.5  Boundary  and  Initial  Conditions 

The  boundary  condition  in  the  NRL  tropical  cyclone 
model  is  set  up  as  a  time  independent  boundary  condition. 
Because  of  the  size  of  the  model,  the  boundary  regions, 
which  are  far  away  from  the  center  of  the  model  tropical 
cyclone,  are  relatively  undisturbed.  That  is  the  reason  why 
the  constant  boundary  condition  is  used  in  this  model.  For 
"simplicity,  it  is  also  assumed  that  the  wind  boundary  is 
always  zero. 

The  model  tropical  cyclone  is  initialized  with  a  warm 
core  cyclonic  vortex  in  the  mean  tropical  sounding  (Sheets, 
1968)  with  no  large  scale  wind.  The  vortex  is  initially  at 
22.5°  N  and  50°  from  the  model  western  boundary  (see  Fig. 
2.4).  The  following  function  shows  the  horizontal  tangen¬ 
tial  wind  profile. 
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Initi 
i  ines 


V ( r }  =  Vmax  *  (r/rQ)  *  exp( ( 1- (r/rQ ) 2 ) *0 . 5 )  (2.12) 

where  r  is  radius,  Vmax  =  20  ms-*  and  rQ  =  240  km.  Figure 
2.4  shows  the  surface  pressure  and  circulation  structure  of 
the  vortex  at  t  =  0  hour. 

The  sea  surface  temperature  is  assumed  to  be  constant 
at  302.5°  K.  Main  purpose  of  this  research  is  to  study  the 
structure  of  the  outflow  jet  using  idealized  conditions.  It 
was  decided  to  Keep  the  tropical  cyclone  environments  as 
simple  as  possible.  This  is  the  reason  for  assuming  con¬ 
stant  sea  surface  temperature  and  no  variations  in  the 
ooundary . 
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3.  DISCUSSION  OF  RESULTS 


3.1  A  (juasi-Steady  Tropical  Cyclone  Generated  Py  the  NRL 

Tropical  Cyclone  Model 

Tne  model  are  integrated  for  120  hours.  A  quasi-steady 
tropical  cyclone  developed  from  the  initial  vortex  at  about 
72  hour.  After  72  hours,  the  intensity  of  the  tropical 
cyclone  remains  relatively  unchanged  except  for  its  move¬ 
ment  toward  the  northwest  and  slow  expansion  of  the  warm 
core  and  the  area  of  low  pressure.  The  tropical  cyclone  is 
drifting  northwestward  approximately  at  a  speed  of  9  km/hr 
(2.5  m/s)  due  to  the  latitudinal  variation  of  the  Coriolis 
parameter. 

Figure  3.1  shows  the  surface  pressure,  the  1000  mb 
wind  vector  and  tne  1000  mb  temperature  of  the  model  tropi¬ 
cal  cyclone  at  96  hour.  The  central  surface  pressure  of 
the  tropical  cyclone  is  984  mb,  the  maximum  surface  wind 
speed  is  about  19  ms-1  which  occurrs  at  the  radius  about 
150  km.  Tne  radius  of  the  farthest  closed  isobar  is  about 
1300  Km.  The  horizontal  pressure  gradient  in  the  NE  quad¬ 
rant  of  the  tropical  cyclone  is  greater  than  it  in  the  SW 
quadrant  of  tne  tropical  cyclone  in  agreement  with  Chan  and 
Williams  (1986).  This  is  because  the  tangential  velocity 
is  stronger  in  the  NE  quadrant  than  in  the  SW  quadrant  in 
order  to  maintain  sufficient  transport  of  the  absolute  vor- 
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ticity.  Therefore,  the  pressure  gradient  must  be  stronger 
in  the  NE  quadrant  as  required  by  the  gradient  wind 
balance . 

The  model  tropical  cyclone  is  a  warm  core  system  with 
a  region  of  maximum  1000  mb  temperature  of  31.9°C,  col¬ 
locating  with  the  center  of  the  low  pressure.  The  tempera¬ 
ture  surrounding  the  storm  is  about  26°C.  The  warm  core 
results  in  a  geopotential  height  maximum  at  the  center  of 
the  system  in  the  upper  layers  and  provides  a  pressure 
gradient  force  favorable  for  the  development  of  the  an- 
ticycionic  flow. 

Figure  3.2  shows  the  outflow  structure  at  150  mb  of 
the  tropical  cyclone  at  96  hour.  There  exists  a  cyclonic 
flow  at  the  inner  radii  of  a  few  hundred  kilometers  sur¬ 
rounded  Dy  the  general  anticyclonic  outflow,  due  to  the  up¬ 
ward  transport  of  the  cyclonic  horizontal  momentum  from  the 
lower  troposphere  in  the  center  region. 

Figure  3.3  shows  150  mb  isotachs  at  96  hour.  The  out¬ 
flow  layer  wind  field  is  very  asymmetric  (azimuthal ly  vary¬ 
ing  about  the  center  of  the  storm),  dominated  by  an  out¬ 
flow  jet  with  a  maximum  wind  speed  about  33.6  ms“*. 

The  structure  of  the  layer  between  the  850  mb  and  300 
mb  level  is  basically  cyclonic  or  anticyclonic  with  little 
convergence  or  divergence.  The  cyclonic  motion  occurs  below 
500  mb  and  the  anticyclonic  motion  occurs  above  500  mb  in 
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Distribution  of  the  precipitable  water  amount 
(cm).  Shaded  area  indicates  the  model  eye  wall, 
(from  141  x  91  model) 


tne  middle  layer  except  the  inner  100-200  km  radii,  which 
area  is  dominated  by  tne  cyclonic  motion  from  surface  to 
the  top  of  the  model  tropical  cyclone. 

The  eye  of  the  model  cyclone  is  not  well  defined  by 
the  wind  field  due  to  the  half  degree  horizontal  resolu¬ 
tion.  The  eye  region  is  perhaps  better  depicted  by  the 
precipitable  water  amount  distribution  (Figure  3.4).  Here, 
the  dry  region  associated  with  the  downward  motion  inside 
the  eye  wall  has  a  radius  of  roughly  150  km.  The  maximum 
vertical  velocity  near  the  eye  wall  region  is  about  30 
cm/'s  near  9  50  mb  and  about  50  cm/s  near  500  mb. 

In  spite  of  no  environmental  wind,  this  tropical 
cyclone  still  has  many  realistic  features  of  actual  tropi¬ 
cal  cyclones,  including  asymmetry  in  the  outflow  layer, 
northwest  drifting,  the  warm  core  and  surface  wind  maximum 
m  the  N£  quadrant.  The  model  tropical  cyclone  structure 
is  similar  to  other  model  studies,  (e.g.,  Anthes  1972)  in 
the  development  of  the  symmetric  inflow  layer  and  the  asym¬ 
metric  outflow  layer.  It  has  a  northwest  drift  due  to  the 
/3-eftect  (Madala  and  Piacsek,  1975;  Anthes  and  Hoke,  1975). 
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3 . 2  Outf low  Layer 


3.2.1  Core  of  the  Outflow  Jet 

The  outflow  jet  (or  channel)  is  a  unique  feature  of 
tropical  cyclones  as  depicted  in  Figure  3.3.  Ooyama  (1987) 
was  able  to  obtain  two  jets  with  prescribed  circular  upward 
mass  source  in  the  sheared  zonal  flow.  The  formation  of 
various  jets  in  different  environments  is  outside  the  scope 
of  this  study.  But,  a  detailed  analysis  of  the  well 
defined  and  organized  jet  shown  in  Figure  3.3  will  help  us 
to  understand  the  structure  of  outflow  jets  of  real  tropi¬ 
cal  cyclones. 

in  Figure  3.3,  it  appears  that  the  entrance  region  of 
the  jet  is  located  at  about  5°  latitude  north  of  the  center 
of  the  tropical  cyclone  (at  about  32°N,  155°).  The  jet  ex¬ 
tends  anticyclonical ly  to  the  east  and  then  south  of  the 
tropical  cyclone.  In  the  exit  region  of  the  jet,  it  becomes 
broader  and  more  diffused  and  finally  diminishes  at  about 
20°  latitude  south  of  the  tropical  cyclone  (at  about  10°N, 
150°). 

Figure  3.5  shows  the  relative  positions  of  the  cross- 
sections  A  and  B  at  150  mb  isobaric  surface  at  96  hours. 
Cross-section  A  cuts  approximately  across  the  jet  entrance 
region  and  Cross-section  B  intercepts  the  region  of  the 
maximum  wind  of  the  jet.  Figures  3.6  and  3.7  show  the  96 
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figure  3.6  Cross-section  at  tne  outflow  jet  entrance 

region  at  96  nour .  The  contours  are  the  wind 
which  normals  to  the  cross  section.  The  vectors 
are  the  comoination  of  the  vertical  motion  and 
the  wind  which  is  tangent  to  the  cross-section. 
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hour  wind  structure  on  Cross-section  A  and  B,  respectively. 
The  contours  in  these  two  figures  represents  the  normal 
wind  to  the  cross-sections  and  the  negative  value  repre¬ 
sents  the  anticyclonic  wind.  The  vectors  represent  the 
combination  of  the  vertical  velocity  (mb  hr-*)  and  the 
horizontal  wind  (ms-*)  tangent  to  the-cross  sections.  The 
vertical  axis  is  from  300  to  100  mb.  The  horizontal  axis 
is  from  0  to  40  points  and  the  interval  between  the  points 
is  roughly  0.5°  latitude. 

As  shown  in  Figures  3.6  and  3.7,  the  jet  core  is 
mostly  confined  between  100  and  250  mb  judging  from  the  16 
ms-*  close  normal  wind  contour.  The  horizontal  extent  of 
the  jet  core  is  wiaer  in  Cross-section  B  (about  8.5°)  than 
in  Cross  section  A  (aoout  4°).  These  two  plots  also  show 
two  different  Kinds  of  wind  shear  at  both  sides  of  the  jet 
core.  In  Cross-section  A,  the  wind  shear  is  stronger  on  the 
side  closer  to  the  cyclone  center  than  on  the  side  further 
away  from  the  cyclone  center,  while  the  weaker  wind  shear 
is  on  the  side  closer  to  the  cyclone  center  in  Cross- 
section  B.  In  Cross-section  A  (see  Figure  3.6),  which  cuts 
across  the  entrance  region,  there  is  a  secondary  circula¬ 
tion  around  tne  jet  in  the  entrance  region,  while  the 
secondary  circulation  is  absent  on  Cross-section  B  across 
the  jet  maximum  (see  Figure  3.7). 
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3.2.2  The  Secondary  Circulation 


As  discussed  before,  there  is  a.  circum-jet  secondary 
circulation  in  the  entrance  region  of  the  outflow  jet  (see 
Figure  3.6).  The  secondary  circulation  has  an  ascending 
branch  on  the  anticycionic  shear  side  (facing  toward  the 
center)  and  a  descending  branch  on  the  cyclonic  shear  side 
(facing  away  from  the  cyclone  center).  It  also  has  an  out¬ 
ward  branch  above  the  jet  and  an  inward  branch  below  the 
jet. 

The  relative  humidity  field  and  potential  vorticity 
field  at  150  mb  have  been  analyzed  and  shown  in  Figure  3.8 
and  Figure  3.9,  respectively.  Comparing  both  sides  of  the 
outflow  jet,  it  is  clear  that  the  higher  RH  (more  than  80%) 
occurs  on  the  side  closer  to  the  cyclone  center  and  the 
lower  RH  (less  than  40%)  occurs  on  the  outer  side.  This 
suggests  that  the  ascending  motion,  which  brings  moisture 
from  the  lower  levels  through  the  vertical  transport  or 
^convection,  occurs  on  the  side  closer  to  the  cyclone 
center.  Conversely,  the  sinking  motion  on  the  outer  side 
creates  a  dry  region  with  RH  <  4*0%.  The  potential  vorticity 
in  Figure  3.9  is  defined  as: 

(3.1) 
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Because  the  static  stability  d0/dp  is  always  negative  in 
the  upper  layers,  the  negative  value  of  the  potential  vor- 
ticity  defined  by  (3.1)  implies  cyclonic  vorticity.  The 
region  with  cyclonic  vorticity  coincides  with  the  conver¬ 
gence  and  downward  motion.  The  region  of  the  positive  value 
of  the  potential  vorticity  implies  the  upward  motion.  As  it 
can  be  seen  in  Figure  3.9,  the  positive  value  occurs  on  the 
side  closer  to  the  cyclone  center,  and  thus  upward  motion 
occurs  oelow.  On  the  other  side  of  the  outflow  jet,  the 
potential  vorticity  is  negative,  and  thus  the  downward  mo¬ 
tion  occurs  below.  This  is  consistent  with  the  vertical 
motion  field  shown  in  Figure  3.6. 

Figure  3.10  shows  the  potential  temperature  deviation 
from  tne  norizontal  mean  on  Cross-section  A  in  the  entrance 
region  of  the  outflow  jet.  The  maximum  temperature 
gradient  is  roughly  located  at  the  150  mb  level,  where  the 
outflow  ]et  is  located.  Merrill  (1984)  suggested  that  the 
theory  for  mid-latitude  jet  stream  can  be  applied  to  ex¬ 
plain  the  secondary  circulation  around  the  tropical  cyclone 
outflow  jet.  From  the  classical  jet  stream  theory  (Palmen 
and  Newton,  1969),  the  confluence  of  the  synoptic  scale 
flow  into  the  entrance  region  of  the  jet  results  in  a 
stronger  temperature  gradient  and  a  thermally  direct 
circum-jet  secondary  circulation.  In  Figure  3.10,  the 
direction  of  the  secondary  circulation  is  indicated  by  the 
arrows.  It  is  apparent  that  the  secondary  circulation  is 
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Figure  3.10  Cross  section  of  the  deviation  of  the  potential 
temperature  from  the  horizontal  mean  at  the  jet 
entrance  region  at  96  hour. 
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tnermally  induced  and  acts  to  decrease  the  temperature 
gradient.  In  the  mean  time,  the  secondary  circulation  may 
also  cause  an  enhanced  convection  at  the  ascending  branch 
to  bring  up  the  moisture  and  latent  heat  to  maintain  the 
higher  temperature  in  the  ascending  region. 

The  structure  of  the  secondary  circulation  around  the 
outflow  jet  generated  by  the  model  is  very  similar  to  the 
classical  description  of  its  counterpart  in  tne  mid¬ 
latitude  jet  streams  in  terms  of  wind  distribution,  rela¬ 
tive  humidity,  potential  vorticity  field  and  temperature 
deviation . 


3.2.3  The  Angular  Momentum  Budget 

The  ooservational ,  theoretical  and  model  studies 
(Pfeffer,  1956;  Palmen  and  Riehl,  1957;  Holland,  1983)  have 
demonstrated  the  importance  of  the  outflow  jet  in  maintain¬ 
ing  the  angular  momentum  budget  mainly  by  means  of  the  eddy 
momentum  flux.  From  the  mass  continuity  point  of  view,  the 
upper  layer  of  a  tropical  cyclone  must  be  a  divergent  layer 
while  the  lower  layer  of  a  tropical  cyclone  is  a  convergent 
layer.  From  the  conservation  of  angular  momentum,  when  a 
particle  moves  adiabatically ,  the  absolute  angular  momentum 
of  the  particle  must  be  conserved.  A  momentum  budget  study 
with  the  model  result  will  be  elucidating,  especially  in 
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view  of  the  high  resolution  ot  the  model  data  as  compared 
to  the  observational  data  density.  The  absolute  angular 
momentum  ma  is  defined  by 


ma  =  vr  +  fr2/2 


(3.2) 


where  v  is  the  tangential  velocity  related  to  the  cyclone 
center  (in  cylindrical  coordinates),  f,  the  Coriolis 
parameter  and  r,  the  radius.  Equation  (3.2)  indicates  that 
when  a  particle  moves  outward  in  the  outflow  layer,  fr2/2 
gets  larger  faster  than  r,  therefore  v  must  decrease.  For 
negative  v  (anticyclonic  flow  in  the  outflow  layer),  |v| 
must  become  significantly  large  to  maintain  the  conserva¬ 
tion  of  the  angular  momentum.  But,  from  the  conservation 
of  the  kinetic  energy  consideration,  jv|  cannot  increase 
infinitely  and  symmetrically,  therefore  a  symmetric  outflow 
cannot  exist  (Anthes,  1974).  Anthes  (1974)  suggested  that 
the  outflow  jet  seems  to  satisfy  both  the  angular  momentum 
and  the  kinetic  energy  conservations. 

The  conservation  equation  for  the  angular  momentum  in 
a  cylindrical  coordinate  system' '(Anthes ,  1974)  is 


9M 

at  = 


■2k  f  2f1  r*p(z) (<f>\u>x+<f’u'>X)drdz 
(A)  (B) 

f  h  2 

*  2K  J h  ( r1p(z)  «m>x<u>x)ri-  r0p(z)  ( <m>x<u>x)fo)  dz 

(C) 
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(3.3) 


* 2K  JV  (  rip(z>  ( <m’«-‘*>x)ri-  r0p(z)  ( <m,u,)X)f(j)  dz 
(D) 

-  2  it  J^1  r  ( p(h2)  <w>h2<m>h2*  P(hi)  <w>Jj<m>i))  dr 

(£) 

-  2ii  J  1  r  ( p(h2>  (w'm’)h2  *  p(h  0  (w’m')^)  dr 

to 

(F) 


and 


M  =  /h 2  /  1  rpm  dXdrdz 

J  h  i  J  r  o  J  0 


(3.4) 


where  u  and  v  are  the  radial  and  tangential  components  of 
the  velocity,  respectively,  •  m  =  rv,  <  >  represents  the 
circular  mean  and  <  >'  denotes  the  deviation.  Here  (A)  and 
(B)  represent  the  mean  and  eddy  Coriolis  torque,  respec¬ 
tively;  (C)  and  (D)  represent  the  mean  and  eddy  horizontal 
flux  of  the  angular  momentum  and  (E)  and  (F)  represent  the 
mean  and  eddy  vertical  flux  of  the  angular  momentum.  In 
the  present  model  study,  h^  (=13700  m)  and  h2  (=14700  m) 
are  approximately  the  height  of  .the  bottom  and  top  of  the 
outflow  layer.  Using  Equation  3.3,  the  angular  momentum 
budget  for  the  model  tropical  cyclone  at  96  hour  is  com¬ 
puted  and  shown  in  Table  3.1,  along  with  the  mean  storm 
value  given  by  Palmen  and  Riehl  (1957)  and  Pfeffer  (1958). 
The  eddy  Coriolis  torque  makes  a  positive  contribution  in 
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.  integration  depth  =  1000  m  (13700  m  —  14700  m) 
.  integration  depth  =  whole  upper  layer 


the  present  budget  study,  reflecting  that  the  strongest 
radial  velocity  occurs  to  the  north  of  the  tropical  cyclone 
where  f  is  large.  This  means  that  the  strongest  outflow  oc¬ 
curs  north  of  the  tropical  cyclone  where  the  entrance 
region  of  the  outflow  jet  is.  The  mean  Coriolis  torque  make 
a  negative  contribution  which  shows  the  fact  that  mean 
radial  velocity  is  positve  (outward)  in  tne  outflow  layer. 

For  the  outer  region  (r  >  300  km)  in  the  outflow 
layer,  tne  horizontal  eddy  momentum  flux  becomes  more  im¬ 
portant,  as  compared  to  the  inner  region  (r  <  300  km). 
This  is  because  of  the  existence  of  asymmetric  outflow  in 
the  outer  region.  The  eddy  momentum  flux  in  the  model  con¬ 
tributes  29.8  X  1022  g  cm"2  s-2  as  compared  to  17.9  X  1022 
g  cm-2  s“2  contributed  by  the  mean  momentum  flux.  This 
again  underscores  the  highly  asymmetric  nature  and  the 
dominance  of  the  jet  m  the  outflow  layer.  In  the  present 
study,  it  shows  that  the  vertical  momentum  flux  is  rela¬ 
tively  unimportant  in  the  momentum  budget  of  the  outflow 
Jayer.  The  differnce  of  the  vertical  eddy  and  mean  momentum 
flux  between  the  present  and  the  previous  budget  studies 
probaoly  because  the  diffenernce  of  the  integration  depth. 
The  intergration  depth  in  Palmen  and  Riehl  (1957)  and  Pfef- 
fer  (  1958  )  studies  was  roughly  from  500  mb  to  the 
tropopause,  while  is  only  1000  m  (from  13700  m  to  14700  m) 
in  the  present  study. 
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3.3  Trajectories  of  the  Released  Particles 


3.3.1  Purpose  and  Methodology 

The  purpose  of  generating  trajectories  by  tracing  the 
released  particles  is  to  figuratively  and  qualitatively  il¬ 
lustrate  the  air  motion  and  the  circulation  patterns  in  the 
tropical  cyclone.  In  particular,  for  this  study,  the  trace 
trajectories  may  help  to  elucidate  the  origin  of  the  air  in 
the  outflow  jet  in  a  three  dimensional  space.  By  tracing 
tne  trajectories,  we  may  also  be  able  to  isolate  the  physi¬ 
cal  processes  in  the  development  of  the  outflow  jet.  For 
example,  the  trajectories  may  be  able  to  indicate  whether 
the  air  in  the  outflow  jet  is  mainly  originated  from  the 
lower  troposphere  and  transported  upward  by  the  eye  wall 
convection,  or  formed  by  the  entrainment  of  the  air  parcels 
from  the  upper  troposphere. 

More  tnan  200  air  particles  are  released  at  the  ini¬ 
tial  time.  All  particles  are  initially  located  at  three 
pressure  levels:  950  mb,  500  mb  and  150  mb.  At  the  950  mb 
and  150  mb  level,  the  partictes  are  distributed  on  six 
rings  concentric  with  the  center  of  the  the  initial  vortex 
with  tne  radii  of  20,  100,  300,  500,  1000  and  1500  km.  At 
tne  500  mb  level,  the  particles  are  distributed  on  three 
rings  witn  tne  radii  of  200,  300  and  500  km.  The  details 
of  tne  initial  distribution  of  the  particles  are  listed  in 
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Tanle  3.2.  Choice  of  the  radius  of  each  ring  is  based  on 
the  size  of  the  model  tropical  cyclone  and  the  eye  wall  and 
to  provide  a  desirable  distribution  of  the  particles  inside 
the  eye  wall,  the  outer  region  of  the  tropical  cyclone  and 
the  intermediate  region.  As  listed  in  Table  3.2,  the  20 
and  100  km  rings  are  inside  the  eye  wall,  because  the 
radius  of  the  eye  wall  of  the  model  tropical  cyclone  is 
roughly  150  km.  The  300,  500  and  1000  km  are  in  the  inter¬ 
mediate  region.  The  1500  km  ring  is  in  the  outer  region  of 
the  tropical  cyclone.  The  pressure  levels  of  950  mb,  500  mb 
and  150  mb  can  approximately  represent  the  inflow,  non- 
diveryent  ana  outflow  layer,  respectively. 

Since  the  position  of  each  particle  is  not  exactly  on 
tne  grid  point,  a  bi-linear  and  a  linear  interpolation 
techniques  are  used  to  interpolate  the  horizontal  and  ver¬ 
tical  velocity  for  each  particle,  respectively.  The  posi¬ 
tion  of  each  particle  (  4>n  ( i  ) ,  &n(i  ),  Pn(i))  are  then 
used  along  with  the  interpolated  velocity  (un(i),  vn(i), 
-*»n(i))  and  the  Euler-forward  scheme  to  calculate  the  new 
position  of  each  particle  at  the  next  time  step.  Here, 
4>  and  9  are  the  longitude  and  latitude,  respectively,  P,  the 
pressure,  n,  the  n-th  time  step  and  i  =  1,  2,  3,  -  rep¬ 
resenting  each  particle.  The  displacement  of  each  particle 
at  each  time  step  is  given  by 
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particles  ore  only  in  the  Nil!  quadrant. 


AX  =  Un(i)  At 
Ay  =  vn(i)  At 
A  P  =  ©n(i)  At 


(3.5) 


ana  the  new  location  of  each  particle  by 


<t>nt1(i)  =  + 


hx(6nO))Ax 


®n+lO)  =  e^i)  + 


Ay(i) 


hy(0n(i))Ay 


(3.6) 


Pn+iO)  =  Pn0)  +  AP(i) 


where  hx  and  ny  are  map  factors,  Ax  and  Ay  are  one  half  de¬ 
cree  longitude  and  latitude  distance  at  equator,  respec¬ 
tively.  Tne  particle  positions  are  stored  every  three  time 
steps. 


3.3.2  Trajectories 

Figure  3.11  shows  the  trajectories  at  96  hour  of  the 
particles  released  at  950  mb  level.  All  the  particles 
released  at  the  20  Xm  radius  are  trapped  inside  the  cyclone 
center,  moving  up  slowly  and  following  the  cyclone's 
northwest  drift.  Their  trajectories  form  a  group  pointed  by 
arrow  A  in  Figure  3,11.  For  the  particles  released  at  the 
100  xm  radius,  the  trajectories  are  similar  to  those  formed 


53 


Figure  3.11  Tra3ect0ri.es  of  the  particles  released  at  950 
mb.  A  and  B  indicate  the  trajectories  of  the 
particles  released  at  20  and  50  km, 
respectively . 


by  the  particles  released  at  20  km  radius  except  they  reach 
nigner  altitudes  (see  arrow  B  in  Figure  3.11).  This  is  be¬ 
cause  these  particles  are  closer  to  the  eye  wall  convection 
where  tne  vertical  velocities  are  stronger.  As  discussed 
before,  the  radius  of  the  eye  wall  is  about  150  km  in  this 
model  tropical  cyclone.  Although  the  eye  of  the  tropical 
cyclone  is  poorly  resolved  due  to  the  coarse  horizontal 
resolution  of  the  model,  these  particles  released  at  this 
two  radii  (20  and  100  km)  are  generally  inside  a  region 
with  slow  updraft  or  downdraft  in  the  middle  of  the  convec¬ 
tion  surrounding  the  storm  center. 

Particles  released  at  the  radii  of  300  and  500  km  are 
inside  the  influence  of  the  cyclone  and  produce  very  dif¬ 
ferent  trajectories.  At  first,  they  move  horizontally  and 
cyclonically  toward  the  eye  wall  region,  where  they  begin 
to  rise.  Once  they  reach  the  outflow  layer,  at  about  150 
mb,  they  turn  anticyclonically  and  move  outward.  Some  of 
the  particles  join  the  outflow  jet. 

The  particles  released  at  950  mb  level  at  radii  of 
1000  and  1500  km  are  far  away  from  the  cyclone  center  and 
show  little  movement.  The  particles  released  northwest  of 
the  cyclone,  which  are  originally  ahead  of  the  cyclone, 
eventually  converge  into  the  central  region  and  move  up¬ 
ward.  Conversely,  the  particles  to  southeast,  originally 
behind  the  cyclone,  slowly  move  cyclonically  around  cyclone 
and  fail  to  move  into  the  central  region. 
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As  shown  in  Figure  3.13,  there  is  a  sinking  motion  in 
the  outflow  jet.  For  example,  the  pressure  level  of  a  par¬ 
ticle,  which  is  incluaed  in  the  jet,  is  100  mb  at  the 
entrance  region  and  sinks  to  300  mb  at  the  exit  region. 

Figure  3.14  shows  the  combined  trajectory  plot  of  all 
the  particies.  This  plot  gives  us  a  general  picture  of  the 
circulation  in  and  around  a  tropical  cyclone  system.  The 
converging  air  moves  around  the  inner  convective  region 
cyclonically  ana  moves  upward  in  the  strong  convection. 
Once  the  air  reaches  the  outflow  layer  (about  150  mb 
height),  it  starts  to  diverge  in  an  anticyclonic  motion. 
The  trajectories  also  illustrate  that  the  outflow  layer  is 
confined  between  100  and  300  mb.  In  the  outflow  layer,  a 
outflow  jet  dominates  the  outflow  and  most  of  the  particles 
are  transported  outward  by  this  outflow  jet.  It  is  also 
apparent  from  these  trajectories  that  the  flow  in  the  inner 
raaii  of  a  few  hundred  kilometers  is  cyclonic,  in  agreement 
with  tne  previous  observations  (Black  and  Anthes ,  1971; 
fciemil,  1984). 
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4.  Response  of  a  Tropical  Cyclone  to  Large-Scale  Forcing 
in  the  Upper  Troposphere 

As  discussed  in  Chapter  1,  there  are  several  favorable 
situations  for  the  intensification  of  a  tropical  cyclone. 
The  first  one  is  when  the  outflow  jet  joins  a  westerly  jet 
(Chen  and  Gray,  1984;  Merrill,  1984).  The  second  is  when  a 
tropical  cyclone  moves  below  an  upper-tropospheric  ridge. 
The  third  situation  is  when  a  tropical  cyclone  approaches  a 
TUTT  (Tropical  Upper-Tropospheric  Trough)  from  a  location 
east  of  the  TUTT  (Sadler,  1976,  1977;  Steranka  et  al., 
1986;  Rodgers  et  al.,  1987). 

For  the  first  situation,  it  is  observed  that  the  join¬ 
ing  of  the  outflow  jet  with  a  westerly  jet  serves  to  in¬ 
crease  the  efficiency  of  moving  the  air  mass  from  the 
central  region  of  a  tropical  cyclone  to  the  westerly  jet. 
This  appears  to  intensify  the  deep  convection  in  the 
central  region  of  a  tropical  cyclone  (Merrill,  1984).  For 
J;ne  second  situation,  the  effect  of  the  overlapping  of  the 
upper-tropospheric  ridge  and  the  tropical  cyclone  is  to 
furnish  a  large-scale  divergent  'flow  pattern  on  the  top  of 
a  tropical  cyclone.  This  would  increase  the  mass  diver¬ 
gence  in  tne  upper  layer  of  a  tropical  cyclone.  Increase 
of  the  mass  divergence  in  the  upper  layers  would  act  to  in¬ 
crease  the  mass  convergence  in  the  lower  layers  resulting 
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in  the  increase  of  tne  deep  convection  in  the  central 
region  of  a  tropical  cyclone.  This  process  would  then 
result  in  the  intensification  of  the  tropical  cyclone. 

Two  numerical  experiments  have  been  conducted  to  test 
the  response  of  the  model  tropical  cyclone  to  the  upper- 
tropospheric  forcing.  In  Experiment  1  of  this  numerical 
study,  tne  jet  is  accelerated  oy  a  relaxation  method  to 
simulate  the  situation  of  tne  joining  of  the  outflow  jet 
witn  a  westerly  jet.  In  Experiment  2,  the  total  wind  at 
the  top  of  tne  model  tropical  cyclone  is  increased  to  simu¬ 
late  the  superposition  of  a  ridge  over  the  tropical 
cyclone . 

For  both  the  experiments,  one  more  term  is  added  to 
eacn  of  the  x-  and  y-direction  momentum  equations.  The 
momentum  equations  (2.1)  and  (2.2)  then  become: 


dPsu 

dt 


+  *Ps(Uref  '  U) 


(4.1) 


dPsv 

dt 


+  ^Ps  (v«f  *  v) 


(4.2) 


wnere  1/A  is  the  e-folding  time  and  the  uref  and  vre£  are 
the  speeds  which  the  u  and  v  are  nudged  to.  The  forcing 
starts  from  72  hour  for  48  hours. 
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For  Experiment  1,  A  is  taxen  to  be  equal  to  0.5f  and 
tne  uref  and  vref  are  equal  to  twice  of  their  respective 
values  at  72  hour  (i.e.  2u(t  =  72  hr)  and  2v(t  =  72  hr)), 
respectively.  The  region  of  the  forcing  is  restricted  at 
the  second  level  (  a  =  0.15)  of  the  model  and  only  where  the 
wind  speed  is  greater  than  20  ms-*. 

For  Experiment  2,  A  is  also  equal  to  0.5f  and  the  uref 
and  vref  are  equal  to  2u(t  -  At)  and  2v(t  -  At),  respec¬ 
tively.  That  is  the  ^-ef  and  vre£  are  equal  to  u  and  v  at 
the  previous  time  step.  So,  the  ure£  and  vref  are  time  de¬ 
pendent  in  Experiment  2,  while  they  are  time  independent  in 
Experiment  1.  For  simulating  the  superposition  of  an 
upper-tropospheric  ridge  over  the  tropical  cyclone,  the 
Equations  4.1  and  4.2  are  used  only  at  <?  -  0.15,  0.25  and 
0.35,  respectively,  and  in  the  region  inside  a  5°  latitude 
radius  ring  wnich  is  concentric  witn  the  cyclone  center. 

Tne  models  in  both  the  experiments  are  integrated  for 
48  hours  starting  from  72  hour.  Figure  4.1  snows  the  mini¬ 
mum  pressure  change  witn  time  for  (a)  the  control  tropical 
cyclone  (line  A);  (b)  the  tropical  cyclone  in  Experiment  1 
(line  B);  and  (c)  the  tropical,  cyclone  in  Experiment  2 
(line  C).  It  shows  that  the  tropical  cyclone  in  Experiment 
1  just  deepens  slightly  more  than  the  control  experiment 
and  the  tropical  cyclone  in  Experiment  2  deepens  by  as  much 
as  10  mb  at  120  hour. 
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MIN  PRESSURE. 


H0UR 


Figure  4.1  Variation  of  the  minimum  surface  pressure  with 
time.  A  represents  the  control  model  tropical 
cyclone.  B  and  C  represent  Experiment  1  and  2, 
respectively. 
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Figures  4.2,  4.3  and  4.4  show  the  time  variation  of 
the  maximum  precipitation  rate  and  the  maximum  wind  speed 
at  =  0.15  (level  of  outflow  layer)  and  at  <r  =  0.95, 
respectively.  Figure  4.2  shows  that  the  deep  convection  in¬ 
creases  by  a  significant  amount  in  Experiment  2,  while  only 
a  slight  increase  is  noticed  in  Experiment  1.  The  maximum 
wind  speed  at  a  =  0.15  (Figure  4.3),  which  always  occurs  in 
the  outflow  ]et,  increased  in  both  experiments,  while  the 
maximum  speed  at  <f  =  0.95  (Figure  4.4)  increased  only  in 
Experiment  2 . 

The  result,  that  tne  maximum  wind  speed  increases  near 
the  surface,  can  always  indicate  the  intensification  of  the 
tropical  cyclone.  So,  these  four  figures  (Figures  4.1, 
4.2,  4.3  and  4.4)  indicate  that  the  tropical  cyclone  is 
only  intensified  in  Experiment  2. 

The  mass  divergence  pattern  in  doth  the  experiments 
can  provide  more  evidence.  The  total  mass  divergence  in 
each  layer  (for  K  =  1  to  10)  is  calculated  using 


^<V.V)0dA 


(4.3) 


where  A  is  a  closed  region  (see  Figure  4.5). 


Iinx.  CONVECTIVE  PRECI .  RATE. 


Figure  4.2  Same  as  Figure  4.1  except  for  the  maximum 
convective  precipitation  rate. 
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nnx.  WIND  SPEED  AT  SIGMA=0.95. 


Figure  4.4  Same  as  Figure  4.1  but  for  the  maximum  wind 
speed  at  siyma  =  0.95. 
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(ICEN-10,  JCEN+10)  (ICEN+10,  JCEN+tO) 


Region  A 


Figure  4.5  The  close  region  A  for  equation  4.3.  (ICEN, 

JCEN)  is  tne  grid  point  which  is  closest  to  the 
cyclone  center. 
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Figures  4.6  and  4.7  snow  the  mass  divergence  profiles 
at  96  and  120  hours,  respectively.  At  96  hours,  the  mass 
divergence  in  the  upper  layer  and  the  mass  convergence  in 
the  lower  layer  both  increased  to  about  6-7  x  lO1^  gs-*  in 
Experiment  2,  while  the  mass  divergence  in  the  upper  layer 
is  slightly  decreased  and  the  mass  convergence  did  not  in¬ 
crease  in  Experiment  1.  At  120  hours,  for  Experiment  2, 
the  mass  divergence  in  the  upper  layer  and  the  mass  conver¬ 
gence  in  the  lower  layer  remains  greater  than  those  in  the 
control  tropical  cyclone,  but  the  difference  is  slightly 
smaller  than  that  at  96  hours.  For  Experiment  1  at  120 
hours,  the  maximum  mass  convergence  occurs  at  »  =  0.15  in 
addition  to  the  low  level  convergence  ( *  =  0.95),  while  the 
maximum  mass  divergence  occurs  at  v=0.25.  This  may  indi¬ 
cate  that  the  outflow  jet  has  its  part  of  origin  from  its 
surrounding  area  instead  of  from  the  lower  levels  of  the 
tropical  cyclone,  this  may  also  be  a  numerical  problem  due 
to  the  single  layer  nudging  in  Experiment  1. 

Results  from  both  experiments  suggest  that  the  super¬ 
position  of  a  tropical  upper-tropospheric  ridge  over  a 

N 

tropical  cyclone  is  a  favorable  situation  for  the  inten¬ 
sification  of  a  tropical  cyclone.  Model  results  suggest 
that  the  imposed  upper-tropospheric  divergence  causes  an 
increased  mass  divergence  in  the  upper  layer  and  an  in¬ 
creased  deep  convection  in  the  central  region,  and  thus  in¬ 
crease  the  mass  convergence  in  the  lower  layers  of  the 
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tropical  cyclone.  This  study  also  indicates  that  the  maxi¬ 
mum  intensity  change  (based  on  the  decrease  of  the  minimum 
surface  pressure)  of  the  tropical  cyclone  is  found  to  occur 
at  aoout  33  nours  after  the  upper-tropospheric  ridge  has 
been  superimposed  over  the  tropical  cyclone  (see  Figure 
4.1).  This  result  agrees  well  wit.,  a  previous  satellite 
observational  study  oy  Rodgers  et  al.  (1987). 


5.  Summary  and  Conclusion. 


A  model  tropical  cyclone  is  generated  to  study  the 
outflow  structure  of  a  tropical  cyclone.  The  model  tropi¬ 
cal  cyclone  reaches  a  quasi-steady  state  with  a  central 
pressure  at  984  mb  and  a  maximum  surface  wind  of  20  ms~*. 
The  anticyclcmc  outflow  is  strongest  at  about  150  mb.  The 
outflow  is  dominated  oy  a  narrow  and  3000  km  long  jet, 
which  is  well  defined  and  organized,  originating  from  an 
area  north  of  the  storm  and  extending  to  the  southwest  of 
the  storm  with  a  maximum  wind  speed  of  33  ms'^ .  The 
cross-section  analyses  of  the  outflow  jet  show  that  there 
is  a  secondary  circulation  around  the  outflow  jet  in  the 
jet's  entrance  region.  This  secondary  circulation  has  an 
ascending  branch  inside  the  jet  (i.e.  closer  to  the 
cyclone  center)  and  a  descending  branch  outside  the  jet. 
The  secondary  circulation  appears  to  be  thermally  direct, 
and  it  acts  to  decrease  the  temperature  gradient  across 
the  outflow  jet. 

The  angular  momentum  budget  study  shows  that  the 
horizontal  eddy  momentum  flux  associated  with  the  jet  is 
more  important  in  the  outer  region  (r  >  300  km)  than  in 
the  inner  region  (  r  <  300  km)  of  the  outflow  layer.  The 
contrioution  of  the  horizontal  eddy  transport  of  angular 
momentum  is  approximately  twice  of  the  mean  transport. 
This  underscores  the  highly  asymmetric  nature  and  the 
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dominance  of  the  jet  in  the  outflow  layer.  This  result 
agrees  with  the  previous  observations  (Palmen  and  Riehl, 
1957;  Pfeffer,  1958;  Black  and  Anthes,  1971). 

To  study  how  the  upper  tropospheric  forcings  affect 
tne  tropical  cyclone  intensification,  two  numerical  ex¬ 
periments  have  been  conducted.  In  Experiment  1,  the  out¬ 
flow  jet  is  accelerated  artificially  to  simulate  the 
situation  vhen  the  outflow  jet  joins  with  a  westerly  jet. 
In  Experi.r..-n"  2,  the  total  circulation  including  the  rota¬ 
tional  and  divergent  component  of  the  tropical  cyclone  in 
the  upper  levels  is  increased  to  simulate  the  superposi¬ 
tion  of  an  upper  tropospheric  ridge  over  the  tropical 
cyclone.  In  Experiment  1,  the  response  of  the  model  tropi¬ 
cal  cyclone  is  small.  In  Experiment  2,  the  model  tropical 
cyclone  deepens  by  10  mb  in  24  hours.  These  results  sug¬ 
gest  that  the  superposition  of  an  upper  tropospheric  ridge 
over  a  tropical  cyclone  is  a  favorable  condition  for  the 
intensification  of  a  mature  tropical  cyclone.  Further 
numerical  experiments  are  needed  to  determine  more  detail 
mechanisms  of  how  tne  upper  tropospheric  forcings  affect 
the  tropical  cyclone. 

This  numerical  study  focus  on  the  outflow  layer  and 
the  outflow  jet  of  an  idealized  tropical  cyclone.  It  also 
shows  the  ability  of  the  mesoscale  numerical  model  in 
simulating  the  outflow  jet  with  some  realistic  features. 
Future  studies  can  be  done  by  adding  the  two-sided  shear 
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environment  into  the  model.  Simulation  of  an  actual 
cyclone  and  its  outflow  jet  interacting  with  synoptic 
scale  features  will  also  be  of  interest  in  the  future. 
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A  Review  and  Comparative  Evaluation  of  Multilevel  Boundary  Layer 
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A  Review  and  Comparative  Evaluation  of  Multilevel  Boundary 
Layer  Parameterizations  for  First-Order  and  Turbulent 
Kinetic  Energy  Closure  Schemes 

Teddy  Holt  and  Sethu  Raman 
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Multilevel  parameterizations  of  the  atmospheric  boundary  layer  using  first-order  and  turbulent  kinetic 
energy  (TKE)  closure  schemes  are  reviewed.  Eleven  schemes,  chosen  as  representative  of  both  first-order 
and  TKE  closure,  are  then  used  for  comparison  in  a  one-dimensional  barotropic  planetary  boundary 
layer  model.  TKE  closure  schemes  evaluated  are  the  E-c  schemes  in  which  eddy  viscosity  Km  is  deter¬ 
mined  from  turbulent  kinetic  energy  and  energy  dissipation  £  and  the  I  model  schemes  in  which  K„  is 
determined  from  TKE  and  mixing  length  /.  Comparison  of  model  simulations  of  mean  and  turbulence 
structure  for  first-order  closure  and  TKE  closure  schemes  to  observational  data  (MONEX79)  is  given. 
The  two  main  conclusions  drawn  from  this  comparison  are  that  (I)  the  mean  structure  of  the  boundary 
layer  is  fairly  insensitive  to  the  type  of  closure  scheme,  given  that  the  scheme  properly  accounts  for 
turbulent  boundary  layer  mixing,  and  (2)  TKE  closure  is  preferable  to  first-order  closure  in  predicting  the 
overall  turbulence  structure  of  the  boundary  layer.  Among  the  TKE  schemes  compared  in  this  paper,  the 
modified  Detering  and  Etling  (1985)  scheme  is  preferred. 


I.  Introduction 

Much  has  been  written  in  recent  years  concerning  modeling 
and  parameterizations  of  the  planetary  boundary  layer  (PBL), 
particularly  in  review  werks  [e.g..  Blackadar.  1979.  Me  Bean  el 
al .  1979-  Wyngogrd,  1982,  Panofsky  and  Dutton.  1984],  How¬ 
ever.  little  has  been  resolved  in  terms  of  development  of  im¬ 
proved  pai-stflcterizatioiis  or  the  direction  and  future  progress 
of  PBL  parameteriza'ton  schemes  as  they  relate  to  numerical 
weather  prediction  The  effects  of  (he  boundary  layer  can  be 
incorporated  inti)  a  large-scale  model  in  two  ways,  as  first 
diicussed  by  Clark  [I970J  and  Qeardorff  [1972].  One  way  is 
to  parameterize  the  entire  PBL  as  one  layer.  This  involves 
identifying  and  relating  unresolvablc  processes  in  the  PBL 
with  resolvable  ones,  The  complexity  of  this  single-layer  PBL 
parameterization  lies  in  the  variety  and  interdependence  of 
atmospheric  processes  acting  on  different  scales.  The  second 
approach,  and  the  one  discussed  in  this  paper,  is  to  include 
several  computational  levels  in  the  PBL  in  order  to  resolve  the 
boundary  layer  structure  effectively  and  explicitly.  Such  multi- 
(evwlPBL  formuialioiisrequire  turbulent  fluxes  of  momentum, 
heat,  and  moisture  at  several  levels  within  the  PBL.  Thus  they 
re/jutre  some  type  of  closure  scheme  to  relate  turbulent  fluxes 
to  mean  quantities. 

Basic  closure  schemes  are-  presently  limited  to  first.  I  j  (or 
tut  buieitt  kinetic  energy),  second,  and  to  a  lesser  extent,  third 
order-  'Second-  arid-  third-order  schemes  involve  more  of  the 
ohysics  of  the -boundary  layer  through  increased  formulation 
and  numerical  complexity.  The  intent  here  is  to  concentrate 
only  on  multilevel  P8L.  parameterizations  as  they  pertain  to 
first-order  and  turbulent  kinetic  energy  (TKE)  closure.  First- 
order  closure  is  '.yell-  documented,  but  there  has  not  been  a 
good  review  of  TKE  closure,  (n  section  2  we  present  a  review 
of  past  work  pn  various  multilevel  parameterizations.  Repre¬ 
sentative  parametecizatto'os  of  the  first-order  and  TKE  closure 
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schemes  are  then  selected  for  comparison  using  a  one- 
dimensional  model. 

Observational  data  of  the  mean  and  turbulent  structure  of 
the  marine  boundary  layer  will  be  compared  to  model  results 
in  section  3.  The  data  set  used  is  from  the  Monsoon  Experi¬ 
ment  (MONEX79).  It  represents  a  unique  opportunity  to 
study  turbulent  structure  ol  a  marine  boundary  layer  in  a 
region  in  which  relatively  weak  sea  surface  temperature  gradi¬ 
ents  existed.  The  buroclinicity  of  the  region  and  the  effects  of 
the  barotropic  assumption  in  »H«  one-dimensional  ( 1-D)  model 
are  important  and  will  also  be  considered  in  section  3, 

2.  Review  of  Closure  Schemes 
2.1.  First-Order  Closure 

The  closutc  problem  arises  from  representing  the  total  tur¬ 
bulent  flow  in  the  atmosphere  in  terms  of  the  mean  flow.  The 
fundamental  concern  is  not  to  introduce  more  unknowns  into 
the  equations  describing  the  atmosphere  such  that  the  number 
of  unknowns  exceeds  the  number  of  equations.  The  principle 
behind  the  simplest  way  of  closing  the  system  of  equations, 
first-order  closure,  as  originally  proposed  by  Boussinesq 
[1877].  is  to  model  turbulent  transfer  as  molecular  transport 
as  follows: 

— (i7vT,  nv)  =  Km(£U/c:,  cVjdz) 

-(w0)  =  K^cQ/cz)  (I) 

~M)  =  KJcQ/d z) 

where  ilw.  nv,  ivfl,  and  wq  represent  vertical  turbulent  fluxes 
and  Kn,  Kh,  and  K,  arc  eddy  viscosity  coefficients  of  momen¬ 
tum.  heat,  and  moisture,  respectively.  This  is  the  fundamental 
premise  of  first-order  closure,  that  these  unknowns,  turbulent 
fluxes  mv.  nv,  etc.  (for  first-order  closure)  are  related  to  mean 
vertical  gradients  by  an  eddy  viscosity  coefficient  K  which  is  a 
property  of  the  turbulent  flow.  It  is  this  eddy  viscosity  coef¬ 
ficient  which  must  account  for  the  complexities  of  turbulence. 
The  problem  of  first-order  closure  is  then  effectively  reduced 
to  the  problem  of  resolving  K,  and  this  is  the  problem  ad¬ 
dressed  here. 
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TABLE  I.  K  Profiles 


O'Brien  (19701 

Yamamoto  et  at. 
(1973) 

Orlanski  et  ai.  (I974| 


Basinger  end  Area 
(1974] 

Pielke  and  Mahrer 
[1975] 


Bros t  and  Wvnguard 
(1978) 


K  Profile 

K„  =  Kth)  +  ((z  -  -  z,)J]{rt(z,)  -  KOi) 

+  (z  -  z,)(d Kldz,  +  (2 <K(z,)  -  KUi)Wh  -  z,)|]} 
K„  -  krr[S  *  («/9iaOTzi)'--| 

Km  =  k'z:[S  -  iU2z){crg/6  rimt)'1'] 

K„  =  K0[\  *  C(-gl «tAz)»/©AT„  1.„>*  i) 

Km  =  Kn 


Km  =  kztt,  exp  (-/zl  (/.')/( I  +  BzIL) 

Km  =  K(h\  +  ((z  -  h)'-Mi  -  z.H-’UWzJ  -  KOt)\ 

+  (z  -  z,)[dKldz,  +  <2(A.'(z,)  -  KUiMh  -  z,)))j 
K„  =  Kilt) 

K„,  =  (z//i)rt(z,) 

Km  *  fzt/.t  I  -  z//il' :( I  +■  pz/L r1 


Range  of 
Validity 

all-rtf 
z,  <  z  <  /i 

ittildz  <  0 
Att'Oz  >  0 
A0<  0 
A0£  0 


z,  <  z  <  It 


Constants 


=  (((t(/'dz):  -  ini  6z):] 
(T  =  15 

=  0.0093  m;  s  •; 

C  =  0.1; 

Az  is  local  vertical  grid 
size; 

10  is  local  0  difference 
I'd  =  0.0093  m:  s'1 
B  =  4;- 


(3  «  4.7 


For  completeness  we  include  simplified  equations  of  the 
one-dimensional  PBL.  neglecting  horizontal  advection  terms 
and  considering  only  vertical  turbulent  exchange; 


_  I  cP 


(tm) - ~ 

P  cx 


cl'  c  I  cP 

—  +  /!=-  —  If")  -  -  --  (2) 

ft  cz  p  cy 


CQ 

tt 


where  uppercase  values  C.  F.  0.  and  Q  represent  mean  values 
of  east-west  and  north-south  wind,  potential  temperature,  and 
humidity,  respectively.  Lowercase  values  denote  deviations 
from  the  mean,  incorporating  the  eddy  viscosity  concept  <H 
along  with  geostrophic  winds  (L'4.  yields  a  set  of  snore 
easily  modeled  equations: 


K> 


cV_ 

cl 


flU  -  L\) 


(31 


ct 


where  K f  is  assumed  equal  to  Kh. 

Modeling  of  the  lowest  ICO  m  of  the  atmosphere  is  best 
accomplished  by  making  use  of  surface  layer  theory.  Effective 
and  efficient  parameterization  schemes  based  on  Monto- 
Obukhov  similarity  are  widely  used  for  the  surface  layer  (sec. 
for  example,  Panojsky  mtd  Dutton  [1984],  Pielke  [1984],  and 
Arya  [1977])  and  will  not  be.  expounded  upon  here.  Instead 
we  focus  only  on  the  bulk  of  the  boundary  layer  away  from 
the  surface.  It  is  this  region  in  which  nonstationarity  and  inho- 


2.1.1.  K  profile  approach.  The;  simplest  and  oldest  ap¬ 
proach  to  first-order  closure  is  to  specify  a  K  profile  in  which 
K  is  a  constant.  These  constant  K  models  are  easily  solved 
analytically  [_Ekir.cn.  1905],  but  physically  they  are  not  well 
representative  of  the  boundary  layer  as  could  be  expected 
from  their  simplicity  [Krishna.  1980].  A  more  physically  real¬ 
istic  approach  is  to  prescribe  a  K  profile  which  varies  with 
height.  Thus  K  is  allowed  to  depend  on  heighr,  thermal  stabil¬ 
ity.  local  gradients  of  potential  temperature,  etc.  Numerous 
authors  including.  O'Briert  [1970],  Yamamoto  et  ai.  [1973], 
Basinger  and  W/i  [1974],  Orlanski  et  al ,  [1974],  Pielke  and 
Mtihrer  [1975].  Deardorff'[i9~5].  Bros/  and  Wyngaard  [1978], 
and  Bodm.  [I960]  have  considered  this  appcoich  to  study  a 
»uricty  of  atmcaphertc  conditions. 

In  the  steady,  horizontally  homogeneous  stable  boundary 
layer.  Brost  and  VI  i  ngaard  [1978]  parameterized  K  based  on 
surface  layer  and  mixed  layer  scaling,  while  Basinger  and  -Iryu 
[1974]  used  a  scheme  in  which  K  adjusts  asymptotically 
throughout  the  boundary  layer  (see  Tabic  (  for  a  description 
of  K  profile  schemes).  For  more  general  atmospheric  con¬ 
ditions,  O'Brien  [1970]  suggested  a  scheme,  still  used  by  some 
[see  Tapp  and  White.  1 976].  in  which  K  is  obtained  from  a 
third-order  polynomial  determined  by  specified  boundary  con¬ 
ditions  at  the  top  of  the  boundary  layer  (ft)  and  at  the  top  of 
the  surface  layer 

Others  have  sued  schemes  which  utilized  different  subgrid 
scale  parameterizations.  such  as  that  given  ’oy  Deardorff 
[1974],  Orlanski  et  al,  [-1974]  used  a  simplified  two- 
dimensional  |2-D)  version  of  '  Deardorff ’s  [1974]  three- 
dimensional  (3-D)  numerical  model  and  specified  K  pro¬ 
portional  only  to '  local  vertical  gradients  of  potential  temper¬ 
ature.  Deardorff  [1975]  used  a  similar  approach  but  with  K 
proportional  to  the  local  turbulent  energy.  Yamamoto  et  al. 
[1973]  assumed  K  proportional  to  both  vertical  wind  shear 
and  vertical  gradients  of  potential  temperature.  Pielke  and 


mogeneity  often  dominate  thatds  most  difficult  to  model.  In 
this  region,  first-order  closure  schemes  can  be  divided  into  two 
groups;  one  in  which  mixing  length  (!)  parameterizations  are 
used  to  determine  K  and  one  in  which  mixing  length  is  not 
used.  We  first  consider  those  parameterizations  which  do  not 
utilize  the  mixing  length,  approach  but  instead  describe  a  K 
profile. 


Mahrer  [1975]  combined  O'Brien's  [1970]  formulation  with 
Deardorjf's  [1974]  prognostic  equation  for  PBL  height  h  to 
better  resolve  boundary  layer  growth. 

All  of  these  first-order  schemes  are  relatively  simple  in  that 
they  require  only  routinely  measured  or  model  resolvable 
meteorological  variables  to  explicitly  determine  K.  Thus  K 
profiles  are  specifically  determined  by  parameters  such  as 


Holt  and  Raman:  Multilevel  Boundary  Layer  Parameterization 


763 


("©/t5:.  z:L.  zih.  etc.,  where  L  is  Monin-Obukhov  length.  This 
is  a  drawback  in  that  these  parameters  are  often  not  good 
indicators  of  the  total  turbulent  flow.  A  slightly  different  ap¬ 
proach  to  this  type  of  determination  of  K  is  an  approach  in 
which  K  is  expressed  in  terms  of  a  mixing  length  /.  such  that 

Km  =  +  (cPr:)2]1 2  (4) 

and  one  must  determine  /  instead  of  K.  This  mixing  length 
approach  will  now  be  considered. 

2.1.2.  Mixing  length  approach.  The  principle  of  a  mixing 
length  in  terms  of  atmospheric  turbulence  dates  back  to  the 
work  of  Prandtl  [1932].  He  reasoned,  from  considerations  of 
eddy  transfer,  that  tn  the  surface  layer,  eddies  move  vertically 
at  velocity  w  and  over  a  distance  /  (or  mixing  length)  in  the 
process  of  adjusting  their  momentum  to  that  of  the  sur¬ 
rounding  fluid.  Blackadar  [1962].  extending  Prandtl’s  mixing 
length  hypothesis,  reasoned  that  /  varied  as  kz  close  to  the 
ground  (where  k  is  von  Karman's  constant)  but  approached 
some  constant  value  7.  at  greater  heights,  i.e.. 

/  =  At.  ( I  4-  kz  A)  (5) 

Blackadar  suggested  7.  equal  to  2.7  x  IO"*|G|,i/|  where  G  is 
the  geostrophic  wind  and,/  is  the  Coriolis  parameter.  Others 
have  used  Blackadar's  parameterization,  or  slight  modifi¬ 
cations  of  it.  in  their  own  schemes  for  determining  K  (see 
Table  2).  For  example.  Carlson  and  Foster  [1986]  used  an 
eddy  viscosity  turbulence  model  in  a  2-D  simulation  of  unsta¬ 
ble  boundary  layer  flow  over  valleys  in  which  mixing  length 
was  Blackadar's  formulation  modified  to  include  stability  ef¬ 
fects.  Earlier  works  [ Karlsson .  1972:  Clarke.  1974:  Estoque 
and  Blmmralkar.  1970]  used  Blackadar's  parameterization 
with  modifications  included  in  K  profiles  to  account  for  stabil¬ 
ity  (Table  2).  D/oloc  [1973]  utilized  a  modified  Blackadar  for¬ 
mulation  by  including  the  stability  function  </>„: 

I  =  kz-  {<t>m  +  At  7.)  (6) 

where  /,  =  4.0  x  10"J|G|,|/|  and  d>„  is  determined  by  the 
usual  Businger-Dyer  relationships.  Delage  [1974]  used  a  local 
Monin-Obukhov  length  approach  and  Bodin  [1976]  a  "neu¬ 
tral''  mixing  length  approach  modified  by  the  depth  of  the 
boundary  layer  to  extend  Djolov's  work  to  the  stable  bound¬ 
ary  layer  Lacser  and  Arya  [1986]  summarized  many  of  these 
works  and  provided  a  review  of  mixing  length  parame- 
terizations  in  the  stably  stratified  nocturnal  boundary  layer. 

Other  parameterizations  of  mixing  length  /  exist.  For  simu¬ 
lating  a  horizontally  homogeneous  stratus-filled  boundary 
layer.  Tag  and  Payne  [1987]  used  a  3-D  PBL  model  that 
incorporated  the  mixing  length  parameterization  first  pro¬ 
posed  by  Rossby  and  Montgomery  [1935].  In  this  scheme.  I  is 
separated  into  a  region  within  the  surface  layer  and  a  region 
above  it.  Mixing  length  is  then  a  function  of  distance  from  the 
surface,  as  wellas  stability,  in  both  regions.  A  scheme  devel¬ 
oped  to  account  for  stability  similar  to  that  of  earlier  authors 
[ Estoque  and  Bhumralkar.  1970:  Karlsson.  1972]  is  a  modified 
Djolov  [1973]  scheme.  In  this  scheme.  /  is  a  function  of  4>m  as 
earlier,  but  now  Kn  is  also  a  function  of  Richardson  number 
(see  Table  2). 

2.2.  Turbulent  Kinetic  Energy  Closure 

An  improvement  to  the  simplicity  of  first-order  closure 
would  be  a  closure  scheme  in  which  more  of  the  physics  of  the 
atmosphere  is  taken  into  account  in  the  formulation  of  the 
eddy  viscosity  coefficient  K.  Such  a  scheme  is  the  turbulent 


kinetic  energy  closure.  It  is  essentially  a  first-order  scheme  in 
that  closure  is  accomplished  by  means  of  (I),  but  the  K  coef¬ 
ficient  is  determined  from  more  involved  and  hopefully  more 
physically  realistic  relationships  given  by  prognostic  equations 
for  turbulent  kinetic  energy  and  energy  dissipation  or  mixing 
length.  This  type  of  closure  is  also  more  economical  as  com¬ 
pared  to  higher-order  closure  schemes.  For  example,  second- 
order  closure  requires  the  integration  of  at  least  15  partial 
differential  equations  when  moisture  is  included.  Simple  first- 
order  closure  generally  requires  only  the  four  equations  given 
in  (3).  TKE  closure  requires  only  two  additional  equations,  a 
totalof  six,  and  thus  provide  a  more  physically  realistic  solu¬ 
tion  to  the  closure  problem  than  does  first-order  closure,  with¬ 
out  the  involved  numerical  complexity  of  second-order  clo¬ 
sure.  Thus  it  is  often  termed  1^-order  closure  [ Mellor  and 
Yamada,  1974]. 

The  foundation  of  TKE  closure  is  the  budget  of  turbulent 
kinetic  energy.  It  is  essentially  a  first-order  closure  scheme,  so 
it  does  involve  the  same  parameterization  of  K  given  in  sec¬ 
tion  2.1.  Here  we  also  consider  the  same  basic  equations  for 
the  description  of  the  atmosphere  as  in  section  2.1  for  consist¬ 
ency.  However,  an  additional  equation  is  introduced  which 
computes  the  turbulent  kinetic  energy  budget  in  the  boundary- 
layer.  For  turbulent  kinetic  energy  E  expressed  as  |u"  +  r 
+  w  -)/2.  the  prognostic  equation  for  TKE  over  a  horizontally 
homogeneous  surface  is  derived  as  (see.  for  example.  Monin 
and  Yaylom  [1971]) 


where  the  first  two  terms  on  the  right-hand  side  (r.h.s.)  repre¬ 
sent  shear  production,  the  third*  term  represents  buoyancy 
production,  the  fourth  turbulent  transport,  and  the  fifth  dissi¬ 
pation  of  turbulent  energy.  In  this  closure  scheme,  several 
terms  on  the  r.h.s.  must  be  parameterized,  the  shear  terms,  of 
cours^  are  related  to  mean  gradients  by  (I).  Similarly,  heat 
flux  wO  in  the  buoyancy  term  is  generally  expressed  as 

-Mi  «  K„\<@  cz  -  )■")  =  K,{rQcr  cz)  (8) 

where  •/,„  (  =  7.0x  10"-*  K.  m)  incorporates  countergradient 
heat  flux  [ Deardorff .  1966].  The  turbulent  transport  term  is 
composed  of  vertical  turbulent  transport  c  cz  (»•£)  and  pres¬ 
sure  transport  f  <":  l/5u\/>).  The  two  terms  arc  generally  includ¬ 
ed  as  one  and  modeled  as  ( Afonin  and  Yaylom.  1971.  Slur. 
1973:  Rodi.  1980] 


where  C  is  a  constant.  Substitution  of  these  parameterizations 
into  (7)  yields 


+  c£(Km7z)~e  (l0) 

Parameterization  of  the  final  term,  energy  dissipation  c.  can  be 
achieved  either  diagnostically  or  prognostically  and  will  be 
considered  in  the  following  sections. 

To  organize  and  to  clarify  the  different  TKE  closure 
schemes,  we  now  separate  them  into  three-  basic  model 
schemes  based  on  the  prognostic,  variables  considered.  Basic 
equations,  assumptions,  and  recent  work  on  each  parame¬ 
terization  willthcnbe  evaluated. 


a,  -» ELu*lr'vwll  +  t"8}c‘T->cM^l<lf)  ^(E'X).c,  l[-«.£-w  f*+fwe]-c?i^  ['+<=,(£  )l] 


Fig.  I.  Model  parameterizattons  based  on  lurbulem  kinetic  energy  closure. 


The  first  TKE  parameterization  considered  is  the  ‘7  model." 
in  which  mixing  length  /  is  modeled  either  diagnostically  or 
prognostieallv.  The  second  is  the  "£-k  model."  in  which  a 
prognostic  equation  for  e.  is  developed.  The  final  approach 
considered  is  the  ”£-/  model."  in  which  a  prognostic  equation 
for  the  product  £■/  is  used.  This  scheme  is  often  referred  to  as 
</”-/  closure  (or  a  level  2.5  model),  where  (</:  2)  is  the  TKE 
[ Melbrand  Yamada.  1974]  (see  Figure  I). 

2.2.1.  Tin'  I  model.  The  basis  of  the  /  model  is  derived 
from  the  Prandtl-Kolmogorov  hypothesis  [see  Monin  and 
Yiutlom.  1971]  relating  eddy  viscosity  to  turbulent  kinetic 
energy: 

K„  =  CyE1  *  (II) 

Constant  C,  is  taken  as  0.4.  With  turbulent  energy  £  evalu¬ 
ated  by  a  prognostic  equation  (7),  the  determination  of  K  is 
again,  as  in  the  mixing  length  approach,  determined-by  I.  Re¬ 
search  in  /  models  has  been  divided  into  prognostic  versus 
diagnostic  determination  of  the  mixing  length. 

2.2.1. 1.  Diagnostic  determination  of  I:  A  diagnostic  deter¬ 
mination  of  I  by  simple  means  was  given  in  section  2.1.2  for 
mixing  length  parameterization  schemes  such  as  Blackadar’ s 
[1962]  (Table  2).  However,  recent  work  has  sought  to  develop 
diagnostic  relationships  for  /  to  be  utilized  in  TKE  closure 
schemes  which  incorporate  more  of  the  complexities  of  atmo¬ 
spheric  flow.  Duynkerke  and  Drudonks  [1987]  distinguish 
three  different  length  scales  and  use  an  interpolation  between 
the  three  as  the  diagnostic  length  scale.  In  the  surface  layer  the 
length  scale  /„  is  obtained  from  the  modified  Blackadar  formu¬ 
lation  (6)  proposed  by  Djolor  [1973].  The  limiting  value  /.  in 
that  formulation  is  the  second  length  scale.  It  is  used  in  scaling 
the  bulk  of  the  boundary  layer  [ Stellar  and  Yamada .  1974]: 
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and  C,  =  0.36  and  t\’m  is  the  Brunt-Vaisala  frequency.  The 
mixing  length  ultimately  used  by  Duynkerke  and  Driedonks 
[1987]  is  given  as 

/  =  Min  (/„,  /,)  (14) 

Beljaurs  et  al.  [1987]  used  a  simple  mixing  length  closure  in 
a  spectral  finite  dilference  model  to  simulate  neutral  surface 
layer  flow  over  complex  terrain.  They  prescribed  /  in  their 
TKE  closure  scheme  as 

I  =  ki:  +  :„)  (15) 

where  is  the  roughness  length  for  undisturbed  flow.  They 
concluded  that  such  a  simple  mixing  length  parameterization 
was  not  valid  in  attempting  to  simulate  turbulent  flow  under 
inhomogeneous  conditions.  T lurry  and  Lacarrere  [1983]  pre¬ 
scribed  an  expression  for  I  in  terms  of  altitude  and  stratifi¬ 
cation  based  on  the  third-order  closure  scheme  of  Andre  et  at. 
[I°7S]  as  well  as  experimental  data  in  convective  conditions. 


I  CLK 

7: +  h 


-\ 

-  Ini, /», 


The  third  length  scale  (/,)  is  that  for  the  stable  layer,  where 


where  CLK1.  CbK.2.  and  CLK5  are  constants  and  I,  ts  the 
mixing  length  for  stable  conditions  (see  Table  3).  Russell  and 
Takle  [1985]  used  a  modification,  of  Tlwrry  and  Lacarrere’s 
[1983]  formulation  for  /  in  the  evolution  of  the  stable  bound¬ 
ary  layer: 

I  I  I  I 

-  =  —  4-  -  4 - —  (I  /) 

/  k:  /,  ;.(!  -  --//!) 

The  parameterization  of  energy  dissipation  c  in  the  TKE 
budget  plays  an  important  role  in  the  determination  of  mixing 
length.  If  one  chooses  to  use  a  diagnostic  determination  of  /  as 
illustrated  here  (Table  3).  then  ?.  in  the  TKE  budget  (7)  is  an 
unknown  and  must  be  modeled.  The  problem  is  circumvented 
by  using  the  generally  accepted  relationship  of  Kolmoaorov 
[19421: 

e  =  CcEinHt  1 18) 


/  MihIcI 


I‘iti£mriiu  Dcli-i  imitation  of  I 
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where  lt  is  termed  the  dissipation  mixing  length.  Therefore  if 
one  chooses  to  use  a  prognostic  equation  for  mixing  length,  e 
is  no  longer  an  unknown  and  need  not  be  modeled. 

Implementing  (18)  into  the  TK.E  budget  raises  an  interesting 
question.  Examination  of  (II)  and  (18)  indicates  separate 
length  scales  for  eddy  mixing  and  dissipation.  There  has  been 
much  discussion  concerning  the  relationship  between  these 
mixing  lengths  [see  Therry  and  Lacarrere,  1983;  Deleting  and 
Etling,  1985].  Which  length  scale  should  be  used,  and  what  is 
the  relationship  between  the  two?  The  common  assumption  is 
that  the  length  scales  /  and  1,  are  equal.  Therry  and  Lacarrere 
[1983]  examined  several  formulations  of  /,  and  compared 
them  to  experimental  observations  from  the  Air  Mass  Trans¬ 
formation  Experiment  (AMTEX)  as  well  as  model  and  labora¬ 
tory  simulations.  They  considered  the  well-known  formulation 
of  Blackadar  [1962]  as  well  as  formulations  by  Yu  [1976]  and 
Bodin  [1979]  and  concluded  that  none  of  the  formulations 
account  for  the  wide  range  of  stability  encountered  in  the 
atmosphere.  Instead  they  proposed  an  expression  for  /,  which 
agreed  better  with  experimental  results: 


i- 1  CIE1 

1  ~  kz  +  h 


'  1  CLE2N  ,  ,  CLE5 

,e+— hm,+~r 


(19) 


where  CLE1,  CLE2,  and  CLE5  are  constants  and  /,  is  the 
mixing  length  for  stable  conditions.  We  include  in  Table  3 
formulations  for  both  /  and  lt.  Using  a  simplified  rate  equation 
for  tv1  to  obtain  an  explicit  relationship  for  vv^/E,  Therry  and 
Lacarrere  [1983]  derived  a  relationship  between  /  and 


/  =  ( 1  +  |  w(?  IJC.E^l,  (20) 


Thus,  for  convective  conditions,  l  is  larger  than  I,  [ Therry  and 
Lacarrere,  1983]. 

The  range  of  application  using  a  diagnostic  determination 
of  I  emphasizes  the  importance  of  properly  specifying  mixing 
length,  However,  it  is  easy  to  see  that  many  of  these  parame- 
terizations  are  dependent  on  atmospheric  stability  conditions 
and  are  not  applicable  for  a  wide  variety  of  cases.  This,  of 
course,  is  a  drawback  in  the  formulation  of  a  diagnostic  re¬ 
lationship. 

2.2. 1.2.  Prognostic  determination  of  I:  An  alternative  ap¬ 
proach  in  the  I  model  to  determining  mixing  length  by  diag¬ 
nostic  formulation  is  to  allow  /  to  be  time  dependent.  Such  a 
prognostic  equation  of  mixing  length  was  first  formulated  by 
Shir  [1973]  and  Lewellen  and  Teske  [1973]  for  second-order 
modeling.  Busch  et  al.  [1976]  extended  the  prognostic  concept 
to  a  simple  PBL  model.  Similarity  theory  is  used  in  the  surface 
layer,  but  above  the  surface  layer.  Busch  et  al.  [1976]  reasoned 
that  the  evolution  of  mixing  length  should  depend  on  two 
parameters:  (1)  the  strength  of  boundary  layer  mixing 
(characterized  by  friction  velocity  u,  and  convective  velocity 
tv.)  and  (2)  the  difference  between  actual  mixing  length  /  and 
the  value  of  the  mixing  length  for  boundary  conditions  kept 
constant  at  any  given  time  (/,): 


dl  _  (/,  -  l ) 

ci  [//(«. J  +  w,2)1'2] 

where 

l,  =  (k-Ml-z/h)  :  h' 

/,  */,  z  >  h' 


(21) 


(22) 
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TABLE  4.  The  E-c  Model 


Author 

C: 

Constants 

C,  C, 

Q 

Duynkerke  and  Driedonks  (1987) 

0.09 

1.44 

1.92 

0.77 

Beljaars  et  al.  11987) 

0.032 

1.44 

1.92 

0.54 

Stubiey  and  Rooney  (1986) 

0.09 

1.44 

1.92 

0.77 

Detering  and  Etling  (1985) 

0.026 

1.13 

1.90 

0.77 

Modified  Detering  and  Etling 

0.026 

1.90 

0.77 

(1985) 

Marchuk  et  al.  (1977) 

0.08 

1.38 

1.40 

1.0 

For  the  modified  Detering  and  Etling  (1985)  model  Cj  is  I.I3///I. 


and  A'  is  the  height  at  which  /,  equals  the  residual  mixing 
length  /,  (A’  is  taken  as  roughly  A). 

Mailhot  and  Benoit  [1982]  used  the  Busch  et  al.  [1976] 
parameterization  in  a  1-D  finite  element  model  but  deter¬ 
mined  l,  from  Blackadar  [1962]  and  J.  W.  Deardorff  (unpub¬ 
lished  manuscript,  1977)  formulae  for  stable  and  unstable 
boundary  layers,  respectively: 

I,  =  A  [0.3  5^/(1  +  2.50]  stable 

(23) 

/,  =  A(0.35£  +  5.  IC2  —  5.35CJ)  Unstable 
where  £  =  min  (r/A,  I). 

There  exist  relatively  few  prognostic  relationships  for 
mixing  length  used  in  TKE  closure  schemes  because  the  prog¬ 
nostic  equation  for  /  is  better  expressed  as  a  prognostic  equa¬ 
tion  for  energy  dissipation  c.  An  equation  for  c  is  more 
common  because  the  concept  of  energy  dissipation  is  easier  to 
grasp  than  that  of  a  mixing  length.  In  addition,  using  the 
dissipation  equation  as  an  additional  prognostic  equation 
eliminates  the  need  for  parameterizing  e  in  the  TKE  budget. 
This  type  of  formulation  is  referred  to  as  an  E-c  model  and 
will  be  considered  next. 

2.2.2.  E-c  model.  The  concept  of  using  a  prognostic  equa¬ 
tion  for  energy  dissipation  c  instead  of  a  length  scale  formu¬ 
lation  in  the  turbulent  kinetic  energy  budget  was  first  pro¬ 
posed  among  others  by  Harlow  and  Hakayam  [1967],  Daly 
and  Harlow  [1970],  and  Hanjalic  and  Launder  [1972]  for  fluid 
engineering  applications.  The  relationship  for.  eddy  viscosity  in 
terms  of  c  can  be  derived  easily  from  (1 1)  and  (18): 

'  =  Cj£J/e  (24) 

Therefore  calculating  e  by  means  of  a  prognostic  equation  is 
analogous  to  using  a  prognostic  equation  for  /.  The  derivation 
of  the  dissipation  equation  from  the  equation  of  motion  is 
quite  involved  and  will  not  be  considered  here  (see  Lumley 
[1980],  Marchuk  et  al.  [1977],  or  Wynyaard  [1975]).  Several 
approximations  and  parameterizations  must  be  made  to 
obtain  the  resulting  popular  form  of  the  simplified  equation 
used  in  the  E-c  model: 


where  the  first  term  on  the  r.h.s.  represents  the  generation  of  c. 
For  modeling  purposes  the  bracketed  portion  of  this  gener¬ 
ation  term  is  taken  in  the  £-e.model  as  the  maximum  of  shear 
production  versus  shear  and  buoyancy  production,  i.e.,  max 


(shear,  shear  +  buoyancy)  IDuynkerke  and  Driedonks.  1987], 
The  second  term  on  the  r.h.s.  represents  destruction  of  c,  and 
the  third  term  represents  the  turbulent  transport.  The  constant 
C}  is  somewhat  like  an  inverse  Prandtl  number  and  links  eddy 
viscosity  for  dissipation  to  that  of  momentum,  i.e..  Kt  =  CjK„. 

Several  researchers  have  used  the  E-e  model  to  describe  a 
variety  of  atmospheric  conditions.  There  is  general  agreement 
on  the  simplified  equation  (25)  used  in  the  E-c  model  but  some 
differences  in  the  constants  (as  discussed  by  Rodi  [1980]).  This 
could  be  expected  because  it  is  through  these  constants  that 
each  modeler  strives  to  “fine  tune"  his  results  to  those  of 
experimental  observations  or  other  model  results.  Most  E-c 
models  have  been  used  with  a  standard  set  of  constants 
derived  from  engineering  applications  (see.  for  example.  Laun¬ 
der  and  Spalding  [1974]): 

Cj  =  1.44  Cx  =  1.92  C5  =  0.77  (26) 

Duynkerke  and  Driedonks  [1987],  Beljaars  et  al.  [1987],  and 
Stuhley  and  Rooney  [1986]  all  used  the  above  constants  in  E-e 
models  for  boundary  layer  (low  over  various  terrains  and 
under  a  variety  of  stability  conditions.  The  only  exception  was 
Beljaars  et  al.  [1987],  who  modified  C,  to  0.54.  Marchuk  et  al. 
[1977]  modified  the  standard  E-c  model  slightly  for  the  simu¬ 
lation  of  the  oceanic  mixed  layer  and  used  constants  Cj  = 
1.38.  Cs  =  1.40,  and  Cs  =  1.0.  Table  4  gives  a  summary  of  the 
various  constants  used  in  the  E-e  models. 

A  different  approach  to  the  determination  of  constants  in 
the  E-c  model  was  made  by  Detering  and  Etling  [1985].  They 
considered  the  E-c  model  and  its  application  to  neutrally  stra¬ 
tified  flows  in  idealized  nonrotating  boundary  layers  as  op¬ 
posed  to  atmospheric  boundary  layers.  Their  aim  was  to  de¬ 
velop  an  E-c  model  suitable  for  atmospheric  applications 
which  compared  well  with  atmospheric  data.  They  reasoned 
that  the  constants  derived  from  engineering  applications  for 
flows  in  nonrotating  boundary  layers  (equation  (26))  were  not 
representative  of  atmospheric  flow  in  which  processes 
throughout  the  depth  of  the  boundary  layer  have  an  effect  on 
turbulent  structure.  They  applied  the  standard  E-e  model  to 
the  atmospheric  boundary  layer  for  comparison  with  observa¬ 
tions  and  a  simple  mixing  length  model.  Their  conclusion 
from  thin  shear  laboratory  flows  was  that  the  model  with  the 
standard  set  of  constants  (26)  produced  much  larger  values  of 
(i,  and  K  compared  to  observations.  Lee  and  Kao  [1979]  in  a 
finite  element  model  of  the  neutral  PBL  and  Mason  and  Sykes 
[1980] Jn  a  2-D  model  simulating  vortex  roll  development 
also  presented  similar  discrepancies  between  modeled  values 
of  u,  and  K  and  observations.  Detering  and  Etling  [1985] 
explained  that  the  difference  in  values  could  be  the  result  of 
the  differences  in  the  underlying  assumptions  and  principles 
upon  which  the  constants  in  the  closure  scheme  ate  deter¬ 
mined.  So  instead  of  the  values  given  in  (26),  Detering  and 
Etling  [1985]  proposed  values  for  the  constants,  specifically 
Cy  which  adjust  the  E-c  model  to  better  simulate  the  observed 
structure  of  the  atmospheric  boundary  layer.  Constants  Ct 
and  Cj,  equal  to  1.90  and  0.77,  respectively,  are  roughly  those 
determined  from  engineering  flows.  However,  Detering  and 
Etling  [1985]  provide  a  correction  for  Cy  It  is  based  on  the 
assumption  that  C}  should  depend  on  characteristic  length 
scales  of  turbulent  flow  considered.  The  modification  for  C3  is 
then 


C3'  =  Cj//A 


(27) 
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where  1  is  given  by  (18)  and  h  is  the  depth  of  the  boundary 
layer.  This  modification  is  not  based  on  stringent  arguments 
but  is  proposed  simply  because  it  models  the  observed  struc¬ 
ture  of  the  boundary  layer. 

2.2.3.  The  E-l  model.  A  scheme  similar  to  that  for  the  £-e 
model  is  a  scheme  in  which  a  prognostic  equation  for  the 
product  £  •  /  is  used  in  conjunction  with  the  prognostic  equa¬ 
tion  for  turbulent  kinetic  energy  (7).  Termed  the  E-l  (or  q2-l) 
model,  it  was  proposed  by  Mellor  and  Yamada  [1974]  as  a 
“model  of  compromise"  between  their  level  2  and  3  models 
(hence  level  2.5  model).  The  advantage  of  the  £-1  model  is  that 
it  retains  most  of  the  features  of  a  full  second-order  closure 
model  without  the  associated  complexity.  All  second-moment 
equations  besides  the  two  prognostic  ones  are  reduced  to  alge¬ 
braic  equations.  It  is  similar  to  an  E-e  model  in  that  a  prog¬ 
nostic  equation  for  l  (or  c)  is  used,  but  it  involves  much  more 
of  the  structure  of  a  second-order  model.  In  this  section  we 
consider  together  the  models  termed  E-l  (q2-/)  and  level  2.5. 
E-l  models  are  actually  level  2.5  models  in  which  a  simplified 
expression  for  K  has  been  used  [see  Yamada.  1983].  However, 
the  same  prognostic  equations  are  used  in  both  models,  and 
hence  they  are  considered  together. 

Expressions  for  turbulent  fluxes  in  the  E-l  model  are  ob¬ 
tained  from  simplifications  of  the  level  2.5  model: 


-  (uw,  ow)  =  SmKm{dU/oz,  dV/dz) 

-  {w6,  wq)  =  *S„Km(cQ/cz,  cQ/cz) 


(28) 


The  exchange  coefficient  Km  is  given  by  (11),  and  Sm  and 
%  ( =  KJK„)  are  functions  of  the  flux  Richardson  number  Ri, 
lYamada  ,n'!5.  1983]  as  below: 


s  -LL 

-  R/rX0.2341  -  Rif) 

Dr  ^  n 

.I, A 02231  -  Rif) 

I\l j  <*  U.IO 

(29) 

S„  -  0.085 

Rif  S  0.16 

a  =  1.318(0.2231 

-  Ri f)/(0.234l  -  Rif) 

Rif  <  0.16 

(30) 

a  =  1.12 

Rif  2: 0.16 

The  prognostic  equation  for  the  length  scale  in  the  E-l 
model  as  given  by  Yamada  and  Kao  [1986]  for  horizontally 
homogeneous  flow  is 


:-0  „  f  —  dU  —dV  g  — 

■ — -  C6l  -uw— - vw  —  + -■ 

if  L  dl  c:  Q 


-  C,E2'2[  1  +  C,(l/I,)2] 


where  /„  is  a  measure  of  the  distance  away  from  the  wall 
[ Mellor  and  Yamada,  1982]  and  is  modified  to  include  stabili¬ 
ty  effects  [Tamada  and  Kao,  1986]: 


l„  =  kz~  p/i[Ri//(l  -  Rif)]  Rif  <  0 
lx  *  kz  Rif  £0 

with  constant  p.  equal  to  0.2.  Constants  C6,  C„  and  C,  in  (31) 
are  empirically  determined  from  neutrally  stratified  laboratory 
experimental  data  that  included  hannel.  pipe,boundary:Iayer, 
and  homogeneous  shear  flows  [ Mellor  and  Yamada,  1982]: 


might  not  be  as  ad  hoc  as  it  seems.  He  considered  the  compli¬ 
cated  closure  assumptions  originally  developed  for  an  E-l 
equation  [Retro,  1951]  along  with  the  determination  of  con¬ 
stants  to  be  major  shortcomings  in  the  E-l  model.  Comparison 
with  turbulence  data  and  other  prognostic  length  scale  equa¬ 
tions  will  be  helpful  in  determining  the  usefulness  and  ef¬ 
ficiency  of  the  E-l  model. 

3.  Comparison  of  Closure  Schemes 

In  this  study,  I !  parameterization  schemes,  chosen  as  repre¬ 
sentative  of  both  first-order  and  TKE  closure  schemes  (given 
in  Tables  1-4),  are  used  for  comparison  in  a  one-dimensional 
model.  First-order  closure  schemes  are  divided  into  (1)  K  pro¬ 
file  (0  'Brien's  [1970]  formulation)  and  (2)  mixing  length  (Black- 
adar  [1962],  Djolov  [1973],  and  modified  Djolov  [1973]) 
schemes.  TKE  closure  schemes  are  divided  into  (1)  l  model 
( Therry  and  Lacarrere  [1983]  formulation  for  I  and  lt,  Bodin 
[1979],  and  Duynkerke  and  Driedonks  [1987])  and  (2)  E-e 
model  (constants  given  in  Table  4).  The  E-l  model  is  not  con¬ 
sidered  for  the  sake  of  brevity.  For  each  closure  scheme,  only 
the  formulation  of  the  eddy  viscosity  coefficient  Km  and  as¬ 
sociated  constants  are  varied. 

3.1.  One-Dimensional  Model 

As  a  means  of  testing  the  first-order  and  TKE  closure 
schemes,  numerical  simulations  of  the  boundary  layer  were 
made  using  a  one-dimensional  time-dependent  barotropic 
PBL  model  originally  developed  at  the  Naval  Research  Lab¬ 
oratory  and  modified  at  North  Carolina  State  University  to 
include  TKE  parameterization  schemes.  The  model  consists  of 
prognostic  equations  given  in  (3)  for  U,  V,  0,  and  Q.  There 
are  30  levels  in  the  vertical  (to  a  height  of  approximately  3  km) 
with  logarithmic  resolution.  The  numerical  scheme  is  a  simple 
centered-difference  in  space  and  forward  in  time.  Fluxes,  eddy 
viscosities,  mixing  length,  and  vertical  gradients  are  evaluated 
at  levels  midway  between  the  levels  at  which  U,  V,  0,  and  Q 
are  computed. 

Surface  layer  profiles  are  assumed  valid  to  the  lowest  com¬ 
putational  level  (approximately  45  m)  where  surface  layer 
similarity  is  used.  Above  the  surface  layer,  mixed  layer  theory 
based  on  either  first-order  or  TKE  closure  is  used  with  eddy 
coefficient  Km  determined  by  the  appropriate  relationships 
given  in  section  2.  Eddy  viscosity  for  h-at  K„  is  a  function  of 
K„  and  z/L  as  given  by  Businger  ei  a  [1971],  The  depen¬ 
dence  on  L  is  a  shortcoming  of  the  model  because  L  is  a 
surface  variable.  For  model  calculations,  PBL  height  h  was 
given  as  the  lowest  level  at  which  local  Richardson  number 
exceeded  1. 

Lower  boundary  conditions  for  £  and  e  necessary  for  TKE 
closure  are  given  as  [ Mailhot  and  Benoit,  1982] 

£-3.75u„:  z/L>  0 

(34) 

£  =  3.75 «,2  +  0.2tv,2  +  ( -z/L)2liutl  z/L  <  0 

e  *  u,3/kz  (35) 


C4  =*  1.8  C7  =.  0.06  C,  =  1.33  (33) 

The  E-l  model  generally  works  well  in  simulating  a  wide 
range  of  geophysical  problems,  as  shown  by  Mellor  and 
Yamada  [1982].  However,  Yamada  [1983]  emphasized  that 
based  on  how  the  constants  (33)  are  determined,  the  E-l  model 


where  ut  is  friction  velocity  and  w„  is  convective  velocity 
given  as 

«,  =  [(«*)<> 1  +  (Mo2]1'*  (36) 

w.  =  [{g/m^TXV3  (37) 
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Fig.  2.  Profiles  used  for  initialization  of  the  one-dimensional  model 
obtained  from  MONEX79  radiosonde  data. 

where  subscript  zero  denotes  near-surface  values.  Tt.  is  virtual 
temperature,  g  is  gravitational  acceleration,  and  virtual  tem¬ 
perature  flux  wT,.  is  calculated  as 

wTr  =  vvf  +  0.6 1  T wq  (38) 

Upper  boundary  conditions  require  E  =  e  =  0. 

3.2.  Data 

Data  from  the  Monsoon  Experiment  were  used  in  the  one¬ 
dimensional  model  simulations.  Data  were  collected  from  air¬ 
craft  (mean  and  turbulence),  ship,  satellite,  and  towers  in  the 
Bay  of  Bengal  and  Arabian  Sea  regions  during  MONEX79. 
Because  of  limited  aircraft  data,  only  one  observation  day, 
July  14,  1979,  over  the  Bay  of  Bengal  was  chosen  here  for 
model  simulations.  The  1-D  model  discussed  in  section  3.1 
was  initialized  at  0000  UT  using  the  mean  profiles  of  U,  V ,  0. 
and  Q  (Figure  2)  obtained  from  a  Soviet  ship  located  in  the 
Bay  of  Bengal  (I8.0°N,  89.5°  E)  and  was  integrated  for  a  12- 
hour  period.  Unfortunately,  monsoon  conditions  in  the  Bay  of 
Bengal  region  during  this  time  period  were  both  non¬ 
stationary  and  inhomogeneous.  The  monsoon  trough  had 
begun  to  shift  northward  to  the  foothills  of  the  Himalayas 
signaling  the  beginning  of  break  monsoon  conditions.  Associ¬ 
ated  with  this  shift  was  a  recession  of  the  boundary  layer  jet 
and  a  substantial  decrease  in  wind  speed  from  a  maximum  of 
18  m/s  at  a  height  of  1  km  at  0600  UT  July  13  to  8  m/s  at 
0000  UT  July  14  [f/o/r  and  Raman t,  1987], 

To  account  for  the  highly  variable  conditions  present  on 
July  14.  averaged  ship  and  aircraft  data  were  used  to  obtain 
vertical  profiles  of  mean  variables  U,  V,  0,  and  Q  used  in 
model  verification.  The  0600  UT  soundings  from  the  polygon 
of  stationary  Soviet  ships  centered  near  I6.2°N,  89.4° E  along 


with  the  0400  UT  low-level  mean  aircraft  data  (19.9°N, 
88.9'E)  from  the  NCAR  Electra  were  averaged  to  obtain  mean 
profiles  up  to  a  height  of  about  1  km.  Verification  of  flux 
profiles  is  from  Electra  turbulence  data  only.  The  Electra  re¬ 
search  flight  of  July  14  consisted  of  a  vertical  "stack"  used  to 
study  the  vertical  structure  of  the  monsoon  boundary  layer. 

Sea  surface  temperature  in  the  region  of  observations  (ob¬ 
tained  from  ship  data)  was  taken  to  be  a  constant  29’C 
(0  =  301.7  K)  for  all  model  simulations.  Geostrophic  wind 
obtained  from  pressure  fields  was  approximately  16.8  m,s  at 
233'\  The  geostrophic  wind  is  an  important  input  parameter 
in  the  1-D  model  but  one  which  is  often  difficult  to  determine 
accurately.  Thus  sensitivity  of  the  model  to  changes  in  the 
magnitude  of  the  geostrophic  wind  is  also  important  and  will 
be  considered  following  the  discussion  of  results. 

This  monsoon  data  set  was  chosen  for  use  in  the  numerical 
simulations  for  two  basic  reasons:  (1)  both  mean  and  turbu¬ 
lence  structure  were  readily  available  and  (2)  the  lack  of  strong 
baroclinicity  in  the  boundary  layer  should  make  straightfor¬ 
ward  comparison  of  different  PBL  parameterizations  to  obser¬ 
vational  data  easier  to  understand.  However,  the  assumption 
of  barotropic  conditions  in  the  I-D  model  is  not  entirely  rep¬ 
resentative  of  the  conditions  on  July  14  as  weak  horizontal 
temperature  gradients  could  have  existed.  Thus,  ideally,  no 
closure  scheme  used  in  this  barotropic  1-D  model  can  be  ex¬ 
pected  to  exactly  predict  the  observed  structure  that  would 
depend  on  baroclinic  effects  such  as  a  low-level  jet.  And  as 
mentioned,  the  nonstationary  monsoon  boundary  layer  also 
poses  problems  in  determining  a  representative  vertical  profile 
of  the  region. 

For  more  detailed  information  on  the  structure  of  the 
boundary  layer  on  this  day  or  the  MONEX79  data  set.  see 
Holt  and  Raman  [1986]. 

3.3.  Model  Results  for  Different 
PBL  Parameterizations 

3.3.1.  Mean  profiles.  There  are  a  variety  of  ways  to  sys¬ 
tematically  and  quantitatively  measure  the  accuracy  or  skill  of 
a  model,  including  root-mean-square  (rms)  errors,  correlation 
coefficients,  bias  or  threat  scores,  etc.  However,  differing  con¬ 
clusions  can  be  drawn  depending  on  the  statistical  method 
chosen.  As  a  means  of  quantifying  the  comparison  of  model 
simulations  to  observational  data,  rms  errors  have  been  com¬ 
puted  from  mean  profiles  for  each  of  the  II  PBL  parame¬ 
terizations  (Table  5).  Calculations  of  deviations  are  made  at 
nine  levels: 

rms  =  (£  (O,  -  P„)>  -  l)]1'2  (39) 

where  0„  is  observations  at  level  n  and  P„  is  predicted  model 
value  at  level  n.  where  n  =  6.1,  0.2.  •  ••.  0.9  km.  The  rms  errors 
provide  an  overview  of  the  absolute  accuracy  of  a  data  set. 
However,  they  are  poor  indicators  of  how  well  a  model  pre¬ 
dicts  the  overall  structure  of  a  variable  [Anrhes.  1986].  For 
example.  Figures  3  and  4  show  the  east-west  (U)  and  north- 
south  (K)  wind  components  for  MONEX79  observations  and 
model  simulations.  Model  results  are  divided  according  to 
parameterization  schemes  given  earlier.  The  first-order 
schemes  of  Blackadar  [1962]  and  Djolov  [1973]  show  no  jet 
structure  in  either  the  U  or  the  V  profiles  but  generally  give 
the  smallest  rms  errors.  This  is  simply  because  they  approxi¬ 
mate  a  mean  fit  to  the  data.  The  preferable  first-order  schemes 
are  the  modified  Djolov  [1973]  or  O'Brien  [1970]  schemes  in 
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TABLE  5.  Root-Mean-Square  Errors 


U. 

m/s 

V. 

m/s 

e. 

K 

Q- 

g/kg 

First-Order  Model 

Blackadar  (1962] 

0.99 

0.78 

1.35 

0.99 

Djolov  (1973) 

0.90 

0.80 

1.42 

1.05 

Modified  Djolov  (19731 

0.66 

1.39 

0.33 

1.45 

O’Brien  [1970] 

0.55 

1.51 

0.34 

1.64 

1  Model 

Bodin  (19791 

0.94 

1.22 

0.28 

2.25 

Therry  and  Laearrere  [1983] 

0.98 

1.26 

0.29 

1.97 

Duynkerke  and  Driedonks  (1987) 

0.72 

1.38 

0.24 

1.53 

E-e  Model 

Beljaars  el  al.  (1987] 

1.21 

0.99 

0.29 

2.90 

Duvnkerke  and  Driedonks  (1987) 

1.24 

1.05 

0.29 

2.90 

Detering  and  Etling  (1985) 

1.15 

1.03 

0.29 

2. "'4 

Modified  Detering  and  Etling 

1.26 

1.00 

0.26 

2.78 

(1985) 

which  a  jet  structure  is  predicted  (although  largely  overesti¬ 
mated  in  the  V  profile). 

Among  TKE  closure  models  (i.e..  £-e  and  /  models)  there  is 
only  slight  variation  from  one  parameterization  to  another. 
For  example,  all  E-e.  and  /  model  parameterization  over¬ 
predict  the  height  of  the  jet  in  the  U  profile.  Model  results 
indicate  a  weak  jet  of  6.0-6.5  m/s  at  roughly  600-700  m.  Ob¬ 
served  jet  height  is  approximately  400-450  m.  Model  results 
show  a  well-mixed  profile  from  the  surface  up  to  approxi¬ 
mately  500  m. 

TKE  closure  schemes  perform  better  in  simulating  the  ob¬ 
served  V  profile,  in  which  the  jet  is  much  less  pronounced 
(Figure  4).  Both  E-e  and  /  model  results  are  similar,  showing 
little  variation  among  schemes.  Each  parameterization  over¬ 
predicts  V  by  roughly  1.0-1. 2  m/s  up  to  the  height  of  the  jet 
maximum.  However,  the  observed  V  structure  and  the  height 
of  the  jet  maximum  are  simulated  well. 

Figure  5  shows  observations  and  model  simulations  of  po¬ 
tential  temperature  0.  E-e  and  I  model  parameterization  pre¬ 
dict  well  the  potential  temperature  structure,  although  slightly 
underpredicting  mixed  layer  values  by  roughly  0.3-0.4  K.  Ob¬ 
servations  from  MONEX79  data  indicate  a  PBL  height  h  of 
approximately  400  m  [ Holt  and  Raman,  1986].  However,  the 
vertical  resolution  of  observed  0  near  the  inversion  is  not  as 
good  as  near  the  surface,  and  thus  it  is  difficult  to  state  defini¬ 
tively  that  the  models  overpredict  PBL  height.  All  E-s  param¬ 
eterization  predict  h  equal  to  approximately  600  m.  Parame¬ 
terization  with  the  /  model  vary  in  estimating  h.  Therry  and 
Lacarrere's  [1983]  parameterization  involving  mixing  lengths 
I  and  /,  gives  h  equal  to  500  m.  Schemes  of  Bodin  [1979]  and 
Duynkerke  and  Driedonks  [1987]  predict  mixed  layer  depths  of 
550  and  590  m,  respectively.  Table  6  gives  values  of  h  for  each 
parameterization  as  well  as  other  parameters  derived  from 
surface  variables. 

In  contrast  to  the  TKE  schemes,  first-order  closure  schemes 
do  not  model  the  observed  0  structure  as  well.  This  is  a  major 
shortcoming  of  the  first-order  schemes.  The  Blackadar  [1962] 
and  Djolov  [1973]  parameterization  show  no  temperature  in¬ 
version  but  rather  a  much  warmer  and  more  stable  boundary 
layer.  This  is  because  their  parameterization  do  not  consider 
the  effect  of  the  inversion,  such  as  the  reduced  turbulent 
mixing  above  the  boundary  layer.  The  O’Brien  [1970]  and  the 
modified  Djolov  [1973]  parameterization  indicate  a  cooler 


and  slightly  unstable  boundary  layer.  The  modeled  depth  of 
the  boundary  layer,  as  inferred  from  the  potential  temperature 
structure,  and  the  modeled  height  of  maximum  winds  show  a 
relationship  similar  to  observations.  The  low-level  jet  observed 
during  MONEX79  was  typically  situated  at  or  slightly  above 
the  top  of  the  boundary  layer.  Profiles  of  resultant  wind  speed 
(U1  +  F2)1/:  (not  shown  here)  calculated  with  both  first-order 
and  TKE  closure  show  wind  speed  maxima  located  within  the 
transition  region  between  the  boundary  layer  top  and  the  cap¬ 
ping  stable  layer.  Strong  boundary  layer  mixing  as  evident  in 


Fig.  3.  Vertical  profiles  of  mean  east-west  wind  component  V  at 
roughly  0400  UT  on  July  14.  1979.  Solid  curves  indicate  observations 
obtained  from  averaged  ship  and  aircraft  data.  Model  simulations  are 
divided  according  to  (a)  first  order  closure:  Djolov  [1973]  (D);  Btacka- 
dar  [1962]  (B);  O’Brien  [1970]  (O);  modified  Djolov  [1973]  (M-D),  (b) 
I  model:  Bodin  [1979]  (B):  Therry  and  Laearrere  [1983]  (T  +  L); 
Duynkerke  and  Driedonks  [1987]  (D 4-0)  and  (c)  E-t  model:  Duynk¬ 
erke  and  Driedonks  [1987]  (D4-D);  Deleting  and  Etling  [1985]  (D 
+-E y.Beijaars  et  al.  [1987]  (B);  modified  Deleting  and  Ellina  [1985] 
(M-&4-E). 
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V  (  m/s ) 

Fig.  4.  Same  as  Figure  3  but  for  north-south  wind  component  V. 


the  profile  of  the  eddy  viscosity  coefficient  K„  is  important  in 
producing  the  jet  structure  and  will  be  discussed  later. 

Model  simulations  and  observations  of  specific  humidity  Q 
are  given  in  Figure  6.  No  parameterization  does  particularly 
well  in  predicting  the  observed  Q  magnitudes,  although  TKE 
models  generally  simulate  the  basic  structure  better  in  the 
boundary  layer.  E-e  and  I  model  parameterization  over¬ 
predict  Q  by  2.0-2.5  g/kg  throughout  the  depth  of  the  bound¬ 
ary  layer.  The  O'Brien  [1970]  and  modified  Djolov  [1973] 
first-order  parameterization  schemes  predict  similar  values. 
The  large  predicted  values  are  probably  due  to  excessive  evap¬ 
oration  in  the-surface  layer.  Reduction  of  surface  moisture 
variable  q,  by  5-10%  gives  magnitudes  more  comparable 
with  observations.  The  Blackadar  [1962]  and  Djolov  [1973] 
schemes  perform  only  slightly  better  near  the  surface  but  do 
not  predict  the  well-mixed  profile  of  Q  observed. 

The  effect  of  boundary  layer  mixing  on  mean  profiles  can  be 


seen  in  the  profile  of  eddy  viscosity  coefficient  (Figure  7). 
Observed,  values  are  calculated  from  (1)  and  show  the  well- 
observed  boundary  layer  maximum  at  a  height  between  fi/3  to 
Iv2.  However,  model  predictions  based  on  TKE  closure,  while 
approximating  the  basic  parabolic  structure  of  Km,  generally 
do  not  predict  the  observed  magnitude  or  height  of  this  maxi¬ 
mum.  Given  the  simulated  wind  profiles,  however,  K„  is  as 
good  as  could  be  expected. 

Thus  E-e  model  parameterization  as  well  as  Duvnkerke  and 
Driedonks  [1987]  I  model  parameterization  generate  large 
boundary  layer  mixing.  This  is  evident  in  the  observed  mean 
profiles,  particularly  wind  profiles  in  which  the  jet  is  situated 
just  above  the  height  of  maximum  Km.  First-order  closure 
schemes  do  not  predict  K„  as  well.  The  Blackadar  [1962]  and 
D/o/oi>'[l973]  parameterizations  show  large  mixing  through¬ 
out  the  depth  of  the  model,  as  evidenced  in  the  large  values  of 
K„  above  the  boundary  layer.  The  modified  Djolov  [1973] 
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TABLE  6.  Observed  and  Modeled  Boundary  Layer  Parameters 


It,  m 

L.  m 

»•,.  m/s 

m/s 

9..  K 

Observed  values 

400 

-255 

0.57 

0.36 

0.025 

First-Order  Model 

Blackadar  ( 1962) 

-570 

*•* 

0.247 

... 

O'Brien  [19701 

420 

-110 

0.628 

0.295 

0.0289 

Djolov  (19731 

-1050 

... 

0.240 

... 

Modified  Djolov  [1973) 

480 

-95 

0.724 

0.309 

0.0336 

/  Model 

Them •  and  Lacarrere  (19831 

500 

-106 

0.751 

0.329 

0.0348 

Bodin  (1979] 

590 

-108 

0.784 

0.326 

0.0321 

Duynkerke  and  Driedonks  (1987| 

550 

-93 

0.749 

0.304 

0.0314 

E-e  Model 

Duynkerke  and  Driedonks  (1987) 

600 

-119 

0.809 

0.346 

0.0336 

Beljaars  el  al.  (1987) 

600 

-111 

0.808 

0.338 

0.0335 

Detering  and  Etling  (1985) 

600 

-112 

0.808 

0.339 

0.0335 

Modified  Detering  and  Etling  [1985] 

600 

-119 

0.821 

0.351 

0.0345 

scheme  is  an  improvement  in  that  K„  approaches  zero  at  the 
top  of  the  boundary  layer. 

From  the  comparison  of  parameterizations  for  mean  values, 
two  main  conclusions  can  be  drawn.  First,  among  first-order 
closure  schemes,  mixing  length  parameterizations  such  as 
those  of  Blackadar  [1962]  or  Djolov  [1973],  which  do  not 
account  for  effects  of  the  capping  boundary  layer  inversion,  do 
not  perform  well  as  compared  to  schemes  which  include  the 
effects  of  reduced  mixing  above  the  boundary  layer.  These 
mixing  length  schemes  show  little  agreement  with  observed 
mean  boundary  layer  structure.  The  second  conclusion  is  that 
among  the  remaining  parameterizations.  both  first-order  and 
TKE  closure,  mean  variables  are  relatively  insensitive  to  the 
closure  scheme.  Judging  from  rms  errors  and  the  overall  pre¬ 
dicted  mean  boundary  layer  structure,  the  first-order  schemes 
of  O'Brien  [1970]  or  modified  Djolov  [1973]  or  the  /  model  or 
E-e  model  schemes  perform  equally  well.  First-order  schemes 
show  smaller  rms  errors  and  a  closer  approximation  to  the 
structure  in  the  l'  and  Q  profiles,  but  TKE  closure  schemes 
perform  better  for  V  and  0.  Other  studies  [ Duynkerke  and 
Driedonks,  1987:  Beijonrs  el  al„  1987:  Hunt  as.d  Simpson, 
1982]  have  also  shown  the  insensitivity  of  mean  variables  to 
the  type  of  closure  scheme. 

3.3.2.  Turbulence  profiles.  In  contrast  to  mean  profiles, 
turbulence  profiles  show  significant  differences  among  all  clo¬ 
sure  schemes.  Figure  8  gives  model  simulations  and 
MONEX79  observations  of  the  vertical  variation  of  momen¬ 
tum  flux  for  various  parameterizations.  In  general,  the  E-e 
model  performs  best,  particularly  the  modified  Detering  and 
El  ling  [1985]  parameterization  in  which  constant  Cs  is  modi¬ 
fied  to  vary  with  height.  All  E-e  parameterizations  do  well  in 
predicting  near-surface  values  and  the  general  structure  of  mo¬ 
mentum  flux  but  underestimate  throughout  the  boundary 
layer.  Parameterizations  using  the  /  model  do  not  predict 
near-surface  values  as  well  as  the  E-e  model  (as  seen  from  ut 
values  in  Table  6).  Observed  values  of  momentum  flux  above 
the  top  of  the  boundary  layer  (about  400  m)  show  an  increase 
which  is  not  modeled  by  any  parameterization.  This  increase 
is  probably  due  to  penetrative  convection.  Both  first-order 
and  TKE  closure  schemes  predict  momentum  flux  decreasing 
to  zero  at  the  top  of  the  boundary  layer,  with  the  exception  of 
the  Blackadar  [1962]  and  Djolov  [1973]  mixing  length  param¬ 
eterizations  which  have  unrealistic  Km  profiles  above  h. 


_ Observations  and  model  simulations  of  sensible  heat  flux 

wO  are  given  in  Figure  9.  Observed  heat  flux  decreases  with 
height  from  a  near-surface  value  of  approximately  0.008  ms'1 
K,  becoming  negative  in  the  upper  part  of  the  boundary  layer. 
First-order  closure  has  difficulty  in  simulating  the  observed 
heat  flux  structure,  particularly  the  parameterizations  of  Black¬ 
adar  [1962]  and  Djolov  [1973].  These  mixing  length  parame¬ 
terizations  erroneously  predict  negative  heat  flux  throughout 
the  boundary  layer  evident  from  ©  profiles  (Figure  5).  Of  the 
TKE  schemes,  the  E-e  model  performs  best  in  modeling  the 
positive  heat  flux  in  the  lower  half  of  the  boundary  layer  and 
the  negative  flux  aloft.  The  modified  Detering  and  Etling 
[1985]  parameterization  most  closely  models  the  observed 
structure  in  the  lower  boundary  layer  but  surprisingly  does 
worst  in  predicting  the  negative  heat  flux  maximum.  The 
Duynkerke  and  Driedonks  [1987]  E-e  parameterization  models 
the  negative  heat  flux  well,  overestimating  by  approximately 
30%  at  the  top  of  the  boundary  layer.  The  I  model  generally 
does  well  in  predicting  positive  heat  flux  from  the  surface  up 
to  mid-boundary  layer  depth  but  as  in  first-order  closure  has 
difficulty  modeling  the  negative  flux.  Bodin' s  [1979]  parame¬ 
terization.  in  which  I  is  diagnostically  determined  as  a  function 
of  zjh.  has  particular  difficulty  near  z  =  h.  It  greatly  overesti¬ 
mates  heat  flux  near  the  inversion.  Therry  and  Lacarrere' s 
[1983]  parameterization  is  comparable  to  E-e  parame¬ 
terizations  near  z  =  h. 

Convective  temperature  0t  and  Monin-Obukhov  length  L 
given  in  Table  6  were  calculated  as 

0 .  =  &%)  o/w,  (40) 

L=  —T',ut3/kg(wTJ0  (41) 

where  ut  and  wt  were  calculated  from  (36)  and  (37).  Model 
simulations  of  friction  velocity  ut  using  TKE  closure  agree 
well  with  MONEX79  observations.  First-order  closure  gener¬ 
ally  underpredicts  u„,  as  mentioned  earlier.  However,  first- 
order  closure  does  better  in  predicting  convective  velocity  w, 
and  convective  temperature  6t.  This  is  believed  to  be  due 
primarily  to  the  inclusion  of  moisture  flux  wq.  Figure  10 
shows  model  results  and  observations  of  the  moisture  flux 
profile.  No  parameterization  does  particularly  well  in  predict¬ 
ing  the  observed  magnitude  of  moisture  flux-,  but  near  the 
surface,  first-order  closure  gives  the  best  prediction.  E-e  and  / 
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Fig.  6.  Same  as  Figure  3  but  for  specific  humidity. 

model  parameterizations  perform  better  near  the  inversion 
base  but  generally  overpredict  in  the  lower  half  of  the  bound¬ 
ary  layer.  Thus  larger  [wq)0  values  from  TKE  parame¬ 
terizations,  as  well  as  deeper  boundary  layer  depth  h,  result  in 
overprediction  of  w^.  If  one  simply  considers  heat  flux  with  no 
moisture,  TKE  parameterizations  provide  much  closer  ap¬ 
proximations  of  h’,.  0t,  and  Monin-Obukhov  length  L  than 
first  order.  This  is  seen  in  the  heat  flux  profiles  of  Figure  9, 

Figure  1 1  shows  model  simulations  and  observations  of  tur¬ 
bulent  energy  £  for  £-e  and  I  model  parameterizations.  The 
vertical  structure  is  typical  of  convective  boundary  layers 
[Deanforf}',  1974].  All  parameterizations  underpredict  near  the 
surface  up  to  approximately  200  m  but  generally  do  well 
above  200  m.  The  Duvnkerke  am!  Driedonks  [1987]  parame¬ 
terizations  for  both  £-s  and  /  models  show  the  greatest  devi¬ 
ation  from  other  models  and  from  observations. 

3.3.3.  Turbulent  kinetic  energy  budget.  Figures  12  and  13 
give  observations  and  model  simulations  of  the  vertical  profile 


of  the  budget  of  turbulent  kinetic  energy  as  given  by  (7).  The  / 
model  simulations  are  presented  in  Figure  12.  and  E-e  results 
are  given  in  Figure  13.  Solid  lines  represent  MONEX79  obser¬ 
vations  of  buoyancy  production  (fl).  shear  production  (S'),  dis¬ 
sipation  (D),  and  turbulent  transport  (T).  Similarly,  dashed 
lines  .represent  model  simulations.  Comparison  of  the  three  / 
model  parameterizations  given  in  Figure  12  shows  interesting 
differences.  In  the  lowest  300  m  of  the  boundary  layer,  all 
parameterizations  indicate  shear  and  dissipation  as  the  domi¬ 
nant  source  and  sink  terms,  respectively.  However,  each  pa¬ 
rameterization  greatly  overestimates  these  terms,  showing  an 
approximate  balance  between  the  two.  In  contrast,  the  ob¬ 
served  TKE  budget  shows  turbulent  transport  and  dissipation 
as  equally  dominant  sink  terms  m  the  lowest  300  m.  balanced 
by  shear  and  buoyancy  near  the  surface  but  primarly  by  shear 
in  the  middle  of  the  boundary  layer.  Buoyancy  production  is 
simulated  well  near  the  surface,  as  shown  in  the  discussion  of 


Km  (m2/s) 


Fig.  7.  Same  as  Figure  3  but  for  eddy  viscosity  Km. 
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heat  flux  earlier,  but  negative  fluxes  near  the  inversion  are 
largely  overestimated,  particularly  by  Bodin  [1979].  All  three  I 
model  parameterization  predict  transport  of  TKE  from  the 
lower  to  the  upper  half  of  the  boundary  layer  as  shown  by 
observations  but  underestimate  the  strength  of  this  transport. 
The  height  at  which  turbulent  transport  changes  from  upward 
to  downward  is  modeled  well  by  Bodin  [1979]  and  Duynkerke 
and  Driedonks  [1987]  but  is  underestimated  by  Therry  and 
Lacarrere  [1983].  Therry  and  Lacarrere  proposed  a  correction 
term  for  the  parameterization  of  wE  to  account  for  the 
upward  transport  in  the  lower  part  of  the  convective  bound¬ 
ary  layer: 

=  -  C^KJcE,  (•:)  +  C£w,(/„  Elihj/Q^0)  (42) 

where  Ct  and  C£  are  constants.  They  showed  that  this  im¬ 
proved  parameterization,  which  included  an  additional  buoy- 


£(uw)2  +  (vw)2 (m2/s2) 

Fig.  8.  Same  as  Figure  3  but  for  momentum  fiux.  Observational 
data  are  from  NCAR  Electra  aircraft  data  only. 
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Fig.  9  Same  as  Figure  S  bui  for  heal  flux. 


uncy  production  term  in  comparison  to  (9).  modeled  the  flux 
of  TKE  better  and  effectively  raised  the  height  at  which  turbu¬ 
lent  transport  changed  sign.  This  modification  was  incorpor¬ 
ated  into  Therry  and  Lacarrere's  [1983]  original  parame¬ 
terization.  Results  indicate  better  agreement  with  observations 
for  the  height  at  which  turbulent  transport  changes  from  posi¬ 
tive  to  negative  but  show  only  small  changes  in  the  magnitude 
of  source  and  sink  terms  in  the  TKE  budget.  Closer  examina¬ 
tion  of  the  observed  \\0  profile  indicates  that  buoyancy  fiux 
becomes  negative  at  such  a  low  altitude  that  it  does  not 
strongly  influence  «•£  for  this  monsoon  boundary  layer. 

The  vertical  profiles  of  dissipation  predicted  by  the  I  model 
parameterizations  (Figure  12)  are  indications  of  the  sensitivity 
to  mixing  length  determination.  Therry  and  Lacarrere's  [1983] 
parameterization  involving  a  dissipation  mixing  length  /,  over¬ 
predicts  dissipation  throughout  the  boundary  layer.  Bodin' s 
[1979]  parameterization  is  similar  to  that  of  Therry  and  La¬ 
carrere  but  does  better  in  predicting  the  vertical  structure  of  s 
except  near  the  inversion.  Of  all  parameterizations,  Duynkerke 
and  Driedonks '  [1987]  simulation  of  dissipation  shows  the 
largest  values  near  the  surface.  Interestingly,  £  decreases  to 
zero  near  400  m.  much  lower  than  observed  or  predicted  by- 
other  /  model  parameterizations.  Examination  of  the  vertical 
structure  of  mixing  length  (or  Km  given  in  Figure  7)  reveals  the 
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Fig.  10.  Same  as  Figure  8  but  for  moisture  flux. 


possible  reason.  Anomalously  large  values  of  K„  and  hence  / 
at  approximately  400  m  in  Duynkerke  and  Driedonks'  [1987] 
parameterization  cause  c  to  approach  zero.  The  large  mixing 
length  is  directly  affected  by  the  determination  of }.  in  (12), 
which  Duynkerke  and  Driedonks  assumed  to  be  approxi¬ 
mately  equal  to  h/ 8  (about  70  m)  for  the  bulk  of  the  boundary 
layer.  Thus  proper  determination  of  mixing  length  is  the 
major  problem  in  I  model  parameterizations.  One  length  scale 
is  obviously  not  suitable  either  for  momentum  and  dissipation 
or  for  an  unstable  versus  stable  boundary  layer.  The  inclusion 
of  a  prognostic  equation  for  dissipation  to  replace  mixing 
length  appears  to  be  an  improvement. 

Figure  13  shows  the  TKE  budget  for  the  E-e  model,  fn 
comparison  to  the  l  model  parameterizations  shown  in  Figure 
12,  profiles  predicted  by  the  £-e  model  generally  show  less 
variation  among  individual  parameterizations.  They  also  show 
better  agreement  with  observations.  This  is  particularly  true 


for  shear  and  dissipation.  All  E-e.  parameterizations  predict 
the  general  structure  of  r.  much  better  than  the  /  model.  The 
modified  Deieriny  and  Eiliny  [1985]  parameterization  per¬ 
forms  best  overall,  showing  the  smallest  overprediction  in 
both  shear  production  and  dissipation.  Each  E-e  model  pa¬ 
rameterization  underpredicts  turbulent  transport  but  does 
show  the  general  vertical  structure,  with  the  exception  of 
Duynkerke  and  Driedonks'  [1987]  scheme.  Their  parame¬ 
terization  yields  turbulent  transport  as  a  source  term  through¬ 
out  the  boundary  layer  to  compensate  for  the  smaller  shear 
production  than  that  given  by  other  E-e.  parameterizations. 

4.  Model  Sensitivity  to  Initial  Conditions 

Some  mention  should  be  made  of  the  uncertainty  or  sensi¬ 
tivity  of  the  modeled  mean  and  turbulence  profiles.  Using  the 
modified  Deieriny  and  Eiliny  [1985]  E-e  parameterization,  ad¬ 
ditional  simulations  were  done  with  the  initial  geostrophic 
wind  (G)  increased  and  decreased  by  25%.  Thus  simulations 
were  carried  out  for  0.75G.  G,  and  1.25G.  In  the  1-D  case 
considered  here,  the  geostrophic  wind  was  the  most  difficult 
input  parameter  to  determine.  Limited  data  in  the  region  also 
made  it  difficult  to  accurately  predict  horizontal  and  vertical 
temperature  distribution.  The  ±25%  changes  were  chosen  as 
the  maximum  and  minimum  deviations  expected  in  the  mag¬ 
nitude  of  G. 

Compared  to  original  model  simulations  (geostrophic  wind 


E(mW) 


Fig.  11.  Same  as  Figure  8  but  for  turbulent  kinetic  energy  of  /  and 
E-e  models. 
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TKE  BUDGET  (m2/s5) 


Fig.  12.  Vertical; p.rolils  orlhe-buUgct  of  turbulent  kinetic  energy 
for  the  three  /  model  purameierizationj  -given  by  (top)  Therry  and 
Li.'ttl rrere  [1982],  (middle)  Bndin  [1979J,  and  (bottom)  Duynkerke  and 
Drtedunks  [1987],  Solid  curves- represent  observations  of  shear  pro¬ 
duction  (S).  buoyancy  production  (8!.  dissipation  (D).  and  turbulent 
transport  *T).  Dashed'curves  similarly  represent  model  simulations. 

of  1.0  G).  model  results  at  0400  UT  for  ±25%  changes  in  G 
indicated  that  wind  components  U  and  V.  turbulent  kinetic 
energy  £.  and  momentum  flux.showed  the  largest  deviations. 
Near  the  surface  (up  to  about  100  m),  +25%  changes  in  G 
resulted  in  +20-22%  changes  in  the  magnitude,  of  U  and  V 
and  +28%  changes  in  £.  Momentum  flux  changed  by  ap¬ 
proximately  +  32%.  Near  the  height  of  the  wind  speed  maxi¬ 
mum  (about  600-700  m),  changes  in  U  had  reduced  to  +  14%. 
and  changes  in  £  had  reduced  to  ±21%,  while  changes  in  V 
and  momentum  flux  had  remained  approximately  constant  at 
+  23%  and  ±29%,  respectively.  Temperature  and  moisture 
variables  indicated  much  smaller  variations  in  both  mean 
(about  +0,l-0.2%)  and  turbulence  (±7- 11%)  throughout  the 


boundary  layer.  Thermodynamic  variables  are  less  directly  af¬ 
fected  by  G  as  evidenced  from  the  PBL  equations  (3).  Vari¬ 
ation  of  mean  and  turbulent  quantities  of  potential  temper¬ 
ature  and  moisture  is  dependent  primarily  on  K.  Variations  in 
K  for  ±25%  changes  in  G  were  approximately  ±9% 
throughout  the  boundary  layer. 

The  conclusion  drawn  from  these  simulations  is  that  rea¬ 
sonable  model  results  are  dependent  on  the  accuracy  of  the 
initial  conditions,  such  as  the  geostrophic  wind.  For  ±25% 
changes  in  G,  differences  in  model  simulations  are  larger  than 
differences  between  model  versions  in  the  /  model  or  E-s 
groups.  This  dependency  of  accuracy  on  initial  conditions  is 
not  a  new  result  (see,  for  example,  Anthes  [1986]).  We  have 
sought  here  only  to  quantify  the  uncertainty  for  this  1-D 
model.  However,  the  profiles  of  mean  and  turbulent  parame¬ 
ters  showed  similar  structure,  and  performance  of  different 
parameterization  schemes  was  judged  from  their  ability  to 
predict  the  known  physical  mean  and  turbulent  structure  of 
the  boundary  layer. 

We  can  hypothesize  on  possible  sources  of  model  error. 
Initial  profile  data  were  available  only  from  radiosondes 
launched  from  ships  (Figure  2).  These  profiles  had  a  vertical 
resolution  of  only  50  mbar  (approximately  500  m).  In  contrast, 
the  vertical  resolution  of  averaged  ship  and  aircraft  observa¬ 
tions  shown  in  Figures  3-6  was  of  the  order  of  100-150  m  in 
the  boundary  layer.  Thus  because  of  poor  resolution  in  the 
initial  profiles,  small-scale  structures  apparent  in  the  observa¬ 
tions  may  be  difficult  to  simulate.  This  could  explain  the  gen¬ 
eral  overprediction  of  boundary  layer  depth  h  from  the  poten¬ 
tial  temperature  profiles.  Factors  not  accounted  for  in  the 
model,  such  as  inhomogeneity,  baroclinicity,  and  intermittent 
clouds  present  in  the  Bay  of  Bengal,  would  also  cause  errors 
when  verifying  model  profiles  against  observations. 

5.  Conclusions 

Comparison  of  observations  and  1-D  model  simulations  of 
mean  and  turbulence  profiles  in  the  monsoon  boundary  layer 
using  various  parameterization  schemes  provides  two  general 
conclusions.  First,  mean  profiles  such  as  potential  temper¬ 
ature.  humidity,  and  horizontal  wind  components  show  little 
sensitivity  to  the  type  of  closure  parameterization  as  long  as 
the  effects  of  turbulent  mixing  in  the  boundary  layer  are  prop¬ 
erly  handled.  Thus,  for  mean  profiles  of  U,  V,  0,  and  Q, 
determination  of  Km  using  a  diagnostic  formulation  of  /  or  a 
prognostic  determination  of  e  makes  little  difference.  However, 
first-order  schemes  are  sensitive  to  the  atmospheric  stability 
and  turbulent  mixing  in  the  boundary  layer.  A  fundamental 
weakness  of  K  profile  parameterization  is  that  they  typically 
must  be  specified  3S  a  function  of  stability.  Thus  profiles  are 
given  on  the  basis  of  stable  or  unstable  conditions,  as  seen  in 
the  work  by  Yamamoto  et  al.  [1973]  or  Orlanski  el  al.  [1974], 
Mixing  length  parameterizations  were  developed  to  avoid  this 
stability  dependence  by  specifying  a  parameterization  inde¬ 
pendent  ofrstability.  This  was  attempted  through  the  concept 
of  a  mixing  length  best  illustrated  in  B\ackadar' s  [1962]  pa¬ 
rameterization.  The  problem  in  formulations  such  as  Blacka- 
dar’s  and  Djolov's  [1973]  lies  in  the  failure  of  the  mixing 
length  to  properly  include  stability  effects,  particularly  at  the 
inversion  and  above  the  boundary  layer.  Thus  to  properly 
model  boundary  layer  structure,  mixing  length  parame¬ 
terizations  must  include  some  function  of  stability  in  the  deter¬ 
mination  of  Km.  This  is  evident  upon  comparison  of  results  of 
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TKE  BUDGET  (mVs3) 


Fig.  O.  Same  as  Figure  12  but  for  the  E-e  model  parameterization  of  (top  left)  Duynkerke  and  Driedonks  [1987],  (top 
right)  Beljaars  et  al.  [1987],  (bottom  left)  Deterling  and  Etling  [1985],  and  (bottom  right)  modified  Detering  and  Eiling 
[1985]. 


the  Djolov  [1973]  and  modified  Djolov  [1973]  schemes,  which 
differ  only  by  a  factor  equal  to  (1  -  Ri)ul.  Above  the  bound¬ 
ary  layer,  Km  is  reduced  to  zero  in  the  modified  Djolov 
scheme,  as  seen  in  observations,  but  approaches  large  positive 
values  for  Djolov’s  original  parameterization.  Mixing  length 
parameterizations  which  include  stability,  such  as  the  modified 
Djolov  scheme  or  the  ones  given  by  Karlsson  [1972]  or  Es- 
toque  and  Bhumralkar  [1970]  show  better  agreement  with  ob¬ 
servations.  Lack  of  such  stability  dependence  tends  to  create 
well-mixed  profiles  even  above  the  boundary  layer. 

The  second  conclusion  derived  from  cotnparison  of  model 
simulations  with  observations  is  that  TKE  closure  shows 
closer  agreement  with  the  observed  turbulence  structure  in  the 
boundary  layer  than  first-order  closure.  Both  the  magnitude 
and  the  vertical  structure  of  momentum  and  heat  fluxes  ob¬ 
tained  from  TKE  closure  agree  better  with  observations. 
Among  TKE  schemes,  comparison  of  vertical  flux  structures 
as  well  as  budgets  of  TKE  indicates  that,  as  a  group,  £-e 
parameterizations  perform  better  than  /  model  schemes.  Intu¬ 
itively,  this  should  be  true  because  the  E-e  scheme  contains 
more  physics  of  the  boundary  layer.  Also,  the  E-e  scheme 
should  be  able'to  more  accurately  predict  boundary  layer 
structure  from  a  wider  variety  of  atmospheric  cases.  This  is 
because  it  is  based  on  a  more  physically  realistic  determi¬ 
nation  of  energy  dissipation  as  opposed  to  the  mixing  length 
determination  of  the  /  model  schemes.  It  would  be  of  interest 
to  test  PBL  parameterizations  for  differing  atmospheric  stabil¬ 
ities,  not  just  the  convective  conditions  considered  here. 

Among  £-e  parameterizations  the  modified  Detering  and 
Etling  [1985]  scheme  performs  best  overall.  This  parame¬ 
terization  differs  from  other  £-e  parameterizations  only  in  the 
formulation  of  constant  C3  (dissipation  production).  The  mod¬ 
ified  constant  C3'  given  by  (27)  is  generally  less  than  C3  be¬ 
cause  /  is  less  than  h  throughout  the  boundary  layer.  Thus 


production  of  dissipation  in  (25)  as  calculated  from  the  modi¬ 
fied  Detering  and  Etling  scheme  is  less  than  that  for  the  orig¬ 
inal  Detering  and  Etling  [1985]  parameterization  or  other  E-e 
parameterizations  given  in  Table  4.  The  TKE  budget  given  in 
Figure  13  reflects  this  conclusion.  Dissipation  calculated  using 
the  modified  Detering  and  Etling  scheme  is  less  than  the 
values  for  other  schemes  given  and  generally  shows  the  closest 
agreement  with  observations,  but  only  in  the  lower  part  of  the 
boundary  layer.  The  conclusion  presented  in  section  3.3.2  that 
the  modified  Detering  and  Etling  scheme  has  the  largest  over¬ 
prediction  of  negative  heat  flux  near  the  inversion  could  also 
be  explained  by  the  dissipation  profile.  Dissipation  near  the 
top  of  the  boundary  layer  as  calculated  by  modified  Detering 
and  Etling  approaches  zero  and  is  much  smaller  than  the 
dissipation  calculated  by  other  E-e  parameterizations.  Thus  a 
larger  negative  buoyancy  production  near  the  top  of  the 
boundary  layer  is  required  to  balance  the  shear  production 
and  the  turbulent  transport. 

It  is  interesting  to  note  that  the  modified  Detering  and 
Etling  [1985]  parameterization  was  originally  proposed  be¬ 
cause  modeled  values  of  Km  and  u,  using  the  standard  E-e 
model  were  larger  than  observations.  Comparison  here  be¬ 
tween  E-e  parameterization  schemes  shows  an  increase  in  Km 
and  u,  for  the  modified  Detering  andEtling  parameterization. 
The  larger  Km  values  partly  compensate  for  underprediction 
of  wind  shear  and  generally  provide  closer  agreement  with 
flux  observations. 

This  study  has  been  an  attempt  to  evaluate  multilevel  PBL 
parameterizations  in  a  simple  1-D  barotropic  model.  Future 
research  will  focus  on  implementing  the  improved  TKE  clo¬ 
sure  parameterization  into  a  3-D  mesoscale  model.  Using  the 
Genesis  of  Atlantic  Lows  Experiment  (GALE)  data  set,  model 
forecasts  will  be  compared  for  different  boundary  layer  phys¬ 
ics. 
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ABSTRACT 

High-resolution  profiles  of  temperature  and  wind-speed  measurements  were  made  with  a  tethered  balloon  in 
and  above  the  marine  boundary  layer  at  San  Nicolas  Island  (SNI )  during  a  period  when  the  cloud-free  boundary 
layer  grew  from  near  the  sea  surface  to  450  m  in  approximately  12  h.  Measurements  showed  the  formation  of 
a  low-level  jet  which  remained  centered  at  the  temperature  inversion  as  the  boundary  layer  grew.  The  upper 
limit  of  the  jet  coincided  with  the  top  of  a  temperature  transition  layer  that  extended  from  the  sharp  temperature 
jump  at  the  inversion  to  the  free  atmosphere  above. 

The  experimental  evidence  suggested  that  the  jet  was  caused  by  thermal  wind  resulting  from  a  specific  sea 
surface  temperature  gradient,  and  from  horizontal  temperature  gradients  caused  by  a  sloped  inversion  and  the 
transition  layer.  Production  of  mechanical  turbulence  by  wind  shear  in  the  jet  caused  rapid  entrainment  into 
the  mixed  layer  of  warmer  air  from  above,  and  the  fast  growth  of  the  boundary  layer. 

A  quasi-two  dimensional  (2D)  model  including  turbulence  parameterized  in  terms  of  turbulent  kinetic  energy 
(TKE)  and  dissipation  rate  was  able  to  reproduce  the  main  features  of  the  evolving  boundary-layer  jet  and 
temperature  field.  The  predicted  shape,  location,  and  intensity  of  the  jet,  and  the  growth  of  the  boundary  layer 
were  similar  to  the  observations.  The  model  also  predicted  realistic  heat  and  momentum  fluxes  and  TKE  budgets 
as  judged  by  comparisons  with  aircraft  measurements  by  Brost  et  al.  in  a  similar  case  off  the  West  Coast.  Using 
a  variety  of  initial  conditions,  the  model  further  showed  that  the  jet  was  likely  caused  by  the  combined  effects 
of  the  inertial  acceleration  of  the  wind  field,  the  specific  temperature  gradients,  and  the  sloping  inversion. 


1.  Introduction 

In  October  1984  a  tethered  balloon  was  used  to  ob¬ 
tain  vertical  profiles  of  meteorological  parameters  in 
and  above  the  marine  boundary  layer  on  SNI  off  the 
West  Coast  of  the  United  States  (Gerber  1986);  see 
Ftg.  1.  In  this  paper  we  analyzed  several  profiles  which 
were  obtained  on  24  October  following  an  unusual  48- 
h  period  of  Santa  Ana  wind  conditions  at  the  island. 
Those  conditions  were  characterized  by  low  wind 
speeds  from  the  mainland,  dry  and  subsiding  air,  and 
a  boundary-layer  depth  over  the  ocean  of  only  about 
30  m.  When  the  continental  high  pressure  which  caused 
the  Santa  Ana  conditions  weakened  in  the  local  area, 
westerlies  reestablished  themselves  at  the  island.  This 
provided  a  unique  opportunity  to  observe  closely  the 
growth  of  the  boundary  layer,  which  increased  rapidly 
to  a  depth  of 450  m  in  12  h.  During  this  period  a  wind 
jet  was  observed  near  the  inversion,  which  separated 
the  mixed  layer  from  the  warmer  and  dryer  air  aloft. 
Towards  the  end  of  the  period,  stratocumulus  clouds 
formed  just  below  the  inversion. 
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Jet-shaped  wind  profiles  have  been  observed  previ¬ 
ously  in  the  marine  atmosphere;  see  the  review  by 
Zemba  and  Friehe  ( 1987).  Most  of  those  observations 
(e.g.,  Johnson  and  O’Brian  1973;  Enfield  1981;  and 
Zemba  and  Friehe  1987)  were  made  off  western  mar¬ 
gins  of  continents  where  upwelling  of  cold  water  oc¬ 
curring  just  offshore  causes  strong  horizontal  temper¬ 
ature  gradients.  According  to  the  usual  explanation 
(Enfield  1981;  Lydolph  1985;  Lester  1985;  and  Zemba 
and  Friehe  1987),  these  wind  jets  are  caused  by  thermal 
winds  due  to  strong  local  baroclinic  conditions.  Other 
regions  which  meet  this  criterion,  such  as,  for  example, 
other  coastal  regions,  the  boundary  of  the  Gulf  Stream, 
and  the  marginal  ice  zone  (Overland  et  al.  1983)  often 
show  strong  vertical  wind  shears  for  the  same  reason. 

The  wind  jet  observed  at  SNI  is  most  similar  in  ap¬ 
pearance  to  the  jet  observed  also  off  the  West  Coast  by 
Zemba  and  Friehe  (1987).  They  concluded  that  the 
strong  horizontal  temperature  contrast  between  the 
ocean  and  the  land  in  the  atmosphere  above  the  in¬ 
version  resulted  in  the  baroclinity  that  caused  their  jet. 
The  SNI  jet  formed  for  other  reasons  that  will  be  de¬ 
tailed  in  the  following.  We  describe  three  sets  of  me¬ 
teorological  profiles  that  show  the  growth  of  the 
boundary  layer  and  the  evolution  of  the  jet.  Also,  this 
episode  is  modeled  with  a  quasi-2D  boundary  layer 
model  with  turbulence  described  in  terms  of  sources 
and  dissipation  of  TKE.  The  model  predictions  are 


15  May  1589 


1313 


GERBER 

compand  with  the  measurements,  and  results  are  given 
for  sensitivity  runs  of  the  model  where  meteorological 
parameters  are  changed  from  the  ones  observed.  Fi¬ 
nally,  several  methods  for  parameterizing  the  entrain¬ 
ment  rate  are  compared  to  the  growth  of  the  mixed 
layer  for  the  SNI  case. 


2.  Observations 

Buoys  located  in  places  shown  in  Fig.  1  provided 
the  mean  daily  temperatures  which  were  used  in  part 
to  construct  a  rough  estimate  of  the  sea  surface  iso¬ 
therms  for  24  October.  Another  part  consisted  of  the 
monthly  mean  isotherms  (U.S.  Dept,  of  Commerce 
1984)  which  run  generally  SW  to  NE  in  the  Channel 
Islands  area,  with  warmest  temperatures  towards  the 
SE.  The  surface  temperature  gradients  were  estimated 
to  be  (dT/dx) 0  *  0.02°C  km"1  in  the  easterly  direction 
and  (dT/3y)0,  *  -0.02°C  km-1  in  the  northerly  di¬ 
rection  in  the  vicinity  of  SNI. 

The  tethered  balloon  was  deployed  at  Vizcaino  Point 
on  the  NW  tip  of  SNI.  The  170  m 3  balloon  belonging 
to  LTA  International,  Inc.,  carried  sensors  to  measure 
wet-  and  dry-bulb  temperature,  wind  speed,  and  aerosol 
scattering  coefficient  In  addition,  an  altimeter  with  an 
accuracy  of  ±1  m,  a  clock,  and  a  telemetry  system  for 
real-time  down-linking  of  the  data  were  onboard.  The 
data  was  collected  at  the  rate  of  one  scan  of  all  channels 
every  6  sec.  The  balloon  tether  was  payed  out  and  re¬ 
trieved  at  0.5  m  s-1. 


ET  AL. 

a.  Temperature  and  wind  profiles 

The  temperature  sensor  consisted  of  a  YSI  Ther- 
molinear  thermistor  (accuracy  of  ±0.1 5°C  with  a  1  /e 
time  constant  of  3  sec).  The  thermistor  was  mounted 
in  a  self-aspirated  thermally  thin  radiation  shield  facing 
into  the  wind.  Under  those  conditions  negligible  tem¬ 
perature  lag  was  expected  between  sensor  and  ambient 
temperatures  at  the  slow  ascent  and  descent  rates  of 
the  balloon. 

The  profiles  from  the  three  flights  on  24  October 
show  how  the  temperature  structure  of  the  boundary 
layer  changed  after  the  Santa  Ana  conditions  were  re¬ 
placed  by  the  more  typical  westerly  flow  (see  Fig.  2). 
All  profiles  were  constructed  from  five-point  running 
means  of  the  raw  data.  Each  of  the  first  two  pairs  of 
profiles  correspond  to  the  ascent  and  descent  of  a  flight, 
while  the  last  profile  is  for  the  ascent  of  the  third  flight 
for  which  the  descent  changed  little.  The  dotted  profiles 
show  the  temperature  structure  on  the  previous  after¬ 
noon  ( 1 500  LST  on  23  October  when  the  Santa  Ana 
conditions  were  still  in  effect.  The  dotted  profile  indi¬ 
cates  a  slightly  stable  atmosphere  with  a  potential  tem¬ 
perature  increase  of  1  °C  between  100  and  800  m.  The 
profiles  show  that  between  0900  and  2043  LST  24  Oc¬ 
tober,  the  surface  layer  cooled  by  about  4°C,  while  at 
500  m  a  decrease  of  almost  10°C  occurred.  This  large 
cooling  is  indicative  of  cold  advection  into  the  local 
area.  Above  550  m  the  temperature  changed  very  little 
during  this  period,  showing  a  change  of  only  ±0.25°C 
at  600  m.  The  general  shape  of  the  temperature  profiles 
includes  a  nearly  adiabatic  lapse  rate  in  the  mixed  layer 


Fig.  I.  Sketch  of  the  Channel  Islands  area  off  the  West  Coast.  Shown  is  the  location 
of  Stn  Nicolas  Island  (SNI),  and  surface  isotherms  estimated  from  monthly-mean 
isotherms  and  buoys  loaned  at  X. 
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FIG.  2.  Temperature  profiles  measured  at  the  NW  tip  of  SNI  on  24  October  1984.  Horizontal 
scale  is  in  I  °C  increments.  Times  indicated  at  the  top  of  each  profile  are  when  the  tethered  balloon 
pasted  through  the  400-m  level;  the  significance  of  the  z  levels  are  described  in  the  text.  The 
dotted  temperature  profile  is  for  1500  on  the  preceding  afternoon. 


adjacent  to  the  surface.  Above  the  mixed  layer  is  the 
approximately  30-m  thick  interfacial  layer  with  a  tem¬ 
perature  jump  of  several  degrees.  The  base  of  the  in¬ 
terfacial  layer  is  labeled  z*,  and  the  center  of  the  layer, 
labeled  z,-,  is  the  inversion  height.  Above  the  interfacial 
layer  is  a  region  of  stable  lapse  rate  defined  as  the  tran¬ 
sition  layer.  The  top  of  the  transition  layer,  labeled  z„ 
was  arbitrarily  defined  as  the  height  where  the  dotted 
and  other  profiles  differed  by  0.5°C. 

The  ocean  surface  water  temperature  at  SNI  de¬ 
creased  by  4°C  between  0900  and  2100  LST.  This 
cooling  is  unusually  large  for  such  a  short  period  of 
time.  We  speculate  that  due  to  the  48  h  of  Santa  Ana 
conditions  prior  to  the  jet  event,  the  water  near  the 
surface  was  warmed  by  a  combination  of  strong  solar 
insolation  and  the  near-calm  wind  conditions.  The 
freshening  of  the  westerly  wind  may  have  caused  mix¬ 
ing  of  the  surface  water  with  the  thermocline,  and  may 
also  have  generated  upwelling  of  cold  water  which  oc¬ 
curs  in  the  general  area. 

The  wind  measurements  were  made  with  a  minia¬ 
ture  multicup  anemometer  provided  by  LTA  and  cal¬ 
ibrated  with  a  Simerl  model  55  anemometer.  The  min¬ 


iature  anemometer  was  mounted  on  one  of  the  bal¬ 
loon’s  fins  about  2  m  from  the  body  of  the  balloon. 
This  position  undoubtedly  caused  the  balloon  to  influ¬ 
ence  the  wind  measurements  to  some  degree.  The  wind 
direction,  estimated  from  the  orientation  of  the  balloon 
during  flight,  was  westerly  for  all  profiles  on  24  October. 

Wind  profiles  are  shown  in  Fig.  3.  In  the  free  at¬ 
mosphere  wind  speed  increased  slightly  with  height, 
but  remained  nearly  constant  with  time.  At  600  m  the 
wind  speed  remained  near  7  m  s~‘.  In  the  lower  at¬ 
mosphere  the  evolution  of  a  wind  jet  is  clearly  seen. 
The  heights  z,  and  z,  are  located  in  Fig.  3  at  the  same 
heights  as  determined  for  the  temperature  profiles  in 
Fig.  2.  As  shown,  z,  correlates  well  with  the  peak  in 
the  wind  jet,  and  z,  correlates  to  a  reasonable  degree 
with  the  top  of  the  jet  for  the  0900,  1424,  and  1513 
profiles.  For  the  1005  profile,  a  lack  of  correlation  exists, 
because  the  atmosphere  appears  to  have  mixed  through 
a  deeper  layer.  In  the  2043  profile  the  jet  has  nearly 
disappeared.  This  last  profile  is  different  from  all  the 
others,  because  by  that  time  a  stratocumulus  deck  with 
5/10  coverage  had  formed  with  cloud  base  at  275  m 
and  cloud  top  at  400  m. 
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b.  Three-dimensional  boundary  layer  structure 
Unfortunately,  no  along-stream  or  cross-stream 
profiles  were  measured  during  the  SNI  experiment  to 
firmly  establish  the  3D  structure  of  the  boundary  layer 
in  the  vicinity  of  SNI  on  24  October.  The  sketch  of  the 
thermal  structure  shown  in  Fig.  4  is  based  on  indirect 
evidence  and  some  speculation.  The  indicated  N-S 
slope  of  the  inversion  is  assumed  to  be  a  result  of  the 
westerly  wind  acting  on  the  initially  very  shallow 
boundary  layer  which  has  more  resistance  to  growth 
north  of  SNI  than  south  of  it,  because  of  the  greater 
temperature  difference  between  the  surface  and  the  free 
atmosphere  in  the  north.  This  hypothesis  requires  the 
assumptions  that  the  initial  surface  isotherms  are  given 
by  Fig.  1,  that  Santa  Ana  conditions  resulted  in  a  low 
boundary  layer  over  the  entire  area,  and  that  the  free 
atmosphere  was  essentially  horizontally  homogeneous. 
The  existence  of  the  inversion  slope  is  supported  by 
the  observation  that  the  line  separating  the  cloudy  area 
from  the  clear  area  late  on  24  October  was  oriented 
E-W,  and  moved  gradually  northward. 

The  evolution  of  the  wind  jet  can  be  qualitatively 
explained  by  applying  the  definition  of  thermal  wind 
to  the  estimated  N-S  temperature  field.  The  westerly 
wind  increases  with  height  ( du/dz  >  0)  in  the  mixed 
layer,  because  dT/dy  <  0.  In  the  interfacial  and  tran¬ 
sition  layers  du/dz  decreases  and  dT/dy  >  0,  because 
of  the  sloped  inversion.  This  pattern  persisted  during 
the  growth  of  the  boundary  layer  as  shown  by  the  good 
correlations  between  the  position  of  the  wind-jet  max¬ 
imum  and  Zj,  and  between  the  vertical  extent  of  the 
jet  and  the  z,.  Thus,  the  SNI  wind  jet  appears  to  be  a 
result  of  horizontal  temperature  gradients  found  at  the 
sea  surface  and  within  the  growing  boundary  layer, 
rather  than  due  to  an  ocean-land  temperature  gradient 
above  the  inversion  as  for  the  wind-jet  case  described 
by  Zemba  and  Friehe  ( 1987). 

c.  Boundary-layer  growth 

The  boundary  layer  grew  at  the  average  rate  of  dz\/ 
dt~  1.04  cm  s-1  over  the  time  interval  shown  in  Figs. 


2  and  3.  This  rate  depends  on  the  effects  of  subsidence, 
advection,  and  entrainment  (Deardorff  and  Peterson 
1980).  Unfortunately,  these  effects  cannot  be  separated 
for  the  SNI  case,  given  the  available  measurements.  It 
is  only  possible  to  say  that  the  value  of  dzi/dt  is  opposite 
in  sign  and  much  larger  than  the  ciimatologically  ex¬ 
pected  subsidence  in  the  area  due  to  the  subtropical 
high,  which  can  be  estimated  as  -0.25  cm  s  1  at  500 
m  (Lilly  1968).  This  does  not  rule  out  that  mesoscale 
convergence  was  a  major  contribution  of  dzi/dt  on  24 
October,  and  the  contribution  due  to  the  advection  of 
inversion  slope  is  unknown. 

Values  of  dzi/dt  similar  to  the  present  case  were 
found  by  Brost  et  al.  ( 1982a)  (hereafter  referred  to  as 
BWL)  in  cloud-topped  boundary-layer  measurements 
off  the  California  coast.  They  attributed  the  growth 
primarily  to  shear-induced  entrainment  in  their  17 
June  case  (mean  shear  of  0.014  s_l),  which  like  the 
SNI  case  had  a  sloped  inversion.  Brost  et  al.  suggested 
that  in  such  cases,  the  inversion  rise  becomes  a  local 
problem  decoupled  from  the  mixed  layer  so  that  it  is 
much  less  affected  by  the  friction  velocity  u,  and  buoy¬ 
ancy  velocity  scale  .  The  wind  shear  in  the  SNI  case 
was  larger  than  measured  by  BWL.  The  shear  was  0.05 
s'1  over  the  depth  of  the  jet  for  the  1424  LST  profile, 
and  as  much  as  0. 1  s"1  for  the  0900  profile.  This  sug¬ 
gests  that  shear-generated  turbulence  was  also  a  major 
contribution  to  the  entrainment  rate  and  boundary 
layer  growth  in  the  SNI  case. 

Additional  insight  on  the  physical  mechanisms  in¬ 
volved  in  the  SNI  boundary-layer  growth  is  gained  by 
comparing  the  temperature  and  wind  profiles  with 
profiles  of  the  gradient  Richardson  number 


where  8,  is  the  mean  virtual  potential  temperature,  u 
and  n  are  mean  horizontal  velocities,  g  is  gravity,  and 
the  critical  Ri  number  of  0.25  (Lyons  et  al.  1965)  is 
shown  by  the  dashed  lines  in  Fig.  5.  The  profiles  in 
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FlG.  S.  Profiles  of  the  gradient  Richardson  number  calculated  from  the  observed  ten  ature 
and  wind  profiles  shown  in  Figs.  2  and  3.  Dashed  lines  show  the  critical  Richardson  i"-  xr  Ri 
-  0.25.  The  hatched  areas  show  the  portion  of  each  profile  bounded  by  the  inverse  neight  z, 
and  by  the  top  of  the  transition  layer  z,. 


Fig.  5  are  2-tnin  running  averages,  which  require  careful 
interpretation,  since  longer  averaging  periods  are  usu¬ 
ally  called  for.  The  layers  in  the  profiles  of  Fig.  5  where 
Ri  <  0.25  are  areas  of  increasing  turbulence  and  mix¬ 
ing.  The  consequence  of  such  a  layer,  found  for  ex¬ 
ample  between  350  and  550  m  in  the  Ri  profile  for 
0900,  is  seen  by  comparing  the  0900  and  1005  profiles. 
By  1005  the  atmosphere  shows  Ri  >  0.25  over  this 
layer,  indicating  that  turbulence  is  decreasing  and  that 
the  atmosphere  is  in  a  relaxed  state  following  mixing. 
Other  layers  where  Ri  <  0.25  exist  in  all  the  profiles 
below  zi,  and  in  some  of  the  profiles  in  the  transition 
layer.  Because  there  are  no  superadiabatic  lapse  rates 
in  those  layers  (excluding  the  shallow  surface  layer, 
which  shows  the  effects  of  afternoon  solar  heating  of 
the  ground  in  the  vicinity  of  the  balloon  site  located 
200  m  from  the  ocean),  it  must  be  the  wind  shear  that 
causes  the  increasing  turbulence.  Although  the  nearly 
adiabatic  lapse  rate  in  the  mixed  layer  indicates  con¬ 
tinuous  and  strong  mixing  due  to  shear-induced  tur¬ 
bulence,  the  upward  growth  of  the  mixed  layer  must 
be  constrained  by  the  temperature  jump  in  the  inter¬ 
facial  layer.  This  constraint  is  shown  by  positive  values 
of  Ri  at  the  inversion  height  z(  for  all  profiles,  indicating 
that  here  thermal  stratification  overpowers  turbulence 
production  by  wind  shear,  and  that  a  sink  for  turbu¬ 
lence  exists.  In  the  transition  layer,  however,  shear- 
induced  mixing  appears  to  be  sporadic  as  demonstrated 
by  the  first  two  sets  of  profiles  in  Fig.  5.  In  each  case 
the  transition  layer  has  deepened  by  the  descent  of  each 
balloon  flight,  and  has  mixed  with  adjacent  portions 


of  the  free  atmosphere  and  the  interfacial  and  mixed 
layers.  The  transition  layer  decreases  the  temperature 
jump  at  the  inversion  and  thus  must  affect  the  upward 
growth  of  the  mixed  layer. 

3.  Model  simulations 

To  test  the  hypothesis  that  the  formation  and  evo¬ 
lution  of  the  SNI  boundary  layer  jet  is  mainly  caused 
by  the  horizontal  temperature  gradients  of  a  particular 
type  and  magnitude,  a  model  simulation  study  was 
done.  The  following  sections  describe  the  quasi-2D 
model  used  in  the  modeling,  the  temperature  distri¬ 
butions  which  must  be  prescribed  for  the  model,  and 
the  results  of  the  modeling. 

a.  Quasi-2D  boundary  layer  model 

The  surface  isotherms  in  Fig.  1 ,  and  the  strong  cool¬ 
ing  seen  in  the  evolving  boundary  layer  in  Fig.  2  suggest 
that  cold  air  advection  played  an  important  role  in  the 
local  meteorology  on  24  October.  Therefore,  a  purely 
one-dimensional  model  may  preclude  crucial  factors 
in  the  observed  boundary-layer  evolution.  Inclusion  of 
the  linearized  advection  of  temperature  gives  the  model 
the  partial  two-dimensionality.  In  addition,  the  hori¬ 
zontal  temperature  gradient  will  affect  the  pressure 
gradient  force  through  the  thermal-wind  relationship. 
There  is  no  horizontal  advection  of  momentum  in  the 
model  to  make  it  fully  2D,  mainly  due  to  the  lack  of 
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information  about  the  upstream  wind  profiles.  Ob¬ 
viously,  some  aspects  of  the  observed  PBL  behavior, 
such  as  the  collapse  episode  at  1005  LST  need  a  full 
2D  or  even  3D  model  for  realistic  simulation.  But, 
given  the  single  point  nature  of  our  observation,  this 
quasi-2D  model  is  thought  to  be  most  suitable. 

The  equations  of  motion,  and  the  thermal  equation 
of  the  model  are 

du  .  1  d 

—  =  f(V-Vt)  +  -—Tx  (1) 

dt  podz 

(2, 

dT  (dT\  (6T\  1  d  „ 

dt  V3*)p  V\dyJp  poCpdz 

where  the  last  terms  represent  vertical  convergences  of 
turbulent  stresses  and  heat  flux. 

The  horizontal  pressure  gradient  forces  -fog  and  fut 
are  computed  from  top-down  vertical  integration  of 
the  thermal  wind  equations: 

(4) 

»-(— <5) 

The  geostrophic  wind  at  the  top  of  the  model  is  as¬ 
sumed  to  be  the  prevailing  wind  observed  above  the 
boundary  layer  u/  =  7  m  s-1  and  vsT  =  0.  The  hor¬ 
izontal  temperature  gradients  (dT/dx)p  and  ( dT/dy)p 
are  prescribed  as  shown  in  section  3b  (p  «■  prescribed ) . 
Note  that  those  gradients  are  also  used  for  the  hori¬ 
zontal  thermal  advection  in  (3). 

The  model  has  30  grid  points  extending  from  the 
surface  to  900  m  with  a  uniform  grid  distance  of  30 
m.  At  the  lowest  grid  point,  15  m  above  the  surface, 
u,  v,  and  T  represent  the  mean  velocity  components 
and  the  temperature  in  the  surface  layer.  All  momen¬ 
tum  and  heat  fluxes  are  defined  at  the  surface  and  at 
midpoints  between  adjacent  grid  points  for  computa¬ 
tional  convenience. 

For  the  surface  layer,  Businger’s  (1973)  formulas 
are  used  to  compute  the  surface  fluxes  based  on  the 
Mdnin-Obukhov  stability  and  potential  temperature 
in  the  surface  layer.  The  aondimensionai  equations  for 
the  friction  velocity  and  potential  temperature  are 

HHtMf))  «> 

45A'M4NfM!)l  m 

where  V,  -  (u,2  +  vs2)in,  z,  =  15  m,  and  the  stability 
functions  ^m(z,/L)  and  ^(Zj/L)  are  given  in  the  in¬ 
tegral  form  of  Businger’s  4>m  and  <j>>,  stability  functions 


(Businger  1973;  Paulson  1970).  The  Monin-Obukhov 
stability  parameter  L  is  defined  as 

and  Chamock’s  equation  (Delsol  et  al.  1971 ), 

Zo  =  0.032  —  ,  (9) 

& 

is  used  to  compute  the  ocean’s  surface  roughness. 

The  surface  momentum  and  heat  fluxes  are  then 

rx  =  />o«i  ( 10) 


Ty  *  PoUi  T-Tj-  (11) 

H  -  -poCpUtd*.  (12) 

Above  the  surface  layer,  turbulent  mixing  is  de¬ 
scribed  by  a  turbulent  kinetic  energy  (TKE)  equation 
and  an  equation  for  the  rate  of  dissipation.  The  eddy 
viscosity  is  expressed  in  the  model  in  terms  of  TKE 
and  dissipation  rate  as  (Kolmogorov  1942;  Monin  and 
Yaglom  1971) 


where  c2  =  0.026. 

The  prognostic  equation  for  TKE  is  (e.g..  Monin 
and  Yaglom  1971) 

dE  -r-,du  ——dv  g—— 

dt  dz  dz  8 


d  .  -  p'w' 

-  —  w'E'  +  - - «  (14) 

dz[  p 


where  the  fourth  term  on  the  right  can  be  modeled  by 
the  Km  coefficient  following  Rodi  ( 1980).  Thus  ( 14) 
becomes 

dE  r__du_-_.au] 
dt  dz  dz  8 


_ ±(K 

dz  X  m  dz  / 


*  (15) 


where  the  terms  on  the  right  are,  respectively,  the  shear 
production  rate,  the  buoyancy  production  rate,  the 
turbulent  transport  rate,  and  the  dissipation  rate.  The 
prognostic  equation  for  the  dissipation  is  (Wyngaard 
1975;  Marchuk  et  al.  1977;  Lumley  1980) 


_  <  / — ; — j i  du  — —  dv\ 

-c’e[uwt;+vw*} 


-C.-  +  C, 
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where  the  terms  on  the  right  represent  respectively  the 
generation  of  t,  the  destruction  of  t,  and  the  turbulent 
transport.  The  constants  in  (16)  are  (Deleting  and 
Etling  1985) 

C>  =  1.38,  C«  =  1.90,  and  Cj  =  0.77. 


The  fluxes  of  momentum  and  heat  above  the  surface 
layer  are  then 


-  du 

rx  =  -pu'W  =  PKm  — 

(17) 

-  dv 

Ty  =  -pv'w'  =  PK„  — 
az 

(18) 

H  =  pcpd'w'  =  pcpKh  ~ 

(19) 

where  Af*  is  related  to  A'm  by  the  turbulent  Prandtl 
number  4>m/4>h  (Businger  1973). 

b.  Prescribed  temperature  gradients 

The  gradients  (dT/dx)p  and  (dT/dy)p,  required  in 
(3)-(5),  are  estimated  from  Figs.  1-3.  For  the  surface 
and  mixed  layers  (0  z  <  z,) 

/  dT\ 

—  =  0.02°C  km-1 

w. 

(20) 

which  is  the  same  as  the  sea  surface  gradient  ( dT/dx)0 
estimated  from  Fig.  1.  The  sea  surface  temperature  is 
cooled  linearly  by  4°C  over  12  h,  an  amount  consistent 
with  observation. 

Above  the  inversion  (z  >  z,)  it  is  assumed  that 

(S).- 

and  that  both  (20)  and  (21 )  are  independent  of  time. 
At  the  sharpest  part  of  the  inversion 


where  tan0  =  dzi/dy  is  the  slope  of  the  inversion,  and 
( dT/dz)i  =  0.067°C  m-1  is  the  largest  vertical  tem¬ 
perature  gradient  seen  in  the  measured  temperature 
profiles.  It  is  speculated  that  by  late  on  24  October  the 
slope  had  become  small,  since  only  remnants  of  the 
thermal-wind  jet  remained,  and  the  growth  of  the 
boundary  layer  had  slowed.  To  account  for  those 
changes  in  a  simple  way,  the  assumptions  are  made 
that  dzi/dy  depends  linearly  on  height,  and  that  dzrf 
dy  *  0  when  the  boundary  layer  has  grown  to  a  max¬ 
imum  height  of  z„  *  700  m.  This  gives 


where  (dz/dy) 0  was  assumed  to  equal  -0.004.  With 
these  values  of  z„  and  (dz/dy) 0,  and  for  zt  *  350  m, 


(23)  yields  dz(/dy  =  -0.002  which  is  about  the  same 
as  the  inversion  slope  of  a  cloud-topped  boundary  layer 
off the  California  coast  observed  by  Brost  et  aL  ( 1982b). 

In  the  transition  layer,  (dT/dy)p  is  complex  as  shown 
in  the  sketch  of  Fig.  6  which  was  constructed  by  using 
(22),  (23)  and  the  typical  shape  of  this  layer  estimated 
from  the  temperature  profiles.  The  dashed  curve  in 
Fig.  6  is  the  approximate  relationship  between  ( dT / 
dy)„  and.z  used  in  the  modeling.  Between  zt  and  the 
top  z,  of  the  transition  layer,  ( dT/dy)p  and  z  are  linearly 
related  so  that 


z 


-Z, 

( dT/dy ), 


+ 


?, + 


2(. 


(24) 


Combining  (22)— (24)  gives 


(25) 


for  the  transition  layer  (zf  <  z  <  z,). 
Above  the  transition  layer  (z  >  z,), 


Below  the  inversion  (0  4  z  <  Z/), 

mm-t)  - 

where  (dT/dy) 0  =  -0.02°C  km'1  is  the  sea  surface 
gradient,  and  ( 1  -  z,/zm)  gives  the  same  evolution  of 
(dT/dy)0  as  dz,/dy  in  (23).  This  is  used,  because  ad- 
vection  from  the  large  pool  of  cool  water  west  of  SN1 
as  seen  in  the  monthly  mean  isotherms  will  cool  the 
sea  surface  near  SNI  more  rapidly  than  areas  north  of 


z 


(JT/*)0  (aT/ay), 

FIC.  6.  Sketch  of  the  height  dependence  of  the  horizontal  tem- 
pentuie  gradient  in  the  noctherfy  direction  deduced  from  observations 
(lolid  line),  and  used  in  the  model  (daihed  line).  Not  drawn  to  Kale. 
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the  island,  so  that  the  N-S  temperature  gradient  will 
tend  to  decrease. 

c.  Control  experiment 

The  control  experiment  consisted  of  using  the  quasi- 
2D  model  with  the  prescribed  temperature  gradients 
given  in  subsection  3b,  and  with  the  measured  tem¬ 
perature  and  wind  profiles  at  0900  LST  (Figs.  2  and 
3)  as  initial  conditions.  The  initial  wind  direction  was 
assigned  to  be  westerly  which  was  the  estimated  ori¬ 
entation  of  the  balloon  during  its  ascent  at  0900. 

The  vertical  profiles  of  temperature  and  wind  speed 
predicted  by  the  model  for  this  experiment  are  shown 
in  Figs.  7  and  8,  respectively.  A  comparison  of  those 
profiles  with  the  measured  profiles  in  Figs.  2  and  3 
shews  that  the  model  reproduced  the  main  features  of 
the  measured  profiles  with  good  accuracy.  Similarities 
between  the  predicted  and  measured  evolution  of  the 
profiles  include  the  following:  The  temperature  profiles 
show  a  well-mixed  layer  below  the  interfacial  layer, 
and  a  transition  layer  between  the  interfacial  layer  and 
the  free  atmosphere.  Cooling  near  the  surface  is  about 
4°C,  and  just  below  zb  it  is  much  greater.  The  inversion 
height,  initially  at  125  m  at  0900  LST,  rises  to  ~450 
m  12  h  later,  and  the  rate  of  its  rise  slows  at  the  end 
of  the  period.  The  good  agreement  in  inversion  rise  is 
partly  a  result  of  tuning  the  model  by  varying  the  value 
of  zm  in  (23).  The  initial  value  of  zm  =  500  m  gave  a 
total  inversion  rise  of  100  m  less  than  found  in  the 
control  experiment,  where  z„  -  700  m  was  used.  This 
result  suggests  that  at  2 100  LST,  the  inversion  still  had 
some  slope,  and  that  the  inversion  rise  is  very  sensitive 
to  the  magnitude  of  the  slope.  The  wind  profiles  show 
an  evolving  wind  jet  of  similar  strength  and  of  ap- 


Fic,  7.  Time  evolution  of  temperature  profiles  predicted  by  the 
control  run  of  the  quut-2D  model  using  the  observed  temperature 
end  wind  profiles  at  0900  LST  and  the  prescribed  horizontal  tem¬ 
perature  gradients  as  the  initial  conditions. 


Fig.  8.  As  in  Fig.  7,  but  for  predicted  wind-speed  profiles. 


proximately  symmetrical  shape  whose  peak  is  found 
within  the  rising  interfacial  layer  (except  profile 
1200  LST). 

The  major  difference  between  the  modeled  and 
measured  temperature  and  wind  profiles  is  that  the 
model  results  do  not  reproduce  the  same  sporadic  rise 
of  the  interfacial  layer  as  seen  in  the  measurements. 
Some  sporadicity  in  the  modeled  temperature  profiles 
is  seen  where  the  heat  loss  from  the  transition  layer  is 
unsteady  (see  profiles  at  0900,  1200,  and  1500  LST); 
however,  differences  exist  in  the  shape  of  the  transition 
layer,  and  in  the  vertical  extent  of  the  modeled  jet  which 
was  150  m  too  high.  As  discussed  before,  these  differ¬ 
ences  may  be  caused  by  the  essentially  ID  nature  of 
the  model  which  precludes  the  proper  behavior  of  larger 
eddies,  and  by  the  assumptions  used  in  the  prescribed 
temperature  gradients.  Another  difference  is  that  mod¬ 
eled  wind  speeds  in  the  lower  mixed  layer  are  2-3  m 
s-1  too  high.  This  may  be  a  result  of  the  surface  rough¬ 
ness  given  by  (9)  being  too  small  for  the  ocean  /beach 
interface  of  the  observing  site.  The  modeled  wind  di¬ 
rection  was  WSW  rather  than  the  westerly  direction 
estimated  from  the  orientation  of  the  balloon.  Finally, 
the  temperature  just  below  zb  for  2100  is  about  1°C 
warmer  than  the  measured  temperature.  This  difference 
combined  with  the  wind  overestimate  suggests  that 
(dT/dx) o  *  0.02°C  km-1  used  in  the  model  is  too 
small. 

Energy  fluxes  and  turbulence  budgets  were  calcu¬ 
lated  with  the  model  and  are  described  next.  Figures 
9  and  10  show,  respectively,  the  heat  and  momentum 
fluxes  evaluated  for  the  same  times  as  shown  in  Figs. 
7  and  8.  The  heat-flux  profiles  after  1200  LST  show  a 
negative  peak  which  coincides  with  zb,  an  increasingly 
negative  gradient  below  the  peak  indicating  the  effects 
of  cold  advection,  and  a  decrease  to  zero  just  above 
the  peak  of  the  jet  located  in  the  interfacial  layer.  The 
downward  heat  flux  peaked  at  zb  shows  that  warmer 
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HEAT  FLUX  (W/M2) 


FIG.  9.  As  in  Fig.  7,  but  for  predicted  heat-flux  profiles.  For  each 
profile  the  hatched  area  gives  the  location  of  the  interfacial  layer 
determined  from  Fig.  7,  and  J  indicates  the  height  of  the  wind-jet 
peak  found  from  Fig.  8.  The  times  corresponding  to  the  hatched 
areas  and  positions  of  J  are,  respectively,  2100,  1800,  1500,  1200 
LST  from  top  to  bottom. 

air  from  the  interfacial  layer  is  being  entrained  into 
the  mixed  layer.  The  profile  for  1200  LST  does  not 
show  evidence  of  such  entrainment.  This  difference 
appears  to  be  a  result  of  the  location  of  the  peak  of  the 
jet  When  it  peaks  within  the  interfacial  layer  strong 
entrainment  occurs  at  zb ;  when  it  peaks  below  zb  as  in 
1200  LST  no  entrainment  is  evident.  The  profile  for 
1200  LST  differs  because  early  in  the  modeling  period 
the  mixed  layer  cooled  at  a  slower  rate  than  the  pre¬ 
scribed  linear  cooling  rate  of  the  surface,  thus  creating 
temporary  warm  advection  in  the  mixed  layer.  The 
instantaneous  heat  flux  profiles  in  Fig.  9  cannot  be 
considered  to  be  quasi-steady,  because  the  profiles  in 


MOMENTUM  FLUX  (M2®2) 


FK3. 10.  A*  in  Fig.  7,  but  for  predicted  momentum  flux. 


TKE  BUDGET  (10‘V/S5) 


Fig.  1 1.  Turbulent  kinetic  energy  budget  predicted  by  the  control 
run  of  the  quasi-2D  model  for  1200.  Shear  production:  dotted  curve; 
turbulent  transport:  dashed  curve;  buoyancy  production:  dot-dashed 
curve;  and  dissipation:  solid  line  curve. 


Fig.  9  do  not  show  heat  flux  through  the  top  of  the 
interfacial  layer,  which  must  occur  sporadically  as  in¬ 
dicated  by  the  heat  loss  in  the  transition  layer  (see  Fig. 
7)  where  there  is  no  temperature  advection.  The  mo¬ 
mentum  fluxes  in  Fig.  10  decrease  linearly  with  height, 
and  also  become  zero  at  the  same  levels  as  the  heat 
fluxes. 

Figures  11-14  show  the  calculated  TKE  budgets.  All 
profiles  after  1200  LST  show  shear  production  has  a 
maximum  near  the  surface,  decreases  upward,  and  then 
increases  to  a  local  maximum  at  zb.  Above  this  level 
it  decreases  to  0  near  the  peak  of  the  jet.  The  buoyant 
production  has  a  negative  peak  at  zb,  and  its  surface 
value  reflects  the  effect  of  cold  advection.  Dissipation 


TKE  BUOGET  (lO-V/S2) 

FW.  12.  A* in  Fig.  II,  but  for  1500  LST. 
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is  nearly  a  mirror  image  of  the  shear  production,  but 
its  magnitude  is  slightly  less;  the  turbulent  transport  of 
TKE  suggests  an  upward  transport  from  the  lower  to 
the  upper  portion  of  the  mixed  layer. 

The  peaks  of  shear  and  negative  buoyancy  produc¬ 
tion  at  zb  are  consistent  with  the  peaks  of  downward 
heat  flux  found  at  zb,  and  indicate  that  shear-generated 
TKE  just  under  the  peak  of  the  jet  is  causing  entrain¬ 
ment  of  stable  interfacial-layer  air  into  the  top  of  the 
mixed  layer.  The  existence  of  this  entrainment  region 
« indirectly  confirmed  by  the  location  of  the  peak  of 
the  jet  in  the  interfacial  layer.  The  prescribed  temper¬ 
ature  gradients  that  correspond  to  a  capped  mixed 
layer,  cooler  and  lower  in  the  northerly  direction, 
should  cause  dT/dy  to  change  its  sign  at  zb.  The  ther¬ 
mal  wind  should  thus  also  change  the  sign  of  its  vertical 
gradient  and  show  a  peak  at  zb.  The  fact  that  the  peak 
of  the  jet  is  found  higher  in  the  interiacial  layer  indicates 
that  the  air  near  the  base  of  this  layer  has  lost  momen¬ 
tum  by  mixing  with  slower  moving  air  just  below.  This 
effect  also  appears  to  apply  to  the  SNI  observations, 
because  the  wind  jet  is  found  within  the  interfacial 
layer,  rather  than  at  zb. 

The  TKE  budget  profiles  for  1200  in  Fig.  1 1  again 
differ  from  the  subsequent  profiles,  because  the  peak 
of  the  jet  is  found  below  zb  at  1200.  In  this  case  the 
growth  may  have  been  more  dependent  on  convection 
due  to  buoyancy  and  shear  production  at  the  surface. 
This  raises  the  question,  addressed  in  subsequent  sec¬ 
tions,  on  the  relative  importance  of  surface  convection 
vs  shear  production  by  the  jet  on  the  growth  of  the 
mixed  layer. 

The  modeled  heat  flux  and  TKE  budgets  resemble 
those  measured  by  BWL  (case  17-2).  This  may  not  be 
a  coincidence,  because  of  the  similarities  between  the 
environmental  conditions  for  their  case  17-2  and  the 
SNI  episode  described  here.  Both  cases  have  cold  air 
advection  over  surface  isotherms  turned  about  45  deg 


to  the  surface  wind.  The  warm  air  is  to  the  right  of  the 
wind  direction,  which  is  also  the  direction  of  the  in¬ 
creasing  height  of  a  sloped  inversion,  and  strong  wind 
shears  exist  near  the  inversion.  Case  17-2  has  no  wind 
jet,  because  in  this  case  the  thermal  wind  causes  a  dif¬ 
ferent  vertical  wind  gradient,  since  a  northerly  wind  is 
crossing  isotherms  oriented  NW-SE.  The  most  obvious 
difference  between  the  1 7-2  and  SNI  cases  is  that  the 
former  corresponds  to  a  marine  boundary  layer  topped 
with  stratocumulus  clouds  while  the  latter  is  a  clear- 
air  case.  The  evidence  found  by  BWL  that  buoyancy 
production  by  convection  and  by  cloud-top  radiative 
cooling  in  the  clouds  was  small  compared  to  shear  pro¬ 
duction  in  case  17-2,  may  be  the  reason  that  the  17-2 
and  SNI  cases  agree  as  well  as  they  do.  It  is  tempting 
to  apply  the  entrainment  situation  predicted  by  the 
present  model  to  the  17-2  case.  This  application  un¬ 
fortunately  cannot  be  tested  with  the  BWL  data,  be¬ 
cause  of  the  poor  resolution  of  their  profiles  near  the 
inversion,  and  because  of  possible  “aircraft  bias  error” 
which  is  a  symptom  of  fast  aircraft  penetrations  through 
shallow  and  undulating  Matures  such  as  an  interfacial 
layer. 

d.  Sensitivity  experiments 

A  series  of  experiments  were  run  in  which  the  initial 
conditions  of  the  control  experiment  were  changed  in 
a  systematic  way  to  test  the  sensitivities  of  the  jet  to 
external  factors  such  as  the  horizontal  temperature 
gradients,  the  slope  of  inversion,  and  the  initial  wind 
profile. 

In  the  first  experiment  we  changed  the  control  by 
giving  the  inversion  a  slope  in  the  x  direction  equal  to 
and  opposite  in  sign  to  the  slope  in  the  y  direction, 
and  by  describing  ( dT/dx)p  by  equations  similar  to 
(25)— (27 ),  but  in  terms  of x.  Thus  for  this  experiment 
the  inversion  rises  towards  the  SE  where  the  warmest 
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FIG.  15.  Time  evolution  of  temperature  profiles  predicted  by  a 
sensitivity  run  of  the  quasi-2D  model  for  which  there  was  no  slope 
to  the  inversion.  Curves  correspond  to  the  same  times  used  in  Fig. 
7. 

sea  su  temperatures  are  thought  to  exist.  The  re¬ 
sults  (nut  jhown)  resemble  the  control  run,  in  that  the 
mixed  layer  grows  as  a  result  of  shear-induced  entrain¬ 
ment  at  the  base  of  the  interfacial  layer.  However,  those 
results  do  not  compare  as  well  to  the  experimental  ob¬ 
servations  as  does  the  control,  because  the  jet  is  weaker. 
This  suggests  that  the  inversion  rises  more  towards  the 
S  rather  than  the  SE,  as  supported  by  the  observed 
E-W  orientation  of  the  line  separating  the  Sc  layer 
from  the  clear  area. 

In  the  second  experiment  the  only  change  from  the 
control  was  to  keep  the  inversion  horizontal.  The  pre¬ 
dicted  temperature  and  wind  profiles  are  shown  in  Figs. 
15  and  16;  the  mixed  layer  only  grew  about  50  m,  but 


W*MO  SPEED  (1VS) 

FlO.  16.  A*  in  Fif/  15,  but  for  wind  profile*. 


1  »  10  11  12  13  14  IS  IS  17  IS  It  20 

TEMPERATURE  (C) 


Flo.  17.  Temperature  profiles  for  a  sensitivity  run  of  the  model 
for  which  the  initial  wind-speed  profile  was  constant  with  height. 
Curves  correspond  to  the  same  times  as  in  Fig.  7. 


a  jet  is  again  evident.  Comparing  the  jet  in  Fig.  1 6  with 
the  wind  profiles  of  the  control  (Fig.  8)  shows  that  the 
jet  does  not  coincide  with  the  interfacial  layer,  and  it 
is  weaker.  This  experiment  shows  that  the  sloped  in¬ 
version  and  a  properly  positioned  jet  are  necessary  for 
rapid  mixed-layer  growth. 

In  the  third  experiment  the  only  change  from  the 
control  was  to  make  the  atmosphere  horizontally  iso¬ 
thermal.  The  predicted  wind  profiles  (not  shown) 
showed  a  jet  very  similar  to  that  of  Fig.  16.  This  result, 
and  the  fact  that  this  jet  has  a  maximum  which  is  col¬ 
located  with  the  wind  minimum  in  the  initial  wind 
profiles,  suggests  that  the  inertial  acceleration  of  wind 
field  also  contributes  to  the  formation  of  the  jet. 

The  effect  of  the  wind  deficit  was  removed  for  the 
fourth  experiment  by  including  in  the  control  a  wind 
profile  with  a  constant  7  ms-1  wind  speed  at  all  heights 
as  the  initial  condition.  The  predicted  profiles  are 
shown  in  Figs.  17-19.  The  strength  of  the  jet  is  less, 
the  upper  limit  of  the  jet  is  lower,  and  the  mixed  layer 
is  about  15%  lower  than  in  the  control  experiment 
Those  results  indicate  that  the  wind  shear  located  above 
the  interfacial  layer  (see  0900  LST  in  Fig.  8 )  enhances 
the  growth  rate  of  the  mixed  layer  as  also  deduced  from 
the  Ri  analysis  in  Fig.  5.  With  no  shear  in  this  sensitivity 
experiment  the  temperature  jump  and  gradient  in  the 
interfacial  layer  increase,  and  the  vertical  extent  of  the 
transition  layer  is  smaller.  The  effect  of  those  changes 
on  the  TKE  budget  at  1800  LST  are  shown  in  Fig.  19, 
which  should  be  compared  with  Fig.  1 3.  While  the  po¬ 
sitions  of  the  jet  and  the  peaks  in  shear,  buoyancy,  and 
dissipation  remain  the  same  relative  to  z*  in  this  ex¬ 
periment  and  ia  the  control,  the  TKE  peaks  are  much 
sharper  and  are  found  over  a  more  shallow  layer  in 
this  experiment  The  shear  production  peak  as  wdl  as 
the  temperature  jump  for  this  experiment  are  now 
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for  which  the  sign  of  the  surface  temperature  gradient  in  the  easterly 
direction  was  changed.  Curves  correspond  to  the  same  times  as  in 


closer  in  appearance  to  the  same  quantities  in  case  17-  Flg' 7' 
2  of  BWL. 


In  the  fifth  experiment  ( 3T/dy)0  is  set  to  0  to  rep¬ 
resent  a  sea  surface  temperature  distribution  that  has 
no  N-S  gradient.  With  everything  else  remaining  the 
same,  the  model  predicts  wind  and  temperature  profiles 
similar  to  those  in  Figs.  15  and  16.  In  this  case  the. 
westerly  component  of  the  geostrophic  wind  shear  is 
much  weaker  than  the  control,  so  that  shear  production 
near  the  interfacial  area  is  smaller  and  limits  the  growth 
of  the  mixed  layer. 

In  the  final  experiment  the  only  change  in  the  control 
is  the  sign  of  ( dT/dy)0  which  is  now  positive.  This 
places  the  cooler  air  to  the  SW  and  the  warmer  air  to 
the  NE  so  that  initially  the  westerly  wind  produces 
warm  advection.  The  model  results,  shown  in  Figs.  20 


and  21,  are  very  different  from  the  control.  The  im¬ 
posed  temperature  distribution  causes  temperatures  to 
remain  relatively  unchanged  in  the  boundary  layer, 
except  for  the  surface  cooling  and  some  advection 
modulated  changes  above  the  inversion.  The  effects  of 
advection  are  generally  weaker  in  this  experiment,  be¬ 
cause  the  northerly  mixed  layer  winds  are  at  small  an¬ 
gles  to  the  NW-SE  oriented  isotherms. 

These  modeling  results  support  the  hypothesis  of¬ 
fered  in  section  2  that  the  SNI  boundary  layer  jet  was 
forced  by  the  specified  mesoscale  temperature  field  and 
the  sloping  inversion,  and  that  entrainment  caused  by 
wind  shear  associated  with  the  jet  was  crucial  in  the 
rapid  growth  of  the  mixed  layer.  They  further  suggest 


Re.  19.  A*  in  Fig.  17,  but  for  predicted  kinetic  energy  budget 
Curve*  correspond  to  the  same  quantities  as  in  Fig.  1 1. 


Fig.  21.  As  in  Fig.  20,  but  for  predicted  wind-speed  profile*. 
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that  thermal  advection  over  sea  surface  isotherms  ori¬ 
ented  iiferently  than  the  specified  field  will  result  in 
different  boundary  layer  behavior. 

4.  Entrainment 

Previous  methods  of  parameterizing  entrainment 
can  be  compared  to  the  observed  rise  of  the  SNI 
boundary  layer  under  the  assumption  that  advection 
and  divergence  did  not  affect  the  entrainment.  The  first 
method  is  a  traditional  convective  entrainment  pa¬ 
rameterization,  where  the  entrainment  velocity  is  given 
by  (Stull  1976) 

Wk  =  0.2WJR,  (28) 

where 

Wm>  =  W\  +  8  ul  (29) 

is  the  mixed-layer  scaling  velocity  suggested  by  Ten- 
nekes  and  Driedonks  ( 198 1 ),  R  is  a  bulk  stability  pa¬ 
rameter  given  by 

R-gM*!{WjT)  (30) 


proach  of  Wyngaaid  and  LeMone  ( 1980)  for  calcu¬ 
lating  structure  function  parameters  in  terms  of  the 
scaler  variance  budget  equations  in  the  interfacial  layer 
with  the  conceptual  model  of  Deardorff  ( 1 979 )  for  the 
vertical  distribution  of  the  scaler  in  the  layer,  to  arrive 
at  the  dissipation  rate  of  shear  produced  in  the  layer. 
The  dissipation  rate  is  then  combined  with  Deardorff's 
(1980)  parameterization  of  vertical  velocity  variance 
in  the  layer  to  yield  a  nondimensional  entrainment 
velocity  X  given  by 


Wf  _  -  ,  rR/'(2  +  rR/1) 

WK  1+2(1  +  rRf')(s  -  rRf') 


(33) 


where  We  is  the  entrainment  velocity  including  shear 
in  the  interfaciaf  layer,  is  the  same  as  defined  in 
(28),  rand  s  are  quasi-constants  which  depend  on  cl 
=  1 1  and  c2  =  0.214  [see  Fairall  ( 1984)  for  an  expla¬ 
nation],  and  R/1  is  the  reciprocal  of  the  flux  Richard¬ 
son  number  for  the  interfacial  layer  given  by 


7(AS*)2T 

f  6(g/T)(A<U2 


(34) 


and  A9„  is  the  virtual  potential  temperature  jump  across 
the  interfacial  layer. 

The  buoyancy  velocity  scale  W ,  and  friction  velocity 
u ,  are  given  by  the  usual  expressions: 

Wl  =  gzWjT  =  gHz,/(cpPT0)  (31 ) 

u,  =  uAr/ln(z/z,)  (32) 

where  z,  =  4  X  10"*  m  is  an  average  value  of  the 
roughness  length  measured  by  Blanc  ( 1 982 )  at  the  SNI 
experimental  site,  H  is  the  surface  heat  flux,  and  the 
other  parameters  have  the  usual  meaning. 

The  profiles  in  Figs.  2  and  4,  and  H  =  10  W  m'2 
taken  from  the  modeling  results  in  Fig.  9  were  used  to 
roughly  estimate  that  IF,  =  0.33  m  s-1  and  u ,  =  0.31 
m  s'1  were  mean  values  of  those  quantities  during  the 
12-h  observation  period;  furthermore,  R  =  29.7,  W„ 
=  0.65  m  s_l,  and  WK  =  0.44  cm  s-1.  The  value  of 
is  less  than  half  of  the  observed  entrainment  value 
of  1 .04  cm  s"1 .  This  comes  as  no  surprise,  because  the 
traditional  entrainment  parameterization  does  not  in¬ 
clude  the  effects  of  wind  shear.  The  value  of  W„  is 
somewhat  larger  than  expected  in  light  of  the  sensitivity 
experiments  ( 2, 3,  and  5 )  for  which  the  lack  of  a  proper 
jet  suggested  that  the  growth  of  the  mixed  layer  was 
primarily  due  to  forced  convection  from  surface-gen¬ 
erated  wind  shear.  The  1 2-h  50-m  growth  of  the  mixed 
layer,  and  a  surface  layer  wind  of  6  m  s'1  for  those 
sensitivity  experiments,  translates  to  an  expected 
growth  of  about  100  m  for  the  control  run  when  only 
convective  entrainment  is  considered,  rather  than  to 
about  200  m  which  corresponds  to  WK  =  0.44  cm  s"1 . 

The  second  comparison  is  made  between  the  SNI 
observations  and  the  more  recent  work  of  Fairall 
( 1984)  which  includes  wind  shear  in  the  entrainment 
parameterization.  He  essentially  combines  the  ap¬ 


where  AS*  is  the  wind  speed  jump  across  the  interfacial 
layer,  and  T  is  the  potential  temperature  gradient  above 
the  layer.  From  the  observed  profiles  in  Figs.  2  and  3, 
mean  values  for  the  quantities  in  (33)  and  (34)  are 
estimated  to  be  AS*  =  1.22  m  s_l,  T  -  0.0099  Cm-1, 
A6V  =  1.6  K,  Rf'  -  0.21,  X  -  1.099,  and  We  -  0.480 
cm  s"1. 

Thus,  Fairall’s  (1984)  approach  also  does  not  predict 
the  rapid  rise  of  the  SNI  mixed  layer.  In  fairness  to  his 
approach,  the  SNI  situation  is  not  a  good  test  of  his 
expression  for  IFr,  because  the  SNI  conditions  differ 
markedly  from  Deardorff’s  ( 1979)  generalized  inver¬ 
sion  structure  model  on  which  Fairall’s  ( 1984)  deri¬ 
vation  is  based.  Deardorff’s  conceptual  model  requires 
the  following  conditions:  buoyancy  production  due  to 
entrainment  has  a  negative  peak  in  the  center  of  the 
interfacial  layer  [with  an  enhancement  due  to  shear 
production  added  by  Fairall  ( 1984)],  buoyancy  pro¬ 
duction  is  0  at  the  top  of  the  interfacial  layer  and  has 
a  crossover  point  near  z*,  and  except  in  the  surface 
and  mixed  layers  there  is  no  wind  shear.  Dearly  the 
SNI  case  does  not  meet  those  requirements. 

Tennekes  and  Driedonks  ( 1981 )  review  other  ap¬ 
proaches  for  parameterizing  entrainment  with  shear. 
Those  approaches  also  correspond  to  conditions  which 
do  not  resemble  the  SNI  case,  so  that  an  appropriate 
expression  for  fVe  most  likely  does  not  exist. 

A  model  for  parameterizing  the  entrainment  in  the 
SNI  case  should  include  the  growth  mechanisms  which, 
from  the  observations  and  modeling  of  the  SNI  case, 
are  proposed  as  follows:  The  presence  of  the  wind  jet 
associated  with  the  sloped  inversion  causes  the  rapid 
growth  of  the  boundary  layer,  but  in  an  unexpected 
way.  The  forced  convection  due  to  shear  production 
at  die  surface  does  not  directly  influence  entrainment 
to  a  large  degree,  but  steepens  the  temperature  gradient 
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in  the  lower  portion  of  the  interfacial  layer.  This  in 
turn  strengthens  the  wind  gradient  of  the  jet,  located 
in  the  sloped  layer,  according  to  the  thermal  wind  re¬ 
lationship,  and  the  jet  then  causes  the  entrainment  at 
the  base  of  the  interfacial  layer  where  mixing  requires 
the  least  amount  of  energy.  Thus  shear-induced  en¬ 
trainment  in  the  SNI  case  is  not  decoupled  from  the 
mixed  layer  as  suggested  by  BWL  for  their  similar  case, 
but  depends  indirectly  on  surface-generated  convec¬ 
tion.  The  wind  shear  of  the  jet  also  results  in  sporadic 
breakdowns  in  the  atmosphere  above  the  interfacial 
layer,  forming  a  temperature  transition  layer  which 
mixes  with  the  free  atmosphere  and  the  interfacial  layer. 
The  transition  layer  decreases  the  temperature  jump 
of  the  interfacial  layer  thus  also  enhancing  mixed  layer 
growth.  On  the  other  hand,  air  mixing  with  the  inter¬ 
facial  layer  from  below  and  above  also  has  the  opposite 
effect:  mixing  decreases  the  temperature  and  thermal- 
wind  gradients  in  the  interfacia!  layer  reducing  wind 
shear,  thus  slowing  mixed  layer  growth.  These  com¬ 
peting  growth  mechanisms  appear  to  be  in  balance, 
giving  a  reasonably  stable  growth  rate  of  the  mixed 
layer.  This  balance  may  be  reflected  in  the  observed 
nearly  unchanging  shape  of  the  temperature  profile  in 
the  interfacial  layers  in  Fig.  2;  all  vertical  profiles,  except 
for  the  last,  show  an  interfacial  layer  about  30  m  thick, 
with  a  temperature  jump  of  2°C,  and  with  nearly  iden¬ 
tical  vertical  gradients. 

A  worthwhile  future  effort  is  an  attempt  to  param¬ 
eterize  the  entrainment  in  the  SNI  case  and  in  similar 
cases  along  the  lines  used  by  Fairall  ( 1984).  but  with 
a  more  appropriate  conceptual  model.  This  would 
hopefully  lead  to  useful  IF,  scaling  relationships  which 
include  all  pertinent  meteorological  parameters  dis¬ 
cussed  here.  As  a  first  step  in  this  direction  we  offer 
the  relationship 

Wt  (cm  s"')  =  — 300dz,/dy  (35) 

which  is  our  best  estimate  of  Wt  based  on  the  modeling 
results  which  showed  an  approximately  linear  rela¬ 
tionship  between  Wt  and  the  slope  of  the  inversion  for 
the  SNI  episode. 

5.  Conclusions 

We  found  that  the  formation  and  evolution  of  the 
SNI  boundary  layer  jet  was  due  to  the  interaction  of 
an  inertial  oscillation  of  the  westerly  wind  with  a  sea 
surface  temperature  gradient  that  had  isotherms  angled 
SW  to  NE,  and  with  the  resulting  horizontal  temper¬ 
ature  gradients  formed  in  the  atmosphere  by  wind  shear 
and  a  sloped  temperature  inversion.  Measurements  of 
the  temperature  and  wind  fields  suggested  those  for¬ 
mation  mechanisms,  and  model  simulations  supported 
them.  The  formation  of  a  similar  thermal-wind  jet  de¬ 
scribed  by  Zemba  and  Friehe  ( 1987)  required  a  land- 
ocean  temperature  contrast.  The  SNI  jet  differs  in  that 


it  could  exist  elsewhere  over  the  oceans  where  similar 
temperature  advection  and  mesoscale  gradients  exist. 

The  rapid  growth  of  the  boundary  layer  was  a  result 
of  the  wind  jet  whose  peak  was  located  within  the 
sloped  interfacial  layer.  The  mechanism  for  the  rapid 
growth  included  weak  mixing  at  the  base  of  the  inter¬ 
facial  layer  due  to  turbulence  generated  by  forced  con¬ 
vection  in  the  mixed  layer.  This  mixing  increased  the 
vertical  temperature  gradient  in  the  lower  portion  of 
the  interfacial  layer  which,  in  turn,  increased  thermal- 
wind  shear  just  below  the  peak  of  the  jet,  and  caused 
a  strong  mixing  at  the  base  of  the  interfacial  layer.  An¬ 
other.  but  less  important,  growth  mechanism  was  the 
formation  due  to  the  jet  of  a  vertical  temperature  tran¬ 
sition  layer  between  the  interfacial  layer  and  the  free 
atmosphere  above.  The  transition  layer  enhanced 
boundary  layer  growth  by  reducing  the  temperature 
jump  at  the  interfacial  layer. 

The  quasi-2D  model,  with  turbulence  given  in  terms 
of  eddy  diffusivity  and  the  TKE  budget,  successfully 
reproduced  the  main  features  of  the  evolving  boundary 
layer  jet.  The  boundary  layer  growth  rate  and  shape, 
and  location  and  intensity  of  the  jet  were  similar  to  the 
observations,  using  reasonable  model  inputs.  The 
model  also  produced  reasonable  momentum,  heat-flux, 
and  TKE  profiles  as  judged  by  a  comparison  with 
the  same  profiles  measured  with  an  aircraft  in  a 
similar  episode  off  California  by  Brost  et  al.  ( 1982a. 
case  17-2). 

The  model  showed  a  less  sporadic  growth  rate  of  the 
boundary  layer  than  the  observed  growth  rate  which 
indicated  occasional  mixing  over  deep  layers.  The  es¬ 
sentially  one-dimensional  nature  of  the  model  (given 
partial  two-dimensionality  by  prescribing  advection), 
precluded  the  proper  treatment  of  two-  or  three-di¬ 
mensional  eddies  that  may  have  been  responsible  for 
the  observed  sporadicity. 

Sensitivity  experiments  conducted  with  the  model 
for  horizontal  temperature  gradients  other  than  those 
established  for  the  SNI  episode  produced  a  different 
and  weaker  wind  maximum  associated  with  the  inertial 
oscillation,  and  showed  other  complex  boundary-layer 
behavior.  These  results  support  our  conjecture  that  the 
observed  evolution  of  the  jet  and  the  MBL  structure 
are  products  of  the  unique  temperature  distribution 
and  the  slope  of  the  inversion  that  occurred  during  the 
observing  period  at  SNI. 

A  comparison  of  several  methods  of  parameterizing 
entrainment  velocity  with  the  observed  growth  rate  of 
the  SNI  boundary  layer  showed  little  agreement.  The 
proper  inclusion  of  shear  in  entrainment  parameter- 
izations  for  meteorological  situations  similar  to  the  SNI 
episode  is  a  topic  for  future  study. 
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Abstract 


The  structure  and  dynamics  of  the  outflow  layer  of  tropical 
cyclones  are  studied  by  using  a  three-dimensional  numerical  model.  A  weak 
and  a  strong  tropical  cyclones  are  produced  by  the  numerical  model  when 
starting  from  idealized  initial  vortices  embedded  in  mean  hurricane 
soundings.  The  quasi-steady  state  outflow  layers  of  both  the  weak  and 
strong  tropical  cyclones  have  similar  characteristics:  (1)  the  circulations 
are  mainly  anticyclonic  (except  for  a  small  region  of  cyclonic  flow  near 
the  center)  and  highly  asymmetric  about  the  center,  (2)  the  outflow  layer 
is  dominated  by  a  narrow  but  elongated  outflow  jet,  which  contributes  up  to 
50Z  of  the  angular  momentum  transport,  and  (3)  the  air  particles  in  the 
outflow  jet  mostly  originate  from  the  lower  level,  following  "in-up-and- 
out"  trajectories. 

We  found  there  are  secondary  circulations  around  the  outflow  jet, 
very  much  like  those  associated  with  mid-latitude  westerly  jet  streams.  In 
the  jet  entrance  region,  the  secondary  circulation  is  thermally  direct. 

That  is,  the  ascending  motion  is  located  on  the  anticyclonic  shear  side  of 
the  jet,  and  the  descending  motion  on  the  cyclonic  shear  side.  And  there 
is  a  radially  outward  flow  above  the  jet  and  inflow  below  it.  In  the  jet 
exit  region,  the  secondary  circulation  is  weaker  and  reversed  in  its 
direction  (thermally  indirect).  The  secondary  circulations  leave 
pronounced  signatures  on  the  relative  humidity,  potential  vorticity,  and 
tropopause  height  fields.  The  secondary  circulation  is  more  intense  in  the 
stronger  tropical  cyclone  (with  a  stronger  outflow  jet)  than  in  the  weaker 
tropical  cyclone. 


The  dynamic  instability  of  the  outflow  is  tested  in  numerical 
experiments  with  prescribed  forcings.  It  is  found  that  the  simulated 
tropical  cyclone  intensifies  when  its  upper  levels  within  a  radius  of 
approximately  500  km  are  spun  up  and  forced  to  be  more  divergent. 

Convection  plays  a  key  role  in  transforming  the  upper  level  divergence  into 
low  level  convergence.  In  another  experiment,  additional  regions  of 
convection  are  initiated  in  the  ascending  branches  of  the  circum-jet 
secondary  circulations  away  from  the  inner  region  when  the  outflow  jet 
between  the  radii  of  500  and  1000  km  is  accelerated.  These  regie  ns  of 
convection  become  competitive  with  the  inner  core  convection  and  eventually 
weaken  the  tropical  cyclone. 


1.  Introduction 


The  outflow  layer  of  tropical  cyclones  is  generally  shallow, 
anticyclonic,  divergent  on  the  synoptic  scale,  and  considerably  more 
asymmetric  than  the  middle  and  lower  layers  (Alaka,  1961,  1962;  Miller, 
1963;  Black  and  Anfches  1971;  Frank  ,1977;  McBride,  1981;  Merrill,  1988a). 
Except  for  a  small  region  near  the  center,  the  outflow  of  tropical  cyclone 
is  normally  concentrated  in  one  Or  two  outflow  jets  (or  channels).  It  is 
well  known  that  conditions  in  the  low-  and  mid-tropospheric  environment, 
such  as  moist  instability,  and  vertical  shears  and  high  ocean  surface 
temperatures,  can  greatly  affect  the  behavior  of  tropical  cyclones. 
Recently,  however,  it  has  been  recognized  that  the  outflow  layer  is  also 
able  to  control  the  intensity  or  even  the  movement  of  tropical  cyclones. 
There  have  been  many  observational  studies  (e.g.,  Sadler,  1976  and  1978; 
Holland  and  Merrill,  1984;  Steranka  et  al.,  1986;  Rodgers  et  al.,  1987  and 
1989a, b;  Molinari  and  Vollaro,  1989)  which  link  the  behavior  of  tropical 
cyclones  to  the  strength  and  position  of  upper  tropospheric  troughs 
(UTT’s).  Sadler  (1976  and  1978)  showed  in  general  that  as  an  UTT  aligns 
vertically  with  the  underlying  tropical  cyclone,  the  tropical  cyclone 
weakens.  On  the  other  hand,  if  a  tropical  cyclone  is  aligned  with  an  upper 
tropospheric  ridge,  it  generally  intensifies.  Rodgers  et  al  (1989b),  based 
on  satellite-measured  total  ozone,  suggested  that  the  positioning  of  upper- 
level  troughs  modulated  the  inner  core  convection  and,  therefore,  the 
intensity  of  some  Atlantic  hurricanes. 

It  has  been  demonstrated  that  the  asymmetric  outflow  can  be 
responsible  for  eddy  fluxes  of  angular  momentum  comparable  in  magnitude  to 
those  of  the  tropical  cyclone’s  symmetric  radial  circulation  (Pfeffer, 

1958;  Palmen  and  Riehl,  1957;  Black  and  Anthes,  1971;  Holland,  1983; 
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Molinari  and  Vollaro,  1989).  Challa  and  Pfeffer  (1980)  showed  that  the 
angular  momentum  flux  convergence  measured  from  observational  data  can 
accelerate  the  development  of  a  tropical  cyclone  in  an  axisymmetric 
numerical  model.  On  the  other  hand,  Holland  and  Merrill  (1984)  argued  that 
as  the  tropical  cyclone’s  low-  and  mid- tropospheric  cyclonic  circulations 
develop,  the  storm  becomes  more  inertially  stable,  and  more  resistant  to 
environmental  forcing  at  these  levels.  However,  at  the  outflow  level,  the 
anticyclonic  asymmetric  flow  is  more  inertially  unstable  and  more 
responsive  to  upper-level  environmental  forcing.  It  is  not  difficult  to 
imagine  then  that  one  of  the  tropical  cyclone’s  outflow  jets  can  be 
accelerated  by  an  approaching  upper-level  trough  as  suggested  by  Sadler 
(1976  and  1978).  It  follows  then  that  the  tropical  cyclone  would  intensify 
according  to  either  the  eddy  angular  momentum  viewpoint  or  the  inertial 
instability  argument. 

The  physical  process  or  the  chain  of  events  that  allows  the  upper 
tropospheric  forcing  to  influence  the  tropical  cyclone  is,  however,  less 
apparent.  The  kinetic  energy  budget  in  Challa  and  Pfeffer  (1980)  indicates 
that  with  added  angular  momentum  flux  the  stronger  development  of  their 
model' tropical  cyclone  is  accompanied  by  an  excess  of  kinetic  energy 
production  due  to  the  pressure  torque  (that  is,  the  work  done  by  the  cross- 
isobaric,  radial  circulation).  It  is  not  clear,  however,  whether  this 
enhanced  radial  circulation  is  a  cause  or  effect  of  the  intensification. 
Sadler  (1978)  speculated  that  the  outflow  channel,  when  strengthened,  can 
extend  inward  to  the  inner-core  convection  and  serve  as  the  outflow  of  the 
inner-core  convection  and,  therefore,  enhance  the  convection.  This  view  is 
supported  by  Chen  and  Gray  (1984),  who  conjunctured  that  the  enhanced 
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outflow  can  remove  more  mass  and  heat  from  the  inner  region  of  the  tropical 
cyclone  and  maintain  the  convective  instability. 

Merrill  (1984  and  1988b)  proposed  a  different  mechanism  for  the 
tropical  cyclone's  intensification  under  upper-tropospheric  forcing.  He 
noted  that  the  outflow  jet,  similar  to  the  jet  streaks  in  mid-  and  high- 
latitudes,  has  a  secondary  circulation  around  it  (Palmen  and  Newton,  1969; 
Uccellini  et  al.,  1984).  He  argued  that  as  the  jet  is  enhanced  or 
"channeled"  by  the  jet-stream  associated  with  the  upper-tropospheric 
trough,  the  secondary  circulation  would  also  be  enhanced.  This  in  turn 
would  initiate  additional  convection  in  the  upward  branch  of  the  secondary 
circulation  and  intensify  the  storm.  However,  a  necessary  condition  for 
this  process  is  that  the  upward  branch  of  the  secondary  circulation  is 
located  near  the  inner  region. 

These  hypotheses  of  course  cannot  be  substantiated  without  the 
knowledge  of  the  detailed  structure  of  the  outflow  jet.  Analysis  of 
observational  data  on  the  outflow  level  on  a  single-case  basis  may  suffer 
from  the  lack  of  data  or  poor  spatial  coverage,  whereas,  composite  data  may 
not  give  a  dynamically  consistent  structure.  A  numerical  simulation  with  a 
three-dimensional  (3D)  model  seems  to  be  an  expedient  way  to  obtain  a 
comprehensive  description  of  the  tropical  cyclone  outflow  layer.  In  the 
following  sections  2  and  3,  a  brief  review  of  the  numerical  model  will  be 
given  and  the  simulated  outflow  layer  structure  simulated  by  the  model  will 
be  presented.  The  plausibility  of  the  upper-level  forcing  changing  the 
behavior  of  tropical  cyclones  will  be  discussed  and  examined  by  conducting 
additional  numerical  experiments.  These  results  will  be  presented  in 
section  4. 


3 


2.  The  Numerical  Tropical  Cyclone  Model 


The  tropical  cyclone  model  used  in  this  study  is  essentially  the 
same  as  the  Navai  Research  Laboratory  (NRL)  limited-area  numerical  model 
described  in  Chang  et  al.  (1989).  The  model  is  a  3D,  hydrostatic, 
primitive  equation,  finite  difference  model  with  physical  parameterizations 
of  the  boundary  layer  and  cumulus  convection.  Model  equations  and  the 
numerical  techniques  are  documented  in  detail  in  Madala  et  al.  (1987). 

Some  modifications  are  made  to  accommodate  the  simulation  of  an  idealized 
tropical  cyclone. 

This  model  uses  the  Arakawa  C  grid  with  a  uniform  resolution  of  0.5 
degree  in  longitude  and  latitude.  There  are  141  x  91  horizontal  points  in 
the  model,  covering  a  domain  from  the  equator  to  45°N  in  latitude  with  a 
width  of  100  degrees  in  longitude  from,  say,  110  to  180°E.  (The  model 
result  is  independent  of  the  longitudinal  domain) .  The  model  domain  is 
assumed  to  be  entirely  over  the  ocean  to  avoid  complications  with  sea-land 
contrasts.  A  variable  Coriolis  parameter  is  used.  There  are  ten  a 
(<7«p/_ps)  layers  in  the  vertical  with  equal  a  thickness.  As  in  Chang  et  al. 
(1989),  a  constant  drag  coefficient  and  constant  exchange  coefficients  for 
the  sensible  and  latent  heats  are  used.  The  use  of  a  simple  boundary  layer 
parameterization  is  justifid  because  the  structure  of  the  outflow  layer 
should  be  relatively  insensitive  to  boundary  layer  formulations. 

All  the  simulations  presented  in  this  paper  are  carried  out  with  no 
initial  environmental  winds.  There  are  no  winds  along  the  lateral 
boundaries  throughout  the  integration.  Although  the  lateral  boundaries 
remain  undisturbed  due  to  the  large  model  domain,  a  damping  scheme  is  used 
to  reduce  any  boundary  reflection.  To  avoid  the  effect  of  the  sea  surface 
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temperature  (SST)  variations,  the  SST  is  set  at  302.5  K  over  the  entire 
model  domain.  The  model  is  initialized  with  the  mean  hurricane  sounding 
from  Sheets  (1968).  The  initial  vortex  is  defined  by  the  following  function 

v*«7,r)  -  v\nax  W (a)  (L.)  exp[  \  (l-(I_)b]  (1) 

ro  D  ro 

where  v^  is  the  tangential  velocity  relative  to  the  center,  r  is  the 
radius,  b  =  2  and  r0  *  240  km.  The  vertical  structure  function  V(a) 
decreases  linearly  from  1  at  d®l  to  0  at  ff*0.4,  so  that  the  outflow  can 
develop  in  the  model  instead  of  being  prescribed  by  the  initial  wind 
profile.  The  initial  position  of  the  vortex  is  set  at  22.5°N  and  150°E. 

In  order  to  simulate  the  outflow  layer  of  both  a  strong  and  a  weak 
tropical  cyclone,  two  values  of  v^MJ£  are  used:  40  ms"1  for  the  strong 
storm  and  20  ms"1  for  the  weak  storm.  In  addition,  at  the  ocean  surface 
the  humidity  for  the  case  of  the  strong  storm  is  assumed  to  be  1002  of  the 
saturation  specific  humidity  at  the  SST.  A  52  reduction  in  the  surface 
specific  humidity  is  assumed  for  the  case  of  the  weak  storm.  A  non- 
divergent,  nonlinear  balanced  initialization  is  carried  out  to  obtain  the 
initial  conditions  for  the  model  integration. 

3.  The  Structure  of  the  Outflow  Layer 

The  model  is  integrated  for  120  and  96  hours  for  the  weak  and 
strong  cases,  respectively.  A  quasi-steady  tropical  cyclone  develops  from 
the  initial  vortex  after  about  72  hours  in  the  weak  case  and  after  48  hours 
in  the  strong  case.  The  quasi- steady  strong  storm  has  a  central  pressure 
of  960  mb  and  a  maximum  surface  wind  of  40  ms"1.  For  the  weak  storm,  the 
central  pressure  is  984  mb  and  the  maximum  surface  wind  is  20  ms"1.  The 
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centers  of  both  the  strong  and  weak  storms  have  moved  northwest  from  their 
initial  positions  due  to  the  p  effect. 

a.  General  Structure 

The  outflow  is  the  strongest  at  the  150  mb  level  for  both  storms. 
This  is  probably  because  that  the  tropopause  in  the  initial  sounding  is  at 
150  mb  and  the  convective  heating  stops  there.  As  shown  in  Figs.  1  and  2, 
the  outflow  is  anticyclonic  (except  for  a  small  area  near  the  center)  and 
covers  a  larger  area  than  the  cyclonic  circulation  in  the  lower  and  middle 
troposphere.  As  shown  by  the  isotachs  in  Figs  3  and  4,  the  outflow  is 
dominated  by  a  single  jet  in  each  storm.  The  maximum  speed  in  the  outflow 
reaches  54.4  ms-*  in  the  strong  case  and  33.6  ms"^-  in  the  weak  case.  In 
both  cases,  the  jet  is  "3000  km  long  and  very  narrow  with  a  e-folding  width 
of  "200  km.  In  the  direction  perpendicular  to  the  jet,  there  is  very 
strong  anticyclonic  shear  along  the  jet  core  facing  the  storm  center  and 
strong  cyclonic  shear  facing  away  from  the  center.  In  both  the  strong  and 
weak  storms,  the  single  jet  starts  from  a  position  north  of  the  central 
cyclonic  circulation  (the  entrance  region),  where  the  large  Coriolis 
parameter  causes  the  strongest  inertial  acceleration.  In  a  supplementary 
experiment  where  a  tropical  cyclone  is  embedded  in  a  zonal  flow  with 
westerlies  to  the' north  and  easterlies  to  the  south  of  the  storm,  two  jets 
are  formed,  in  agreement  with  the  result  of  0oyama(1987) ’ s  single  layer 
model. 

As  indicated  by  the  isotachs,  the  section  of  the  jet  between  the 
jet  maximum  ("10°  to  the  east  of  the  storm  center)  and  the  exit  region 
("20°  to  the  south  and  southwest  of  the  storm  center)  is  more  diffused  with 
diminishing  horizontal  shears.  Comparing  the  two  storms,  the  jet  of  the 
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stronger  storm  is  of  higher  speed,  wider  and  located  farther  away  from  the 
center.  In  all,  the  characteristics  of  these  two  simulated  jets  are  very 
similar  to  those  observed  (Black  and  Anthes,  1971;  Sadler,  1976;  Merrill, 
1988a,  Rodgers  et  al.,  1989a). 

b.  Secondary  Circulation 

Figures  5  and  6  shew  the  normal  (in  isotachs)  and  tangential  wind 
components  (in  vectors)  for  the  cross-sections  AA*  in  the  entrance  and  BB’ 
in  the  exit  region,  respectively,  between  the  levels  of  30  and  300  mb.  The 
normal  wind  component  shows  that  the  jet  is  very  shallow,  and  confined 
between  100-250  mb,  with  very  strong  surrounding  horizontal  as  well  as 
vertical  shears.  The  tangential  components  of  the  wind  indicate  that  there 
are  circum-jet  secondary  circulations,  similar  to  those  associated  with 
mid-  and  high  latitude  jet  streams  (Palmen  and  Newton,  1969;  Uccellini  et 
al,  1984).  In  the  entrance  region  of  the  outflow  jet,  the  direction  of  the 
secondary  circulation  is  such  that  there  is  an  ascending  branch  on  the 
anticyclonic  shear  side  (facing  toward  the  center)  and  a  descending  branch 
on  the  cyclonic  shear  side  (away  from  the  cyclone  center).  It  also  has  an 
outward  branch  above  the  jet  and  an  inward  branch  below  the  jet.  Because 
of  the  warm  core,  the  secondary  circulation  is  thermally  direct  in  the 
entrance  region.  In  the  exit  region,  the  direction  of  the  secondary 
circulation  is  reversed  (thermally  indirect).  The  upward  branch  is  located 
on  the  cyclonic  shear  side  of  the  jet  instead,  and  the  downward  branch  is 
located  on  the  anticyclonic  shear  side  of  the  jet.  However,  the  thermally 
indirect  secondary  circulation  in  the  exit  region  is  much  weaker  and  more 
diffuse  than  its  thermally  direct  counterpart  in  the  entrance  region. 
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Comparing  the  maximum  vertical  and  horizontal  vectors  (shown  at  the 
corners  of  Figs  5  and  6),  it  is  also  apparent  that  the  secondary 
circulation  associated  with  the  stronger  jet  is  stronger  than  its 
counterpart  for  the  weaker  jet.  The  existence  of  the  secondary  circulation 
around  the  outflow  jet  is  crucial  for  the  hypothesis  that  the  upper- 
tropospheric  forcing  can  influence  the  strength  of  tropical  cyclones 
through  the  secondary  circulation  (Merrill,  1988b). 

c.  Relative  Humidity  and  Potential  Vorticitv 

Because  there  is  no  significant  condensation  at  the  outflow  level, 
the  relative  humidity  (RH)  field  at  the  150  mb  level  of  both  the  weak  and 
strong  storms  (shown  in  Fig.  7)  is  mainly  a  manifestation  of  the  transport 
process,  reflecting  several  important  features  of  the  outflow  momentum 
field.  In  general,  on  the  tropical  cyclone  scale,  there  is  a  wet  canopy  of 
RH>80Z,  with  however  higher  values  of  RH  to  the  south  of  the  storm  center. 
The  storm  center,  in  spite  of  the  coarse  horizontal  resolution,  is 
represented  by  a  drier  region  of  RH<80Z  embedded  in  the  wet  canopy.  There 
is  a  very  sharp  RH  gradient  in  the  direction  perpendicular  to  the  outflow 
jet.  In  the  jet  entrance  region,  the  RH  is  >80Z  on  the  anticyclonic  shear 
side  of  the  jet,  coinciding  with  the  ascending  branch  of  the  secondary 
circulation.  On  the  other  hand,  the  RH  is  <40Z  on  the  cyclonic  shear  side 
of  the  jet  due  to  the  descending  motion  there.  This  confirms  the  existence 
of  a  steady  secondary  circulation  around  with  the  jet. 

South  of  25°N  along  the  jet  core,  the  secondary  circulation 
reverses  direction,  and  an  increase  of  RH  to  >60Z  occurs  downwind  of  the 
cyclonic  shear  side  of  the  jet,  indicative  of  the  rising  motion  there. 

There  is  a  sharp  and  narrow  dry  tongue  between  170°E,  25°N  and  160°E,  15°N, 
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due  to  the  downwind  transport  by  the  jet  of  dry  air  that  originated  in  the 
downward  branch  of  the  thermally  direct  secondary  circulation.  Because  the 
thermally  indirect  secondary  circulation  is  weaker  than  the  thermally 
direct  one,  the  RH  gradient  normal  to  the  jet  in  the  exit  region  is  also 
weaker  as  compared  to  the  entrance  region.  There  is  a  dry  region  located 
near  150°E  and  15°N  in  the  weak  case  (and  similar  dry  region  in  the  strong 
case),  probably  formed  by  the  downward  branch  of  the  thermally  indirect 
secondary  circulation  and  general  subsidence  of  the  tropical  cyclone. 

The  potential  vorticity  (PV),  defined  as 

pv-  -  \  <^E)  <35>  <2> 

where  the  vorticity  £=  <5v/5x-5u/5y  is  computed  on  pressure  surfaces,  is 
conserved  in  adiabatic  processes  (Hoskins  et  al.,  1985).  In  general  in  an 
undisturbed  atmosphere,  the  PV  is  high  in  the  stratosphere  due  to  the  high 
static  stability  and  low  in  the  troposphere.  Therefore,  in  studying  mid- 
and  high-latitude  storms,  the  PV  can  sometimes  be  used  as  a  tracer  for 
stratospheric  air.  A  value  of  2  x  10"?  mb"^s'2-  is  commonly  chosen  as  the 
lower,  limit  for  stratospheric  air  (Kuo  and  Reed,  1988;  Rodgers  et  al, 
1989b).  In  tropical  cyclones,  the  generation  of  PV  due  to  latent  heating 
may  become  important  and  the  PV  may  not  be  conserved  as  well  as  in  mid-  and 
high- latitude  systems.  However,  at  the  150  mb  outflow  level  where  the 
latent  heating  is  negligible,  the  PV  may  still  be  a  good  indicator  of 
general  rising  and  sinking  motions,  especially  outside  of  the  inner 
convective  region. 

Fig.  8  shows  the  pressure  levels  at  which  the  PV=2  x  10"7  mb-1s-1. 
In  other  words,  it  is  the  "tropopause"  as  defined  by  the  PV.  Except  for 
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the  high  values  near  the  storm  center  due  to  the  "eye"  effect,  there  are 
significant  variations  of  the  "tropopause"  heights  near  the  outflow  jet. 

In  general,  the  "tropopause"  is  higher  (low  pressure  values)  on  the 
anticyclonic  side  of  the  jet,  extending  from  the  entrance  region 
downstream,  and  is  lower  (high  pressure  values)  on  the  cyclonic  side  of  the 
jet.  The  effects  of  the  secondary  circulation  of  the  outflow  jet  on  the 
spatial  distribution  of  the  "tropopause"  have  also  been  disc.ussed  in  cross- 
sectional  plots  by  Rodgers  et  al  (1989,  Fig.  5). 

d.  Angular  Momentum 

The  outflow  plays  an  important  role  in  the  maintenance  of  the 
angular  momentum  balance  of  tropical  cyclones  (Palmen  and  Riehl,  1957; 
Pfeffer,  1958;  Anthes,  1974).  An  angular  momentum  budget  is  calculated  for 
the  simulated  tropical  cyclones  based  on  the  angular  momentum  budget 
equation  of  Anthes  (1974): 

^  a  -2rj^j*lr2p(z)  (<fxu>+<f ’u’>)drdz 

'  -2irf.  2[ri/J(z)  (<mxu>)  -rJ(z)(<mxu>)  Ids 

&1  rl  °  r0 

-2T/^2tri/3(z)  (<m,u’>)r^-r0/J(z)  (<m’u’>)r  ]dz 
-2f/^r  ( (/3<m><w>) h  -  ( /><m><w>)h^  ]  dr 
-2ff/^r[(p<m"W>)h  -(p<a»w">)h  ]dr  ,  (3) 

where  u  and  v  are  the  radial  and  tangential  velocities  in  cylindrical 
coordinates,  respectively,  r  is  the  radius  from  the  center  as  determined  by 
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the  lowest  surface  pressure,  and  m=rv.  In  the  above  equation,  <  > 
represents  an  azimuthal  mean  and  (  )’  denotes  a  deviation  from  the  mean. 
Vertical  integrations  are  carried  out  between  the  geopotential  heights  of 
hi«13700  gpm  and  h2*14700  gpm,  encompassing  most  of  the  outflow.  In  (3), 
the  first  term  on  the  RHS  denotes  the  mean  and  eddy  Coriolis  torque,  the 
second  and  the  third  terms  denote  the  horizontal  convergences  of  mean  and 
eddy  angular  momentum  fluxes,  respectively.  And  finally,  the  fourth  and 
fifth  terms  represent  the  vertical  convergence  of  mean  and  eddy  angular 
momentum  fluxes,  respectively.  To  evaluate  the  values  of  these  terms,  model 
results  are  linearly  interpolated  to  the  cylindrical-pressure  coordinates. 

Table  1  shows  the  values  of  each  term  in  (3)  for  the  simulated 
strong  tropical  cyclone  at  72  h  and  the  weak  tropical  cyclone  at  96  h.  For 
comparison,  observed  values  for  mean  tropical  storms  in  Palmen  and  Riehl 
(1957)  and  Pfeffer  (1958)  are  also  listed.  Our  model  tropical  cyclones  are 
larger  in  size  than  the  mean  storm  and  therefore  the  666  km  used  as  the 
outer  radius  of  the  outflowin  observational  studies  is  not  appropriate  for 
our  model  result.  Instead,  we  use  radii  of  1000  km  and  1500  km  as  the 
outer  boundaries  for  the  modeled  weak  and  strong  tropical  cyclones, 
respectively. 

Table  1  shows  that  the  values  of  various  terms  in  (3)  evaluated 
from  the  modeled  tropical  cyclones  compare  reasonably  with  the  observed, 
considering  that  the  simulated  strong  tropical  cyclone  is  twice  as 
energetic  as  the  mean  storm  in  Palmen  and  Newton  (1969).  The  angular 
momentum  balance  in  both  the  simulated  and  the  observed  tropical  cyclones 
is  basically  maintained  by  the  Coriolis  torque  and  horizontal  transports. 
Both  the  model  and  the  observations  show  that  the  contribution  by  the  eddy 
momentum  flux  convergence  is  ~50Z  of  the  mean  momentum  flux  convergence, 
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except  for  the  weak  storm  where  the  eddy  flux  is  larger  than  mean  flux. 
Although  the  single  outflow  jet  in  the  modeled  tropical  cyclone  cannot 
account  for  all  of  the  eddy  angular  momentum,  a  harmonic  decomposition 
indicates  that  the  azimuthal  wave  number  one  has  more  than  702  of  the  total 
eddy  angular  momentum.  The  importance  of  the  eddy  term  again  underscores 
the  dominance  of  the  outflow  jet  in  the  outflow  layer.  The  only  major 
discrepancy  between  the  model  and  the  observations  is  that  the  vertical 
momentum  fluxes  for  the  modeled  storm  are  insignificant. 

e.  Trajectories 

Trajectories  were  generated  by  releasing  trace  particles  at  the 
initial  time  and  tracing  them  in  an  attempt  to  find  the  origins  of  air 
particles  in  the  outflow  layer.  A  total  of  206  trace  particles  are  released 
at  the  initial  time  of  the  simulated  weak  tropical  cyclone  at  the  150,  500 
and  950  mb  levels,  and  evenly  distributed  around  six  concentric  rings  with 
respect  to  the  initial  vortex  center  at  radii  of  20,  100,  300,  500,  1000 
and  1500  km.  Approximately,  for  the  weak  tropical  cyclone  that  develops, 
the  radius  of  20  km  is  in  the  "eye*,  radii  of  100  and  300  km  are  within  the 
inner  convective  region,  500  km  is  in  the  intermediate  region,  and  1000  and 
1500  km  is  at  the  outskirt  of  the  tropical  cyclone.  The  pressure  levels  of 
150,  500  and  950  mb  are  roughly  in  the  outflow,  non-divergent,  and  inflow 
levels,  respectively,  of  the  model  tropical  cyclone.  The  position  of  each 
particle  is  calculated  by  a  Euler-forward  integration,  for  which  linear 
interpolations  are  used  to  obtain  the  three  dimensional  velocity 
components.  Particle  positions  are  stored  every  three  model  time  steps  for 
trajectory  plotting. 
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Figure  9  shows  the  trajectories  at  96  h  formed  by  all  of  the  206 
particles.  The  trajectories  depict  a  commonly  accepted  cyclone  scale 
circulation  of  an  idealized  tropical  cyclone.  There  is  a  cyclonic 
convergent  flow  in  the  low  levels,  strong  upward  and  cyclonic  circulation 
in  the  inner  region,  and  a  divergent  anticyclonic  outflow  at  high 
altitudes.  Upon  close  examination  of  particle  positions  and  additional 
trajectory  plots  (not  shown),  the  following  interesting  observations  can  be 
made : 

(a)  Host  particles  released  at  500  and  950  mb  at  radii  of  300  and 
500  km  are  caught  in  the  inner  region  of  convection  and  transported  to  the 
outflow  level. 

(b)  Most  particles  released  at  or  transported  into  the  inner  region 
of  the  outflow  level  are  transported  away  from  the  inner  region  by  the 
outflow  jet.  The  trajectories  are  very  close  together  in  the  entrance 
region  and  become  more  diffused  in  the  exit  region.  There  is  a  general 
sinking  in  the  outflow  jet,  for  most  particles  are  at  100-150  mb  in  the  jet 
entrance  region  but  descend  to  300  mb  in  the  exit  region. 

(c)  Particles  released  at  or  transported  into  small  radii  at  low 
levels  are  trapped  in  low  levels  inside  the  radius  of  the  maximum  updraft. 
These  trapped  particles  move  toward  the  northwest  as  the  center  drifts 
toward  northwest  due  to  the  (i  effect. 

4.  Response  to  Upper-Tropospheric  Forcing 

As  discussed  in  the  introduction,  there  seems  to  be  at  least  two 
ostensibly  different  mechanisms  for  the  upper  troposphere  to  influence  the 
behavior  of  tropical  cyclones.  The  first  theory  (e.g.  Challa  and  Pfeffer, 
1980;  Molinari  and  Vollaro,  1989)  hypothesizes  that  the  inner  circulation 
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of  tropical  cyclones  can  be  spun  up  by  an  influx  of  eddy  angular  momentum 
when  the  outflow  of  tropical  cyclones  is  modified  by  upper-tropospheric 
ridge/trough  systems.  The  secondary  theory,  as  proposed  by  McBride  (1981) 
and  Merrill  (1988b)  and  others,  asserts  that  when  the  outflow  jet  is 
accelerated  by  an  upper-tropospheric  ridge/trough  system,  the  enhanced 
secondary  circulation  can  initiate  additional  deep  convection  in  the  inner 
region,  and,  thus  intensify  the  tropical  cyclone.  It  has  been  demonstrated 
in  the  previous  section  that  there  is  indeed  a  secondary  circulation 
associated  with  the  outflow  jet  of  the  simulated  tropical  cyclones.  It  is 
also  shown  that  the  secondary  circulation  associated  with  stronger  jet  is 
stronger.  It  is  thus  conceivable  that  as  the  outflow  jet  is  accelerated, 
the  secondary  circulation  will  become  stronger  and  may  eventually  trigger 
the  deep  convection  that  may  affect  the  storm’s  intensity.  It  is  difficult, 
however,  to  completely  separate  the  mechanisms  inherent  in  the  two 
theories. 

Two  different  numerical  experiments  have  been  conducted  to 
investigate  the  behavior  of  the  model  tropical  cyclone  in  response  to  the 
modification  of  the  outflow  layer.  In  these  experiments,  various  parts  of 
the  outflow  layer  are  artificially  accelerated  by  a  nudging  method,  i.e., 
additional  tendency  terms  are  added  to  the  equations  of  motion  in  x-  and  y- 
direction.  The  tendency  terms  are  of  the  form: 


$psu 

ST 


+  Xps(u0-u),  and 


ffpsv 

Sx7 


+  Xps(v0-v), 


(4) 
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where  the  time  scale  \*f/2,  and  the  asymptotic  wind  speed  u0=2u(t)  and 
v0*2v(t).  These  two  extra  terms  will  "nudge"  the  model  winds  in  the  forcing 
region  to  double  their  values  within  the  time  scale  of  X.  Note  here  the 
total  winds,  including  both  the  rotational  and  irrotational  components,  are 
accelerated  in  (A). 

It  is  not  the  purpose  of  this  paper  to  theorize  how  and/or  what 
part  of  the  tropical  cyclone  is  accelerated  under  certain  upper 
tropospheric  forcings.  The  cause  of  such  acceleration,  may  it  be 
accomplished  by  the  approach  of  an  upper  level  ridge/trough  system  or  by 
angular  momentum  transport  is  outside  the  scope  of  this  paper.  Instead, 
our  purpose  is  to  study  the  response  of  the  tropical  cyclone  to  the 
acceleration  of  certain  part  of  the  troposphere. 

a.  Spinning-up  the  Inner  Region 

In  Exp.  1,  the  inner  region  in  the  upper-troposphere  of  the 
tropical  cyclone  is  spun  up.  Specifically,  the  tendency  terms  in  (A)  are 
applied  to  all  model  grid  points  between  150- A50  mb  within  a  5°  lat.  radius 
from  the  center  of  the  storm,  as  determined  from  the  minimum  sea  level 
pressure.  This  variational  experiment  is  carried  out  from  72  h  for  the  weak 
control  case.  As  the  tropical  cyclone  moves  toward  northwest,  the  area 
subjected  to  the  acceleration  also  moves.  This  experiment  is  conducted  to 
simulate  the  situation  when  the  entire  upper  part  of  the  inner  tropical 
cyclone  is  accelerated.  As  shown  by  Fig  10,  the  central  pressure  of  Exp.  1 
deviates  gradually  from  the  control  experiment  right  after  72  h,  becoming 
more  intense  and  reaching  approximately  976  mb  at  105  h,  which  is  10  mb t 
deeper  than  the  control.  The  maximum  surface  wind  at  this  time  in  Exp.  1  is 
approximately  22  ms"*  as  compared  with  17  ms"1  in  the  control. 
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In  this  experiment,  the  upper-tropospheric  winds  in  the  inner 
region  of  the  model  tropical  cyclone  are  all  accelerated  and  there  could  be 
two  direct  dynamic  responses  to  this  added  forcing.  First,  the  cyclonic 
circulation  that  exists  in  the  inner  region  is  spun  up.  This  would 
decrease  the  warm  core,  destabilize  the  inner  region,  promote  inner-core 
convection,  and  eventually  lead  to  the  intensification  (Gray,  1979). 
However,  cumulus  convection  in  the  model  is  likely  to  quickly  stabilize  the 
additional  convectively  unstable  lapse  rate  and  renders  the  isolation  of 
the  effect  very  difficult. 

The  second  response  is  caused  by  the  breakdown  of  the  quasi¬ 
gradient  balance  of  the  outflow  layer  as  the  result  of  the  forcing. 

Consider  the  gradient  balance  of 


1  <5p 

p  Sr 


(f  +  j  )  v 


(5) 


where  r  is  the  radius  and  v,  the  tangential  velocity.  At  very  small  radii 
where  the  the  circulation  is  cyclonic  (positive  v) ,  a  supergradient 
circulation  causes  divergence.  At  larger  radii  but  within  the  forced 
region  of  radius  of  5°  lat.,  the  centrifugal  acceleration  of  a  20  m  s~^ 
wind  is  at  least  no  smaller  In  magnitude  than  the  Coriolis  acceleration.  A 
supergradient  condition  then  still  causes  a  divergence.  Therefore,  the 
forced  acceleration  in  Exp.  1  creates  a  mean  divergence  of  the  outflow 
layers  within  the  radius  of  5®  lat.  The  eddy  flux  of  angular  momentum 
exerted  on  the  upper  levels  also  creates  a  cyclonic  torque  and  divergence 
(Eliassen,  1952;  Challa  and  Pfeffer,  1989).  The  divergence  at  the  outflow 
level  requires  a  compensating  rising  motion  and  convergence  at  lower  levels 
for  mass  continuity.  It  is  unclear  what  the  effect  may  be  if  the 


16 


convergence  occurs  immediately  under  the  outflow  level.  However,  if  the 
compensating  convergence  occurs  at  low  levels,  the  increased  convergence 
would  replenish  the  system  with  marine  boundary  layer  air  of  high 
equivalent  potential  temperature  and  could  intensify  the  tropical  cyclone. 
To  examine  the  vertical  extent  to  which  the  tropical  cyclone  responds  to 
the  upper-level  forced  divergence,  we  computed  the  mass  divergence  at  96  h 
with  a  10°  x  10°  box  centered  around  the  storm.  As  shown  in  Fig  11.,  the 
upper-level  mass  divergence  is  approximately  11  x  lO1^  g  s_l  in  Exp.  1, 
almost  twice  as  strong  as  the  control.  The  convergence  in  Exp.  1  is 
stronger  than  the  control  at  all  levels  below  0"=O.45.  In  the  boundary 
layer,  the  mass  convergence  of  Exp.  1  is  also  twice  that  of  the  control, 
similar  to  the  difference  between  developing  and  nondeveloping  tropical 
storms  (Gray,  1979) . 

In  a  supplementary  numerical  experiment,  Exp.  1  is  duplicated 
except  that  the  cumulus  convection  is  suppressed.  The  vertical  distribution 
of  the  mass  divergence  for  this  supplementary  experiment  clearly  shows  that 
compensating  convergence  does  not  extend  to  low  levels.  These  results 
suggest  that  the  deep  cumulus  convection  is  a  key  factor  coupling  the 
upper-level  dynamics  with  the  low  levels. 

In  summary,  results  from  this  experiment  seem  to  support  the 
hypothesis  that  the  tropical  cyclone  can  be  modified  by  the  upper- 
tropospheric  forcing.  The  forced  spinup  of  the  inner  region  of  the  tropical 
cyclone  creates  a  supergradient  condition  in  the  outflow  layer,  which  in 
turn  results  in  an  upper- level  divergence.  The  cumulus  convection  helps  to 
produce  a  compensating  convergence  in  the  low  level  and,  thus,  the  tropical 
cyclone  intensifies. 


17 


b.  Acceleration  of  the  outflow  iet. 


In  the  second  numerical  experiment  (Exp.  2),  the  upper  level 
momentum  field  is  forced  as  in  Exp.  1,  except  that  the  forced  region  is 
restricted  to  be  between  the  radii  of  5°  and  10°  from  the  center  and  only 
where  the  wind  speed  exceeds  20  ms“^.  In  fact,  the  forced  region  in  this 
experiment  is  restricted  to  the  jet  core  located  from  the  northeast  to  the 
east  relative  to  the  center  and  between  to  0.3.  The  experiment  starts 

from  the  48  h  of  the  strong  case,  which  is  used  as  the  control  for 
comparison.  Accelerations  of  the  radial  wind  and  the  tangential  wind  in  the 
forced  region  in  this  experiment  have  different  effects  on  the  mass 
divergence.  Because  the  circulation  in  the  forced  region  is  divergent,  the 
acceleration  in  the  radial  direction  causes  divergence.  The  forced 
anticyclonic  acceleration  of  the  jet  at- the  radii  of  5-10°,  however,  would 
decrease  the  inertia  term  in  (5),  fv+v2/r,  and  cause  a  convergence  toward 
the  inner  region  (in  other  words,  the  magnitude  of  the  Corilois  force  is 
larger  than  the  centrifugal  force).  This  experiment  differs  from  those  in 
Challa  and  Pfeffer  (1980  and  1989)  in  that  the  acceleration  due  to  eddy 
momentum  in  their  experiment  are  exerted  on  all  points  in  their  model.  In 
addition,  the  eddy  momentum  flux  convergence  in  their  experiments  results 
in  a  cyclonic  torq*‘  causing  divergence  at  iarge  radii,  while  in  this 
experiment  the  acceleration  of  the  jet  results  in  a  net  anticyclonic  torque 
causing  convergence  beyond  the  radius  of  about  5°  lat. 

At  96  h,  the  maximum  speed  in  the  outflow  jet  has  increased  almost 
two  fold  to  ~90  ms"*.  It  is  interesting  to  note  that  the  mass  divergence 
at  the  outflow  level  at  72  h  (Table  2)  changes  only  slightly  from  the 
control  for  both  the  5x5°  and  the  10x10°  boxes,  as  compared  with  the 
twofold  increase  in  Exp.  1  (Fig.  11).  The  small  decrease  of  the  divergence 
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for  the  5x5°  box  is  due  to  the  converging  effect  of  the  supergradient  jet 
discussed  previously.  The  increased  divergence  for  the  larger  10x10°  box 
is  due  to  the  forced  acceleration  of  the  divergent  component  of  the  jet. 

One  may  infer  from  this  that  the  .intensity  of  the  tropical  cyclone  would 
remain  relatively  unchanged.  However,  the  central  pressure  at  96  h  is  5  mb 
higher  than  the  control.  An  examination  of  the  distribution  of  the 
convective  heating  suggests  that  the  convection  induced  by  the  accelerated 
jet  away  from  the  core  region  appears  to  weaken  the  tropical  cyclone.  Fig. 
12  shows  the  24  h  for  48-72  h  accumulated  precipitation  amount  for  the 
control,  and  two  12  hourly  accumulated  precipitation  amounts  for  48-60  h 
and  60-72  h  for  the  experiment.  It  is  clear  that  additional  precipitation 
of  up  to  3.8  cm  has  been  produced  on  the  anticyclonic  shear  side  of  the 
entrance  region  of  the  jet  in  the  first  12  h  of  the  experiment.  The 
convection  is  associated  with  the  upward  branch  of  the  direct  secondary 
circulation  of  the  jet,  which  strengthens  because  of  the  acceleration  of 
the  jet.  By  72  h,  the  region  of  the  additional  precipitation  has  extended 
upstream  (as  suggested  by  Sadler,  1978)  and  downstream  of  the  jet,  but 
mainly  stays  with  the  upward  branch  of  the  circum-jet  secondary  circulation 
(i.e.,  the  anticyclonic  shear  side  in  the  jet  entrance  region  and  the 
cyclonic  shear  side  in  the  jet  exit  region).  The  precipitation  over  the 
central  region  in  this  experiment  is  less  than  the  control.  The  convection 
away  from  the  core  associated  with  the  accelerated  jet  apparently  becomes 
competitive  with  the  inner  core  convection  and,  thus,  weakens  the  tropical 
cyclone . 

It  has  been  observed  that  Hurricane  Florence  of  1988  in  the  Gulf  of 
Mexico  may  have  had  a  significant  interaction  with  an  approaching  westerly 
trough  resulting  in  the  explosive  development  of  convection  near  the 
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outflow  jet  which  grew  even  stronger  than  the  inner-core  convection 
(Rodgers,  et  al,  1989a).  Although  other  factors  may  have  affected  the 
intensification  and  decay  of  Hurricane  Florence,  the  numerical  simulation 
presented  here  may  be  of  relevance  to  Florence’s  behavior. 

5.  Summary  and  Conclusions 

Numerical  simulations  of  idealized  tropical  cyclones  with  special 
emphasis  on  the  outflow  layer  have  been  conducted.  Results  show  that  the 
anticyclonic  outflow  is  strongest  at  about  150  mb  and  is  dominated  by  a 
well-defined,  narrow  but  long  ("3000  km)  jet.  The  jet  originates  from  an 
area  to  the  northwest  of  the  storm,  extending  in  a  clockwise  direction  to 
the  southwest.  The  angular  momentum  budget  shows  that  the  horizontal  eddy 
momentum  flux,  mostly  representing  the  effect  of  the  jet,  is  as  important 
as  the  mean  flux,  indicating  the  dominance  of  the  jet  in  the  outflow  layer. 
These  characteristics  of  the  outflow  are  in  agreement  with  observational 
studies  (Palmen  and  Riehl,  1957;  Pfeffer,  1958;  Black  and  Anthes,  1971). 

Cross-sectional  analyses  of  the  outflow  jet  show  the  existence  of  a 
thermally-direct  secondary  circulation  around  the  jet  in  the  jet  entrance 
region  and  a  thermally-indirect  one  in  the  exit  region.  The  thermally- 
direct  secondary  circulation  has  an  ascending  branch  on  the  anticyclonic 
shear  side  of  the  jet  (i.e.,  closer  to  the  cyclone  center).  The  thermally- 
indirect  secondary  circulation,  on  the  other  hand,  has  ascending  motion  on 
the  cyclonic  shear  side.  The  secondary  circulations  have  pronounced  effects 
on  the  RH  and  PV  fields  at  the  outflow  levels.  We  found  that  a  more  intense 
tropical  cyclone  has  a  stronger  outflow  jet  accompanied  by  a  stronger 
circum-jet  secondary  circulation. 
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In  an  attempt  to  study  the  effect  of  upper  tropospheric  forcings 
on  the  structure  and  behavior  of  ths  model  tropical  cyclone,  two 
variational  numerical  experiments  were  conducted.  In  Experiment  1,  the 
total  wind  in  the  upper  levels  of  the  tropical  cyclone  within  the  radius  of 
5°  lat.  is  increased  to  simulate  the  possible  consequence  of  superposing  an 
upper  tropospheric  ridge  over  the  tropical  cyclone.  In  this  case,  the 
model  tropical  cyclone  deepens  by  ~10  mb  in  24  hours.  These  results 
suggest  that  the  superposition  of  an  upper  tropospheric  ridge  over  a 
tropical  cyclone  is  a  favorable  condition  for  the  intensification  of  a 
mature  tropical  cyclone.  It  is  also  evident  that  the  convection  plays  an 
important  role  in  linking  the  upper  levels  of  the  tropical  cyclone  to  the 
lower  troposphere. 

In  the  second  experiment,  the  region  of  the  outflow  jet  with  wind 
speed  of  greater  than  20  m  s_1  and  between  the  radii  of  5-10°  latitude  from 
the  storm  center  is  forced  to  accelerate  to  simulate  the  possible  effect  of 
the  confluence  of  the  outflow  jet  with  a  westerly  jet.  The  results  from 
this  experiment  show  that  the  convection  is  produced  in  the  areas  of  the 
ascending  branch  of  the  secondary  circulation.  The  convection  away  from  the 
inner  core  in  our  simulation  is  competitive  to  the  inner  core  convection 
and  can  weaken  the  tropical  cyclone. 

These  results  support  the  thesis  of  Holland  and  Merrill  (1984)  that 
the  outflow  layers  of  tropical  cyclones  are  dynamically  unstable  and 
tropical  cyclones  are  susceptible  to  upper  level  forcings.  As  discussed 
earlier,  the  forcing  of  a  certain  region  of  the  simulated  tropical  cyclone 
in  our  numerical  experiments  may  not  realistically  reproduce  the 
interaction  between  real  tropical  cyclones  and  the  environment.  To  remedy 
this,  a  real  case  study  on  the  interaction  between  tropical  cyclone  and 
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upper- tropospheric  system  ls  currently  ln  progress  ^  ^  ^  ^ 

reported  in  the  future. 


Table  1.  Model  and  Empirical  Angular  Momentum  Budgets  in  the  Upper 

Layer  of  Tropical  Cyclone 


Coriolis 

Horiz. 

Horiz. 

Verti. 

Verti. 

Storm 

Radius 

Torque 

Mean 

Eddy 

Mean 

Eddy 

(km) 

Flux 

Flux 

Flux 

Flux 

Mean  Storm  _ 

0-333 

-48.0  . 

-20.0 

8.0 

40.0 

20.0 

(Palmen  and 
Newton,  1957) 

333-666 

-143.0 

76.0 

23.0 

44.0 

Mean  Storm 

222-444 

-54.0 

46.0 

20.0 

5.0 

(Pfeffer,  1958)444-666 

-78.0 

-11.0 

13.0 

-4.0 

— 

Model  (Weak) 

0-300 

-4.3 

3.5 

-0.7 

-0.3 

300-1000 

-hi  .6 

13.4 

35.1 

1.1 

-0.4 

Model  (strong) 

0-300 

-20.2 

-4.7 

-5.0 

7.3 

-0.4 

300-1500 

287.1 

159.8 

79.7 

0.5 

-6.9 

(Units  are  in 

1022  g  cm" 

2s-2. ) 

Table  2. 

Mass  Divergence  at  O- 

=0.15  for 

Control 

and  Exp .  2 

at  72  h 

Exp 

5x5°  Box 

10x10°  Box 

Control  Experment  39 

39 

Exp.  2 

» 

34 

46 

(Units  are  lO^-2  g  s"1.) 
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Figures 


1.  Geopotential  height  field  (with  15  gpm  intervals)  and  wind  vectors  at  150 
mb  level  for  the  strong  control  case  at  72  h.  Note  locations  of  cross- 
sections  AA*  in  entrance  region  and  BB*  in  exit  region.  Cross-sectional 
analyses  will  be  presented  in  Figs.  5  and  6. 

2.  Same  as  Fig.  1  except  for  the  weak  control  case  at  96  h. 

3.  Isotachs  with  intervals  of  7.5  ms"^-  at  150  mb  for  the  strong  case  at  72  h. 

4.  Isotachs  with  intervals  of  5  ms"*  at  150  mb  for  the  weak  case  at  96  h. 

5.  The  wind  speed  perpendicular  (shown  by  isotachs  with  positive  numbers 
denoting  a  wind  direction  outward  from  the  plot)  and  tangential  (shown  by 
vectors)  to  the  cross-section  AA*  in  the  jet  entrance  region  (shown  in  Fig. 

1)  of  (a)  the  strong  case  at  72  h  and  (b)  the  weak  case  at  96  h.  The  vectors 
are  formed  by  horizontal  winds  in  m  s“^  and  vertical  velocities  in  mb  h-1. 

The  maximum  horizontal  and  vertical  velocity  component  are  plotted  at  the 
lower  and  upper  right  corners,  respectively. 

6.  Same  as  Fig.  5,  except  for  the  jet  exit  region  for  cross  section  BB’. 

7.  The  150  mb  RH  field  and  the  wind  vectors  >20  ms-1  for  (a)  the  strong  case 
at  72  h  and  (b)  the  weak  case  at  96  h.  . 

8.  (a)  A  3D  (viewing  from  E-NE  of  the  storm)  view  and  (b)  plane  view  of  the 
pressure  surface  where  PV=2  x  10“7  mb-1s-1  for  the  strong  case.  This  PV  value 
is  sometimes  used  to  define  the  tropopause  in  mid-latitudes. 

9.  Trajectories  formed  by  particles  released  at  various  radii  and  pressure 
levels  at  t=<0.  Most  particles  that  reach  the  outflow  level  are  transported 
outward  by  the  outflow  jet.  Most  particles  released  at  radii  of  20  and  100  km 
are  "trapped"  inside  the  radius  of  the  maximum  wind  and  only  rise  slowly  and 
drift  toward  the  NW. 

10.  Variations  of  the  central  pressure  of  the  control  (weak)  and  Exp.  1. 

11.  The  vertical  distribution  of  mass  divergence /convergence  in  a  10°  long,  x 
10°  lat.  box  centered  around  the  storm  for  the  weak  control  case,  Exp.  1,  and 
a  supplementary  experiment  (Exp.  la)  in  which  latent  heating  is  suppressed. 

12.  The  location  of  the  outflow  jet  and  distributions  of  a  24  h  period 
accumulated  precipitation  for  the  control  (upper  panel)  and  two  12  h  periods 
accumulated  precipitation  of  Exp.  2. 
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Vertical  Constituent  Transport  in  the  Mesosphere 

Darrell  F,  Strobel,1'2  Michael  E.  Summers,2  Richard  M.  Bevilacqua,3 
Matthew  T.  DeLand,3,4  and  Mark  Allen3,6 

Ground-based  microwave  spectroscopy  measurements  of  mesospheric  CO  and  H20  vertical  mixing 
ratio  profiles  are  used  to  infer  vertical  mixing  rates  in  the  upper  mesosphere.  The  CO  and  H20  data 
consistently  imply  vertical  eddy  diffusion  coefficients  in  the  70-  to  85-km  region  of  £(1-2)  x  10s  cm2  s' 1 
during  spring  through  summer  at  mid-latitudes.  Although  chemical  acceleration  of  vertical  transport  is 
substantial  for  O  and  Oj  below  the  mesopause,  the  divergences  of  their  associated  fluxes  are  modest, 
with  at  most  a  factor  of  2  effect  on  the  concentrations  of  O  and  02  for  measured  variability  in  gravity 
wave  activity.  Comparison  of  Solar  Mesosphere  Explorer  (SME)  02  data  with  model  results  reinforces 
the  conclusions  of  slow  vertical  mixing  in  the  upper  mesosphere  as  a  consequence  of  the  reduced  HO, 
catalytic  loss  of  odd  oxygen.  The  changes  in  chemical  rate  constants  recommended  by  P.usch  and 
Eckman  (1985),  in  conjunction  with  slow  vertical  mixing,  yield  good  agreement  with  SME  03  data.  The 
slow  vertical  mixing  deduced  in  this  study  is  consistent  with  upper  limits  obtained  from  studies  of  the 
mesospheric  heat  budget  and  could  be  construed  as  evidence  for  an  advectively  controlled  mesosphere.  A 
comparison  of  the  vertical  eddy  diffusion  coefficients  for  momentum  stresses,  constituent  transport,  and 
heat  transport  suggests  that  the  eddy  Prandtl  number  must  be  of  order  10. 


1.  Introduction 

It  is  now  widely  agreed  that  the  transport  of  constituents, 
heat,  and  momentum  in  the  mesosphere  is  generated  prin¬ 
cipally  by  breaking  gravity  waves,  with  an  additional  contri¬ 
bution  from  breaking  tidal  waves  [e.g.,  Lindzen,  1981;  Holton, 
1982,  1983;  Dunkerton,  1982;  Schoeberl  et  al.,  1983;  Chao  and 
Schoeberl,  1984;  Apruzese  et  al.,  1984;  Fritts  and  Dunkerton, 
1985;  Garcia  and  Solomon,  1985;  Strobel  et  al.,  1985],  In  the 
initial  parameterization  of  turbulence  and  stress  produced  by 
breaking  gravity  waves.  Lindzen  [1981]  estimated  the  intensity 
of  the  turbulence,  as  represented  by  the  eddy  or  turbulent 
diffusion  coefficient  of  momentum  DM,  to  be  greater  than  106 
cm2  s_l  in  the  mesosphere  but  noted  that  this  quantity  was 
proportional  to  (u  —  c)4,  where  u  is  the  mean  zonal  wind  and  c 
is  the  phase  speed  of  the  gravity  wave.  This  extreme  sensitivity 
of  D„  to  (u  —  c)  makes  an  accurate  calculation  of  its  value 
extremely  difficult.  Because  the  mean  meridional  circulation 
and  associated  transport  of  constituents  and  heat  are  also 
directly  dependent  on  0*/(u  —  c),  theoretical  prediction  of 
their  strengths  is  also  subject  to  the  uncertain  magnitude  of 
(u  -  c)3. 

In  a  turbulent  atmosphere,  tracer  and  potential  temperature 
transport  by  eddies  should  be  described  by  the  same  coef¬ 
ficient,  Dh,  in  the  limit  of  a  chemically  inert  species  and  adia¬ 
batic  motion.  Here  D„  is  the  thermal  eddy  diffusion  coef¬ 
ficient,  and  the  eddy  Prandtl  numbet  is  P,  -  DM/DH.  The 
studies  of  Allen  et  al,  [1981,  1984]  and  Garcia  and  Solomon 
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[1985]  apparently  require  Du~  (1.5-2)  x  10s  cm2  s-1  for 
chemically  active  species  in  the  mesosphere.  In  contrast,  stud¬ 
ies  of  the  mesospheric  heat  budget  concluded  that  D„  <  106 
cm2  s'1,  with  a  preferred  value  of,  at  most,  6  x  105  cm2  s'1 
[Apruzese  ct  al.,  1984;  Strobel  et  al.,  1985].  In  addition,  the 
recent  water  vapor  measurements  of  Bevilacqua  et  al.  [1983, 
1985a]  and  Olivero  et  al.  [1986]  also  appear  to  require  lower 
D„  values  than  those  used  by  Garcia  and  Solomon  [1985]  and 
Allen  et  al.  [1981].  Furthermore,  the  high  ozone  mixing  ratios 
observed  by  the  Solar  Mesosphere  Explorer  (SME)  [ Thomas 
et  al.,  1984]  in  the  upper  mesosphere  are  also  consistent  with 
slow  vertical  transport  and  resultant  low  water  vapor  mixing 
ratios. 

It  should  also  be  noted  that  the  chemical  time  constant  for 
odd  oxygen  at  80  km  is  a  factor  of  102  less  than  the  chemical 
time  constant  for  irreversible  loss  of  H20.  Schoeberl  et  al. 
[1983]  parameterized  vertical  transport  and  included  the  ef¬ 
fects  or  breaking  gravity  waves  and  a  species  dependent,  verti¬ 
cal  eddy  diffusion  coefficient  which,  for  parameters  appropri¬ 
ate  for  mesospheric  conditions,  had  a  linear  dependence  on 
the  irreversible  chemical  loss  rate.  Assuming  DH  <  6  x  105 
cm2  s'1,  they  estimated,  for  chemically  active  species  in  the 
mesosphere  and  lower  thermosphere,  that  the  chemical  accel¬ 
eration  term  could  equal  or  exceed  the  thermal  eddy  diffusion 
coefficient. 

In  this  study  we  address  three  key  issues  that  involve  verti¬ 
cal  transport;  (1)  which  mesospheric  constituent  is  most  diag¬ 
nostic  of  vertical  transport,  (2)  what  magnitude  of  mesospheric 
vertical  mixing  is  implied  by  this  constituent’s  vertical  profile, 
and  (3)  to  what  extent  can  chemical  acceleration  of  vertical 
transport  for  chemically  active  species  alleviate  the  apparent 
discrepancy  between  transport  of  constituents  and  heat. 
Model  results  are  compared  with  SME  ozone  measurements, 
water  vapor  measurements,  and  carbon  monoxide  measure¬ 
ments. 

2.  Model 

The  modci  adopted  for  this  study  is  the  general  one¬ 
dimensional,  time  dependent,  photochemical  model  with  verti¬ 
cal  transport  by  eddy  and  molecular  diffusion  developed  by 
Allen  et  al.  [1981,  1984]  and  used  to  study  chemistry  and 
transport  in  the  mesosphere  and  lower  thermosphere.  It  in- 
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TABLE  1. 


Model 

Dh  Profile 

Chemical 

Acceleration 

Comments 

A 

Allen  et  al.  [1981] 

no 

DeMore  et  al. 
[1985]  chemistry 

B 

initial  fit  to  Bevilacqua 
et  al.  [1985c]  H2G  data 

yes 

C 

best  overall  fit  to  HjO  and 
CO  data  from  Bevilacqua 
et  al.  [1985a,  6] 

yes 

D 

constant  with  altitude 

yes 

E 

same  as  model  C 

yes 

CO  chemistry 
modified  (see 
text) 

All  models  use  the  chemistry  of  Allen  el  al.  [1984],  with  rate  con¬ 
stants  given  by  DeMore  et  al.  [1985], 


eludes  the  chemistry  and  transport  of  the  major  nonnitrogen 
chemical  species  in  the  altitude  range  40-130  km:  O,  0(‘D), 
02,  03,  H.  H,.  OH.  H,0.  HOj,  H202,  CO,  C02,  CH4,  and 
Ar.  Because  CIO,  and  NO,  are  important  in  the  odd  oxygen 
chemistry  below  50  km.  we  regard  our  solutions  as  accurate 
only  somewhat  above  50  km. 

The  chemical  model  used  in  our  study  is  essentially  Table  1 
of  Alien  el  al.  [1984],  with  kinetic  rate  constants  updated  in 
accordance  with  DeMore  et  al.  [1985],  The  solar  fluxes, 
photodissociation  cross  sections,  and  radiative  transfer  calcu¬ 
lations  are  identical  to  Allen  et  al.  [1984],  The  lower  and 
upper  boundary  conditions  are  also  identical  with  one  excep¬ 
tion.  at  40  km  the  H20  mixing  ratio  is  set  equal  to  6.4  parts 
per  million  by  volume  (ppmv).  Only  diurnally  averaged  calcu¬ 
lations  are  performed,  because  Allen  et  al.  [1984]  have  shown 
that  they  are  sufficiently  accurate  for  comparison  with  SME 
data,  which  is  acquired  at  a  local  time  of  1500.  Table  1  pro¬ 
vides  a  summary  of  the  principal  features  and  differences 
among  the  various  models  used  in  this  study. 

The  chemical  acceleration  of  vertical  transport  is  a.so  in¬ 
cluded  in  the  model.  Strobel  [1981]  derived  a  globally 
averaged  expression  for  this  acceleration  by  linear  gravity 
waves  appropriate  for  a  one-dimensional  model  as 


Kcb,n(i) 


(L,  +  <r)w'2 _ 

K2(u  —  c)2  +  (L,  +  o)1 


(1) 


where  L,  is  the  net  chemical  loss  rate  of  species  i,  a  is  the 
growth  rate  of  the  wave  and  represents  transience,  k  is  the 
horizontal  wave  number,  and  W  is  the  vertical  wave  velocity. 
Schoeberl  et  d.  [1983]  extended  this  parameterization  to  in¬ 
clude  the  effect  of  breaking  gravity  waves  and  obtained  an 
effective  vertical  eddy  diffusion  coeflicicnt  of 


D„  + 


(/-■  ±  <tW2 
fc2(u  -  c)2  +  (L,  +  <r)2 


(2) 


for  a  single  gravity  wave.  The  first  term  represents  diffusion  by 
the  background  turbulence  created  by  the  breaking  gravity 
wave  for  chemically  inert  species  and  is  equal  to  the  diffusion 
rate  for  potential  temperature.  The  second  term  arises  physi¬ 
cally  because  the  mixing  ratio  perturbation,  ft',  for  a  chemical 
species  with  finite  chemical  loss  (L,  -A  0),  undergoes  a  phase 
shift  relative  to  the  horizontal  wave  velocity  o'  and  w'  such 
that  the  eddy  fluxes  ft' o'  and  ft'vV  are  nonzero  rather  than  in 
quadrature,  as  in  the  limit  0. 

Equation  (2)  must  be  summed  over  all  gravity  waves  en¬ 


tering  the  mesosphere.  For  long  time  averages,  which  are  ap¬ 
propriate  for  our  study,  o  ~~  0  by  definition.  Only  waves  with 
appreciable  amplitudes  will  be  important,  and  they  will  have 
amplitudes  at  or  near  the  saturation  limit.  Typical  meso¬ 
spheric  values  for  |u  —  c|  and  k  are  ~5  x  103  cm  s"1  and 
27t/100  km.  respectively  [Vincent  and  Reid.  1983].  With 
A|u  —  c|  ~  3  x  10" 3  s"\  all  chemical  species  under  consider¬ 
ation  that  undergo  significant  transport  have  loss  rates  such 
that  L,1  «  k2(u  —  c)2.  Thus  (2)  can  be  written  approximately 
as 


*.-,(<■)  =  D„+  I  Lt 


w  Lt  — .  — -—j 


(3) 

with  standard  gravity  wave  expressions  and  the  dispersion 
relation,  where  N  is  the  buoyancy  frequency.  According  to 
Vincent  [1984],  gravity  wave  amplitudes  are  at  or  near  the 
saturation  limit  in  the  mesosphere,  and  we  write  (3)  in  terms  of 
the  saturation  limit  A  ( =  1) 

KJi)  =  Dh  +  2  x  1010  L,A  (4) 

with  the  numerical  value  in  cgs  units  derived  from  Vincent 
[1984]  at  saturation,  when  A  =  1.  According  to  more  recent 
measurements  by  Vincent  [1986],  gravity  wave  amplitudes 
vary  throughout  the  year  in  the  range  A  =  0.6-2.  Note  that 
even  if  a  gravity  wave  breaks,  it  can  still  chemically  accelerate 
vertical  transport  as  long  as  it  remains  coherent  and  has  a 
phase  relationship  between  its  perturbation  mixing  ratio  and 
vertical  velocity  that  is  comparable  to  the  linear  limit. 

The  only  species  for  which  the  second  term  in  (4)  is  impor¬ 
tant  are  O  and  03;  all  other  species  have  L,A  «  5  x  10  D„. 

Because  of  the  rapid  interchange  of  O  and  03  by  03  +  /iv  — 
O  +  02  and  O  +  02  +  M— 03  +  M,  the  appropriate  net 
chemical  loss  rate  for  these  two  species  is  the  odd  oxygen  loss 
rate  due  principally  to  O  +  OH— »02  +  H  and  O -i- O 
-f-  M  -*  02  +  M  [e.g.,  Figure  4  of  Allen  et  al,  1984], 

The  thermal  eddy  diffusion  coefficient  DH  can  not  be  calcu¬ 
lated  directly  because  we  have  not  established  that  P,  =  1  and 
D =  Dm  [Fritts  and  Dunkerton,  1985;  Strobel  et  al.,  1985]. 
We  do  know  that  D„  <  6  x  103  cm2  s" 1  [Strobel  et  al.,  1985] 
and  can  infer  a  reasonably  accurate  mesospheric  D„  profile  by 
fitting  a  model  water  vapor  mixing  ratio  profile  to  measured 
values,  as  the  time  constants  for  chemistry  and  transport  are 
comparable,  in  a  manner  similar  to  Alien  et  al  [1981].  The 
chemistry  of  water  vapor  is  also  regarded  as  well  known,  with 
reasonably  accurate  rate  constants.  In  a  one-dimensional 
model  the  globally  averaged  mean  vertical  velocity  is,  of 
course,  identically  zero,  but  the  globally  averaged  vertical  flux 
of  a  constituent  generated  by  the  mean  circulation  is  not  nec¬ 
essarily  zero.  Based  on  model  results  of  Garcia  and  Solomon 
[1985],  a  typical  maximum  amplitude  for  the  mean  vertical 
velocity  is  w  ~  0.4  cm  s_l  at  middle  and  equatorial  latitudes 
during  equinox  and  summer  in  the  60-  to  80-km  region.  The 
globally  averaged  value  would  be  substantially  less,  ~0.1  cm 
s"1.  Corresponding  mean  meridional  velocities  are  typically 
u'~2  m  s~‘.  A  typical  eddy  velocity  is  w' ~ 
K;i/H,  where  H  is  the  atmospheric  scale  height.  For  H-0  we 
find  below  that  K.s  ~  DH  ~  I05  cm2  s"1,  and  for  O  and  03, 
K..  ~  I06  cm2  s"1.  Thus  the  respective  w'  are  0.2  and  2  cm 
s'1,  which  are  comparable  to  and  significantly  larger  than  w. 
For  the  equinox  and  summer  data  used  in  our  study,  the  H20 
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Fig.  1.  Comparison  of  ground-based,  observed  H20  mixing  ratios  with  lo  error  bars  [Bevilacqua  et  al.,  1985a]  and 
model  results  for  the  DH  profiles  given  in  Figure  2  and  with  chemical  acceleration. 


eddy  and  mean  circulation  fluxes  are  upward,  which  implies 
that  the  D„  values  deduced  from  the  H20  profile  could  be 
maximum  values  Mean  meridional  H20  flux  divergences  are 
not  expected  to  severely  negate  this  conclusion  on  the  basis  of 
Garda  and  Solomon  [l°85]  results. 

3.  Data 

The  mesospheric  water  vapor  measurements  used  in  this 
study  were  obtained  by  ground-based  microwave  spec¬ 
troscopy  fre  '  the  i  Propulsion  Laboratory  (JPL)  in  Pasa¬ 
dena.  California,  .urii.*  'e  time  period  from  April  through 
June  198*  [ Bevilacqua  et  al.,  1985a].  This  particular  experi¬ 
ment  is  the  longest  continuous  series  of  mesospheric  water 
vapor  measurements  yet  published.  The  profile  shown  in 
Figure  1  is  an  average  of  the  daily  measurements  taken  over 
the  3-month  experiment,  with  error  bars  that  represent  the 
standard  deviation  of  the  individual  measurements  from  the 
average  profile.  1  ’.‘.us  they  include  random  measurement  error 
as  well  as  any  i.r.  atmospheric  variation.  The  absolute  error 
in  the  measurements  is  estimaf  I  to  be  about  20%  from  60-75 
km  and  more  than  30%  at  80  :,\i. 

The  results  from  the  series  of  measurements  are  in  good 
agreement  with  the  measurements  of  Bevilacqua  et  al.  [1983], 
Ackerman  et  al.  [1985],  and  Otivero  et  al.  [1986],  The  general 
conclusion  of  ail  these  experiments  is  that  water  vapor  mixing 
ratios  in  the  upper  mesosphere  are  nearly  a  factor  of  2  smaller 
than  calculated  by  one-dimensional  and  two-dimensional 
photochemical  models  (for  example,  Allen  et  al.,  [1981]  (see 
also  Figure  1),  and  Garcia  and  Solomon,  [1985]). 

In  order  to  deduce  DH  we  use  the  JPL  water  vapor 
measuriments  in  the  60-  to  80-km  altitude  range.  Below  60 
km.  mnsport  is  not  competitive  with  chemistry  in  controlling 
the  water  vapor  abundance,  and  above  80  km,  the  measure¬ 
ment  sensitivity  is  not  sufficient  to  permit  accurate 
characterization  of  DH. 

As  a  cross  check  on  the  D„  profile  deduced  from  the  water 
vapor  measurements,  we  use  mesospheric  CO  measurements. 
For  this  purpose  we  adopted  the  1-day  average  measurement 


obtained  on  April  18,  1984,  by  ground-based  spectroscopy  of 
the  J  =  1  — ►  0  CO  line  [ Bevilacqua  et  al.,  19856]  obtained  at 
the  AT&T  Bell  Laboratories  [millimeter  wave]  Observatory 
in  Holmdel,  New  Jersey.  The  resultant  CO  vertical  abundance 
profile  is  fairly  typical  of  recent  measurements. 

The  third  data  set  used  in  this  study  consists  of  ozone 
measurements  obtained  from  the  near-infrared  spectrometer 
on  board  the  SME  satellite  [ Thomas  et  al.,  1984].  For  consist¬ 
ency  with  the  H.O  and  CO  measurements  we  have  retrieved, 
from  the  SME  data  base,  an  effective  average  profile  at  35’ N 
latitude  appropriate  for  the  months  of  April  through  June 
1984. 

4.  Results 

In  Figure  2,  three  vertical  profiles  of  £>„  which  produce  an 
acceptable  fit  to  the  water  vapor  data  of  Bevilacqua  et  al. 
[1985a],  along  with  the  Allen  et  al.  [1981,  1984]  eddy  diffu¬ 
sion  coefficient,  are  illustrated.  They  generate  the  rapid  fall-off 
of  the  observed  H20  mixing  ratio  above  60  km  (Figure  1),  in 
contrast  to  the  Allen  et  al.  profile  chosen  to  minimize  the  03 
concentration  at  the  mesopause  minimum  and  satisfy  the  un¬ 
published  H.  Trinks’  (private  communication,  1979)  H20 
measurement  constraint  at  90  km.  The  water  vapor  data  em¬ 
ployed  in  this  study,  which  arc  not  consistent  with  the  Tnnks’ 
measurement,  clearly  require  values  of  DH  -  105  cm2  s'1  in 
the  critical  region  of  60-80  km  and  categorically  exclude 
values  of  2l06  cm2  s'1.  It  should  be  noted  that  even  with 
updated  chemistry  [ DeMore  et  al.,  1985]  the  Tnnks’  measure¬ 
ment  of  the  H20  mixing  ratio  at  90  km  still  requires  the  Allen 
el  al.  eddy  diffusion  profile.  Below  60  km  the  calculated  H,0 
mixing  ratio  is  insensitive  to  the  value  of  DH  and  does  not 
distinguish  among  the  different  eddy  diffusion  profiles  of 
Figure  2. 

CO  is  produced  by  photolysis  of  C02  above  the  mesopause. 
The  mesospheric  CO  profile  reflects  the  bala..ce  between  net 
downward  transport  and  chemical  loss  [cf.  Alien  et  al.,  1981]. 
Therefore  CO  is  also  a  useful  tracer  in  our  study.  In  Figure  3 
the  corresponding,  calculated  profii  i  of  CO  mixing  ratio  are 
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Fig.  2.  Vertical  eddy  diffusion  coefficient  (D„)  profiles  for  Models  A.  B,  C,  and  D. 

displayed  and  compared  with  Bevilacqua  et  al.  [1985b]  data,  data  set,  it  is  improbable  that  the  mean  circulation  would 
Above  70  km  the  profiles  computed  with  slow  vertical  mixing  augment  the  downward  transport  of  CO  to  increase  its  predic- 
(models  B.  C,  D;  cf.  Figure  2)  are  clearly  more  consistent  with  ted  mixing  ratio  by  a  factor  of  5  below  60  km.  The  two- 
the  CO  data  than  model  A,  with  DH  an  order  of  magnitude  dimensional  model  calculations  of  Solomon  et  al  [1985]  with 
larger.  The  reader  can  also  use  Table  1  to  distinguish  models  mean  circulation  and  eddy  transport  had  similar  problems  at 
A-D.  Thus  CO  measurements  confirm  the  deduction  from  mid-latitudes.  It  should  be  remembered  that  Lco  <:  10” 6  be- 
H-O  ground-based  measurements  that  vertical  mixing  is  slow  tween  40  and  80  km  and  thus  (in  equation  (4))  2  x  10'° 
in  the  mesosphere,  with  D„  -  105  cmJ  s"1.  However,  neither  LC0A  <  5  x  10'*  cmJ  s'*.  Also,  the  chemical  and  transport 
the  new  calculations  nor  the  Allen  et  al.  [1981]  calculation  time  constants  are  comparable  in  the  65-  to  80-km  region, 
yields  an  adequate,  overall  representation  of  the  inferred  CO  with  the  chemical  time  constant  shorter  below  65  km.  Hence 
mixing  ratio.  For  the  conditions  applicable  to  the  adopted  CO  we  would  interpret  our  underprediction  of  CO  in  comparison 


Mixing  ratio  (ppmv) 

Fig.  3.  Comparison  of  ground-based,  observed  CO  mixing  ratios  with  la  error  bars  [ Bevilacqua  et  al..  1985 b]  and 
results  from  Models  A.  8,  C,  and  D.  whose  D„  profiles  arc  given  in  Figure  2.  and  Model  E,  which  is  the  same  as  Model  C 
but  with  modified  CO  chemisvy. 
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Fig.  4.  (al  Model  results  from  O  concentration  for  Model  C  with  indicated  value  of  gravity  wave  activity.  A.  No 
chemical  acceleration  is  4  =  0.  (i)  Same  as  Figure  4a,  but  for  03  mixing  ratio,  with  companson  of  model  results  and  SME 
data  averaged  over  April  1.  to  June  30. 1984,  at  35°N. 


to  the  microwave  measurements  below  70  km  to  inadequate 
chemistry  rather  than  vertical  transport. 

Illustrative  of  the  changes  required  in  CO  chemistry  to  pro¬ 
duce  acceptable  agreement  with  the  data  are  (1)  an  assump¬ 
tion  that  0('D)  reacts  with  C02  to  produce  CO  with  a  rate 
constant  of  I  x  10* 13  cm3  s*\  (2)  an  increase  in  the  CO 
mixing  ratio  at  40  km  from  0.01  to  0.03  ppmv,  and  (3)  a  tem¬ 
perature  dependence  for  the  reaction  CO  +  OH  -»  C02  +  H 


of  1.35  x  10"' 3  e" ,00'7".  Although  the  bulk  of  O(’D)  collisions 
with  C02  result  in  quenching,  it  is  entirely  possible  that  a 
small  fraction  (  ^  1  result  in  reaction.  DeMore  et  al.  [1985] 
do  not  recommend  a  specific  temperature  dependence  for 
CO  +  OH,  but  the  above  rate  is  within  experimental  uncer¬ 
tainty.  Calculations  with  this  chemistry  are  shown  in  Figure  3, 
with  Dh  for  model  E  identical  to  D„  of  model  C.  These  calcu¬ 
lations  are  meant  to  suggest  one  possible  resolution  of  the 
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Fig.  5.  Vertical  eddy  diffusion  coefficient  (KIt)  profiles  for  odd  oxygen  that  include  chemical  acceleration  at  the  indicated 

value  of  gravity  wave  activity  A  for  model  C. 
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Fig.  6.  Comparison  of  SME  03  profile  obtained  from  averaged  data  at  35°N.  Apnl  1.  to  June  30,  1984.  with  original 
Allen  et  al.  [1981]  model  result  (solid  line),  with  DeMore  et  al.  [1985]  chemistry  substituted  (dotted  Ime).  Model  C  (dashed 
line)  and  Model  C  with  Rusch  and  Eckman  [1985]  modified  chemistry  (double-dot  dash  line). 


underprediction  of  CO  concentrations.  The  extra  CO  source. 
0('D)+C0,.  is  needed  below  60  km  to  account  for  the 
quasi-constant  mixing  ratio,  whereas  above  60  km  the  lower 
mesospheric  temperatures  and  tempera, ure  dependence  for  the 
CO  OH  reaction  result  in  reduced  CO  loss  rate  and  hence 
increased  CO  mixing  ratio.  The  change  in  the  lower  boundary 
condition  for  CO  results  in  <  1  %  increase  in  CO  above  50 
km. 

In  Figure  4  the  effects  of  slow  vertical  mixing  and  chemical 
acceleration  on  atomic  oxygen  and  ozone  are  presented  by 
comparison  of  model  C  with  A  =  0  and  A  /  0.  The  chemical 
acceleration  of  K..  is  a  small  effect  on  the  O  densities  and  03 
mixing  ratios,  <60%  in  the  76-  to  90-km  region.  Although 
K„  increases  from  103  to  107  cm2  s'1  for  odd  oxygen  with 
chemical  acceleration  (Figure  5),  the  rapid  increase  in  L  with 
decreasing  altitude  transforms  the  O  concentration  profile 
from  dynamical  control  above  85  km  to  chemical  control 
below  75  km.  The  chemical  acceleration  of  vertical  transport 
is  constrained  in  the  limit  of  large  L  because  the  chemical  time 
constant  rch,n  ~  IT*  is  always  less  than  the  transport  time 
constant  rlrin  -  tf2/K„- 5  x  KT"  H 2  LT'  ~  18  L'1  when 
<4  =  1.  Only  if  A  were  large  (-  19)  would  chemical  acceler¬ 
ation  of  K. .  produce  pronounced  perturbations  in  the  O  and 
Oj  concentrations.  In  Figure  4,  model  results  are  also  com¬ 
pared  with  SME  data  and  illust, ate  the  usual  problem  of 
underprediction  of  03  mixing  ratios  between  50  and  85  km 
[4ikin  et  al.,  1984,  Rusch  and  Etkman ,  1985,  Solomon  et  al., 
1983]  Because  of  the  extremely  large  variability  m  the  atomic 
oxygen  measurements  summarized  by  Offermann  et  al.  [1981], 
no  useful  observational  constraints  exist  for  our  model  results 
displayed  in  Figure  4. 

In  Figure  6,  model  o,  one  mixing  ratios  are  compared  with 
the  Allen  et  at.  [1981]  profile  and  appropriate  SME  data. 
Below  about  65  km  all  of  the  model  curves  with  the  same 
chemistry  converge,  indicative  of  the  small  sensitivity  of  ozone 


to  vertical  transport  below  this  altitude.  Thus  the  factor  of  1.5 
disagreement  between  the  models  and  SME  data  below  65  km 
must  be  the  result  of  inadequacies  in  mesospheric  ozone  chem¬ 
istry,  as  concluded  by  Rusch  and  Eckman  [1985].  By  adopting 
their  recommended  chemistry  changes  in  conjunction  with  the 
slow  vertical  mixing,  we  obtain  good  agreement  with  the  SME 
data.  At  the  ozone  minimum  near  the  mesospause.  agreement 
between  SME  data  and  model  results  clearly  requires  low 
values  of  D„  and  K;l,  with  the  primary  effect  being  the  re¬ 
duced  HO,  catalytic  loss  of  odd  oxygen.  We  also  show  for 
completeness  the  Allen  et  al.  [1981,  1984]  model  results,  with 
DeMore  et  al.  [1985]  chemistry,  mesopause  03  concentrations 
are  increased,  but  below  70  km,  [03]  is  reduced  by  up  to 
40%.  The  Alien  et  al.  [1984]  03  profile  in  Figure  6  repro¬ 
duced  the  Aladdin  74  rocket  03  measurements  [ Weeks  et  al., 
1978],  which  are  significantly  lower  than  the  average  SME  03 
profiles  in  the  upper  mesosphere.  This  may  reflect  the  tempo¬ 
ral  variability  in  mesospheric  HzO  (as  suggested  by  Allen  et  al. 
[1984]),  possibly  as  a  result  of  changes  in  the  nondiffusive 
component  of  transport. 

The  structure  predicted  in  the  03  mixing  ratio  in  all  the 
model  results  between  75  and  90  km  is  significantly  greater 
than  exhibited  in  SME  data.  The  near-IR  instrument  on  SME 
had  a  field  of  view  which  provides  a  minimum  altitude  resolu 
tion  of  3.5  km  at  the  earth’s  limb  when  the  slit  is  optimally 
aligned  [ Thomas  et  al.,  1984]  this  resolution  ( -0.6  H)  can 
result  in  some  smoothing  of  the  predicted  factor  of  15  change 
in  the  03  mixing  ratio  over  the  80-  to  86-km  region  (Figure  6). 
With  chemical  acceleration  the  gradient  m  the  03  mixing 
ratio  between  80  and  85  km  is  reduced  by  a  factor  of  2. 

5.  Concluding  Remarks 

On  the  basis  of  our  model  calculations  we  conclude  that 
mesospheric  water  vapor  measurements  provide  the  most  de¬ 
finitive  signature  of  vertical  mixing  in  the  mesosphere.  The 
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low  H20  mixing  ratio  and  resultant  odd  hydrogen  densities 
implied  by  the  Bevilacqua  et  al.  [1983,  1985a]  measurements 
lead  to  substantial  reductions  in  the  loss  of  odd  oxygen  and 
CO  at  the  mesopause.  As  a  result,  the  calculated  O,  03,  and 
CO  concentrations  are  in  better  agreement  with  mesopause 
data.  Below  the  mesopause  the  O  and  03  density  profiles  are 
insensidve  to  vertical  mixing,  and  the  inference  of  KIZ  from 
their  profiles  is  poorly  constrained.  Although  chemical  acceler¬ 
ation  of  vertical  transport  is  substantial  for  O  and  03  below 
85  km,  it  is  not  sufficient  to  overcome  the  chemical  control  of 
their  density  structure.  The  significance  of  chemical  acceler¬ 
ation  is  thus  subtle;  it  produces  large  increases  in  K ..  for  0„ 
but  only  modest  (at  most  factor  of  2)  effects  on  the  con¬ 
centrations  of  O  and  03  unless  A  -  10,  which  is  precluded  on 
the  basis  of  available  data.  Our  calculations  show  conclusively 
with  our  present  understanding  of  O,  03,  H20,  and  CO  chem¬ 
istry  that  the  vertical  H20  profile  is  best  suited  to  infer  the 
correct  magnitude  of  vertical  mixing  in  the  mesosphere.  In  the 
absence  of  vertical  advection,  DH  would  be  ~(l-2)  x  103  cm2 
s ' 1  (cf.  Figures  1  and  2)  and  consistent  for  early  summer  in 
the  northern  hemisphere  at  mid-latitudes,  with  the  upper  limit 
deduced  from  studies  of  the  mesospheric  heat  budget.  Brasseur 
and  Offerman  [1986]  analyzed  O  concentration  measurements 
and  concluded  that  the  vertical  eddy  diffusion  coefficient  is 
about  103  cm2  s  1  at  the  mesopause,  also  consistent  with  our 
results.  However,  a  value  of  D„  ~  103  cm2  s"1  is  so  small  that 
it  is  impossible  to  determine  whether  mesospheric  vertical 
mixing  is  only  diffusive  or  is  dominated  by  vertical  advection. 
Our  analysis  could,  in  fact,  be  regarded  as  evidence  for  an 
advectively  controlled  mesosphere. 

From  Strobel  et  al.  [1985]  the  associated  cooling  due  to 
breaking  gravity  waves  is  ~  FK  per  day,  if  P,  =  1  and  is 
much  less  for  Pr »  I.  Thus  to  lowest  order  the  mesosphere  is 
in  radiative  equilibrium.  Although  it  can  not  be  demonstrated 
from  this  research,  it  appears  that  the  consensus  is  DM  ~  10s 
cm2  s-!  [e.g.,  Lindzen ,  1981;  Holton ,  1982,  1983;  Garcia  and 
Solomon,  1985]  and  hence  the  eddy  Prandtl  number  must  be 
of  the  order  10.  With  the  uncertainties  of  this  estimate  con¬ 
sidered,  the  eddy  Prandtl  number  deduced  by  Justus  [1967]  of 
3-3* {;f  from  photographic  tracking  of  rocket-released  chemi¬ 
cal  clouds  supports  our  inference.  Fritts  and  Dunkerton  [1985] 
have  analytically  demonstrated  why,  in  the  wave-breaking 
process,  Pr  >  1.  It  must  be  emphasized  that  our  conclusion 
(Pr  ~  10)  depends  critically  on  the  inference  of  low  H20 
mixing  ratios  in  the  upper  mesosphere  from  ground-based 
microwave  spectroscopy,  which  are  consistent  with  the  SME 
03  data  and  ground-based  CO  measurements. 
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Ground-based  microwave  techniques  have  supplied  the  cnly  long-term 

measurements  of  water  vapor  in  the  mesosphere.  We  review  the  entire  current 

data  base,  which  consists  of  measurements  obtained  in  three  separate 

experiments  over  an  8-year  period.  The  data  from  all  three  experiments 

indicate  that  the  water  vapor  seasonal  variation  at  mid-latitudes  in  the 

upper  mesosphere  is  dominated  by  an  annual  component  with  low  mixing  ratios 

in  winter*  and  high  mixing  ratios  in  summer.  This  suggests  that  the  vertical 

distribution  of  water  vapor  in  the  upper  mesosphere  (up  to  80  Jon)  is 

controlled  by  advective  rather  than  diffusive  processes.  This  is  consistent 

5  2  **1 

with  the  low  mesospheric  K  values  (=10  cm  s  )  deduced  from  the  vertical 
gradient  of  t ha  microwave  water  vapor  measurements  in  Strobel  et  al.  (1987) . 
However,  it  is  difficult  to  reconcile  the  predaninantly  annual  water  vapor 
variation  with  the  ’.semiannual  variation  in  ozone  at  78  km  observed  by  SME.  We 
perform  a  series  of  ID  photochemical/vertical  transport  model  calculations 
which  verify  that  (within  the  context  of  the  hydrogen/oxygen  chemistry 
considers!  hi  tile  msdel) ,  the  seasonal  variation  of  water  vapor  cannot  be  the 
mechanises  for  the.  semiannual  ozone  variation.  This  variation  is  either  a 
manifestation  of  sews  heretofore  unknown  ozone  photochemical  mechanism;  or,  it 
could  ba  driven  by  a  seasonal  variation  in  the  vertical  transport  of  atonic 
oxygen  Seen;  tha  theraa^here.  One  possible  vertical  transport  scenario  for 
producing  the  semiannual  ozone  variation  (while  retaining  the  annual  water 
vapor  variation)  is  described. 


1.  Introduction 


It  is  new  well  knewn  (Bevilacqua  et  al.,  1983;  Brasseur  and  Solanon,  1984; 
Remsberg  et  al.,  1984;  Strcbel  et  al.,  1987)  that  the  photochemical  time 
constant  for  water  vapor  in  the  middle  atmosphere  is  sufficiently  long  that  it 
serves  as  a  chemical  tracer  of  transport  processes.  In  the  stratosphere,  many 
water  vapor  measurements  have  been  made,  with  the  most  extensive  anil  complete 
data  base  caning  fran  the  LEE  (Limb  Infrared  Monitor  of  the  Stratosphere) 
experiment.  The  LEWS  data  has  been  used  by  Remsberg  et  al.  (1984)  to  infer 
important  properties  of  the  stratospheric  general  circulation,  In  the 
mesosphere,  by  contrast,  the  data  base  is  much  more  sparse.  Jhe  only  long" 
term  measurements  of  mesospheric  water  vapor  in  .axistence  are  those  made  by 
ground-based  microwave  techniques.  One  of  the  moot  noteworthy  and  consistent 
features  of  these  measurements  is  that  they  indicate  that  the  water  vapor 
mixing  ratio  decreases  with  altitude  above  65  to,  in  response  to 
photodissociation,  at  a  rate  which  is  far  more  rapid  than  that  -exhibited  in 
many  1-  and  2-D  photochemical  mod/el  calculations,  (e.g,  Allen  et  al.P  1981; 
Garcia  and  Solcmon,  1985) .  As  a  result,  water  vapor  mixing  ratios  in  th» 
upper  mesosphere  are  smaller,  by  as  much  as  a  factor  of  3,  than  the  model 
results.  Bevilacqua  et  al.  .(1983,  and  1987)  ex^airsed.  this  feature  of  'the; 
measurements  in  a  qualitative  fashion. and  caxxLud&d  that  this-  most  imply  that 
vertical  transport  rates  in  the  mescephct©  are  significantly  slower  than  that 
generally  assumed  ir.  these  model  calculations. 
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Strcbel  et  al.  (1987)  examined  this  problem  in  a  more  quantitative 

fashion,  employing  the  Cal  Tech  1-D  photochemical  model  (Allen  et  al. ,  1981, 

and  1984)  and  concentrating  cn  the  water  vapor  measurements  obtained  at  the 

Jet  Propulsion  Laboratory  (JPL)  (Bevilacqua  et  al.,  1985,  and  1987).  In  that 

paper  we  derived  an  upper  limit,  effective  eddy  diffusion  coefficient  (K  ) 

zz 

5  2  —1 

value  of  about  1-2  x  10  cm  s  in  the  critical  60  to  80  region,  in 

.  6  2-1 
comparison  to  typically  adopted  values  of  =  1  x  10  cm  s  .  We  shewed  that 

adoption  of  the  lower  vertical  transport  rates,  and  consequent  low  water  vapor 

abundances  near  the  mesopause,  results  in  better  model  agreement  with  both  CO 

measurements  obtained  by  ground-based  techniques,  and  with  Solar  Mesosphere 

Explorer  (SME)  C>3  measurements. 

Since  publication  of  the  Strobel  et  al.  (1987)  paper,  we  have  completed 
analysis  of  the  much  more  extensive  set'  of  mesospheric  water  vapor 
measurements  obtained  by  ground-based  microwave  techniques  at  The  Pennsylvania 
State  University  (Oliver©  et  al.,  1986;  Tscu  et  al.,  1988;  Bevilacqua  et  al., 
1989) .  These  measurements  cover  the  time  period  winter  through  early  summer 
over  three  successive  years.  In  this  paper  wa  review  the  entire  data  base  of 
microwave  mesospheric  water  vapor  measurements  with  particular  enphasis  on  the 
Penn  State  results.  A  synopsis  of  the  current  data  base,  which  now  consists 
of  measurements  obtained  in  three  separate  experiments  over  an  8-year  period, 
is  contained  in  Table  1.  We  reexamine  the  conclusions  reached  in  our  previous 
papers  in  light  of  the  large  Perm  State  data  set  by  comparing  the  average 
vertical  gradient  of  these  measurements  to  that  obtained  in  c’r  previews 
experiments.  Also,  with  the  addition  of  the  Perm  State  measurements,  a  fairly 
consistent  picture  of  the  seasonal  variation  of  water  vapor  in  the  upper 
mesosphere  is  beginning  to  emerge  for  the  period  winter  through  sucroer 
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(Bevilacqua  at  al. ,  1989) .  We  shew  that  this  seasonal  variation  contains 
additional,  independent  information  concerning  vertical  transport  rates,  and 
the  nature  of  this  transport,  in  the  mesosphere.  Finally,  we  compare  the 
observed  water  vapor  seasonal  variation  with  the  well  documented  seasonal 
variation  of  ozone  in  the  mesosphere  observed  by  the  SHE  satellite  experiment. 


2.  Observations  ("Vertical  Gradient  and  Seasonal  Variation) 


In  Figure  1  we  show  average  measured  water  vapor  profiles,  obtained  at 

Penn  state,  over  the  period  February  through  June  1985,  1986,  and  1987.  The 

absolute  accuracy  (la-level)  of  these  measurements  is  estimaf  d  to  be  about 

20%  up  to  75  km,  increasing  to  about  50%  at  80  1cm.  Also  plotted  on  this 

figure  are  the  model  A  and  mode).  C  results  from  Figure  1  of  Strcbel  et  al. 

(1987) .  The  model  A  water  vapor  profile  was  obtained  using  the  K  profile 

zz 

zr  ?  —1 

derived  in  Allen  et  al.  (1981) ,  with  3,  value  of  order  10  as  in  the  upper 
mesosphere.  Jfcdsi  c  is  our  preferred  best-fit  to  the  the  spring  1984  JPL 
water  vapor  measurements,  with  K  *  1-2  x  105  cm2s“1  in  the  critical  60  to  80 

ZZ 

km  region.  Thus,  the  much  more  extensive  Penn  State  water  vapor  measurements 
confirm  the  slow  vertical  transport  model  C  result.  In  fact,  the  vertical 
gradients  observed  in  the  average  Penn  State  retrievals  are  on  average  even 
steeper  than  the  JHj  measurements  (as  discussed  in  the  next  Section)  and 
c~nf irm  that  the  steep  water  vapor  vertical  gradient  in  the  upper  mesosphere 
is  a  persistent  feature  at  mid-lati.'cudes. 
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The  extensive  Beam  State  data  set  has  allowed  us  to  characterize  not  cnly 
"cs3srTssiE55ff^^‘^jEr^ei£ti£silr'’\^'cfer  vapor  profile,  but  also  its  seasonal  variation 
over  the  period  winter  through  summer  (Bevilacqua  et  al. ,  1989) .  This 
seasonal  variation  is  important  because  it  contains  independent  information  cn 
vertical  transport  rates  and  the  nature  of  the  dominant  transport  process  in 
the  mesosphere.  The  importance  of  the  water  vapor  seasonal  variation  in  this 
regard  is  illustrated  in  a  qualitative  fashion  in  Figure  2,  and  is  discussed 
more  quantitatively  by  Holton  and  Schoeberl  (1988) .  In  the  top  panel,  we  show 
a  hypothetical  mixing  ratio  profile  of  a  constituent,  which  is  mainly 
transport  controlled,  having  a  low  altitude  source  and  a  high  altitude  sink. 
Water  vapor  is  a  paradigm  of  such,  a  constituent.  Vertical  transport  occurs 
either  via  mean-flcw  advecticn  or  by  small-scale  diffusive  processes 
(tra-iwlenoe) .  The  magnitude  and  orientation  of  these  two  transport  processes 
are  also  Illustrated  cn  the  top  panel. 

The  mesospheric  mean  meridional  circulation  is  thought  to  be  dominated  at 
solstice  by  a  single-cell  system  with  rising  motions  in  the  summer  hemisphere 
and  subsidence  in  the  winter  hemisphere  (Leovy,  1964) .  This  simple  pattern  is 
transformed  to  a  two-cell  system  at  equinox  with  upward  motion  at  the  tropics 
and  downward  motion  over  both  poles  (cf .  Holton  and  schoeberl,  1988) .  Thus, 
one  would  expect  mean-flow  advective  transport  at  mid-latitudes  to  be 
dominated  by  an  annual  variation  with  downward  transport  in  winter,  little  net 
vertical  motion  during  spring  and  fall,  and,  upward  motion  in  summer. 

Turbulence  in  the  mesosphere  is  thought  to  result  primarily  from  the 
breaking  of  oonvectively  unstable  gravity  waves  (Lindsen,  1981) .  His 
parameterization  of  the  turbulence  and  stress  produced  by  breaking  gravity 
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waves  predicts  a  semiannual  variation  in  turbulence  intensity  with  maxima  at 
solstice  and  minima  at  equinox  (Garcia  and  Solomon,  1985) .  This  seasonal 
variation  results  mainly  fran  the  fact  that  (in  the  lindzen  parameterization) 

A 

K  is  proportional  to  (u-c)  at  the  breaking  level,  where  is  u  is  the  mean 
zonal  wind  velocity  and  c  is  the  gravity  wave  phase  speed.  Because  of  the 
weak  radiative  drive,  zonal  wind  speeds  are  smallest  during  equinox  and, 
consequently,  the  turbulence  intensity  should  also  be  a  minimum.  Thus,  if 
gravity  wave  saturation  controls  turbulence  intensity,  vertical  transport  by 
diffusion  should  be  maximum  at  solstice  and  minimum  at  equinox. 

The  seasonal  variation  of  a  transport~domi.nated  constituent  is  dependent 
on  the  relative  magnitudes  of  the  diffusive  and  advective  time  constants. 
These  time  scales  can  be  estimated  by 

,  Hj/W  rD  .  Hi2/Kzz  (1) 

where  rw  and  are  the  time-scales  for  advective  and  diffusive  vertical 
transport, 

is  the  constituent  concentration  scale  height, 
w  is  the  mean  vertical  velocity,  and 
K„„  is  the  vertical  eddy  diffusion  coefficient. 

UM 

In  the  lower  panel  of  Figure  2  we  consider  three  limiting  cases.  In  the 
diffusive  case  (r^«r^)  the  seasonal  variation  of  the  constituent  is 
dominated  by  a  semiannual  component  with  maxima  at  solstice  and  minima  at 
equinox.  Wh m  berth  processes  are  roughly  equal,  the  winter  mixing  ratio 
becctces  reduced  relative  to  the  diffusive  case,  because  new  mean  flew  and 


diffusive  transport  are  oriented  in  opposite  directions.  The  summer  mixing 
ratio  is  relatively  enhanced,  because  there  they  are  acting  in  concert.  The 
net  result  is  that  the  semiannual  variation  becomes  suppressed.  Finally,  in 
an  advective  atmosphere  (rD»rw)  a  predominantly  annual  variation  is  obtained. 
We  do  note,  however,  that  the  calculations  of  Holton  and  Schoeberl  (1988)  show 
that  in  the  advective  case  at  mid-latitudes  there  is  a  small  semiannual 
component  resulting  from  the  two-cell  equinox  circulation  system.  However, 
this  is  small  compared  to  the  annual  component.  The  essential  point  of  Figure 
2  is  that,  if  we  assume  that  we  understand  the  phase  of  the  advective  and 
diffusive  transport  components,  then  the  water  vapor  seasonal  variation 
contains  qualitative  information  about  the  relative  magnitudes  of  these  two 
processes.  Furthermore,  the  winter  through  spring  portion  of  the  water  vapor 
variation  is  most  sensitive  to  the  competition  between  these  two  transport 
mechanisms.  In  the  Penn  State  measurements  this  particular  part  of  the 
seasonal  cycle  has  been  sampled  during  three  successive  years.  In  the 
following,  we  examine  the  seasonal  variation  of  the  water  vapor  mixing  ratio 
in  the  upper  mesosphere  obtained  from  the  microwave  measurements  with 
particular  regard  to  this  point. 

In  Figure  3  we  shew  all  the  available  microwave  water  vapor  observations 
at  80  km,  plotted  as  a  function  of  calendar  month.  The  error  bar  indicates 
the  average  total  absolute  error  in  the  retrievals  at  this  altitude,  which  is 
about  50%  (la-level) .  The  measurement  precision  at  this  altitude  is  estimated 
to  be  better  than  20%.  The  Penn  State  measurements,  taken  from  Bevilacqua  et 
al.  (1989) ,  represent  monthly  averages  over  the  three  years  of  observations. 
These  measurements  exhibit  a  relative  minimum  in  mid-winter,  with,  mixing 
ratios  increasing  slowly  from  January  to  April,  then  much  more  rapidly  from 
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April  through  June.  Haas,  the  Perm  State  observations  indicate  that  the 
seasonal  variation  of  water  vapor  in  the  upper  mesosphere  is  dominated  by  an 
annual  component,  with  high  mixing  ratios  in  summer  and  lew  mixing  ratios  in 
winter.  As  discussed  in  Bevilacqua  et  al.  (1989)  this  seasonal  variation  was 
obtained  in  each  of  the  three  successive  years  of  observations. 

In  the  JFL  experiment,  measurements  were  obtained  in  two  periods:  March- 
June  1984  (Bevilacqua  et  al.,  1985),  and  December  1984-April  1985  (Bevilacqua 
et  al.,  1987) .  The  monthly  average  results  from  those  two  periods  are 
illustrated  in  Figure  3.  The  JPL  and  Penn  State  data  sets  are  compared  in 
detail  in  Bevilacqua  et  al.  (1989) .  Here  we  repeat  only  the  most  important 
points  of  that  comparison.  In  the  JPL  1984  data  we  see  a  clear  increase  from 
April  through  June,  consistent  with  the  Penn  State  measurements.  However,  the 
1985  measurements  do  not  shew  the  deep  mid-winter  minimum  evident  in  the  Penn 
State  data  sets.  Rather,  the  mixing  ratio  remains  essentially  constant  from 
January  through  March,  then  begins  to  increase  later  in  the  spring.  This  is 
perhaps  indicative  of  a  larger  semiannual  component  in  the  JPL  measurements. 

As  a  result,  the  JPL  winter  retrievals  are  higher  by  nearly  1  pptnv  than  the 
Penn  State  and  Haystack  results.  However,  the  summer  measurements  are  in  good 
agreement.  As  discussed  in  Bevilacqua  et  al.  (1989) ,  this  winter  discrepancy 
may  be  partially  a  latitude  effect,  or  it  may  be  the  result  of  zonal 
asymmetries  caused  by  wave  activity. 

The  Haystack  measurement  points,  taken  from  Bevilacqua  et  al.  (1983) , 
represent  only  4  to  9-day  averages.  Therefore,  data  sampling  problems  make  it 
very  problematic  to  interpret  these  results  in  terms  of  seasonal  variation. 
Nevertheless,  the  agreement  among  these  measurements  and  the  much  more 


extensive  Perm  State  data  set  is  encouraging.  At  Haystack,  the  winter-spring 
porticn  of  the  seasonal  variation  was  sampled  during  two  successive  years. 

1318  January  1981  mixing  ratio  at  80  to  is  about  50%  smaller  than  the  April 
1981  result.  In  Decanter  1981  we  measured  an  anomalously  low  water  vapor 
profile  above  70  to.  These  were  the  lowest  abundances  ever  observed  in  any  of 
our  experiments.  This  measurement  period  extended  from  5  to  11  December,  and 
the  low  abundances  persisted  during  each  of  these  days.  The  April  1982  value 
at  80  to,  however,  is  consistent  with  the  previous  year' 3  measurement. 
Therefore,  again  we  see  lower  mixing  ratios  in  winter  than  in  spring.  Alro 
notice  that  the  highest  abundances  were  obtained  in  July  1980  with  the  mixing 
ratio  decreasing  monotcnically  from  July  through  September  of  1980  and  January 
1981,  then  subsequently  increasing  in  April  1981.  In  addition,  we  note  that, 
with  the  exception  of  the  clearly  anomalous  December  1981  result,  the 
magnitude  of  the  Haystack  mixing  ratios  are  consistent  with  the  Penn  State 
results. 


3us,  we  find  that  the  entire  microwave  mesospheric  water  vapor  data  base 
is  consistent  in  indicating  that  the  seasonal  variation  in  the  upper 
mesosphere  at  mid-latitudes  is  dominated  by  an  annual  component  with  low 
values  in  winter  and  high  values  in  summer.  The  measurements,  therefore, 
suggest  that  advecticn  dominates  diffusion  in  establishing  the  water  vapor 
vertical  distribution.  To  illustrate  this  more  clearly,  in  Figure  4  we  plot 
the  monthly  average  Penn  State  mixing  ratios  at  80  to,  along  with  a  model 
calculation  of  the  mean  vertical  velocity  field  at  80  to  and  40°  N  computed  by 
Schoeberl  and  Chandra  (private  communication,  1987) .  The  mixing  ratio  error 
bars  represent  the  statistical  variation  (la-level)  of  the  Individual 
retrievals  from  which  these  grand  monthly  averages  were  formed  (no  error  bars 
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are  shewn  for  the  months  of  November  through  January  because  during  these 
months  data  were  obtained  only  in  1985) .  The  vertical  velocity  field  was 
confuted  fran  the  net  diabatic  heating  using  the  model  atmosphere 
tenperature/pressure  profiles  of  Barnett  and  Comey  (1985) ,  and  the  reference 
ozone  profiles  of  Keating  and  Yeung  (1985) .  There  appears  to  be  an  excellent 
correlation  between  the  water  vapor  mixing  ratios  and  model  vertical  velocity 
variation.  The  lowest  mixing  ratios  occur  during  the  time  of  maximum  negative 
vertical  velocity  which  acts  to  suppress  the  upward  diffusive  transport  of 
water  vapor.  As  the  vertical  velocity  increases  so  also  does  the  water  vapor 
mixing  ratio,  reaching  high  values  at  the  time  of  maximum  positive  vertical 
velocity.  Clancy  et  al.  (1984)  performed  an  analysis  of  the  seasonal 
variation  of  mesospheric  00,  using  measurements  also  obtained  by  ground-based 
microwave  techniques.  They  also  find  predominantly  an  annual  variation,  again 
suggesting  advective  control.  However,  for  CO  this  result  is  expected 
theoretically,  even  for  large  eddy  diffusion  models,  in  view  of  the  large  00 
scale  height  in  the  mesosphere  relative  to  that  of  water  vapor  (Solancn  et 
al.,  1985). 

Figures  3  and  4  indicate  that  there  is  also  a  smaller  semiannual 
component  suggested  by  the  data,  especially  in  the  JPL  measurements  where  the 
deep  mid-winter  mixing  ratio  minimum  is  not  observed.  In  April,  the  average 
Penn  State  measurements  also  exhibit  a  pause  in  the  80  km  general  winter  to 
summer  mixing  ratio  increase,  perhaps  suggestive  of  a  semiannual  carpanent. 
This  may  be  the  mid-latitude  semiannual  advective  variation  discussed  in 
Holton  and  Schoeberl  (1988) ,  or  it  may  be  the  signature  of  the  spring  K__ 
minimum  modeled  by  Garcia  and  Solomon  (1985) .  However,  the  semiannual 
component  in  the  data  is  significantly  suppressed  when  compared  to  the  annual 
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caapcnant.  Furthermore,  the  clear  signature  of  a  diffusive  atmosphere  is  a 
decrease  in  the  mixing  ratios  from  winter  to  spring;  this  is  not  observed  in 
any  of  the  measurements. 


We  can  use  simple  scaling  arguments  to  derive  an  upper  limit  for  Kzz  based 
an  the  observed  seasonal  variation  of  water  vapor.  First,  fran  the 
predaninant  annual  variation  ws  Jmcw  that  (King  (1) ,  w  otteJn  the 

result 

K22sHiW.  (2) 

Fran  the  measurements,  the  water  vapor  scale  height  (H^)  is  approximately  4.0 
km,  and  fran  the  model  results  of  Garcia  and  Solancn  (1985) ,  the  amplitude  of 
w  at  mid-latitudes  is  not  more  than  0.4  cm  s”1,  whereas  Schoeterl  and  Chandra 
(private  ccsnmunicatian,  1987;  Figure  4)  calculate  w  =  0.25  cm  s"1.  This  range 
of  estimates  lead  to  the  result; 

K  s  (1-1.6)  x  105  anV1, 

zz 

which  is  consistent  with  the  K  upper  limit  inferred  fran  the  vertical 

gradient  of  the  measured  water  vapor  profiles  in  Strcbel  et  al.  (1987) .  As 

pointed  out  in  Strcbel  et  al.  (1987) ,  calculating  Kzz  using  the  Lindzen  (1981) 

parameterization  (and  assuming  that  the  eddy  Prandtl  number  =»  1)  leads  to 

6  2  -1 

values  of  K__  of  approximately  (1-2)  x  10  an  s  .  Thus,  we  find  that  the 
zz 

measured  water  vapor  vertical  gradient  and  the  seasonal  variation  are 
consistent  in  indicating  that  diffusive  vertical,  transport  time-scales  in  the 
mesosphere  are  much  longer  than  that  implied  by  the  Lindzen  parameterization . 


13 


It  is  important  to  point  out  that  the  Garcia  and  Solancn  (1985)  model 
results  indicate  that  the  diffusive  semiannual  cccpanent  in  the  water  vapor 
profile  i^  present  only  above  about  75  tan,  and  becomes  quite  prominent  at  and 
above  80  tan.  As  discussed  in  Eevilacqua  and  Olivero  (1988) ,  the  vertical 
resolution  (and  thus  measurement  sensitivity)  of  the  microwave  technique 
begins  to  degrade  with  increasing  altitude  fairly  rapidly  above  75  tan  (above 
this  altitude  the  measurement  is  sensitive  to  the  water  vapor  column  abundance 
rather  than  the  details  of  its  distribution) .  Thus,  there  is  seme  question 
about  the  ability  of  the  microwave  technique  to  detect  this  semiannual 
canpanent.  As  discussed  in  Bevilacqua  et  al.  (1987) ,  in  order  to  explore  this 
point  we  produced  simulated  microwave  spectra  using  the  Garcia  and  Solcmcn 
(1985)  model  water  vapor  profiles  for  mid-January,  April  and  June,  added 
randan  noise  to  the  spectra  to  simulate  measurement  error,  and  inverted  the 
resultant  spectra  to  infer  the  water  vapor  profile  using  the  same  techniques 
as  utilized  in  the  real  data  analysis  (of.  Bevilacqua  and  Olivero,  1988) .  As 
mentioned  above,  the  model  profiles  show  a  decrease  in  the  water  vapor  mixing 
ratio  from  January  to  April  at  80  tan  and  40°  N  of  about  33%.  The  simulated 
retrievals  of  the  model  profile  synthetic  spectra,  with  very  high  spectral 
signal-to  noise  ratios  (typical  of  good  monthly  average  spectra) ,  shew  a 
decrease  at  80  tan  from  January  to  April  of  about  7%.  For  moderate  signal-to- 
noise  ratios  (typical  of  daily  average  spectra) ,  the  decrease  over  this  period 
is  only  about  1%.  Bius,  the  retrieval  degradation  of  vertical  resolution  in 
the  upper  mesosphere  does  produce  a  very  significant  dampening  of  the  January 
to  April  mixing  decrease  above  75  tan  present  in  the  Garcia  and  Solanon  model. 
However,  the  Pem  State  and  Haystack  data  retrievals  consistently  shew  a  water 
vapor  mixing  ratio  increase  from  January  to  April  at  80  km  of  about.  70%.  The 
simulations  indicate  that,  even  for  lew  spectral  signai-to-noise  ratios,  an 
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increase  in  the  retrieval  mixing  ratio  of  this  magnitude  would  not  be  obtained 
if  the  strong,  diffusive  semiannual  croponent  were  present.  This  appears  to 
be  true  even  fear  the  JPL  retrievals  where  the  January  to  April  increase  at  80 
Ton  is  only  about  11%.  Furthermore,  synthetic  microwave  spectra  produced  with 
the  Garcia  and  Solaron  (1985)  water  vapor  profiles  indicate  a  decrease  in  the 
amplitude  of  the  spectral  line  near  line  center  of  about  8%  from  January  to 
April,  while  the  1985  monthly  average  Penn  State  measured  spectra  show  an 
increase  of  about  8%  over  the  same  period.  Considering  typical  values  of 
randan  error  in  the  monthly  average  spectra,  both  the  line  amplitude  decrease 
in  the  Garcia  and  Solomon  case,  and  the  increase  in  the  Penn  State  case  are  at 
about  the  4 -a  level.  Therefore,  the  semiannual  water  vapor  variation 
predicted  in  the  Garcia  and  Solomon  model  yields  water  vapor  spectra 
significantly  different  from  the  Penn  State  retrievals  during  the  period 
January  to  April.  Thus,  while  there  is  evidence  for  the  existence  of  a 
semiannual  component  in  the  water  vapor  measurements,  these  measurements  do 
not  support  the  large  semiannual  component  indicated  in  the  model 
calculations.  This  semiannual  component  is  either  much  more  suppressed 
relative  to  the  annual  variation,  or  is  occurring  at  a  higher  altitude  (above 
80  km) . 

In  addition  to  a  discrepancy  in  the  water  vapor  seasonal  variation,  the 
microwave  water  vapor  mixing  ratios  also  have  smaller  absolute  abundances, 
especially  in  winter  and  sunmer,  than  the  Garcia  and  Solomon  (1985)  model 
calculations  (cf .  Bevilacqua  et  al.,  1987).  For  the  Penn  State  and  Haystack 
observations,  where  we  obtained  very  low  mixing  ratios  in  winter,  the  model 
results  are  about  a  factor  of  3  higher  than  the  observations  in  winter  and  a 
factor  of  1.4  higher  in  summer.  At  JPL,  the  model  results  are  about  a  factor 
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of  1.5  higher  in  both  summer  and  winter.  Garcia  (1989)  has  recently  performed 
a  series  of  calculations  with  the  Garcia  and  Soloron  model  in  which  the  effect 
of  an  eddy  Prandtl  number  >  1  was  explored  (this  has  the  effect  of  decreasing 
the  value  of  K  for  constituent  transport) .  The  results  shew  that  with  an 

44 

eddy  Prandtl  number  of  ~  10  it  is  possible  to  bring  the  modeled  and  Treasured 
water  vapor  mixing  ratios  into  approximate  agreement  in  winter.  However,  in 
summer  the  model  water  vapor  abundance  is  mainly  advectively  controlled,  and 
the  magnitude  of  the  water  vapor  mixing  ratio  is,  thus,  insensitive  to  the 
value  of  the  Prandtl  number.  Therefore,  a  decrease  in  the  strength  of  the 
meridional  circulation  (which  drives  the  vertical  velocity  field)  is  required 
in  order  to  decrease  the  magnitude  of  the  ccnputed  water  vapor  mixing  ratios 
in  summer.  In  the  East  Coast  Haystack  and  Penn  State  observations,  the 
model/measurement  discrepancy  does  maximize  in  winter.  However,  the  summer 
discrepancy  exhibited  in  all  the  measurements  is  of  about  the  same  magnitude 
as  the  absolute  error  level  (=  50%  at  80  km)  and,  therefore,  may  also  be 
significant.  Thus,  the  water  vapor  measurements  may  imply  that  the  eddy 
Prandtl  number  is  significantly  greater  than  1  and  that  the  meridional 
circulation  is  weaker  than  that  obtained  in  the  Garcia  and  Solomon  (1985) 
model,  which  implies  that  eddy  stresses  on  the  zonal  wind  arcs  less  than  the 
I.-.lndzen  parameterization  yields.  It  remains  to  be  seen  whether  it  is  possible 
to  find  a  examination  of  model  parameters  which  matches  the  water  vapor 
observations,  while  satisfying  the  other  important  2-D  model  constraints  such 
as  the  very  cold  suntaer  polar  mesepause  and  realistic  mesospheric  zonal  wind 
speeds. 
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3.  Ogiparlson  With  Ozone  Measurements  and  Model  Calculations 


The  abundance  of  ozone  in  the  upper  mesosphere  is  expected  to  be 
critically  dependent  on  the  water  vapor  abundance  because  water  vapor  is  the 
dominant  source  of  odd  hydrogen,  which  controls  ozone  less  at  these  altitudes 
(Allen  et  al. ,  1984) .  Thus,  it  is  instructive  to  compare  the  observed 
seasonal  variation  of  water  vapor  with  similar  measurements  of  mesospheric 
ozone.  In  fact,  this  comparison  is  an  excellent  test  of  our  understanding  of 
ozone  photochemistry.  The  most  extensive  set  of  measurements  of  ozone  in  the 
upper  mesosphere  are  those  obtained  from  the  SME  satellite  experiment.  In 
particular,  the  infrared  photometer  experiment  on  board  SME  (Thcmas  et  al. , 
1984a)  has  provided  daily  measurement  of  ozone  in  the  1  to  0.001  mb  (roughly 
50  to  90  Jan)  range  fran  1982  through  1986.  In  Strobel  et  al.  (1987) ,  we 
compared  3-month  average  vertical  profiles  of  both  SME  ozone  and  grourd-based 
water  vapor  measurements.  This  analysis  shewed,  first  of  all,  that  vising  up- 
to-date  chemistry  and  previous  vertical  transport  rates  (and  thus  relatively 
high  upper  mesospheric  water  vapor  mixing  ratios) ,  SME  ozone  abundances  are 
more  than  a  factor  of  2  larger  than  the  model  calculations  in  the  upper 
mesosphere.  A  similar  conclusion  was  reached  in  Busch  and  Eckman  (1985)  and 
in  Clancy  et  al.  (1987) .  The  discrepancy  between  the  measured  and  modeled 
ozone  profiles  is  virtually  eliminated  (in  April  up  to  the  ozene  minimum  at  75 
Jam)  by  adoption  of  the  edd  hydrogen  reaction  rate  modifications  suggested  by 
Rusch  and  Eckman  (1985) ,  in  addition  to  the  much  lower  water  vapor  abundances 
measured  in  the  microwave  experiments  (Strobel  et  al.,  1987) . 
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One  of  the  most  important  discoveries  of  SME  was  the  detection  of  an 
apparent  semiannual  variation  in  the  ozone  abundance  near  the  mescpause  with  a 
large  maximum  in  spring,  smaller  maximum  in  the  fall,  and  relative  minima  in 
winter  and  summer  (Thanas  et  al . ,  1934b) .  in  order  to  illustrate  this 
seasonal  variation,  in  Figure  5  we  shew  monthly  (and  z anally)  averaged 
profiles  for  the  months  of  January,  April,  and  June  1983  at  40°  N,  obtained  by 
the  SHE  near  infrared  spectrometer  (Thomas  et  al. ,  1984a) .  The  seasonal 
variation  exhibited  here  was  repeatable  at  mid-latitudes  over  the  5-year 
lifetime  of  SME,  although  the  nagnitude  of  the  variation  was  smaller  in  the 
last  two  years  of  the  experiment.  Note  that  the  ozone  peak  in  April,  which  is 
clearly  illustrated  in  the  ozone  time  series  at  0.01  mb  plotted  in  Thomas  et 
al.  (1984b) ,  results  from  a  narrow  bulge  in  the  profile,  centered  at  about 
0.01  mb  with  a  full  width  of  *  7  km.  Below  the  April  bulge,  the  January 
abundances  are  higher  than  both  the  April  and  June  values,  whereas  above  the 
peak  the  June  abundances  are  highest.  Thus,  the  observed  ozone  mixing  ratios 
below  and  above  the  peak  have  an  essentially  annual  variability  in  contrast  to 
the  semiannual  variation  in  the  bulge  region.  At  higher  latitudes  the 
amplitude  of  the  bulge  is  increased  relative  to  mid-latitude  values.  At  low 
latitudes,  the  April  maximum  is  of  smaller  amplitude,  is  centered  at  a  higher 
altitude  0.005  mb) ,  and  is  cf  much  larger  vertical  extent  (~  14  km)  than 
the  mid-latitude  feature. 

It  has  been  postulated  (Thomas  et  al.,  1984b,  and  Garcia  and  Solomon, 
1985)  that  the  seasonal  ozone  variation  is  driven,  at  least  in  part,  by  a 
similar  variation  of  opposite  phase  in  water  vapor.  In  other  words,  what 
would  be  required  is  a  semiannual  variation  in  water  vapor  with  minima  at  the 
equinoxes  and  maxima  at  solstices.  This  is  precisely  the  type  of  variation 
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predicted  near  the  mescpause  in  a  diffusive  atmosphere.  In  fact,  the  Garcia 
and  Solaacn  (1985)  model  approximately  reproduces  the  observed  seasonal 
variation  of  ozone  in  the  upper  mesosphere.  The  model  equinoctal  minlmm  in 


K  produces  a  water  vapor  minimum  in  April  above  75  km  which,  in  turn, 
zz 

results  in  an  ozone  maximum  above  this  altitude.  However,  this  April  maximum 

is  of  very  narrow  vertical  extent  because  above  80  km  the  variation  in  the 

downward  transport  of  atomic  oxygen  from  the  thermosphere  begins  to  becane 

important  in  controlling  the  ozone  distribution  (cf.  Allen  et  al.,  1981) .  The 

low  model  Kzz  values  in  April  also  reduce  the  downward  flux  and,  thus, 

abundance  of  atonic  oxygen  in  this  region,  which  acts  to  decrease  ozone. 

Above  80  km  this  effect  becomes  more  important  than  the  water  vapor  variation 

and,  thus,  diminishes  and  finally  reverses  the  April  ozone  maximum.  In 

addition,  the  model  K  seasonal  variation  produces  a  semiannual  variation  in 

zz 

atomic  oxygen  at  100  km  with  maxima  at  equinox,  in  agreement  with  green  line 
intensity  measurements  (Cogger  et  al. ,  1981) .  However,  as  discussed  in 
Section  7,  the  model  water  vapor  results  are  not  consistent  with  the  microwave 
measurements.  Specifically,  the  dominant  semiannual  water  vapor  seasonal 
variation,  which  drives  the  ozena  variation,  is  not  observed  in  the 
measurements.  In  addition,  the  predicted  water  vapor  mixing  ratios  are  quite 
high  compared  to  the  measurements,  especially  in  winter. 

In  order  to  explore  the  question  of  internal  consistency  between  the 
water  vapor  end  ozone  measurements  in  more  detail,  we  performed  a  series  of 
ozone  season  vil  variation  calculations  using  the  Cal  Tech  ID  photochemical 
model  (Allen  et  al.,  1981,  and  1984).  The  model,  which  contains  complete 
hydrogen/oxygen  chemistry,  was  used  as  described  in  Strcbel  et  al.  (1987) .  It 
was  run  for  the  months  January,  April,  and  June  at  40%.  The  background 
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atmosphere  fear  each  monthly  run  was  taken  from  the  Air  Force  Model  Atmosphere 
(Cole  and  Kantor.  1978) ,  ard  we  used  diurnally  averaged  photodissociaticn 
rates  appropriate  for  the  mid-point  of  each  month.  The  model  does  not 
separately  handle  diffusive  and  advective  transport;  rather,  it  represents  all 
vertical  transport  as  diffusive.  The  vertical  transport  rates  for  each 
monthly  run  were  determined  based  on  the  measured  water  va^.or  profiles.  That 
is,  the  vertical  transport  was  varied  to  produce  model  water  vapor  profiles 
consistent,  in  both  absolute  magnitude  and  seasonal  variation  over  those  three 
months,  with  the  Penn  State  observations. 

The  resultant  water  vapor  profiles  for  the  three  model  runs  are  shown  in 
Figures  6a.  Note  that  we  did  not  endeavor  to  obtain  precise  fits  to  the  water 
vapor  measurements.  Father,  the  goal  was  to  reproduce  the  general  character 
and  important  features  of  the  seasonal  variation,  especially  in  the  critical 
60  to  80  km  region.  The  water  vapor  profiles  shew  a  more  or  less  mcnotonic 
increase  fran  winter  to  summer,  with  the  more  rapid  portion  of  the  increase 
occurring  fran  April  through  June.  The  corresponding  ozone  profiles  for  the 
three  model  runs  are  shewn  in  Figure  6b.  Up  to  about  80  km  we  see  the 
expected  inverse  dependence  of  ozone  on  water  vapor  and  decreasing  ozone 
abundance  fran  January  to  June.  Up  to  70  km  the  water  vapor  forcing  is 
augmented  by  the  zenith  angle  dependence  which  also  acts  to  decrease  ozone 
fran  winter  through  summer  (Allen  et  al. ,  1984) .  Above  80  km  atonic  oxygen 
becomes  important  in  controlling  the  ozone  abundance.  Atonic  cocygen  densities 
maximize  in  April  resulting  in  an  ozone  maximum  in  April  above  85  km.  Thus, 
the  model  constrained  by  the  measured  water  vapor  profiles  does  produce  a 
semiannual  variation  of  ozone  above  about  85  km.  However,  in  the  region  of 
the  ozone  minimum  around  78  km  the  water  vapor  forcing  is  most  important  and  a 
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simple  annual  variation  is  obtained,  at  variance  with  the  SME  measurements. 

Thus,  we  obtain  the  expected  result  that,  with  the  model  vertical 
transport  constrained  purely  by  the  water  vapor  measurements,  the  ozone 
semiannual  variation  is  not  produced;  factors  other  than  water  vapor  must  be 
generating  this  ozone  variation.  In  very  general  terms,  there  are  only  two 
major  candidates  for  this  mechanism:  local  photochemistry  (that  is  local 
traduction,  local  destruction,  or  change  in  the  <yo  partitioning) ,  or 
variations  in  the  vertical  and/or  horizontal  transport  of  atomic  oxygen  into 
the  78  km  region  where  it  can  drive  the  ozone  variation.  The  local  production 
is  exceedingly  temperature  dependent  and  varies  with  zenith  angle.  Both  of 
these  effects  act  to  increase  ozone  above  75  km  from  winter  to  summer  and 
produce  a  predominantly  annual  variation.  However,  our  model  calculations 
indicate  that  the  observed  water  vapor  seasonal  variation  in  the  upper 
mesosphere  is  of  sufficient  magnitude  to  dominate  the  local  temperature 
dependence  and  zenith  angle  effects  on  ozone  photochemistry.  We  have 
performed  one  other  set  of  model  calculations,  this  time  using  temperature 
measurements  derived  from  observations  of  limb  ultraviolet  radiances  obtained 
by  SME  (Clancy  and  Rusch,  1989) .  These  temperature  measurements  are 
significant  for  our  purposes  because  they  show  a  much  larger  semiannual 
component  near  the  mesopause  than  present  in  the  Air  Force  Model.  For 
example,  from  January  to  April  the  temperature  decrease  at  76  km  and  40°  N  is 
about  12  K  in  the  SME  data  while  it  is  about  halt  that  number  in  the  Air  Force 
Model.  There  is  a  small  but  significant  difference  in  the  predicted  ozone 
seasonal  variation  using  the  SME  temperatures.  Whereas  in  the  calculations 
shown  in  Figure  6b  the  ozone  abundances  are  about  20%  higher  in  January  than 
in  April  in  the  vicinity  of  the  ozone  minimum,  in  the  calculations  with  the 
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SME  temperatures  the  January  and  April  abundances  are  nearly  identical  in  this 
region.  Thus,  the  use  of  the  SME  tenperatures  produce  a  stronger  semiannual 
component  in  the  ozone  mixing  ratios  in  the  upper  mesosphere,  but  an  April 
maximum  is  still  not  obtained.  The  0^/0  partitioning  is  dominated  by  ozone 
photolysis  and  production  (0  +  02  +  M  -♦  03  +  M)  and  should  be  accurately 
treated  in  the  ID  model.  Ozone  loss  at  78  km  is  controlled  by  the  odd 
hydrogen  catalytic  cycle  (Allen  et  al. ,  1984) .  In  our  model,  the  HO 

A 

abundances  are  determined  by  the  local  water  vapor  abundance,  because  H0X  is 
in  approximate  photochemical  equilibrium  at  78  km.  Therefore,  the  water  vapor 
measurements  would  '  least  appear  to  rule  out  this  mechanism  for  forcing  the 
ozone  seasonal  variation. 

It  should  be  mentioned  here,  that  there  is  increasing  evidence  that  the 
simple  picture  of  ozone  photochemistry  in  the  upper  mesosphere  and  lcwer 
thermosphere,  described  above,  may  not  be  complete.  For  example,  Allen  et  al. 
(1984)  report  that  measured  ozone  abundances  in  the  upper  mesosphere  and 
lower  thermosphere  are  consistently  higher  than  model  results,  and  that  these 
observations  cannot  be  accounted  for  by  the  present  set  of  known  reactions. 
This  finding  has  prarpted  a  search  for  an  additional  chemical  source  of  ozone 
in  the  atmosphere  (cf .  Allen  (1986) ) .  In  earlier  work,  Olivero  (1974) 
explored  the  possibility  that  heterogeneous  chemistry  on  the  surface  of 
meteoric  material,  or  other  mesospheric  aerosols,  may  be  important  in 
controlling  ozone  photochemistry  near  the  mescpause.  In  light  of  recent 
findings  about  the  importance  of  heterogeneous  chemistry  in  the  formation  of 
the  Antarctic  "ozone  hole"  (cf.  Salawitch  et  al.,  1988),  perhaps  this 
possibility  should  be  examined  in  more  detail.  It  is  possible  that  this 
speculative  missing  component  in  ozone  photochemistry  could  be  important  in 
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controlling  the  ozone  seasonal  variation  near  the  mesopause. 

In  the  absence  of  soma  heretofore  unknown  ozone  photochemical  or 
dynamical  mechanism,  we  are  left  with  variations  of  the  transport  of  atomic 
oxygen  as  the  only  plausible  mechanism  for  the  semiannual  ozone  variation. 
Furthermore,  given  the  small  vertical  scale  of  this  variation,  it  is  unlikely 
to  be  the  result  of  horizontal  transport  variations.  However,  near  the 
mesopause,  variations  in  vertical  transport  rates  (and  thus  in  the  flux  of 
atomic  oxygen)  become  important  in  ozone  photochemistry  (cf.  Allen  et  al., 

1981) .  The  vertical  transport  of  atonic  oxygen  from  the  thermosphere  has  not 
been  properly  constrained  in  the  model  calculations  shown  in  Figure  6.  Hie 
water  vapor  measurements  constrain  the  model  vertical  transport  only  up  to  80 
km,  from  80  to  130  km  (model  upper  boundary)  the  model  K  profiles  were 
simply  extrapolated.  It  is  also  important  to  point  out  that  while  our 
measurements  (and  vertical  transport  rates  inferred  from  them)  suggest  that 
water  vapor  is  advectively  dominated,  they  clearly  do  not  preclude  diffusive 
control  of  atomic  oxygen.  As  indicated  i  (1)  and  discussed  extensively  in 
Holton  and  Schoeberl  (1S88) ,  the  relative  importance  of  advective  and 
diffusive  processes  in  controlling  vertical  transport  for  a  particular 
constituent  is  dependent  on  the  species  scale  height,  with  diffusion  being 
more  important  for  species  with  small  scale  heights.  The  scale  height  of 
atonic  oxygen  near  the  mesopause  is  extremely  small,  of  order  1  km,  compared 
with  4  km  for  water  vapor.  Thus,  it  is  possible  for  water  vapor  to  be 

advectively  controlled,  and  atomic  oxygen  diffusively  controlled.  For 

.  .  5  2—1 

example,  using  (1) ,  and  cur  upper  limit  for  K22  of  10  can  s  ,  to  calculate  rw 

5  5 

and  rD  for  atomic  oxygen,  we  find  values  of  2.5x10  s,  and  1.0x10  s 
respectively,  which  would  imply  diffusive  control  of  atonic  oxygen. 
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The  green  line  intensity  variation  (which  indicates  a  semiannual 
variation  of  atonic  oxygen  at  100  km  in  phase  with  the  ozone  variation  at  80 
km)  is  an  important  constraint  on  the  seasonal  variation  of  atonic  oxygen 
transport.  Thus,  the  problem  is  to  find  a  mechanism  which  produces  a 
semiannual  variation  in  ozone  at  78  km  and  in  atcmic  oxygen  at  100  km,  while 
at  the  same  time  retaining  the  annual  water  vapor  variation  up  to  80  km  with  a 
Tfwvi-mnm  in  June.  A  uniform  increase  in  vertical  transport  over  the  entire  80 
to  100  km  region  in  April  relative  to  January  and  June  would  increase  atonic 
oxygen  and,  thus,  ozone  abundances  near  78  km.  However’,  as  vertical  transport 
is  increased  the  atonic  oxygen  densities  should  be  enhanced  below  90  km  and 
HifflinifihPd  above  that  altitude  because  the  source  region  is  being  depleted 
(Garcia  and  Solomon,  1985) .  Thus,  an  increase  in  transport  over  the  entire  80 
to  100  km  region  would  enhance  ozone  abundances  in  April  over  a  much  larger 
vertical  extent  than  indicated  by  the  SME  measurements  11  km  as  compared  to 
=  6  km),  and  cause  the  green  line  intensity  maximum  in  April  to  disappear. 
However,  a  narrow  layer  of  rapid  vertical  transport  (about  an  order  of 
magnitude  over  the  value  belcw  80  km,  with  a  full  width  at  half  maximum  of  =  5 
km)  in  April  centered  at  about  85  or  90  km,  with  slower  transport  both  above 
(to  produce  the  100  km  atonic  oxygen  maximum)  and  below  (to  agree  with  the 
water  vapor  measurements)  this  altitude,  would  satisfy  the  measurement 
constraints. 


This  narrow  layer  of  rapid  vertical  transport  coild  be  produced  by  high 
phase  speed  easterly  (c  =  -20  to  -  40  m  s-1)  gravity  waves  which  can 
vertically  propagate  through  the  westerly  zonal  winds  of  the  lower  and  middle 
atmosphere  at  equinox  and  would  break  in  the  vicinity  of  the  mescpause, 
generating  enhanced  eddy  diffusion  and  transport.  These  waves  could  also 
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propagate  through  the  mesosphere  in  the  winter,  but  during  winter  the 
mesosphere  is  more  isothermal  and  the  attainment  of  saturation  amplitudes,  and 
accompanying  diffusion,  may  be  more  difficult.  Furthermore,  in  winter  the 
turbulent  layer  would  have  a  negligible  effect  on  the  water  vapor  profile 
because  the  water  vapor  mixing  ratio  vertical  gradient  in  the  mesosphere  is 
sufficiently  steep  that  abundances  at  85  km  are  very  small.  In  the  summer, 
the  easterly  zonal  winds  in  the  middle  atmosphere  would  filter  cut  these 
gravity  waves  in  the  vicinity  of  critical  levels.  If  we  assume  that  these 
gravity  waves  saturate  in  the  mesopause  region  where  the  mean  westerly  zonal 
winds  (u)  are  weak  (u«|cj ) ,  then  during  winter  and  equinox  months  the  wave 
saturation  height  and  g  avity  wave  induced  diffusion  coefficient  should  be 
essentially  a  function  of  c  only  (Holton,  1982) .  Thus,  the  breakdown  of  these 
waves  could  cause  large  turbulence  in  spring,  over  a  narrow  layer,  despite  the 
weak  radiative  drive.  The  essential  requirement  for  enhanced  gravity  wave 
induced  diffusion  at  equinox  is  wave  saturation  in  the  vicinity  of  the 
mesopause  region,  where  it  would  be  sharply  bounded  on  the  topside  by  the 
presence  of  a  critical  level  where  the  wave  amplitude  and  stresses  would 
vanish.  Although  the  presence  of  these  large  phase  speed  easterly  gravity 
waves  (and  resultant  enhanced  turbulence  near  the  mesopause  at  equinox)  is 
physically  plausible,  there  is  no  direct  evidence  for  this  enhanced  turbulence 
from  MST  (Mesosphere-Stratosphere-Tropccphere)  radar  measurements.  However, 
because  of  its  narrow  vertical  extent,  the  layer  (if  it  were  present)  may  be 
difficult  to  detect. 
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4.  Summary  and  Conclusions 


We  have  reviewed  the  ccaiplete  data  set  of  mesospheric  water  vapor 

measurements  obtained  by  ground-based  microwave  techniques.  Hie  measurements 

indicate  that  the  seasonal  variation  of  water  vapor  in  the  mesosphere  is 

dominated  by  an  annual  component  with  low  values  in  winter  and  high  values  in 

summer.  This  suggests  that  the  seasonal  variation  of  water  vapor  in  the 

mesosphere  (below  80  km)  is  controlled  by  advective  rather  than  diffusive 

processes.  Hie  predominance  of  advective  over  diffusive  processes  is 

consistent  with  the  steep  vertical  gradient  persistently  observed  in  the 

mesospheric  water  vapor  profile,  which  suggests  weak:  eddy  diffusion.  Both  the 

seasonal  variation  and  the  absolute  magnitude  of  the  water  vapor  mixing  ratios 

obtained  in  the  microwave  measurements  have  been  corroborated  by  measurements 

obtained  in  the  Spacelab  GRILLE  and  MMDS  experiments  (Bevilacqua  et  al. , 

1989) .  In  addition,  the  measurements  are  also  consistent  with  several  recent 

mesospheric  dynamics  studies  which  conclude  that  the  Lindzen  parameterization 

is  an  overestimate  of  constituent  diffusive  vertical  transport  (cf .  Schoeberl 

(1988) ) ,  and  with  the  mesospheric  heat  budget  studies  of  Apruzese  et  al. 

(1984)  and  Strobel  et  al.  (1985) .  All  these  studies  suggest  that  K__  is  about 

an  order  of  magnitude  smaller  than  the  Lindzen  values,  in  agreement  with  those 

values  inferred  from  both  the  seasonal  variation  and  vertical  gradient  of  the 

5  2—1 

water  vapor  measurements  (K„_  ~  10  cm  s  ) .  However,  recent  calculations  by 

ZZ 

Garcia  (1989)  show  that  it  is  not  possible  to  completely  reconcile  the  water 
vapor  measurements  with  the  Garcia  and  Solomon  model  calculations  simply  by 
increasing  the  eddy  Prandtl  number  (which  has  the  effect  of  decreasing  the 
magnitude  of  Kzz) ,  because  the  measured  water  vapor  mixing  ratios  exhibit 


somewhat  lower  abundances  than  the  model  results  in  summer  as  well  as  winter. 
An  increase  in  the  eddy  Prandtl  number  to  =  10  brings  the  model  results  into 
approximate  agreement  with  the  winter  measurements,  but  has  little  effect  in 
summer  where  advection  is  very  important  in  controlling  the  water  vapor 
abundance. 

In  addition,  it  is  very  difficult  to  reconcile  the  predominantly  annual 
water  vapor  variation  obtained  fran  the  microwave  measurements  with  the  large 
semiannual  variation  of  ozone  at  78  km  observed  by  SME.  To  complicate  the 
picture  even  further,  Thomas  (Atonic  hydrogen  and  atonic  oxygen  density  in  the 
mescpause  region:  global  and  seasonal  variations  deduced  fran  SME  near- 
infrared  emissions,  submitted  to  the  Journal  of  Geophysical  Research,  1989) 
has  recently  inferred  both  atomic  hydrogen  and  oxygen  on  a  global  basis  in  the 
upper  mesosphere  and  lower  thermosphere  fran  SME  measurements  of  0,  (1A„)  and 
Meinel  band  emission.  The  atomic  hydrogen  measurements  at  0.01  mb  (~  80  km) 
shew  a  very  large  semiannual  variation  which  is  well  correlated  (and 
apparently  consistent)  with  the  SME  ozone  measurements.  On  the  other  hand, 
atomic  oxygen  at  the  same  altitude  shows  a  predominantly  annual  variation 
which  is  well  correlated  with  the  water  vapor  measurements,  but  is  not 
correlated  with  the  ozone  and  atomic  hydrogen  measurements.  According  to 
current  photochemical  theory,  at  80  km  atomic  hydrogen  is  in  approximate 
photochemical  equilibrium  and,  therefore,  controlled  by  the  local  water  vapor 
abundance.  Similarly,  atonic  oxygen  is  in  approximate  photochemical 
equilibrium  there,  and  its  abundance  (as  well  as  that  of  ozone)  should  be 
controlled  by  the  local  odd  hydrogen  abundance  through  the  odd  hydrogen 
catalytic  cycle.  However,  this  is  not  observed.  For  both  odd  hydrogen  and 
odd  oxygen,  the  photochemical  time-scales  increase  very  rapidly  with  altitude 
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in  the  upper  mesosphere  and  lower  thermosphere.  Both  families  are 
predominantly  chemically  controlled  at  80  km,  but  transport  controlled  at  90 
km  (cf.  Allen  et  al. ,  1984) .  Thus,  the  upper  mesosphere  is  a  complicated 
transition  region  from  photochemical  to  dynamical  control.  It  remains  a 
challenge  to  the  middle  atmospheric  ccanmunity  to  reconcile  all  these  diverse 
observations  and,  thereby,  develop  a  consistent  picture  of  the  complex 
interaction  of  dynamics  and  photochemistry  which  produces  the  observed 
distribution  of  chemical  tracers  in  the  mesosphere. 
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Figure  Captions 

Figure  1:  Average  mesospheric  water  vapor  profiles  obtained  by  microwave 

techniques  at  Penn  State  over  the  period  February  through  June  in  1985,  1986, 

and  1987,  plotted  with  model  profiles  from  Strdbel  et  al.  (1987) .  Model  A  was 

obtained  with  high  K  values  typical  of  those  used  in  many  photochemical 
6  2  — 1 

models  (K  =  10  cm  s  ) .  In  the  Model  C  profile  the  K„_  profile  was 
zz  zz 

adjusted  to  fit  the  water  vapor  measurements  obtained  at  JFL  in  the  spring  of 

1984  (K  =  io5  cm2s_1) . 
zz 

Figure  2:  Heuristic  representation  of  the  influence  of  diffusive  and 
advective  vertical  transport  processes  in  producing  the  seasonal  variation  of 
transport  dominated  constituents  in  a  single  hemisphere  of  the  middle 
atmosphere. 


Figure  3:  Water  vapor  mixing  ratios  at  80  km  measured  at  Penn  State,  JPL, 
and  the  Haystack  Observatory,  plotted  as  a  function  of  calendar  month,  me 
Penn  State  observations  represent  monthly  averages  obtained  over  three 
successive  years  of  observations,  each  JPL  measurement  point  represents  a 
single  monthly  average,  and  the  Haystack  measurements  points  are  averages  over 
4  to  9-day  observing  periods,  me  error  bar  represents  the  average  value  of 
the  total  absolute  error  in  the  retrievals  (1-v  level) . 

Figure  4:  Monthly  average  mixing  ratios  at  Penn  State  plotted  along  with 
a  model  calculation  of  the  vertical  velocity  at  40°  N  and  80  km  obtained 
fran  Schoeberl  and  Chandra  (private  ccmmunicaticai,  1987) .  me  water  vapor 
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error  bars  represent  the  statistical  variation  (la-level)  of  the  individual 
monthly  averages  frcsn  which  these  grand  monthly  averages  were  formed  (no  error 
bars  are  shown  for  November  through  January  because  measurements  were  obtained 
there  only  in  1984-85) . 

Figure  5:  Monthly  average  ozone  mixing  ratio  profiles  obtained  by  SME  in 
January,  April  and  June  1983  (Thcsnas  et  al.,  1984a). 

Figure  6a:  Monthly  average  photochemical  model  water  vapor  mixing  ratio 
profiles  obtained  with  the  model  vertical  transport  constrained  such  that  the 
water  vapor  profiles  fit  the  Penn  State  water  vapor  measurements. 

Figure  6b:  Monthly  average  ozone  profiles  obtained  in  the  model  runs 
illustrated  in  Figure  6a. 
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ABSTRACT 


A  one-dimensional  photochemical  model  and  a  time  dependent  heat  equation  are  used 
to  study  the  response  of  mesospheric  ozone  concentration  to  short  term  solar  UV  flux  vari¬ 
ations.  We  compare  our  model  results  with  the  observed  ozone  response  obtained  from  a 
statistical  analysis  of  Solar  Mesosphere  Explorer  data  (Keating  et  al.,  1387).  Our  model 
with  sinusoidal  forcing  of  mesospheric  chemistry  by  solar  ultraviolet  flux  with  a  period 
of  27  days,  when  combined  with  temperature-chemistry  feedback  and  time  dependent  at¬ 
mospheric  temperature  effects  reproduces  the  major  characteristics  of  the  observed  ozone 
response.  Below  60  km,  the  calculated  response  shows  a  strong  dependence  on  the  magni¬ 
tude  of  the  assumed  flux  modulation  in  the  Hartley  region  of  the  spectrum.  A  comparison 
of  the  model  O3  response  (with  temperature  feedback  included)  with  the  SME  observa¬ 
tions  suggests  there  is  negligible  27  day  variation  of  solar  flux  longward  of  2400  A,  in 
agreement  with  Lean  (1987).  We  And  that  the  magnitude  of  the  computed  ozone  response 
to  increased  solar  UV  flux  in  the  upper  mesosphere  (above  70  km)  is  strongly  coupled 
to  the  water  vapor  abundance  through  the  HOz  catalytic  cycle  that  removes  ozone,  thus 
the  response  of  the  abundances  of  water  vapor  and  HOx  species  must  be  calculated  self- 
consistently  to  accurately  model  the  ozone  response.  We  predict  a  seasonal  dependence  of 
the  ozone  response  to  solar  UV  flux  variations  as  a  consequence  of  the  seasonal  variation 
of  upper  mesospheric  water  vapor  abundances. 
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I.  INTRODUCTION 


It  is  well  known  that  the  solar  ultraviolet  flux  varies  in  magnitude  over  the  11  year 
solar  cycle  and  also  on  time  scales  characteristic  of  the  evolution  and  rotation  of  solar  active 
regions  (see  review  by  Lean,  1987,  and  references  therein).  Short-term  irradiance  variations 
arise  primarily  from  the  enhanced  ultraviolet  emissions  in  plage  regions  on  the  solar  disc. 
The  enhanced  flux  in  Ly  a  ,  for  example,  can  be  as  much  as  40  %  higher  when  an  especially 
active  plage  region  occurs  than  when  the  sun  is  inactive  or  “quiet” .  This  variation  of  solar 
ultraviolet  irradiances  over  time  scales  of  days  to  months  has  been  observed  over  the  two 
most  recent  solar  cycles  by  the  AE-C,  AE-E,  Nimbus  7,  SME,  and  other  satellites  (Lean, 
1987)  and  peturbs  the  ozone  abundance  in  the  stratosphere  and  mesosphere,  due  to  a 
combination  of  effects  resulting  from  changes  in  Oi  and  O3  photodissociation  rates  and 
changes  in  atmospheric  temperature  which  affects  temperature  dependent  reaction  rates 
(Frederick,  1977;  Allen  et  al.,  1984;  Eckman,  1986a, b). 

While  the  response  of  stratospheric  ozone  (and  in  some  cases  temperature)  to  solar 
UV  flux  variability  associated  with  rotation  of  active  regions  in  the  solar  photosphere  has 
been  measured  in  several  observational  studies  (Gille  et  al.,  1984;  Chamdra,  1986;  Hood, 
1986),  attempts  to  observationally  detect  the  mesospheric  response  of  ozone  have  until 
recently  given  ambiguous  results  (Aikin,  1985).  Mesospheric  ozone  is  currently  believed 
to  respond  to  solar  UV  irradiance  variations  in  the  wavelength  range  1200  A  <  A  <  3000 
A  with  a  phase  lag  of  less  than  a  day  (Brasseur  et  al.,  1987).  Over  a  solar  rotation  period 
of  ~  27  days,  the  solax  UV  flux  variation  Icngwa-d  of  Ly  a  is  typically  <  10  %.  At  Ly  a  the 
amplitude  of  the  flux  variation  may  be  as  large  as  20  %.  The  photochemical  time  constant 
for  changes  in  ozone  concentration  in  the  mesosphere  is  short  (~  100  seconds  in  the  upper 
mesosphere)  and  thus  ozone  there  is  highly  variable.  Because  of  this  rapid  variability  and 
the  small  magnitude  of  the  fractional  variation  of  solan  UV  flux,  the  fractional  change  in 
ozone  concentration  in  the  mesosphere  is  difficult  to  detect;  to  unambiguously  detect  the 
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response,  one  must  examine  large  amounts  of  data. 

Two  statistical  studies  of  the  correlation  of  Solar  Mesosphere  Explorer  (SME)  air- 
glow  observations  of  mesospheric  ozone  with  solar  UV  fluxes  have  reported  a  statistically 
significant  mesospheric  ozone  response  to  solar  UV  variations  with  a  27  day  period  and 
presumably  associated  with  solar  rotation  (Aikin  and  Smith,  1986;  Keating  et  ah,  1987). 
Using  a  SME  data  set  of  244  days,  Aikin  and  Smith  (1986)  established  a  positive  correla¬ 
tion  between  ozone  and  solar  UV  flux  with  a  primary  period  of  27.1  days  for  the  middle 
atmosphere.  In  the  altitude  region  between  65  and  70  km  and  near  50  km,  a  secondary 
period  of  13.5  days  was  apparent.  Keating  et  al.  (1987),  using  a  larger  SME  data  set  of 
622  days,  detected  an  ozone  response  to  solar  UV  variations  throughout  the  0.5  to  0.05 
mbar  (approximately  55  to  85  km  altitude)  region  of  the  mesosphere.  Both  studies  used 
the  magnitude  of  the  solar  Ly  a  flux  as  an  indicator  of  solar  UV  variability. 

In  the  statistical  study  performed  by  Keating  et  ah  (1987),  ozone  concentration,  solar 
flux,  and  atmospheric  temperature  were  analyzed  in  terms  of  “ratios”  of  averages  of  these 
observables,  i.e., 


R(X)  =  (X-X)/X  (1) 

where  X  is  a  5  day  running  mean  of  a  particular  observable  (e.g.,  O3  density  or  solar 
Ly  a  flux),  and  X  is  a  27  day  running  mean  of  X.  This  function  represents  a  statistical 
filter  that  enhances  variations  that  occur  near  the  27  day  period  and  suppresses  shorter 
and  longer  term  variations.  The  ozone  response  as  defined  by  Keating  et  ah  (1987) 
is  R(03)/R(Fiya).  The  statistically  inferred  mesospheric  ozone  response,  as  shown  in 
Figure  13  of  the  Keating  et  ah  (1987)  paper,  clearly  shows  structure  in  the  60  to  85  km 
altitude  region.  The  response  is  positive  below  63  km  and  above  78  km  and  negative  in 
the  intermediate  altitude  region. 

Previous  theoretical  work  by  Frederick  (1977)  and  Garcia  et  ah  (1984)  predicted  a 
negative  ozone  response  to  an  increase  in  UV  solar  flux,  peaking  near  70  km.  In  Garcia  et 
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al.  (1984),  who  investigated  the  response  to  the  11  year  solar  cycle  variation,  the  region  of 
negative  ozone  response  was  limited  to  the  70  km  region,  with  a  strong  positive  response  at 
higher  altitudes  peaking  at  80  km.  In  Frederick  (1977),  however,  the  response  was  negative 
throughout  the  mesosphere.  The  key  difference  between  the  two  studies  is  that  Frederick 
(1977)  had  a  fixed  water  vapor  profile,  while  Garcia  et  al.  (1984)  allowed  the  water  vapor 
profile  in  their  model  to  respond  to  the  solar  flux  changes.  Although  the  Garcia  et  al. 
(1984)  results  are  in  better  agreement  with  the  Keating  et  al.  (1987)  analysis,  they  do 
substantially  overpredict  the  magnitude  of  the  observed  ozone  response  maximum  near  80 
km. 

In  both  the  Frederick  (1977)  and  Garcia  et  al.  (1984)  studies  the  response  was  calcu¬ 
lated  for  effective  times  much  longer  than  the  27  day  flux  variation,  essentially  the  asymp¬ 
totic  response.  Thus  an  adjustment  of  the  atmosphere  which  may  occur  as  a  response 
to  the  enhanced  flux,  and  which  has  a  characteristic  process  timescale  comparable  to  27 
days,  would  not  be  fully  evident  in  these  calculations,  e.g.,  tracer  transport  by  diffusive 
processes  with  a  timescale  of  order  2  weeks  in  the  middle  mesosphere. 

In  their  study  of  mesospheric  and  lower  thermospheric  ozone,  Allen  et  al.  (1984)  per¬ 
formed  a  systematic  investigation  of  the  sensitivity  of  O3  to  changes  in  various  atmospheric 
parameters,  including  solar  illumination  conditions  and  changes  in  spectral  output  of  the 
sun  (see  Table  3  in  Allen  et  al.,  1984).  Their  steady  state  results  incorporated  the  response 
of  the  abundances  of  transportable  constituents,  specifically  water  vapor,  to  changes  in  so¬ 
lar  irradiance.  For  variability  in  solar  illumination  for  both  changes  in  season  and  over 
a  11-year  solar  cycle,  Allen  et  al.  (1984)  found  a  positive  correlation  between  solar  flux 
and  ozone  above  80  km.  At  80  km  thier  calculated  change  in  ozone  abundance  was  10  % 
and  larger  at  higher  altitudes.  Below  this  altitude  their  calculated  response  was  less  than 
1  %.  This  result  above  the  80  km  altitude  level  is  at  variance  with  Frederick  (1977),  but 
is  consistent  with  Gaurcia  et  al.  (1984),  and  illustrates  the  necessity  of  incorporating  the 
response  of  transportable  constituents  to  variability  in  solar  illumination  in  model  studies 
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of  the  ozone  response. 

Eckman  (1985;  1986a, b)  modeled  the  time-dependent  ozone  response  primarily  in  the 
region  below  70  km,  and  obtained  results  in  partial  agreement  with  SME  measurements 
of  the  ozone  response.  This  theoretical  study  explicitly  included  time  dependence  of  pho¬ 
tochemical  processes  in  the  model  of  ozone  response  to  solar  flux  variations.  However,  the 
distributions  of  RjO  and  Hi  were  specified  rather  than  calculated  in  this  model,  which  lim¬ 
its  the  applicability  of  the  Eckman  (1986a)  model  to  middle  and  upper  mesosphere  ozone 
responses  since  photodissociation  of  water  vapor  is  the  source  of  odd  hydrogen  species 
wnich  cataiytically  destroy  ozone. 

Brasseur  et  al.  (1987)  also  investigated  the  theoretical  response  of  ozone  to  solar 
flux  variations  with  a  one-dimensional  photochemical-  radiative  time-dependent  model  of 
the  upper  stratosphere  and  lower  mesosphere  and  found  substantial  agreement  between 
model  results  and  the  data  analysis  of  Keating  (1987).  The  Brasseur  et  al.  (1987)  model 
also  included  a  specified  constant  water  vapor  mixing  ratio  with  altitude  and  no  variation 
of  water  vapor  abundance  with  solar  irradiance.  Above  the  stratopause  the  water  vapor 
abundance  falls  sharply  due  to  photodissociaiion  from  solar  UV  radiation,  primarily  Ly  a  , 
and  a  realistic  model  of  the  ozone  response  in  this  region  of  the  atmosphere  must  include 
realistic  water  vapor  abundances. 

In  the  lower  mesosphere  (below  60  km)  and  upper  stratosphere  the  observations  of  the 
ozone  and  solar  UV  correlation  are  in  substantial  agreement  with  simple  photochemical 
models  (Hood,  1987;  Hood  and  Douglass,  1988).  Both  the  amplitude  and  phase  of  the 
response  in  this  region  of  the  atmosphere  can  be  accurately  described  when  the  observed 
temperature  response  is  incorporated  into  such  models  (Hood  and  Douglass,  1988). 

In  light  of  the  recent  detection  of  a  27  day  mesospheric  ozone  periodicity  (Keating  et 
al.,  1985,  1987),  we  performed  a  detailed  1-D  modeling  study  of  the  mesospheric  ozone 
response  to  solar  UV  flux  variations  to  remove  some  of  the  deficiencies  in  previous  studies 
and  to  specifically  examine  the  importance  of  solar  zenith  angle,  self  consistent  calculation 
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of  water  vapor  abundance  and  temperature  feedback  with  a  simple  radiative  model.  The 
goal  of  this  paper  is  to  determine  the  relative  importance  of  several  modeled  processes  in 
controlling  the  magnitude  and  phase  of  the  mesospheric  ozone  response. 

The  plan  of  this  paper  is  as  follows.  In  Section  II  we  describe  the  photochemical  model 
used  to  study  mesospheric  chemistry  and  the  response  of  chemistry  and  constituent  profiles 
to  solar  flux  variations.  We  discuss  the  assumptions  made  for  the  purpose  of  comparing 
model  results  with  the  Keating  et  al.  (1987)  ozone  response.  Section  III  contains  numerical 
results  for  the  theoretical  ozone  response.  At  the  end  on  section  III  we  show  the  results  of 
selected  time-dependent  calculations  to  illustrate  the  degree  to  which  a  relatively  simple 
model  of  the  mesosphere  such  as  used  here  is  able  to  capture  the  major  characteristics  of 
the  observed  response.  A  summary  of  the  major  conclusions  and  implications  of  this  stud) 
is  made  in  Section  IV. 


II.  THEORETICAL  MODEL 

The  one-dimensional  photochemical  model  developed  at  Caltech,  and  described  in 
detail  by  Allen  et  at.  (1981, 1984),  was  used  in  this  study.  It  incorporates  vertical  transport 
by  eddy  and  molecular  diffusion  and  updated  (JPL-87)  kinetic  rate  constants  (Strobel  et 
al.,  1987).  The  lower  boundary  of  the  model  was  selected  to  be  at  40  km  altitude  due  to 
our  neglect  of  ClOx  and  NOx  reactions  to  give  reliable  solutions  above  about  55  km.  The 
upper  boundary  was  chosen  to  be  130  km.  The  calculations  adopted  diurnal  averaging  of 
atmospheric  transmission  functions  in  the  UV  and  visible  regions  of  the  solar  spectrum. 
In  thi3  paper  photochemical  reactions  will  be  referred  to  with  the  same  numbering  scheme 
given  in  Allen  et  al.  (1981).  The  baseline  reference  model  (case  A)  is  in  all  essential 
respects  model  C  of  Strobel  et  al.  (1987).  The  time-dependent  temperature  ralculation 
part  of  the  model  is  described  in  section  111(b). 

The  background  atmosphere  was  adopted  from  the  AFGL  model  of  Cole  and  Kantor 
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(1978),  extended  to  120  km  using  the  data  of  Forbes  (1985).  As  mentioned  in  the  Intro¬ 
duction,  the  statistical  study  of  Keating  et  al.  (1987)  includes  almost  2  years  of  data  at 
many  latitudes  and  as  such  introduces  a  problem  in  the  choice  of  an  appropriate  back¬ 
ground  atmosphere  for  our  1-D  model  calculations.  An  examination  of  the  atmospheric 
data  base  showed  that  near  equinox,  the  vertical  profiles  of  temperature  and  total  density 
have  a  relatively  small  variation  over  a  wide  range  of  latitudes.  Also,  atmospheric  pres¬ 
sure  and  temperature  fields  near  equinox  are  generally  midrange  between  the  values  at 
solstices  for  midlatitude  regions.  Thus  we  chose  a  monthly  average  temperature  and  total 
density  profile  appropriate  for  March  and  33°  N  for  the  background  atmosphere  in  this 
paper,  although  in  some  future  study  background  atmospheric  variations  may  have  to  be 
considered.  This  particular  choice  of  latitude  will  be  discussed  below. 

The  ozone  response  curve  shown  in  Figure  13  of  Keating  et  al.  (1987)  incorporates  a 
large  amount  of  data,  covering  almost  2  years  in  time  and  ±  40  degrees  in  latitude.  Since 
it  would  clearly  be  prohibitive  to  make  enough  model  runs  to  even  partially  reproduce 
this  data  set,  some  simplifying  assumptions  are  necessary.  In  particular,  only  the  effects 
of  variations  in  the  magnitude  of  the  solar  flux  and  solar  zenith  angle  (x)  are  considered. 
The  1-D  model,  when  used  to  represent  diumally  averaged  conditions,  has  been  shown 
(Allen  et  al.,  1984)  to  give  results  which  are  appropriate  for  a  local  time  of  approximately 
3  p.m.,  the  time  of  SME  observations  (Thomas  et  al.,  1983).  We  ran  the  model  under 
solar  illumination  conditions  that  give  effective  average  solar  zenith  angles  (x)  at  3  p.m. 
of  45°,  55°,  65°,  and  75°.  In  Table  1  we  show  the  probability  of  the  occurence,  in  the 
Keating  et  al.  (1987)  data  set,  of  a  solar  zenith  angle  (x)  at  3  p.m.,  within  the  tabulated 
10°  bins.  More  than  98  %  of  the  expected  solar  zenith  angles  are  less  than  80  degrees. 
For  purposes  of  comparison  between  the  Keating  et  al.  (1987)  observed  ozone  response 
and  the  photochemical  model,  we  used  a  weighted  sum  of  model  runs  made  at  the  above 
selected  zenith  angles,  where  the  weights  are  obtained  from  Table  1.  We  have  found  that  in 
general,  the  weighted  sum  of  the  model  results  differs  little  from  a  single  run  at  a  55°  zenith 
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angle  at  3  p.m.  local  time.  At  equinox  this  zenith  angle  corresponds  to  solar  illumination 
conditions  at  latitude  33°  N. 

The  Solar  Mesosphere  Explorer  (SME)  instruments  measured  ozone  and  solar  flux  on 
a  daily  basis.  The  solar  irradiance  spectrometer  range  covers  our  region  of  interest  (1200  - 
3000  A)  in  the  solar  spectrum.  SME  solar  flux  measurements  for  the  time  period  January 
1982  through  December  1983  were  averaged  to  form  the  baseline  solar  flux  profile,  Fr.f  (A). 
This  is  the  same  time  period  covered  by  the  SME  ozone  data  analyzed  by  Keating  et  al. 
(1987).  We  ignore  the  solar  flux  variation  for  wavelengths  outside  of  the  above  wavelength 
range,  since  deposition  of  solar  radiation  for  wavelengths  below  1200  A  is  only  significant 
in  the  thermosphere  and  solar  flux  variations  over  a  solar  rotation  period  above  3000  A  are 
too  small  (less  than  1  %,  see  Lean,  1987)  to  be  important  . 

An  attempt  was  made  to  correlate  the  SME  solar  flux  at  Ly  a  with  all  other  wave¬ 
lengths  within  the  above  wavelength  range,  using  the  Keating  et  al.  (1987)  parameter  R 
as  a  variable.  This  provided  a  variation  curve  with  complex  structure.  The  correlation 
coefficients  of  the  regression  fits  become  poor  for  wavelengths  longer  them  about  2000  A. 
However,  the  essential  physic  associated  with  this  correlation  can  be  represented  by  a 
function  for  the  amplitude  of  the  solar  flux  variation  over  a  solar  rotation  with  monotonic 
dependence  on  wavelength 

From  a  statistical  study  of  the  solar  flux  variation  with  rotation  over  many  solar 
rotations  and  using  a  number  of  data  sets  including  SME,  Lean  (1987)  deduced  the  average 
solar  rotational  modulation  of  ultraviolet  irradiance  within  selected  wavelength  intervals. 
The  solar  rotational  modulation  is  simply  the  maximum  percentage  variation  in  irradiance 
during  a  solar  rotation.  The  observed  rotational  modulation  of  the  solar  irradiance  at 
selected  wavelengths  is 


<  1%  (3000 A) , 
2.5%  (2500 A), 
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6%  (2000A), 

16%  (1500A), 

40%  (1216  A), 

60%  (1026A,304A), 

200%  (284 A). 

Initially  we  assume  a  1  %  variation  at  3000  A,  which  should  represent  an  upper  limit  to 
average  solar  flux  modulation  in  that  spectral  region.  We  have  used  these  values  (reduced 
by  a  factor  of  2  to  give  an  amplitude  for  the  assumed  periodic  solar  flux  variation)  to  which 
we  have  fit  a  smooth  curve  that  represents  the  amplitude  of  the  periodic  solar  flux  changes 
in  our  model  calculations.  We  then  scaled  the  resulting  curve  by  the  average  fractional 
variation  of  solar  Ly  a  flux  as  observed  by  SME  during  the  1982-1984  time  period.  This 
gave  an  amplitude  for  solar  flux  variation  over  a  “typical”  solar  rotation  period  at  L  y  a  of 
approximately  10  %.  The  factor  by  which  the  solar  flux  is  multiplied  to  get  the  maximum 
during  a  solar  rotation  period  is  shown  as  the  dashed  line  in  Figure  1.  At  Ly  a  the  average 
solar  flux  over  this  time  period  was  3.23  x  1011  cm-2  s_1. 

Two  solar  flux  profiles  were  used  for  the  asymptotic  model  calculations  of  the  ozone 
response;  the  baseline  profile,  Fre/(A),  and  the  baseline  profile  multiplied  by  one  plus  the 
assumed  fractional  variation  given  in  Figure  1,  to  give  Fmoz(A).  The  fractional  variation 
of  solar  Ly  a  flu3c  is  defined  by 

A FLya  _  Fmas{Lya )  -  Fref{Lya) 

F Lya  Fref(Lya) 

We  define  the  ozone  response  to  be 

AQ3  _  [03)max  ~  [O3 \ref 

O3  [O3)  re/ 


(3) 


(2) 
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where  [O3]  represents  the  ozone  density.  As  will  be  shown  later,  if  one  scales  the  ozone 
response  by  the  assumed  fractional  solar  flux  variation  at  Ly  a  ,  the  result  is  relatively 
insensitive  to  both  the  absolute  magnitude  of  the  solar  fluxes  and  to  the  amplitude  of  the 
Ly  a.  variation  adopted  in  the  calculations.  In  what  follows  we  will  calculate  the  ozone 
response  in  this  manner,  and  for  comparison  with  the  observations  of  Keating  et  al.  (1987), 
we  present  this  response  normalized  by  the  fractional  variation  of  solar  flux  at  Ly  a  . 


HI.  MODEL  RESULTS 

We  begin  by  looking  at  the  steady  state  ozone  response  for  two  reasons.  First,  this 
study  is  aimed  at  determining  which  of  several  processes  are  most  responsible  for  char¬ 
acterizing  the  response  of  ozone  to  solar  flux  variations  in  the  mesosphere  and  sure  not 
primarily  interested  in  obtaining  a  detailed  “fit”  to  observations.  Rather,  we  are  exploring 
the  sensitivity  of  the  ozone  response  to  selected  parameters,  and  steady  state  calculations 
are  adequate  for  this  purpose.  Secondly,  the  steady  state  response  is  computationally 
about  two  orders  of  magnitude  faster  than  calculations  of  the  time  dependent  response. 

1.  Steady  State  Response  -  Sensitivity  Analysis 

In  order  to  calculate  the  steady  state  response,  ,ve  first  calculate  the  steady  state 
distribution  of  species  with  the  baseline  solar  flux  profile,  and  then  the  steady  sti.te  profile 
with  the  increased  solar  flux  profile.  We  define  the  asymptotic  ozone  response  to  be  the 
fractional  change  in  ozone  concentration  between  the  two  cases  (eq.  3).  In  Table  2  we 
list  the  model  cases  considered  and  the  key  assumptions  for  each.  The  reference  model, 
case  A,  incorporates  standard  JPL  stratosphere/mesosphere  chemistry  (JPL-1985),  and  an 
eddy  diffusion  coefficient  (if**),  shown  in  Figure  ,  which  was  found  to  provide  satisfactory 
agreement  between  the  model  H2O ,  shown  in  Figure  ,  vertical  mixing  ratio  profile  and 
recent  microwave  measurements  of  mesospheric  water  vapor,  i.e.,  model  C  of  Strobel  et  al. 
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(1937). 


(a)  Sensitivity  to  wavelength  dependent  UV  flux  variations. 

The  sensitivity  of  the  calculated  ozone  response  to  solar  flux  variations  in  individual 
wavelength  intervals  is  shown  in  Figure  2  for  model  A,  where  we  have  chosen  solar  illumi¬ 
nation  conditions  which  correspond  to  a  diurnal  average  solar  zenith  angle  at  55°,  and  the 
solar  UV  flux  is  increased  over  the  baseline  flux  by  a  factor  equal  to  the  ratio  plotted  in 
Figure  1  within  specific  wavelength  regions.  The  four  wavelength  regions  are  shown  at  the 
top  of  Figure  1  and  are  labeled  SRC  (1200  A  -  1750  A),  SRB  (1750  A  -  2000  A),  Herzberg 
(2000  A  -  2425  A),  and  Hartley  (2425  A  -  3000  A).  In  Figure  2  we  show  the  effect  of  varying 
the  flux  within  the  first  three  ranges  and  a  case  where  we  have  varied  the  flux  only  within 
the  Ly  a  line.  For  a  much  more  detailed  discussion  of  mesospheric  chemistry  and  of  the 
atmospheric  regions  that  are  most  sensitive  to  the  solar  IJV  flux  in  these  regions  of  the 
solar  spectrum,  the  reader  is  referred  to  the  works  by  Allen  et  al.  (1981;  1984),  Clancy  et 
al.  (1987),  and  the  standard  text  by  Brasseur  and  Solomon  (1984). 

It  is  clear  from  Figure  2  that  the  greatest  response  above  about  63  km  is  due  to  the 
Ly  a  flux  variation  (except  for  a  very  narrow  region  at  75  km).  In  the  region  between 
65  km  and  75  km  the  increased  Ly  a  solar  flux  enhances  the  photodissociation  of  water 
vapor  and  hence  increases  the  density  of  odd  hydrogen  (HOx).  This  effect  peaks  near  70 
km  where  unit  optical  depth  for  Ly  a  penetration  through  overlying  absorbing  molecular 
oxygen  occurs.  Above  75  km  there  is  insufficient  HOx  production  to  overcome  increased 
Ly  a  photodissociation  of  molecular  oxygen  (odd  hydrogen  still  plays  a  role  in  determining 
the  ozone  density  to  about  82  km).  Thus,  at  85  km  where  increased  net  production  of  odd 
oxygen  maximizes,  there  is  a  peak  in  the  ozone  response. 

Above  75  km  the  ozone  response  to  increased  solar  flux  is  complex,  with  Ly  a  ,  Schu¬ 
mann  Runge  continuum,  and  Schumann  Runge  band  regions  all  contributing  in  significant 
amounts,  through  enhanced  odd  oxygen  production.  Below  65  km  penetration  of  solar 
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photons  in  the  Schumann-Runge  bands  and  Herzberg  continuum  produces  a  net  positive 
ozone  response,  since  insignificant  water  vapor  photodissociation  occurs  that  low  in  the 
atmosphere.  The  effect  of  varying  the  solar  flux  in  the  Hartley  region  of  the  solar  spectrum 
by  the  assumed  ratio  function  produces  a  negligible  ozone  response.  It  should  be  noted 
that  the  magnitudes  of  the  ozone  response  profiles  maxima  and  minima  axe  similar  to  those 
shown  by  Garcia  et  al.  (1984),  both  in  location  and  degree. 

Figure  3(a)  and  3(b)  show  the  fractional  change  in  photodissociation  rate  coefficients 
and  rates,  respectively,  for  the  photodissociation  pathways  for  O2,  Oz,  and  H20.  Note 
that  although  the  fractional  changes  may  be  large  (~  10  %),  e.g.,  Ly  a  dissociation  of 

H20  ->  H2  +  0(lD ), 

the  reaction  may  be  of  minor  importance  in  the  photochemistry  over  an  extended  altitude 
range  (e.g.  H20  below  65  km).  Note  that  the  net  fractional  change  in  the  water  vapor 
photodissociation  rate  coefficient  is  positive  and  large  throughout  the  upper  mesosphere, 
and  also  that  the  water  vapor  abundance  profile,  shown  in  Figure  3(c),  has  decreased 
slightly  as  a  result  of  the  increased  solar  flux.  As  a  result,  the  net  rate  of  water  vapor 
photodissociation  has  decreased  above  about  81  km  altitude.  This  illustrates  the  necessity 
of  incorporating  the  response  of  the  water  vapor  abundance  profile  to  solar  flux  changes 
in  order  to  accurately  model  the  response  of  ozone  to  solar  flux  changes. 

(b)  Sensitivity  to  solar  illumination  conditions. 

The  calculated  ozone  response  is  a  function  of  solar  illumination  conditions  as  can  be 
seen  in  Figure  4,  where  we  have  normalized  the  calculated  ozone  response  by  the  fractional 
change  in  Ly  a  flux  for  purposes  of  comparison  with  the  data  analysis  of  ozone  response 
by  Keating  et  al.  (1987)  which  is  plotted  on  our  altitude  grid  (see  Keating  et  al.  (1987), 
figure  13).  The  Keating  et  al.  (1987)  response  is  shown  for  reference  only  in  the  following 
figures,  and  conclusions  regarding  a  comparison  between  model  results  and  this  observed 
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response  will  be  discussed  later.  The  negative  response  maximum  increases  in  altitude 
from  67  km  at  a  zenith  angle  of  45°  to  72  km  at  75°.  The  variations  in  the  altitude 
of  the  ozone  negative  response  maximum  with  increasing  latitude  are  also  in  agreement 
with  the  Garcia  et  al.  (1984)  results.  This  is  a  general  result  for  most  of  our  calculated 
asymptotic  responses  using  spring  water  vapor  concentration  profiles  (Bevilacqua  et  al., 
1983;  1988).  The  small  positive  response  below  60  km,  roughly  constant  with  altitude  is 
relatively  insensitive  to  the  solar  zenith  angle,  i.e.,  invariant  with  latitude. 

The  weighted  average  (cf.  Table  1)  response  for  model  A  is  shown  as  the  solid  line  in 
Figure  5(a).  Also  shown  in  Figure  5(a)  we  the  responses  for  different  baseline  Ly  a  flux 
levels,  from  2.0  to  4.0  xlO11  cm-2  s-1,  representing  the  variation  of  solar  photon  flux  in 
this  line  over  the  time  period  in  which  SME  measurements  were  considered.  The  response 
below  60  km  is  identical  in  all  cases,  within  model  determinations.  Between  60  and  70 
km,  a  factor  of  two  increase  in  the  flux  level  lowers  the  altitude  of  the  maximum  negative 
response  about  3  km  and  increases  its  magnitude  by  about  30  %.  Above  70  km,  the 
response  is  more  sensitive;  at  the  peak  in  the  positive  response,  the  variation  is  about  40 
%.  The  important  point  is  that  the  character  of  the  response  curve  is  insensitive  below  70 
km  to  the  magnitude  of  the  solar  UY  photon  flux. 

(c)  Sensitivity  to  baseline  Ly  a  flux  level  and  variation  amplitude. 

As  noted  in  the  Introduction,  the  amplitude  of  variation  of  solar  irradiance  depends 
on  the  “activity”  of  the  plage  regions  in  the  solar  atmosphere.  Thus  the  amplitude  of 
irradiance  variation  will  vary  from  one  solar  rotation  to  the  next.  Figure  5(b)  shows  the 
sensitivity  of  the  ozone  response  to  the  amplitude  of  the  solar  photon  flux  variation.  Based 
upon  the  study  of  Lean  (1987),  the  rotational  solar  flux  amplitude  variation  at  Ly  a  ranges 
between  5%  and  30  %.  Figure  5(b)  shows  that  over  this  range  of  amplitude  variation 
the  ozone  change  is  nearly  linear,  thus  there  is  negligible  change  in  the  calculated  ozone 
response  when  normalized  by  the  flux  in  Ly  a  .  This  supports  the  validity  of  our  method 
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for  performing  these  calculations  and  comparing  with  mesospheric  data.  Normalizing  to 
the  solar  flux  at  the  Ly  a  line  removes  the  almost  certain  variation  of  solar  flux  amplitude 
with  wavelength  from  one  solar  rotation  to  another.  Only  if  higher  signal  to  noise  data  of 
the  ozone  response  were  available  for  a  shorter  time  series  could  the  difference  between  a 
Ly  a  rotational  increase  of  5  %  and  one  of  30  %  be  delineated. 

(d)  Sensitivity  to  assumed  ozone  chemistry. 

The  ozone  density  in  the  mesosphere  is  a  strong  function  of  the  kinetic  reaction  rates 
for  the  HO*  catalytic  cycles  which  remove  ozone  (Allen  et  al.  1981, 1984),  and  various  pro¬ 
posals  involving  modifications  of  these  rates  and  other  key  rates  involving  net  odd  oxygen 
production  have  been  put  forward  as  attempts  to  explain  the  model/data  discrepancies  of 
ozone  in  the  mesosphere  and  lower  thermosphere  (Rusch  and  Eckman,  1985;  Strobel  et  al., 
1987;  Clancy  et  al.,  1987).  We  have  incorporated  the  Rusch  and  Eckman  (1985)  changes 
in  the  calculation  of  ozone  response  in  model  B.  As  seen  in  Figure  6,  these  changes  yield 
only  a  slight  decrease  in  the  magnitude  of  the  calculated  ozone  response,  with  a  maximum 
decrease  in  the  positive  ozone  response  at  83  km  of  less  than  20  %.  Similar  model  runs  were 
made  with  the  additional  changes  recommended  by  Clancy  et  al.  (1987,  in  their  models  A 
and  B).  These  model  runs  produced  almost  identical  results  as  those  shown  for  our  model 
B.  Thus  c  can  conclude  that  these  suggested  modifications  in  mesospheric  ozone  pho¬ 
tochemistry  may  be  sufficient  to  alleviate  model/data  discrepancies  in  ozone  abundances, 
but  do  not  affect  in  a  significant  way  the  prediction  of  the  ozone  response  to  solar  flux 
changes  expected  during  a  solar  rotation. 

(e)  Sensitivity  to  water  vapor  abundance. 

The  mixing  ratio  of  water  vapor  at  80  km  is  1.6  ppmv  for  model  A  and  is  consistent 
with  ground-based  microwave  measurements  of  water  vapor  which  represent  an  average  for 
the  time  period  April  through  June,  1984  at  JPL  (Bevilacqua  et  al.,  1985).  More  recent 
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microwave  measurements  of  mid-latitude  mesospheric  water  vapor  at  Penn  State,  which 
encompass  the  months  of  November  through  July,  show  substantial  seasonal  variation 
of  upper  mesosphere  water  vapor  (Bevilacqua  et  al.,  1988).  These  measurements  are  in 
agreement  with  the  1984  spring  water  vapor  abundances  at  80  km,  but  the  December  and 
June  values  are  1.0  ppmv  and  2.9  ppmv,  respectively,  at  this  altitude. 

In  model  C  we  have  increased  the  magnitude  of  the  background  vertical  mixing  to 
give  3  ppmv  of  water  vapor  at  80  km,  with  a  vertical  gradient  in  water  vapor  mixing 
ratio  from  60  to  80  km  that  is  similar  to  that  for  the  June  water  vapor  measurements 
(Bevilacqua  et  al.,  1987)  and  is  consistent  with  the  water  vapor  profile  used  in  the  model 
calculations  of  Allen  et  al.  (1981).  The  abundance  of  water  vapor  in  model  C  is  large 
enough  that  enhanced  Ly  a  flux  produces  a  sufficient  increase  in  reactive  HO*  up  to  80 
km  to  generate  a  net  catalytic  loss  of  ozone.  For  completeness,  a  model  run  was  done 
to  simulate  the  December  water  vapor  measurements  of  Bevilacqua  et  al.  (1987)  with  ~ 
1  ppmv  at  80  km.  Although  the  water  vapor  abundance  was  smaller  than  the  value  for 
model  A,  the  calculated  response  was  almost  identical,  which  indicates  that  there  is  an 
elective  threshold  value  of  the  water  vapor  abundance  above  which  there  is  the  onset  of 
negative  ozone  response  in  the  region  above  80  km.  This  threshold  is  approximately  1.5 
ppmv  at  80  km,  typical  of  spring  microwave  measurements  (Bevilacqua  et  al.  1987).  We 
therefore  infer  that  the  ozone  response  to  solar  UV  flux  variations  should  be  seasonally 
variable  through  the  seasonal  variation  of  water  vapor  abundances. 

(f)  Sensitivity  to  temperature-chemistry  feedback. 

Temperature  in  the  stratosphere  and  mesosphere  is  intimately  connected  to  the  ozone 
distribution.  Variability  in  ozone  concentration  and  local  atmospheric  temperature  are 
likewise  related  with  a  phase  lag  which  depends  on  altitude  (Brasseur  et  al.,  1987;  Keating 
et  al.,  1987;  Mohanakumar  1985,  Hood,  1986,  1987;  Hood  and  Douglass,  1988).  Although 
the  phase  lag  may  be  as  long  as  weeks  in  the  middle  stratosphere  the  phase  lag  in  the 
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upper  mesosphere  is  much  shorter  than  the  solar  rotational  period  (Brasseur  et  al.,  1987). 

The  inverse  temperature  dependence  of  ozone  has  been  observed  in  the  mesosphere 
and  upper  stratosphere  by  Aikin  and  Smith  (1986),  and  has  been  investigated  with  a  1-D 
radiative  and  photochemical  model  (not  including  transport)  by  Eckman  (1985).  For  the 
region  above  about  75  km  where  ozone  chemistry  is  relatively  simple  this  negative  feedback 
may  be  described  as  follows.  A  positive  ozone  response  will  lead  to  a  local  increase  in 
the  heating  rate,  since  ozone  and  molecular  oxygen  are  the  primary  absorbers  of  solar 
UV  energy  in  this  region  of  the  atmosphere  (Strobel,  1978).  Here  the  atmosphere  is  in 
approximate  radiative  equilibrium  on  a  globally  averaged  basis;  thus  an  increase  in  heating 
leads  to  an  increased  temperature,  with  a  time  lag  of  order  1  day  at  80  km  (Brasseur  et 
al.,  1987). 

To  first  order  an  increase  in  temperature  has  two  kinetic  effects.  Increased  temperature 
results  in  a  lower  kinetic  rate  coefficient  for  3-body  recombination  of  atomic  and  molecular 
oxygen,  i.e., 


C  +  Oi+M  -+03  +  M,  k54  =  5.0  x  10"35  e730/r  (1254) 

and  a  higher  rate  coefficient  for  the  2-body  reaction  of  atomic  hydrogen  and  ozone 

H  4  03  ->  OH  +  02,  k60  =  1.4  x  10" 10  t;~470/r  (£60) 

(see  Allen  et  al.,  1981,1984).  Both  of  these  effects  serve  to  moderate  the  effect  of  an 
increased  production  of  atomic  oxygen  by  photodissociation  of  O2,  thus  suppressing  ozone 
density  variations  due  to  solar  UV  flux  variations. 

Temperature  feedback  is  difficult  to  model,  accurately  in  the  mesosphere  because  of  the 
complexity  of  IR  radiative  transfer.  We  constructed  a  simple  model  for  temperature  where 
heating  is  due  to  absorption  of  solar  energy  by  O2  and  O3,  and  lost  by  cooling-to-space 
in  the  15  micron  bands  of  CO 2.  This  is  expected  to  be  adequate  below  the  mesopause. 
Energy  balance  is  given  by 
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Q2(02]  +  Q3(03)  =  C0(C02]<T96C/r  (4) 

where  [02]  and  Q2  represent  the  density  and  heating  rate  due  to  02,  (03]  and  Q3  repre¬ 
sent  the  same  for  03,  [C02]  is  the  density  of  C02)  C0  is  the  cooling  coefficient,  e-96°/r 
is  the  temperature  dependent  part  of  the  Planck  function  and  T  is  atmospheric  tempera¬ 
ture.  We  used  the  parameterization  of  Strobel  (1978)  to  calculate  the  heating  rates.  The 
model  atmosphere  in  our  calculations  is  assumed  to  be  in  thermal  equilibrium  between 
local  cooling  and  heating  at  the  specified  temperature  profile.  This  allows  us  to  calculate 
cooling  coefficients  which  are  a  function  of  altitude.  These  cooling  coefficients  are  assumed 
independent  of  small  amplitude  solar  flux  variations.  In  response  to  variations  in  the  olar 
UV  new  oxygen  and  ozone  densities  are  calculated,  then  new  heating  rates  and  a  new 
temperature  profile  are  calculated.  This  is  done  in  an  iterative  manner  until  convergence 
of  the  temperature  and  ozone  profiles  is  reached. 

The  ozone  response  is  moderated  by  the  temperature  feedback  as  shown  in  Figure  7(a) 
for  the  asymptotic  response  (case  D).  Shown  for  comparison  in  Figure  7(a)  is  the  result 
for  model  case  A.  We  show  the  results  for  model  D  both  with  and  without  an  increase  in 
the  photon  flux  in  the  Hartley  region  of  the  spectrum.  First  we  examine  the  case  with  an 
increase  in  the  Hartley  region.  Above  75  km  the  normalized  ozone  response  is  decreased  by 
about  25  %  over  case  A  when  temperature  feedback  is  included.  Between  65  km  and  75  km 
the  temperature  feedback  has  a  relatively  more  dramatic  effect  on  the  calculated  response. 
Below  65  km  temperature  feedback  suppresses  the  calculated  ozone  response.  This  is  a 
result  of  the  assumed  1  %  increase  in  sc’ar  flux  out  to  3000  A.  Suppressing  this  increase  in 
the  Hartley  region  of  the  spectrum  (>  2425  A)  has  little  effect  on  the  ozone  response  above 
73  km,  but  below  60  km  where  most  atmospheric  heating  is  due  to  the  absorption  of  solar 
photons  in  the  Hartley  continuum  by  ozone  the  positive  ozone  response  is  restored  with 
temperature  feedback  included,  albeit  at  reduced  amplitude  for  AT.  This  may  also  be  seen 
in  Figure  7(b),  which  shows  the  temperature  perturbation  with  solar  flux  increase  for  the 
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two  cases  (with  and  without  Hartley  region).  The  difference  in  temperature  perturbations 
above  68  km  is  negligible,  but  increases  in  magnitude  with  decreasing  altitude  and  reaches 
a  maximum  near  40  km  where  the  ozone  becomes  optically  thick  to  Hartley  photons.  The 
peak  in  the  negative  response  (near  68  km  with  no  temperature  feedback)  shifts  to  higher 
altitudes  with  temperature  feedback  (71  km).  Temperature  feedback  decreases  the  positive 
response  near  84  km. 

(g)  Comparison  of  the  steady  state  response  with  observations. 

Based  upon  the  above  sensitivity  analysis,  some  specific  deductions  can  be  made  on 
the  basis  of  a  comparison  of  the  steady  state  model  ozone  response  and  the  SME  response 
(Keating  et  al.,  1987).  The  steady  state  response  shows  the  same  general  character  as  the 
observed  response,  a  positive  response  above  about  80  km  and  below  65  km,  and  a  negative 
response  in  the  intermediate  region.  However,  the  magnitude  of  the  ozone  response  in  each 
of  these  regions  differs  substantially  from  the  observations.  The  importance  of  average 
zenith  angle  changes,  which  reflects  the  latitude  dependence  of  the  ozone  response,  is  small 
below  75  km  and  in  the  region  where  it  is  most  important  near  84  km,  the  changes  are 
not  nearly  larger  enough  to  reduce  the  magnitude  of  the  calculated  response  to  match  the 
data.  The  small  positive  response  below  60  km,  roughly  constant  with  altitude,  compares 
favorably  with  the  data  but  is  approximately  20  %  smaller  and  relatively  insensitive  to  the 
solar  zenith  angle,  i.e.,  invariant  with  latitude. 

Variations  in  the  baseline  flux,  as  modelled  by  varying  the  choice  of  flux  for  Ly  a  ,  as 
well  as  variations  in  the  amplitude  of  the  variation  in  solar  flux,  show  little  effect  on  the 
character  and  magnitude  of  the  ozone  response.  The  magnitude  of  the  response  change  is 
insufficient  to  substant:ally  change  the  discrepancy  between  the  calculated  response  and 
the  Keating  et  al.  (1987)  data,  especially  above  70  km. 

Changes  in  model  chemistry,  as  suggested  by  various  researchers,  which  can  partially 
alleviate  model/data  discrepancies  on  mesospheric  ozone  abundances,  produced  little  effect 
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on  the  calculated  ozone  response.  Thus  one  can  conclude  that  these  suggested  modifica¬ 
tions  in  mesospheric  ozone  photochemistry  do  not  affect  in  a  significant  way  the  prediction 
of  the  ozone  response  to  solar  flux  changes  expected  during  a  solar  rotation. 

The  abundance  of  mesospheric  water  vapor,  on  the  other  hand,  has  a  substantial 
effect  on  the  calculated  ozone  response.  This  increase  in  water  vapor  abundance  in  the 
upper  mesosphere  in  model  C  over  the  reference  model  A  has  the  effect  of  raising  and 
deepening  the  region  of  negative  ozone  response  to  be  in  close  agreement  with  the  Keating 
et  al.  (1987)  results,  as  can  be  seen  in  Figure  6.  The  peak  in  the  positive  ozone  response 
increases  from  84  km  (model  A)  to  90  km  (model  C),  above  the  region  of  reliable  SME 
ozone  measurements.  The  calculated  response  starts  to  diverge  from  SME  data  above  82 
km  and  approaches  a  factor  of  two  larger  at  84  km.  This  suggests  that  the  ozone  response 
to  variations  in  solar  illumination  conditions  will  show  a  seasonal  dependence  through  the 
seasonal  variation  in  water  vapor  abundances  (Bevilacqua  et  al.,  1985). 

Temperature-chemistry  feedback  also  is  significant  in  determining  the  ozone  response. 
Above  80  km,  the  effect  is  to  improve  the  model/data  agreement  over  case  A  when  tem¬ 
perature  feedback  was  not  included.  Temperature  feedback  decreases  the  positive  response 
near  84  km  but  not  sufficiently  to  match  the  Keating  et  al.  (1987)  profile.  Between  65  km 
and  75  km  the  temperature  feedback  has  a  relatively  more  dramatic  effect  on  the  calcu¬ 
lated  response,  in  the  direction  to  improve  the  fit  to  the  Keating  et  al.  (1987)  data.  The 
peak  in  the  negative  response  (near  68  km  with  no  temperature  feedback)  shifts  to  higher 
altitudes  with  temperature  feedback  (71  km),  in  better  agreement  with  the  Keating  et 
al.  (1987)  response.  Below  65  km  temperature  feedback  suppresses  the  calculated  ozone 
response,  in  disagreement  with  observations.  This  is  a  consequence  of  the  assumed  1  % 
increase  in  solar  flux  out  to  3000  A.  Suppressing  this  increase  in  the  Hartley  region  of  the 
spectrum  (>  2425  A)  has  little  effect  on  the  ozone  response  above  73  km,  but  below  60  km 
where  most  atmospheric  heating  is  due  to  the  absorption  of  solar  photons  in  the  Hartley 
continuum  by  ozone,  the  positive  ozone  response  is  restored  with  temperature  feedback 
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included. 


The  steady  state  results  presented  above  illustrate  the  sensitivity  of  the  calculated 
ozone  response  to  various  model  parameters.  Of  all  the  above  changes,  the  water  vapor 
abundance  and  temperature-chemistry  feedback  appear  to  dominate  the  ozone  response. 
Temperature-chemistry  feedback  is  a  well  defined  process  and  readily  modelled.  However, 
the  latitudinal  and  seasonal  variation  of  mesospheric  water  vapor  is  unknown,  but  we 
suspect  that  the  seasonal  variability  is  large  (Bevilacqua  et  al.,  1989).  In  the  absence  of 
more  complete  information  on  its  variation,  we  choose  to  utilize  equinox  water  vapor  abun¬ 
dances  in  the  calculations  below,  and  stress  that  this  is  an  important  over-simplification 
of  the  mesosphere.  However,  this  choice  allows  us  to  study  in  detail  the  separate  effect  of 
time-dependent  atmospheric  processes  on  the  ozone  response  and  is  therefore  useful. 


2.  Time-Dependent  Response 

The  characteristic  time  scale  for  changes  in  the  abundances  of  certain  long  lived  meso¬ 
spheric  constituents  can  range  from,  days  to  many  months.  The  photochemical  lifetime  of 
CO  is  of  order  1000  days  in  the  upper  mesosphere  but  only  of  order  a  few  days  near  the 
stratopause.  Water  vapor  has  the  inverse  altitude  dependence  of  its  chemicial  lifetime, 
near  100  days  at  the  stratopause  and  decreasing  to  only  about  10  days  at  the  mesopause. 
As  identified  above  in  the  sensitivity  analysis  on  the  ozone  response,  water  vapor  plays  a 
key  role  in  ozone  loss.  Thus  the  time  response  of  water  vapor  is  at  least  one  reason  that 
the  ozone  response  to  changes  in  solar  UV  flux  variations  will  show  a  time  dependence. 
Below  we  explore  this  in  some  detail. 

The  time  evolution  of  active  plage  regions  in  the  solar  atmosphere  is  clearly  not  simple 
to  numerically  simulate.  Even  for  plage  regions  undergoing  little  changes  in  the  level  of 
activity  over  a  solar  rotation,  the  exact  periodicity  will  depend  upon  their  solar  latitude, 
since  the  sun  does  not  rotate  as  a  solid  body.  The  study  by  Lean  (1987)  found  characteristic 
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periods  of  solar  irradiance  variations  typically  of  27  or  13  days.  A  single  long-lived  active 
region  on  the  solar  disc  will  produce  enhanced  UV  irradiance  for  about  half  a  rotation 
period.  Thus,  ignoring  the  evolutionary  aspects  of  plages,  enhanced  UV  irradiance  may  be 
approximated  as  either  a  step  function  or  possibly  as  a  sinusoidally  varying  function,  with 
a  step  size  or  equivalently  a  wavelength  of  order  half  a  rotation  period.  This  assumes  that 
only  one  localized  region  of  the  sun  is  producing  the  enhanced  UV  emission.  If  several 
plage  regions  are  active,  and  widely  dispersed  in  solar  longitude,  then  an  effective  time 
scale  could  be  much  longer  than  half  a  rotation  period. 

We  have  simulated  the  time  dependent  response  of  mesospheric  ozone  to  solar  ultra¬ 
violet  forcing  by  time  marching  the  photochemical  solution  in  accord  with  a  time  varying 
solar  flux.  Based  upon  the  results  from  model  D,  we  have  set  the  Hartley  flux  variation 
to  zero  in  all  of  our  time  dependent  calculations  which  we  present.  We  chose  time  steps 
of  1  day,  and  at  each  time  step  we  calculated  the  diurnal  average  concentration  profiles 
for  model  species.  For  models  E  and  F  we  have  simulated  the  ozone  response  for  a  step 
function  increase  in  solar  flux,  both  without  and  with  temperature  -  chemistry  feedback 
included,  respectively.  We  started  the  time  integration  at  day  1  with  a  steady  state  so¬ 
lution  calculated  with  a  baseline  solar  flux  level,  and  then  at  each  subsequent  time  used 
the  maximum  solar  flux  level,  and  allowed  the  constituent  profiles  to  relax  in  response  to 
the  increased  solar  flux.  In  Figures  8  (a)  and  (b)  we  show  results  for  models  E  and  F,  re¬ 
spectively.  We  illustrate  the  response  after  7,  14,  27,  and  54  days  of  time  integration.  The 
asymptotic  response  is  simply  the  ratio  of  the  ozone  profiles  for  the  steady  state  enhanced 
flux  solution  and  the  steady  state  baseline  flux  solution,  and  is  shown  for  comparison. 
From  a  study  of  the  periodicity  of  UV  solar  flux  with  solar  rotation,  Lean  (1987)  found 
maximum  power  at  time  periods  of  27  days  and  13  days,  corresponding  to  1  and  2  active 
plage  regions,  respectively. 

As  can  be  seen  from  Figure  8(a),  at  t  =  54  days  the  ozone  distribution  has  very 
nearly  reached  its  asymptotic  value  at  all  altitudes.  Below  65  km  altitude,  the  asymptotic 
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response  is  reached  in  much  less  than  7  days.  However,  for  a  time  period  of  7  to  14  days, 
characteristic  of  the  time  a  single  active  solar  plage  region  is  on  the  visible  disk,  the  ozone 
response  above  the  65  km  altitude  level  is  far  from  its  asymptotic  limit.  For  t  =  14  days, 
the  response  is  only  0.3  of  its  limiting  value  due  to  the  time-dependent  response  of  the 
water  vapor  profile  (see  discussion  in  the  Introduction).  An  increase  in  the  UV  flux  which 
dissociates  water  vapor  will  depress  the  water  vapor  mixing  ratio  profile.  Depressing  the 
water  vapor  profile  above  the  75  km  altitude  region  leads  to  lower  HOx  and  hence  lower 
catalytic  destruction  of  ozone.  The  time  scale  over  which  the  local  water  vapor  abundance 
adjusts  to  an  increase  in  solar  UV  flux  is  the  transport  time  scale,  on  the  order  of  10  days 
at  80  km.  The  time  scale  for  the  entire  water  vapor  vertical  profile  is  somewhat  longer 
since  it  is  an  integrated  effect  down  to  about  65  km.  It  is  clear  that  the  results  for  model 
integrations  for  7  and  14  days  encompass  the  mesospheric  response  as  deduced  by  Keating 
et  al.  (1987) 

The  effect  of  temperature-chemistry  feedback  on  the  time  dependent  ozone  response  is 
similar  to  that  for  the  asymptotic  cases.  The  temperature  increase  due  to  increased  ozone 
densities  near  80  km  moderates  the  ozone  response,  by  about  30  %,  as  is  seen  in  Figure 
8(b),  for  model  case  F,  where  we  have  not  time-stepped  the  heat  equation,  but  calculated 
the  instantaneous  solution  to  eq.  4,  thus  we  are  overestimating  the  temperature-chemistry 
moderating  effect  on  the  ozone  response. 

The  time  scale  for  changes  in  plage  activity  is  of  order  half  a  solar  rotation.  During 
this  time  plages  can  form  and  disintegrate.  For  solar  activity  of  this  sort,  a  more  proper 
description  of  solar  UV  flux  variation  might  be  of  sinusoidal  nature.  A  periodic  variation 
of  incident  solar  flux  on  the  mesosphere  will  produce  a  predominantly  instantaneous  re¬ 
sponse  from  ozone  and  a  delayed  atmospheric  water  vapor  and  temperature  response  at 
all  altitudes.  To  accurately  simulate  this  effect  one  must  time  step  the  time-dependent 
heat  equation  along  with  the  chemistry  continuity  equations.  For  numerical  simplicity  we 
assume  a  sinusoidal  forcing  of  solar  ultraviolet  flux  for  model  case  G.  We  calculate  the 
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time  dependent  atmospheric  temperature  from  the  equation 


pCp =  g2[02j  +  Q3[03]  -  C0[C02)e-^  (5) 

where  p  is  the  mass  density  of  the  atmosphere,  and  Cp  is  the  atmospheric  heat  capacity. 
The  time  dependent  heat  equation  is  solved  for  atmospheric  temperature  in  a  manner 
similar  to  that  of  the  time  dependent  chemical  continuity  equations,  i.e.,  we  time  step  eq. 
5  forward  in  time  with  time  steps  of  length  1  day,  in  accord  with  a  time  varying  solar  UV 
flux.  Model  results  for  this  case  (G)  are  shown  in  Figure  9. 

At  all  altitudes  between  about  78  and  83  km  the  calculated  ozone  response  for  model 
G  is  in  phase  with  the  solar  ultraviolet  forcing  and  in  excellent  agreement  with  the  Keating 
et  al.  (1987)  results,  from  the  upper  stratosphere  and  throughout  the  mesosphere.  We  note 
that  in  the  mesosphere  the  water  vapor  abundance  has  a  strong  influence  on  the  magnitude 
of  the  ozone  response  and  even  better  agreement  could  be  obtained  with  greater  water 
vapor  mixing  ratios.  In  this  region  the  temperature  has  a  phase  lag  of  between  5  and  8 
days,  about  one  quarter  of  a  forcing  period.  This  is  to  be  expected  since  an  increasing 
temperature  is  produced  when  the  ozone  is  above  its  average  value,  i.e.,  when  solar  flux  is 
above  the  average  value.  We  have  performed  other  simulations  of  this  model  using  larger 
and  smaller  amplitudes  for  the  solar  flux  modulation,  with  similar  results.  This  model  with 
the  most  rigorous  treatment  of  the  chemistry  and  physics  of  ozone  variability  accounts  for 
the  essential  aspects  of  the  observed  ozone  response  (Keating  et  al.,  1987),  in  particular 
the  precise  altitudes  where  the  response  reverses  sign.  In  general,  the  results  for  periodic 
forcing  of  solar  UV  on  the  ozone  response  is  intermediate  between  the  step  function  cases 
for  time  integrations  of  7  and  14  days.  This  therefore  illustrates  the  fact  that  the  character 
and  magnitude  of  the  ozone  response  profile  is  not  sensitive  to  the  precise  functional  form 
of  the  time  dependence  of  the  solar  flux  variation. 

The  calculated  phase  of  the  ozone  response  below  65  km  is  small  (~  1  day)  but 
positive,  in  contrast  to  the  calculated  response  by  Hood  and  Douglass  (1988)  who  found 
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large  (~  5  days)  negative  responses  in  the  upper  stratosphere  when  observed  temperature 
responses  are  included  in  their  photochemical  model.  The  negative  phase  of  the  ozone 
response  in  their  model  is  due  to  the  fact  that  the  observed  temperature  has  a  large  (~ 
5  day)  positive  phase  lag  relative  to  the  solar  UV  forcing.  The  positive  phase  lag  of  the 
temperature  in  our  model  is  less  than  a  day,  sufficiently  small  to  eliminate  the  negative 
phase  lag  of  ozone.  Thus  our  temperature  model  is  clearly  an  incomplete  description  of  the 
thermodynamics  of  the  upper  stratosphere  and  lower  mesosphere.  In  order  to  accurately 
describe  the  ozone  response  in  this  region  of  the  atmosphere  a  better  theoretical  description 
of  the  temperature  response  due  to  both  chemical  and  dynamical  effects  is  needed. 


IV.  SUMMARY 


In  this  study  we  have  performed  an  investigation  of  the  sensitivity  of  the  theoretical 
ozone  response  to  solar  UV  flux  changes  and  the  dependence  of  this  response  on  changes 
in  selected  model  and  atmospheric  parameters.  We  have  deduced  the  importance  of  water 
vapor  abundance  and  time  dependence  of  the  calculated  ozone  response,  and  we  have  con¬ 
firmed  the  important  effect  that  temperature-chemistry  feedback  has  upon  the  calculated 
response.  This  study  lays  the  groundwork  for  more  detailed  and  extensive  model  stud¬ 
ies  of  the  response  of  mesospheric  ozone  to  solar  flux  variations,  and  illustrates  the  need 
for  more  extensive  measurements  of  mesospheric  water  vapor  abundances  and  for  more 
detailed  data  analysis  of  mesospheric  ozone  data  bases. 

We  have  found  that  water  vapor  in  the  upper  mesosphere  exerts  a  strong  influence  on 
the  magnitude  of  the  observed  ozone  response.  The  water  vapor  abundance  in  the  upper 
mesosphere  is  critically  dependent  on  the  magnitude  of  vertical  transport  in  that  region 
as  demonstrated  by  Strobel  et  al.  (1987).  The  microwave  measurements  of  Bevilacqua  et 
al.  (1988)  indicate  a  dominant  annual  variation  in  upper  mesospheric  water  vapor  mixing 
ratios  and  by  inference  annual  variations  in  vertical  transport  dominate.  Hence  we  expect 
on  the  basis  of  our  study  that  the  water  vapor  seasonal  variation  produces  a  corresponding 
seasonal  signature  in  the  ozone  response,  when  the  water  vapor  mixing  ratio  exceeds  a 
threshold  value,  which  we  determined  as  ~  1.5  ppmv  at  80  km,  a  typical  springtime 
value  (Bevilacqua  et  al.,  1988).  This  signature  is  of  sufficient  amplitude  to  mask  other 
signatures  in  seasonally  averaged  ozone  response  data,  and  necessitates  organizing  ozone 
data  in  the  future  according  to  common  background  water  vapor  concentrations  in  the 
upper  mesosphere  to  extract  these  other  signatures. 

We  have  found  that  the  strong  sensitivity  of  the  calculated  ozone  response  to  water 
vapor  abundances  in  the  mesosphere  will  mask  the  smaller  changes  in  ozone  response 
which  is  produced  by  suggested  modifications  to  ozone  chemistry  that  have  been  proposed 
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to  improve  model/data  agreement  on  mesospheric  ozone  abundance.  From  our  s».udy  we 
infer  that  the  solar  flux/ozone  response  measurements  in  the  mesosphere  are  not  likely  to 
be  useful  in  the  further  refining  our  understanding  of  ozone  chemistry.  This  is  in  agreement 
with  the  work  of  Hood  and  Douglass  (1988)  who  found  that  the  upper  stratosphere  and 
lower  mesosphere  ozone  response  is  in  substantial  agreement  with  current  photochemical 
theories. 

As  important  conclusion  of  this  work  is  that  the  response  of  the  water  vapor  profile 
must  be  calculated  self-consistently  with  the  ozone  response  to  solar  flux  variations  in  order 
to  accurately  describe  ozone  variation  on  time  periods  characteristic  of  solar  rotation.  The 
response  of  the  water  vapor  profile  has  been  neglected  in  previous  studies. 

The  ozone  response  in  the  lower  mesosphere, .  below  70  km,  reaches  its  asymptotic 
limiting  value  for  enhanced  solar  ultraviolet  flux  on  a  time  scale  smaller  than  the  solar 
rotation  period,  while  the  response  above  that  region  requires  increasingly  longer  times  to 
reach  the  asymptotic  values.  In  the  region  near  80  km,  the  ozone  response  after  half  a  solar 
rotation  period  is  only  about  30  %  of  its  asymptotic  value.  Our  model  with  periodic  forcing 
of  mesospheric  chemistry  by  solar  ultraviolet  flux  with  a  period  of  27  days,  when  combined 
with  temperature-chemistry  feedback  and  time  dependent  atmospheric  temperature  effects 
accounts  for  the  observed  ozone  response  of  of  Keating  et  al.  (1987). 

Finally  we  note  that  the  combined  effects  of  water  vapor  variation,  temperature  feed¬ 
back  effects,  negligible  solar  flux  variation  above  2400  A,  and  time  dependent  nature  of 
solar  rotation  driven  ultraviolet  flux  forcing  does  reproduce  the  inferred  ozone  response 
profile  derived  by  Keating  et  al.  (1987)  from  SME  data.  The  corresponding  water  vapor 
data  base,  which  is  needed  to  supply  the  seasonal  and  latitudinal  profiles,  is  restricted  to 
essentially  mid-latitudes  in  the  Northern  Hemisphere  and  hence  insufficient  to  allow  more 
rigorous  deductions  regarding  model  data  comparisons  of  the  mesospheric  ozone  response 
to  solar  UV  flux  variations.  Thus  we  suggest  that  more  mesospheric  water  vapor  measure¬ 
ments  be  made  to  more  accurately  describe  both  the  seasonal  and  latitude  dependences. 


27 


Also  we  note  the  strong  need  to  observationally  extract  both  seasonal  and  latitude  depen¬ 
dences  of  the  mesospheric  ozone  response  to  facilitate  further  progress  in  understanding 
the  response  of  ozone  to  solar  flux  changes. 

ACKNOWLEDGEMENTS 

The  authors  are  indebted  to  D.  E.  Anderson  and  M.  Nicolet  for  useful  discussions,  and 
to  W.  J.  Sawchuck  for  aid  in  developing  the  IDL  graphics  routines  for  producing  several 
of  the  figures. 


28 


REFERENCES 


Aikin,  A.  C.,  and  H.  J.  P.  Smith,  Mesospheric  Ozone  Changes  Associated  with 

27  Day  Solar  Ultraviolet  Flux  Variations,  Geophys.  Res.  Lett,  13,  427-430,  1986. 

Allen,  M.,  Y.  L.  Yung,  and  J.  M.  Waters,  Vertical  transport  and  photochemistry 

in  the  terrestrial  mesosphere  and  lower  thermosphere  (50-120  km),  J.  Geophys.  Res., 
86,  3617-3627,  1981. 

Allen,  M.,  J.  I.  Lunine,  and  Y.  L.  Yung,  The  vertical  distribution  of  ozone 

in  the  mesosphere  and  lower  thermosphere,  J.  Geophys.  Res.,  89,  4841-4872,  1984. 

Bevilacqua,  R.  M.,  J.  J.  Olivero,  P.  R.  Schwartz,  C.J.  Gibbins,  J.M.  Bologna, 
and  D.L.  Thacker,  An  observational  study  of  water  vapor  in  the  mid-latitude 
mesosphere  using  ground-based  microwave  techniques,  J.  Gee  jhys.  Res.,  88, 
8523-8534,  1983. 

Bevilacqua,  R.  M.,  W.  J.  Wilson,  W.  B.  Ricketts,  P.  R.  Schwartz,  and  R.  J.  Howard, 
Possible  seasonal  variability  of  mesospheric  water  vapor.  Geophys.  Res.  Lett., 

12,  397-400,  1985. 

Bevilacqua,  R.  M.,  J.  J.  Olivero,  M.  E.  Summers,  D.  F.  Strobel,  M.  Allen, 

Long-Term  Measurements  of  Mesospheric  Water  Vapor  From  Penn  State,  Part  B: 
Implications  for  Vertical  Transport  Time-Scales  and  Processes  in  the  Middle 
Atmosphere,  EOS,  68,  1398,  1987. 

Bevilacqua,  R.M.,  W.J.  Wilson,  and  P.R.  Schwartz,  Measurements  of  mesospheric 
water  vapor  in  1984  and  1985:  Results  and  implications  for  middle  atmospheric 


31 


transport,  J.  Geophys.  Res.,  92,  6697-6090,  1987. 

Bevilacqua,  R.  M.,  J.  J.  Olivero,  and  C.  L.  Craskey,  Mesospheric  water 
vapor  measurements  from  Penn  State:  Observations  and  Climatology, 

J.  Geophys.  Res.,  submitted,  1988. 

Brasseur,  G.,  A.  De  Rudder,  G.  M.  Keating,  and  M.  C.  Pitts,  Response  of  Middle 

Atmosphere  to  Short-Term  Solar  Ultraviolet  Variations:  2.  Theory,  J.  Geophys.  Res., 
92,  903-914,  1987. 

Chanin,  M.  L.,  N.  Smires,  and  A.  Hauchecorne,  Long-Term  Variation  of  the 
Temperature  of  the  Middle  Atmosphere  at  Mid-Latitude:  Dynamical  and 
Radiative  Causes,  J.  Geophys.  Res.,  92,  10933-10941,  1987. 

Clancy,  R.  T.,  D.  W.  Rusch,  R.  J.  Thomas,  M.  Allen,  and  R.  S.  Eckman, 

Model  Ozone  Photochemistry  on  the  Basis  of  Solar  Mesosphere  Explorer 
Mesospheric  Observations,  J.  Geophys.  Res.,  92,  3067-3080,  1987. 

Cole  A.  E.,  and  A.  J.  Kantor,  Air  Force  Reference  Atmospheres, 

AFGL-TR-78-0051, 1978. 

Eckman,  R.  S.,  A  Theoretical  and  Observational  Investigation  of  the  Response  of 

Ozone  to  Short-Term  Variations  in  the  Solar  Ultraviolet  Irradiance,  Ph.D.  Thesis, 
University  of  Colorado,  1985. 

Eckman,  R.  S.,  Response  of  Ozone  to  Short-Term  Variations  in  the  Solar  Ultra¬ 
violet  Irradiance  1.  A  Theoretical  Model,  J.  Geophys.  Res.,  91, 

6695-6704,  1986a. 

Eckman,  R.  S.,  Response  of  Ozone  to  Short-Term  Variations  in  the  Solar  Ultra- 


32 


violet  Irradiance  2.  Observations  and  Interpretation,  J.  Geophys.  Res., 

91,  6705-6721,  1986b. 

Farmer,  C.B.,  NSSDC  Data  Center,  1988. 

Forbes,  J.  M.,  Thermosphere  Structure  Variations  During  High  Solar  and  Magnetic 
Activity  Conditions,  Final  Technical  Report  for  AF  Contract  F19628-82-K0031, 
Boston  University,  1985. 

Frederick,  J.  E.,  Chemical  Response  of  the  Middle  Atmosphere  to  Changes  in  the 
Ultraviolet  Solar  Flux,  Planet.  Space  Sci.,  25,  1-4,  1977. 

Froidevaux,  L.,  M.  Allen,  and  Y.L.  Yung,  A  critical  analysis  of  CIO  and  O3  in  the 
mid-latitude  stratosphere,  J.  Geophys.  Res.,  90,  12,999-13,029,  1985. 

Garcia,  R.  R.,  S.  Solomon,  R.  G.  Roble,  and  D.  W.  Rusch,  A  Numerical  Response 
of  the  Middle  Atmosphere  to  the  11- Year  Solar  Cycle,  Planet.  Space  Sci., 

32,  411-423,  1984. 

Garcia  R.R.  and  3.  Solomon,  The  effect  of  breaking  gravity  waves  on  the  dynamics 
and  chemical  composition  of  the  mesosphere  and  lower  thermosphere, 

J.  Geophys.  Res.,  90,  3850-3868,  1985. 

Gille,  J,  C.,  C.  M.  Smythe,  and  D.  F,  Heath,  Observed  Ozone  Response  to  Variations 
in  Solar  Ultraviolet  Radiation,  Science,  225,  315-317,  1984. 

Girard,  A.,  J.  Besson,  D.  Brard,  J.  Laurent,  M.  P.  Lemaitre,  C.  Lippens,  C.  Muller, 

J.  Vercheval,  and  M.  Ackerman,  Global  Results  of  Grille  Spectrometer  Experiment  on 
Board  Spacelab  1,  Planet.  Space  Sci.,  36,  291,  1988. 

Hood,  L.  L.,  Solar  Ultraviolet  Radiation  Induced  Variations  in  the 


33 


Stratosphere  and  Mesosphere,  J.  Geophys.  Res.,  92, 

876-888,  1987 

Hood,  L.  L.,  and  A.  R.  Douglas,  Stratospheric  Responses  to  Solar 
Ultraviolet  Variations:  Comparisons  with  Photochemical  Models, 

J.  Geophys.  Res.,  93,  3905-3911,  1988. 

Keating,  G.M.,  M.C.  Pitts,  G.  Brasseur,  and  A.  De  Rudder,  Response  of  middle 
atmosphere  to  short-term  solar  ultraviolet  variations:  1.  Observations, 

J.  Geophys.  Res.,  92,  889-902,  1987. 

Lean,  J.,  Solar  Ultraviolet  Irradiance  Variations:  A  Review,  J.  Geophys.  Res., 

92,  839-868,  1987 

Mohanakumar,  M.,  An  Investigation  on  the  Influence  of  Solar  Cycle  on  Mesospheric 
Temperature,  Planet.  Space  Sci.,  33,  795-805,  1985. 

Olivero,  J.J.,  J.J.  Tsou,  C.L.  Croskey,  L.C.  Hale,  and  R.G.  Joiner,  Solar  absorption 
microwave  measurements  of  upper  atmospheric  water  vapor,  Geophys.  Res.  Lett., 
13,  197-200,  1986. 

Prather,  M.J.,  Ozone  in  the  upper  stratosphere  and  mesosphere,  J.  Geophys.  Res., 

88,  5325-5338,  1981. 

Rusch,  D.  W.,  and  R.  S.  Eckman,  Implications  of  the  Comparison  of  Ozone 

Abundances  Measured  by  the  Solar  Mesosphere  Explorer  to  Model  Calculations, 
J.  Geophys.  Res.,  90,  12,991-12,998,  1985. 

Schwartz,  P.R.,  C.L.  Croskey,  R.M.  Bevilacqua,  and  J.J.  Olivero,  Microwave 
spectroscopy  of  H%0  in  the  stratosphere  and  mesosphere,  Science, 


34 


305,  294-295,  1983. 

Schwartz,  P.R.,  R.M.  Bevilacqua,  T.A.  Pauls,  D.L.  Thacker,  W.B.  Waltman, 
Ground-based  monitoring  of  water  vapor  in  the  earth’s  middle  atmosphere, 
manuscript  in  preparation,  1988. 

Strobel,  D.  F.,  Parameterization  of  the  Atmospheric  Heating  Rate  From  15  to  120  km 
Due  to  O2  and  O3  Absorption  of  Solar  Radiation,  J.  Geophys.  Res., 

83,  6225-6230,  1978. 

Strobel,  D.  F.,  M.  E.  Summers,  R.  M.  Bevilacqua,  M.  T.  DeLand,  and  M.  Allen, 

Vertical  Constituent  Transport  in  the  Mesosphere,  J.  Geophys.  Res.,  92,  6691,  1987. 

Strobel,  D.  F.,  Constraints  on  gravity  wave  induced  diffusion  in  the  middle  atmosphere, 
Pure  &  Appl.  Geophys.,  in  press,  1989. 

Thomas,  R.J.,  C.A.  Barth,  D.W.  Rusch,  and  R.W.  Sanders,  Solar  Mesosphere 
Explorer  near-infrared  spectrometer:  measurements  of  1.27  /jm  radiances  and 
the  inference  of  mesospheric  ozone,  J.  Geophys.  Res.,  89, 

9569-9580,  1984. 

Tsou,  J.J.,  J.J.  Olivero,  and  C.L.  Croskey,  A  study  of  the  variability  of  H2O 
during  spring  1984  by  ground-based  microwave  radiometric  observations, 

J.  Geophys.  Res.,  93,  5255-5266,  1988. 


35 


Table  1 


Zenith  Angle  Probability  of  Occurence 


Range  of  x 

Probability  of  occurence 

40-50 

0.517 

50  -  60 

0.233 

60  -  70 

0.144 

70-80 

0.089 

80-90 

0.017 
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Table  2 


Summary  of  Model  Cases 

Model  Case  Description 

A  Reference  Case  (JPL-85  chemistry) 

B  HOx  rate  coefficient  modifications  (Rusch  &  Eckman,  1985) 

C  Bevilacqua  et  al.  (1988)  water  vapor  profile 

D  Temperature- Chemistry  (T-C)  feedback  effect 

E  Time  dependent  response,  step  function  in  A F,  no  T-C  feedback 

F  Time  dependent  response,  step  function  in  AF,  T-C  feedback 

G  Time  dependent  response,  sinusoidal  F\(t)  forcing,  T-C  feedback 
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I 


Figure  Captions 


Figure  1.  Ratio  of  perturbed  solar  flux  profile  (dashed  line)  to  baseline  SME  solar 
flux  profile  (averaged  from  January  1982  to  December  1982)  between  1200  A 
and  3000  A  adopted  for  the  calculations. 

Figure  2.  Ozone  response  for  changes  in  solar  UV  flux  within  discrete  wavelength 
intervals  of  the  solar  spectrum.  The  change  in  solar  flux  within  the  intervals 
is  equal  to  the  ratio  shown  in  Figure  1.  The  wavelength  intervals  are  defined 
in  the  text.  Calculations  were  made  at  a  zenith  angle  of  45  degrees. 

Figure  3.  (a)  Fraction  change  in  photodissociation  rate  constants  for  a  fractional 
change  in  the  incident  solar  flux  profile  shown  in  Figure  1.  (b)  Fractional 
change  in  photodissociation  rates  for  the  fractional  increase  in  solar  flux 
shown  in  Figure  1.  In  both  (a)  and  (b)  the.  last  two  reactions  have  identical 
changes,  (c)  The  fractional  change  in  water  vapor  abundance  (ppmv)  for  the 
above  model. 

Figure  4.  Ozone  response  calculated  for  4  separate  zenith  angles  with  a  10  %  change 
in  solar  flux  at  Lyman  alpha.  The  ozone  response  normalized  to  the  Lyman  alpha 
fractional  variation  as  determined  by  a  statistical  analysis  of  SME  data 
(Keating  et  al.,  1987)  is  shown  for  comparison. 

Figure  5.  (a)  Ozone  response  for  baseline  solar  Lyman  alpha  photon  fluxes  shown 
and  10  %  flux  increase  at  Lyman  alpha,  (b)  The  response  as  a  function  of 
fractional  increases  in  solar  Lyman  alpha  fluxes.  The  baseline  flux  is  that 
obtained  from  SME  for  the  time  period  discussed  in  the  text. 
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Figure  8.  Ozone  response  for  the  reference  model  (model  A,  solid  line),  for  the 
case  where  the  efficiency  of  the  HOs  catalytic  loss  of  ozone  has  been 
decreased  according  to  the  recommendations  of  Rusch  and  Eckman  (1985)  (model  B, 
short  dashed  line),  and  for  the  case  where  the  water  vapor  is  increased  high  in 
the  mesosphere  to  match  the  June  data  of  Bevilacqua  et  al.  (1988)  (model  C, 
long  dashed  line). 

Figure  7.  (a)  Ozone  response  without  temperature  feedback  (solid  line),  with 

temperature  feedback  (short  dashed  line),  with  temperature  feedback  but  Hartley 
region  variation  suppressed  (short,  long  dashed  line),  and  with  flux  variation 
affecting  atmospheric  heating  but  not  dissociation  rates  (long  dashed  line),  all 
assuming  local  radiative  equilibrium  and  temperature  response  calculated  as 
described  in  the  text,  (b)  The  temperature  perturbation  produced  by  solar  flux 
variation.  The  solid  line  is  the  temperature  response  with  flux  variation  given 
in  Fig.  1.  The  dashed  line  is  the  temperature  response  when  the  solar  flux 
variation  in  the  Hartley  region  is  suppressed. 

Figure  8.  (a)  Time  dependent  ozone  response  without  temperature 

feedback  for  a  step  function  increase  in  solar  flux  after  7,  14,  27,  54 
days  and  the  asymptotic  limiting  response,  (b)  -The  same  but  including 
temperature  feedback. 

Figure  9.  (a)  Ozone  response  for  a  sinusoidal  variation  of  solar  UV 

flux  for  model  G.  (b)  Phase  lag  between  Ozone  maximum  and  solar  flux 
maximum  as  a  function  of  altitude  for  model  G. 
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Diurnal  Variations  of  Mesospheric  Ozone  Obtained 
by  Ground-Based  Microwave  Radiometry 
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From  December  1986  until  April  1987  ground-based  microwave  observations  of  the  diurnal  variation 
of  mesospheric  ozone  were  made  over  Bern,  Switzerland.  These  data  were  of  sufficient  quality  to 
define  the  characteristic  diurnal  behavior  of  the  ozone  mixing  ratio  during  winter  and  equinoctial 
conditions.  The  observed  diurnal  variation  of  ozone  peaks  at  -74  km.  where  its  amplitude  is  about  a 
factor  of  6.  At  65  km  the  observed  diumal  variation  is  a  factor  of  3,  whereas  at  55  km  it  is  only  a  factor 
of  1.4.  One-dimensional  model  calculations  accurately  reproduce  the  relative  diumal  variation  of 
ozone  at  equinox,  suggesting  that  the  model  value  of  the  ozone  photolysis  rate  coefficient  is  accurate 
to  better  than  10%.  For  winter  conditions,  however,  the  model  underpredicts  the  observed  relative 
diumal  variation  by  a  factor  of  2;  a  major  part  of  this  discrepancy  is  due  to  an  observed  postmidnight 
increase  in  ozone.  Various  suggested  changes  in  model  parameters  to  better  reproduce  the  ozone 
abundance  vertical  profile  result  in  only  small  differences  in  the  relative  diumal  variation,  indicating 
that  these  observations  do  not  provide  a  sensitive  test  of  the  mesopheric  chemistry  controlling  the 
abundance  of  odd  oxygen. 


1.  Introduction 

The  diumal  variation  of  ozone  can  be  remotely  sensed  by 
microwave  radiometry'.  This  technique  has  been  success¬ 
fully  demonstrated  by  Wilson  and  Schwartz  [1981]  and 
l.obsiger  and  Kunzi  [1986].  It  has  distinct  advantages  over 
other  measurement  techniques,  such  as  Umkehr  and  Lidar 
systems,  in  that  clear  weather  is  not  required,  the  results  are 
not  dei’endent  on  the  solar  zenith  angle,  and  both  day  and 
nigtit  measurements  can  be  obtained  with  a  temporal  reso¬ 
lution  of  15  min. 

In  order  to  understand  the  significance  of  diumal  meso¬ 
spheric  o^one  measurements  it  is  necessary  to  review  the 
basic  photochemistry  of  molecular  oxygen  in  the  Earth's 
middle  atmosphere.  For.  the  reader  interested  in  a  rigorous 
discussion  with  Accurate  plots  of  time  constants  and  chem¬ 
ical  rates,  Alien  e:  at.  [1984]  should  be  consulted.  Dissocia¬ 
tion  of  molecular  oxygen  is  predominantly  in  the  Schumann- 
Rungs  bands  arid  Herzberg  continuum.  Under  the  most 
favorable  ojsvical  thickness  conditions  the  time  constant  for 
Oz  dissociation  is  at  least  JO6  s.  The  resultant  0  atoms  react 
rapidly  with  G;  to/cim  Oj.  The  ultimate  loss  processes  for 
Oj  in  the  mesosphere  are  recombination  of  03  with  0  atoms 
directly  or  by  catalytic,  reactions  involving  odd  hydrogen.  A 
typical  time  constant  for  removal  of  odd  oxygen  throughout 
the  lower  mesosphere  is  ~l05  s.  Consequently  the  chemical 
production  and  loss  of  odd  oxygen  can  produce  only  minor 
diurnal  variations,  in  the  ozone  density. 


1  Icsrilctc.af. Applied  Phys.icj,  University  of  Bern,  Bern,  Switzer¬ 
land, 

0.  Hu! bur!  Center  for  Space  Research,  Naval  Research 
Laboratory,  Washington,  D.  G. 

■’Department  of  Jiarth  and  Planetary  Sciences  and  Department  of 
Physics  and  Astronomy,  Johns  Hopkins  University,  Baltimore, 
Maryland. 

4Earth  arjd  Space  Sciences  Division,  Jet  Propulsion  Laboratory, 
and  Division  of  Geological  and  Planetary  Sciences,  California  Insti¬ 
tute  of  Technology,.  Pasadena. 

’Computational  Physics.  Incorporated.  Annandale,  Virginia. 

Op  ight  1989  by  the  American  Geophysical  Union. 

Paper  number  S9JD01094. 

0 1 48-0227/89/89JD-0 1 094S05 .00 


However,  the  odd  oxygen  components  O  and  03  undergo 
rapid  interchange  reactions  in  the  middle  atmosphere,  the 
two  most  important  reactions  being 

(R3,  R4)  Oj  +  /n>—>  O  +  Oj 

(R15)  0  +  02 +  M-»03  +  M 

(The  reaction  numbers  are  taken  from  Allen  et  at.  [1981].) 
The  former  reaction  has  an  optically  thin  time  constant  of 
~10:  s  and  a  maximum  time  constant  of  -2.5  x  10’ s  due  to 
the  optically  thin  Chappius  bands.  The  latter  reaction  has  a 
time  constant  which  varies  from  - 10  s  at  50  km  to  -  104  s  at 
80  km.  These  two  reactions  essentially  control  the  partition¬ 
ing  of  O  and  03  in  the  middle  atmosphere  and.  as  a 
consequence  of  their  fast  rates,  the  diumal  variation  of 
ozone. 

At  the  stratopause  03  is  at  least  a  factor  of  10  more 
abundant  than  O  atoms  in  the  day,  and  conversion  of  all  O 
atoms  to  03  at  night  is  a  minor  perturbation  to  the  O* 
density.  Above  the  mesopause  O  exceeds  03  by  more  than 
two  orders  of  magnitude,  but  (R15)  has  a  time  constant  of 
>105  s.  Hence  very  little  O  is  converted  to  03  during  the 
night.  Similar  arguments  apply  to  03  photolysis  (reaction 
(R3,  F4))  At  and  above  the  mesopause,  photolysis  of  03  at 
sunrise  adds  little  to  the  O  density,  but  establishes  the  03 
concentration  in  chemical  equilibrium  with  the  transport- 
dominated  O  atoms.  Down  at  the  stratopause,  photolysis  of 
03  is  important  in  reestablishing  the  O  concentration  at 
sunrise  but  cannot  deplete  03  because  of  rapid  recycling 
(reaction  (R15)).  Consequently,  the  most  significant  diurnal 
variation  of  03  occurs  in  the  intermediate  region,  i.e..  the 
mesosphere,  where  the  O  and  03  densities  are  comparable  in 
magnitude,  and  fortunately  accessible  to  ground-based  mi¬ 
crowave  measurements. 

In  this  paper  we  report  ground-based  microwave  radio- 
metric  observations  of  the  diumal  variation  of  mesospheric 
ozone  abundances  for  the  period  of  December  1986  to  April 
1987  over  Bern,  Switzerland.  A  one-dimensional  photo¬ 
chemical  model  with  parameterized  transport  is  used  10 
analyze  and  interpret  our  microwave  data.  The  absolute 
concentrations  of  ozone  contain  relevant  information  on  the 
chemical  production  and  loss  mechanisms  of  odd  oxygen. 
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Fig.  I.  Schematic  diagram  of  the  Bern  microwave  radiometer. 


whereas  the  relative  variation  from  day  to  night  of  Oj 
contains  information  on  whether  our  understanding  of  the 
recycling  reactions  of  odd  oxygen  is  correct.  In  section  2  the 
observational  technique  is  described.  A  discussion  of 
sources  of  error  is  then  given  in  section  3.  Section  4  presents 
the  observations.  A  brief  discussion  of  the  one-dimensional 
model  is  given  in  section  5.  followed  by  the  interpretation  of 
observational  results  in  section  6.  Section  7  presents  our 
conclusions. 

2.  Observational  Method 

Our  observing  technique  has  been  described  previously  by 
Lobsiger  ei  at.  [1984)  and  Lobsiger  [1987),  We  observe  the 
thermal  emission  of  an  ozone  line  at  1 42.) 75  GHz.  The 
ground-based  microwave  radiometer  is  illustrated  schemat¬ 
ically  in  Figure  1.  A  mixer  with  a  horn  antenna  receives  the 
atmospheric  microwave  signal  and  converts  it  down  to  an 
intermediate  frequency  (IF)  at  3.7  GHz.  which  is  then 
amplified.  The  system  spectrometer  is  a  conventional  35- 
channel  filter  bank  having  a  resolution  of  30  MHz  at  the  line 
wings,  increasing  to  0,2  MHz  at  the  center.  Detectors 
provide  a  voltage  proportional  to  the. power  output  of  the 
filters  that  is  fed  into  the  computer  by  an  analog  to  digital 
converter.  The  computer  controls  the  radiometer  and  inte¬ 
grates  the  measured  spectra. 

The  system  is  calibrated  by  measuring  the  blackbcify 
radiation  of  a  hot  and  a  cold  microwave  absorber.  This 
calibration  is  done  by  switching  the  antenna  beam  with  ?t 
rotating  mirror  every  few  seconds  between  the  atmosphere 
and  the  two  reference  absorbers.  The  mirror  is  reciprocating 
to  reduce  baseline  effects  causedby  standing  waves  in  the 
quasi-optical  part  of  the  microwave  front  end  [Gusiincic. 
1977],  The  subharmonic  mixer  is  pumped  by  a  Gunn  oscil¬ 
lator  at  72.937  GHz.  whose  frequency  is  stabilized  to  better 
than  one  part  in  ID7.. relative  to  a  highly  stable  reference 
quartz  oscillator  in  a  phase-locked  loop  (PLL).  The  mixer 
was  tuned  mechanically  to  single-sideband  (SSB)  response 


with  at!  image  band  rejection  relative  to  the  signal  band  of 
better  than  )7  dB.  The  receiver  is  essentially  the  same  as  that 
used.in  the,  ozone  observations  of  Lobsiger  und  Ki>n~j  { 1986J 
except  that  in  the  present  system  both  the  front  end  nuxer 
and  the  first  IF  field  effect  transistor  iFET>  preamplifier  are 
cryogenicallx  eouied  to  -20  K..  Cooling  the- front  end  com¬ 
ponents  reduces  the  SSB  receiver  noise  temperature  from 
-1801)  K  for  the  uncooled  system  down  to  -700  K  for  the 
present,  cooled  instrument. 

The  quantity  of  interest  in  the  observations  is  the  strato¬ 
spheric  Oj  signal  lT3>lr).  However,  in  the  ground-based 
measurement  configuration  the  stratospheric  signal  is  atten¬ 
uated  by  the  troposphere,  and  the  measurements  also  con¬ 
tain  the  tropospheric  emission  component.  We  approxi¬ 
mated  the  troposphere  as  a  homogeneous  layer  with  a 
temperature  tTr  and  Transmittance  A.  which  is  well  corre¬ 
lated  to  the  tropospheric  water  content.  Therefore  the 
ground-based  brightness  temperature  measured  itv  the  exper¬ 
iment  can  be  written; 

T ficr—  f Sut A  *  TjyH  —  A)  (I) 

•From  measurements  obtained  over  one  year  [Lobsiger, 
1987)  we  found  that  taking  the  CIRA  ( 1972)  temperature  at  I 
km  above  the  surface  is  a  good  approximation  for  tropo¬ 
spheric  temperature  if  we  averaged  our  data  over  a  whole 
month.  At  the  line  wings  the  contribution  of  the  O;  line  is 
restively  small  in  comparison  to  tropospheric  contributions, 
dnd  we  can  determine  the  tropospheric  transmittance  A.  to  a 
good  approximation,  from  the  measured  off-line  sky  bright¬ 
ness  temperature  and  use  it  to  remove  the  tropospheric 
.contributions,  from  the  observed  line  center.  The  Oj  line  is 
symmetric,  and  errors  can  be  reduced  by  folding  the  line 
around  the  centento  calculate  a  mean  half  line.  We  derived 
ihe  brightness  temperatures  at  the  desired  frequencies  for 
the.jnversion  from'  a  cubic  spline  fit  to  the  spectral  line. 

The  observed  stratospheric  Online  amplitude  is  proportional 
tQ  the  concentration  and  is  broadened  by  atmospheric  pres- 


ZOMMERFELDS  ET  AL..‘  MESOSPHERE/DlURNAL  OZONE  VARIATION 


12.821 


sure.  The  ozone  volume  mixing  ratio  (V MR)  profile  is  deter¬ 
mined  from  the  observed  line  spectrum  with  an  iterative 
inversion  algorithm  [Twontey.  1977:  Randegget.  1980).  We 
start  from  an  arbitrary  initial  guess  of  the  0,  profile  of  I  ppm 
VMR  to  calculate  a  brightness  temperature  spectrum.  The 
resulting  iterated  profile  is  practically  independent  of  the  initial 
guess  (error  < 1%).  The  brightness  temperature  is  calculated  by 
integrating  the  radiative  transfer  of  the  atmosphere  in  0.5-km 
layers  from  the  surface  up  to  100  km.  The  observed  brightness 
temperature  differences  at  neighboring  filter  channels  ( T^Vj ) 
-  see  Table  1)  are  then  compared  with  the  equiv¬ 

alent  brightness  temperature  differences  obtained  from  the 
calculated  spectrum  in  order  to  correct  the  initial  guess  Oj 
profile.  This  process  is  repeated  until  the  difference  between 
calculated  and  observed  data  is  smaller  than  the  data  error.  The 
iterative  algorithm  modifies  the  profile  at  the  iteration  points 
using  the  relaxation  formula  derived  by  Chahine  (1972]  and 
interpolates  the  profile  linearly  for  the  integration  of  the  radia¬ 
tive  transfer  equation.  The  iterated  profiles  are  smoothed, 
using  a  Gaussian  function  with  a  full  width  at  half  maximum 
(FWHM)  of  5  km.  to  reduce  oscillations  in  the  iterated  profile 
which  are  caused  by  errors  in  the  observed  spectrum.  In  the 
radiative  transfer  calculations  we  used  an  Oj-air  collision  line 
width  parameter  of  2.55  MHz/mbarat  292  K  IN.  Monnateuil. 
private  communiction.  1983)  and  the  CIRA  (1972)  reference 
temperature  and  pressure  profiles. 

In  this  manner  we  determined  the  ozone  profile  in  the  20- 
to  76-km  altitude  range.  The  lower  altitude  limit  is  given  by 
the  total  frequency  bandwidth  of  the  spectrometer  of  =85 
MHz.  Above  approximately  80  km  the  line  shape  is  no 
longer  dominated  by  pressure  but  by  Doppler  broadening, 
and  no  altitude  information  can  be  obtained  based  on  the 
well-known  pressure  profile.  Table  I  shows  the  frequency 
offsets  of  the  brightness  temperature  differences,  and  their 
corresponding  measurement  weighting  function  peak  alti¬ 
tudes.  employed  in  the  mesospheric  component  of  the  re¬ 
trievals  (of  interest  in  the  diurnal  variation  measurements). 
The  weighting  function  peaks  denote  the  altitudes  at  which 
the  brightness  temperature  differences  are  most  sensitive  to 
variations  in  the  03  profile.  These  weighting  function  peak 
altitudes  are  the  profile  iteration  points  employed  in  the 
Chahine  inversion.  They  occur  at  higher  altitudes  in  spring 
than  in  winter  because  of  the  seasonal  variation  of  model 
atmosphere  temperature  and  pressure  in  the  mesosphere. 
Also  indicated  in  Table  I  are  the  measurement  weighting 
function  widths  (half  width  at  half  maximum).  The  weighting 
function  widths  give  a  rough  upper  limit  estimate  of  the 
retrieval  vertical  resolution. 


TABLE  I.  Frequency  Offsets  Relative  to  Line  Center  of 
Brightness  Temperature  Differences  (7'tfl„(v,)  -  .  t)). 

Corresponding  Iteration  Altitudes  (Weighting  Function  Peak 
Altitudes),  and  Weighting  Function  Half  Width  at 
Half  Maximum  Values  Employed  in  the 
Chahine  Inversion  Procedure 


1* 

MHz 

Z,.  km 

December 

January 

April 

0.045.2 

73  =  9.5 

74  -  9.5 

76  =  8.5 

0.245,4 

66  =  8.0 

66  =  8.0 

68  i  7.5 

0.445.8 

60  =  7.5 

60  *  7.5 

62  =  7.5 

0.8-1.6 

54  =  7.0 

54  r  7.0 

56  =  7.5 

TABLE  2.  Upper  Limit  on  Uncertainty  of  Scaling  Factors 


Sealing  Factor 

Uncertainty. '? 

Determination  of  tropospheric  attenuation 

5 

Estimate  for  tropospheric  temperature 

4 

Measurement  of  sky  temperature 

4 

Uncertainly  of  reference  blackbotiies 

N 

Influence  of  image  sideband 

2 

Width  of  antenna  beam 

3 

Inversion  algorithm 

10 

Total  uncertainty  limit 

13 

The  total  uncertainty  limit  is  the  square  root  of  the  sum  ot  the 
squares  for  all  factors. 


3.  Error  Considerations 

We  assume  that  sufficient  integration  time  was  available 
and  that  the  receiver  noise,  as  discussed  in  the  next  section, 
can  be  neglected.  Table  2  gives  a  list  of  factors  leading  to 
altitude  independent  errors,  which  we  refer  to  as  scaling 
factors  of  the  profile.  From  Lobsiper  et  at.  (1984)  we 
estimated  the  error,  introduced  by  the  approximate  method 
for  the  tropospheric  correction,  to  be  5%.  The  two  reference 
absorbers  used  for  calibration  are  not  perfect  blackbodtes 
and  we  estimated  a  calibration  error  of  3-4 %.  giving  a  total 
calibration  error  of  <5%.  The  front  end  mixer  is  sensitive  in 
the  signal  band  at  142. 175  GHz  but  also  in  the  image  band  at 
149.575  GHz.  By  mechanical  tuning  we  have  reduced  the 
image  band  sensitivity  by  more  than  17  dB  relative  to  the 
signal  band.  The  remaining  error  caused  by  the  influence  of 
the  image  band  is  less  than  2%.  Our  retrieval  algorithm 
assumes  a  pencil  beam  antenna:  the  radiometer  has.  how¬ 
ever.  an  antenna  beam  width  at  half  power  of  30s  with  a 
zenith  angle  of  35s.  Contributions  from  the  atmosphere  seen 
by  the  radiometer  at  zenith  angles  lower  than  the  main  beam 
are  partially  balanced  by  contributions  from  higher  zenith 
angles.  The  error  due  to  the  finite  beam  width  was  estimated 
at  3%.  Randepper  (I980J  tested  our  inversion  algorithm  with 
simulated  noise,  and  we  estimated  the  error  of  the  retrieval 
process  to  be  -10%.  This  includes  uncertainties  introduced 
by  the  choice  of  parameters  of  the  spline  function  to  smooth 
the  spectrum.  The  total  uncertainity  of  the  scaling  factor  on 
the  retrieved  profiles  is  therefore  13%.  assuming  statistically 
independent  errors. 

Altitude  dependent  fluctuations  and  errors  on  the  re¬ 
trieved  profiles  are  caused  by  instrumental  baseline  structure 
on  the  measured  spectra,  which  is  due  to  standing  waves  in 
the  radiometer  and  nonlinearities  of  the  system.  Within  the 
frequency  range  under  consideration  (=85  MHz  around  the 
line  center)  the  amplitude  of  any  instrumental  baseline 
structure  is  smaller  than  0.1  K.  From  inversions  with  simu¬ 
lated  spectra  we  estimate  an  error  of  0.5  ppm  VMR  on  our 
profiles.  The  baseline  on  the  measured  spectra  was  constant 
over  periods  longer  ihan  a  week,  and  the  time  dependent 
error  on  the  observed  differences  between  nighttime  and 
daytime  profiles  is  estimated  to  be  smaller  than  10%. 

Another  source  of  altitude  dependent  errors  in  the  re¬ 
trieved  ozone  profiles  is  deviation  of  the-  actuai  middle 
atmosphere  temperature  profile  from  the  model  atmosphere 
values.  For  the  142.175-GHz  ozone  line  the  magnitude  of 
this  error  is  such  that  a  1%  ambient  temperature  error  results 
in  about  a  1.6%  error  in  the  reprieved  ozone  profile  at  that 
altitude.  Thus  for  typical  deviations  of  middle  atmosphere 
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Fig.  2.  Observed  thermal  emission  of  the  stratospheric  ozone  line  without  contributions  from  the  troposphere  The 
line  is  symmetric:  only  the  lower  half  of  the  line,  and  only  the  central  part  of  the  line  relevant  for  the  mesosphere,  is 
shown. 


temperature  from  model  profiles  of  about  4C.-  [Forbes.  19851. 
the  resultant  probable  error  in  the  ozone  retrievals  is  roughly 


69f. 


4.  Observations 


Data  were  obtained  at  Bern  (46.57'N.  7.26<!EJ  during  the 
period  from  December  1986  to  April  198''  looking  i|i  a 
northeasterly  direction  with  an  antenna  zenith  angle  of  35° 
The  cold  and  dry  winter  troposphere  permits  good  observa¬ 
tions.  During  the  summer  months  '.he  tropospheric  humidity 
is  frequently  too  high,  and  the  required  integration  time 
cannot  be  obtained. 

To  measure  the  diurnal  variations  between  50  and  76  km 
aititude.  the  ozone  line  center  needs  to  be  measured  with  a 
frnuency  resolution  of  the  order  of  0.2  MHz  within  a 
bandwidth  of  2  MHz.  For  an  accurate  inversion  the  noise  on 
the  observed  stratospheric  brightness  temperature  toy  ) 
must  be  less  than  0.05  K.  The  sensitivity  of  the  radiometer  is 
limited  by  the  receiver  noise  Tv.  From  Krauss  [1966]  we 
derive  the  following  expression  for  the  required  measuring 
time  r: 


(2) 


where  A  represents  the  transmittance  of  the  troposphere  and 
2. vis  the  spectr^i  resolution.  Samples  measured  under. bad 
weather  conditions  with  tropospheric  transmittance  less 
than  0.5  are  not  used.  The  factor  3  in  (2)  is  introduced  by  the 
calibration  cycle  made  During  the  observations.  With  our 
microwave  rauiorneter  we,  therefore,  require  a  measuring 
time  of  f  >  3  hours.  Measurements  were-made  24  hours  per 
day,  and  .he  data  wj,  _  orded  in  bins  of  15-min  averages. 
V-'e  integrated  the  data  r  whole  month,  to  deteimme  the 
Gx  variation  of  a  mean  o„  corresponding  to  day  15  of  the 
month,  with  a  time  resotu,  m  of  15  /run.  We  integrated 


samples  of  each  day  having  the  same  time  difference  relative 
to  the  sunrise  time,  to  determine  the  mean  a  m.  variation 
and  integrated  likewise  relative  to  sunset  to  get  the  mean 
p.m.  variation.  The  time  scales  were  corrected  for  day  15  of 
the  month.  By  integrating  samples  of  a  whole  month  with  at 
least  13  days  of  good  observations,  mean  spectra  were 
obtained  with  -ulficient  integration  time. 

Figure  2  shows  the  spectrum  of  the  obsetved  December 
1986  monthly  average  Oj  spectral  line  at  noon  and  midnight 
as  atypical  example  for  ail  measurements.  In  Figures  3u  and 
3 h.  the  Bern,  monthly  averaged,  noontime  vertical  profiles 
of  Qj  mixing  ratio  are  illustrated  for  the.months  of  December 
1986  and  April  1987,  respectively,  along  with  errot  bars 
which  represent  the  total  estimated  error  from  Table  I,  For 
these  profiles  the  data  were  averaged  i2  hours  around  noon. 
Shown  for  comparison  are  monthly  averaged  Solar  Meso¬ 
sphere  Explorer  (SME)  [Thomas  et  at..  1984«j  retrievals  fos 
April  1985  and  December  1983  for  latitude  45°N  and  their 
corresponding  standard  deviations.  SME  data  tor  December 

1983  were  chosen  for  the  comparison  since  SME  data  for 
December  1985  were  not  available  and  data  for  December 

1984  were  available  only  at  pressures  less  than  about  0.1 
mbar,  A  direct  comparison  between  the  Bern,  and  SME 
retrievals  is  not  straightforward  since  the  SME  data  repre¬ 
sent  averages  of  observations  taken  essentially  over  North 
America  at  about  1500  LT.  For  April,  with  the  exception  of 
the  Bern  value  at  the  68-kir.  iteration  point,  the  error  bars  for 
the  two  profiles  generally  overlap.  The  68-hm  Bern  value  is 
however,  about  2waway  from  the  SME  profile  The  reirie-'- 
ais  for  December  show  more  substantial  disagreement  not 
only  in  absolute  values  for  mixing  ratios  but  for  the  general 
shape  of  the  vertical  profiles,  especially  below  60  km  .md 
above  70  km.  The  discrepancy  above  70  km  may  be  invtru- 
ntental.  resulting  from  the  fact  that  the  sensitivity  of  the 
microwave  measurements  decreases  rapidly  above  thi-  alti¬ 
tude.  However,  the  discrepancy  below  60  km  is  unlikely  to 
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Fig.  3.  («)  Average  ozone  abundance  profile  at  local  noon  for  December  1986.  Solid  line,  microwave  measure¬ 
ments:  dashed  line.  SME  data.  (/»)  Average  noon  profile  of  April  1987.  Solid  line,  microwave  measurements;  dashed 
line.  SME  data. 


be  an  instrumental  artifact  and  probably  results  from  real 
mixing  ratio  variations.  But  even  more  perplexing  in  a 
comparison  of  Figures  3a  and  3b  is  that  our  observed 
mesospheric  03  mixing  ratios  increase  from  winter  to  spring 
in  disagreement  with  the  SME  inferred  mixing  ratios  below 
73  km.  Note  that  the  03  mixing  ratio  bulge  observed  by  SME 
which  exhibits  a  semiannual  variation  with  peak  values  at 
equinoxes  is  above  73  km.  the  maximum  height  of  our 
observations  (see  Thomas  et  al.  [  1984/z]:  also  discussion  by 
Bevilacqua  et  al..  Seasonal  variation  of  water  vapor  and 
ozone  in  the  mesosphere:  Implications  for  vertical  transport 
and  ozone  photochemistry,  submitted  to  Journal  of  Geo¬ 
physical  Research  (1989)).  With  our  limited  data  base  it  is 
difficult  to  interpret  this  disagreement.  The  SME  data  dem¬ 
onstrate  consistently  over  a  five-year  period  that  winter  03 
mixing  ratios  exceed  spring  values  below  73  km.  This  trend 
between  65  and  75  km  is  predicted  by  most  mesospheric 
models  when  transport  and  H,0  mixing  ratios  are  held  fixed. 
With  the  observed  increase  jn  H,0  mixing  ratios  from  winter 
to  spring  included,  the  predicted  decrease  in  03  mixing  ratio 
is  enhanced.  Because  the  SME  data  pertain  to  the  middle 
atmosphere  over  North  America,  we  can  only  speculate  that 
the  difference  is  a  longitudinal  effect  and/or  an  unusual 
winter  in  the  middle  atmosphere  over  Europe  during  early 
1987.  This  type  of  zonal  asymmetry  in  ozone  is  undoubtedly 
dynamical  in  origin  and  thus  cannot  be  simulated  with  our 
one-dimensional  model.  Therefore  in  this  paper  ve  model 
only  the  relative  diurnal  variation  of  mesosphere  ozone 
inferred  from  the  microwave  measurements,  rather  than 
absolute  mixing  ratios.  The  relative  diurnal  variation  should 
be  largely  insensitive  to  longitudinal  variations  in  absolute 
ozone  abundances  and  will  also  minimize  the  effect  of 
systematic  errors  in  the  ozone  measurements. 

The  December.  January,  and  April  monthly  average  diur¬ 
nal  variations  of  the  03  VMR  at  55. 65  and  74  krr,  altitude  are 
shown  in  Figures  4-6.  Except  for  the  periods  hours 


around  sunrise  and  sunset,  the  data  were  smoothed  in  time 
with  a  Gaussian  function,  having  a  FWHM  of  I  hour.  Data 
obtained  for  the  months  of  February  and  March  1987  were 
substantially  lower  in  quality  and  consequently  are  not 
shown. 

5.  Model 

The  model  adopted  for  this  study  is  the  one-dimensional, 
time  dependent,  photochemical  model  with  vertical  trans¬ 
port  by  eddy  and  molecular  diffusion  developed  by  Allen  et 
al.  [1981,  1984]  and  used  to  study  chemistry  and  transport  in 
the  mesosphere  and  lower  thermosphere.  It  includes  the 
chemistry  and  transport  of  the  major  nonnitrogen  chemical 
species  in  the  altitude  range  40-130  km:  0.  0 ('£>>.  0,.  0,. 
H.  H:.  OH.  HjO.  HO:,  H:03.  CO.  CO,.  CH-.  and  Ar. 
Because  CIO,  and  NO,  are  important  in  the  odd  oxygen 
chemistry  below  50  km.  we  regard  our  solutions  as  accurate 
only  above  about  55  km.  Vertical  transport  by  eddy  diffusion 
and  the  chemical  acceleration  of  vertical  transport  as  de¬ 
scribed  by  Strobel  et  al.  [1987]  were  incorporated  in  the 
model  since  the  chemical  acceleration  term  can  be  poten¬ 
tially  significant  for  0  and  03. 

The  chemical  model  used  in  our  study  is  essentially  that  of 
Allen  et  al.  (1984.  Table  11.  with  kinetic  rate  constants 
updated  in  accordance  with  DeMore  et  al.  [I987j.  The  solar 
fluxes,  ptiotodissociacion  cross  sections,  and  radiative  trans¬ 
fer  calculations  are  identical  to  those  of  Allen  et  al.  [19841. 
with  the  exception  that  the  background  model  atmosphere  is 
extended  down  to  the  ground  to  ensure  precise  calculation  of 
sunrise  and  sunset  at  each  height  grid  point  in  a  spherical 
atmosphere.  The  lower  and  upper  boundary  conditions  were 
also  identical  with  one  exception:  at  40  km  the  H3Q  mixing 
ratio  is  set  equal  to  6.4  parts  per  million  by  volume  tppmv). 
We  will  subsequently  refer  to  theoretical  calculations  using 
this  assumed  chemistry  as  the  Jet  Propulsion  Laboratory 
(JPL)  model. 
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Fig.  4.  The  deduced  variation  of  the  03  mixing  ratio  based  upon  inversion  of  the  data  for  altitudes  of  55.  65.  and  74 

km  during  December  1986. 


To  generate  model  results  for  comparison  with  the 
monthly  averaged  diurnal  variations  of  03  mixing  ratios  as  a 
function  of  height  for  the  period  of  December  1986  through 
June  1987.  appropriate  model  atmospheres  for  each  month  at 
Bern.  Switzerland,  latitude  47=N.  were  constructed.  For  the 
standard  model  the  eddy  diffusion  profile.  K...  was  the 
model  C  profile  of  Strobel  et  al.  (1987).  Unfortunately,  we 
did  not  have  any  data  available  in  addition  to  the  ozone  data 
at  Bern  which  could  be  used  to  constrain  the  eddy  diffusion 
and  H;0  mixing  ratio  profiles.  Our  choice  of  the  eddy 
diffusion  profile  and.  as  a  consequence,  the  H:0  profile,  as 
described  by  Strobel  et  al.  [  1 987 j .  is  governed  by  mid¬ 


latitude  H;0  data,  typically  34-43°N  latitude  over  the  United 
States,  obtained  by  Beulaequa  et  al.  (1983.  1987.  1989). 

6.  Interpretation  of  Results 

The  diurnal  variation  of  ozone  reflects  two  chemical 
phenomena,  the  diurnal  variation  of  total  odd  oxygen  [0  - 
Oj].  which  is  governed  by  the  continuity  equation 

a[o  +  o,) 

- -  =  2y:[0:]  -  2(AI6[0][03]  +  MOKOH] 

ot 

+  *I8[0][H01]  +  A,j(0]2[M1)  (3) 
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Fig.  6.  Same  as  Figure  4.  but  for  April  1987. 


and  the  diurnal  variation  of  the  partitioning  between  0  and 
Oj  described  by 

<3[Oj] 

—  -  *ij[0][02J[M]  -  +  J4)(03j  (4) 

at 

The  theoretical  diurnal  variation  for  total  odd  oxygen  deter¬ 
mined  by  (3)  is  shown  in  Figure  7.  and  the  diurnal  variation 
of  ozone  from  (4)  is  shown  in  Figure  8.  both  for  equinoctial 
conditions  (April).  Note  the  small  diurnal  variation  of  odd 
oxygen  in  the  lower  mesosphere  (~  15%  at  56  km  and  30%  at 
62  km)  characterized  by  net  production  in  the  motn.'ng  and 
net  loss  in  the  afternoon.  In  the  upper  mesosphere  where  0 


is  the  dominant  form  of  odd  oxygen,  the  day  to  night 
variation  of  the  ozone  mixing  ratio  becomes  substantial  (a 
factor  of  -2  at  68  km  and  -17  at  76  km).  Near  the 
.  mesopause  thc  validity  of  (3)  breaks  down  as  the  divergence 
of  the  downward  0  atom  flux  contributes  to  the  diurnal 
variation  of  {OJ.  This  is  evident  at  76  km  in  Figure  7.  where 
odd  oxygen  increases  throughout  the  night  in  the  absence  of 
production  processes  by  flux  convergence  of  the  downward 
diffusing  0  atoms.  The  most  significant  diurnal  variation  of 
[Oj]  occurs  at  sunrise  and  sunset  (Figure  8)  associated  with 
the  onset  and  termination  of  0}  dissociation  (reaction  (R3. 
R4)).  At  sunrise,  dissociation  destroys  03  with  >100  s  time 


Fig.  7.  Model  variation  of  the  total  odd  oxygen  concentration  ([OJ  +  (03J)  as  a  function  of  time  for  the  indicated 

altitudes. 


constant  followed  by  a  subsequent  adjustment  and  recovery 
of  [Ojl  with  a  time  constant  varying  from  10  to  I0J  s  over  the 
range  of  50-80  km. 

It  is  tempting  to  directly  compare  our  theoretical  expec¬ 
tations  with  inferred  03  density  profiles  from  microwave 
radiometry.  However,  it  is  somewhat  misleading  to  directly 
compare  retrieved  03  density  profiles  with  model  results 
because  the  vertical  resolution  of  the  03  mixing  ratio  retriev¬ 
als  is  fairly  coarse  (-1.5  03  scale  heights).  Note  that  in 
Figure  8  model  calculations  predict  a  large,  localized  diurnal 
variation  of  03  above  70  km  which  is  significantly  greater 
than  the  variation  below  70  km.  Given  the  broad  retrieval 
vertical  resolution,  this  large  diurnal  variation  in  03  centered 
at  75  km  would  be  significantly  smoothed  out  in  the  retrieved 
profiles.  A  more  accurate  method  of  comparison,  which 
avoids  the  ambiguity  of  the  varying  vertical  resolution  of  the 
retrieved  03  profiles,  is  to  directly  compare  the  measured 
diurnal  variation  of  the  brightness  temperature  differences 
(hereinafter  referred  to  as  DBT  for  differential  brightness 
temperature).  The  model  values  were  generated  by  comput¬ 
ing  a  synthetic  spectrum  (at  the  measured  frequencies)  for 
the  03  profile  at  each  photochemical  model  time  step  in  the 
diurnal  calculation.  For  the  comparison  we  used  the  DBT 
values  at  the  frequency  offsets  given  in  Table  I  (we  refer  to 
the  DBT  values-by  their  highest  offset,  for  example.  DBT 
(0.2  MHz)  =  TBslr( 0.0)  -  TbsJO.2)).  Table  1  shows  that 
these  DBT  values  are  sensitive  to  the  03  profile  in  the 
altitude  range  in  which  the  constraints  of  model  validity,  in 
terms  of  absolute  03  concentration  and  significant  diurnal 
variation,  are  satisfied. 

Our  best  quality  data  for  equinoctial  conditions  are  the 
month  of  April  1987.  Figures  9a-9d  illustrate  the  diurnal 
variation  of  ozone  in  terms  of  the  observed  quantity.  DBT. 
at  the  indicated  frequency  offsets  plotted  on  a  relative  basis 
in  order  to  remove  the  differences  in  the  absolute  magnitude 
of  the  03  mixing  ratios,  as  discussed  above.  The  DBT  values 
are  normalized  to  an  average  daytime  value  (±2  hours  about 
local  noon),  and  the  relative  increase  is  plotted  in  these 


figures  to  determine  whether  the  model  and  observations  are 
in  agreement  on  the  fractional  change  in  ozone  through  a 
diurnal  cycle.  As  is  readily  obvious,  this  agreement  between 
the  data  and  the  model  with  standard  JPL  chemistry  is  good 
(£^20%)  at  altitudes  76. 68.  and  56  km.  At  62  km.  Figure  9c 
indicates  the  JPL  model  overpredicts  nighttime  DBT  values 
by  -30%.  As  discussed  above,  data  at  and  below  this 
altitude  (or  equivalent  frequency  offset)  are  of  lower  quality. 
In  Figure  10  the  DBT  values  are  normalized  to  the  midnight 
average  (instead  of  the  daytime  average),  and  it  is  apparent 
that  the  model  and  observations  are  in  excellent  agreement 
from  the  beginning  of  sunset  to  the  end  of  sunrise.  The 
essential  problem  is  the  average  daytime  value  of  the  DBT. 
as  its  time  variation  throughout  the  day  is  correctly  de¬ 
scribed  by  the  model. 

It  is  particularly  noticeable  at  the  frequency  offset  of  0.8 
MHz  that  there  is  significant  spectral  power  in  the  ~2-hour 
period  even  though  the  sampling  time  is  15  min.  This  is 
evident  at  other  altitudes,  although  not  as  pronounced.  We 
cannot  account  for  any  analysis  procedure  which  would 
introduce  this  2-hour  period.  The  amplitude  of  the  middle 
atmosphere  signature  cannot  be  understood  as  the  effect  of 
an  internal  gravity  wave  propagating  through  the  tropo¬ 
sphere  and  modulating  the  tropospheric  opacity.  We  are  at 
an  impasse  in  resolving  these  discrepancies  at  62  km  in  the 
April  data. 

Overall,  the  model  accurately  describes  the  relative  diur¬ 
nal  variation  of  ozone  in  the  middle  atmosphere  during 
equinox,  but  we  emphasize  that  models  with  standard  JPL 
photochemical  rate  constants  underpredict  absolute  ozone 
concentrations  in  the  stratosphere  and  mesosphere  as  dis¬ 
cussed  by  several  authors  [Allen  et  al.,  1981.  1984;  Frol- 
devciux  et  at.,  1985;  Rusch  and  Eckman.  1985;  Strobel  et  al., 
1987;  Clancy  et  al..  1987).  Modifications  to  the  standard 
chemistry  have  been  suggested  to  remedy  this  model  under¬ 
prediction.  Rusch  and  Eckman  (1985)  decreased  the  effi¬ 
ciency  of  the  odd  hydrogen  catalytic  cycle  which  destroys 
ozone  in  the  mesosphere  by  modifying  the  reaction  rate 
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Fig.  9.  (ci)  Relative  diurnal  variation  of  the  0.0-  to  0.2-MHz  brightness  temperature  difference  normalized  by  the 
average  value  over  the  1200  £  2  hour  time  period,  This  temperature  difference  is  sensitive  to  the  Oj  mixing  ratio  in  the 
76  £  8.5  km  region  (see  Table  1).  The  heavy  solid  line  represents  the  measurements,  and  the  light  solid  line  is  the 
variation  of  the  synthetic  spectra  (at  frequency  offsets  corresponding  to  those  of  the  measurements)  generated  using  the 
diurnal  variation  of  the  model  Oj  profiles  for  standaid  JPL-87  chemistry.  The  short-dashed  line  and  long-dashed  line 
represent  synthetic  spectra  generated  using  model  chemistry  incorporating  recommended  modifications  by  Kuscli  and 
Eckman  (19851  and  Clancy  ei  id.  (1987).  respectively,  (oj  Same  as  Figure  9 a  for  the  0.2-  to  0.4-MHz  brightness 
temperature  difference  (68  £  7.5  km),  (r)  Same  as  Figure  9 a  for  the  0.4-  to  0.8-MHz  brightness  temperature  difference 
(62  £  7.5  km),  (d)  Same  as  Figure  9 a  for  the  0.8-  to  1.6-MHz  brightness  temperature  difference  (56  £  7.5  km). 


coefficients  of  certain  key  HO  t  reactions  to  the  lowest  values 
allowed  within  experime  .ally  determined  uncertainties. 
This  was  done  to  provide  photochemical  model  agreement 
with  mid-latitude  SME  ozone  data.  Strohel  ei  al.  (1987) 
performed  a  similar  analysis  using  mid-latitude  SME  ozone 
data  and  ground-based  microwave  mesospheric  water  vapor 
data  and  found  essentially  the  same  result.  Clancy  et  al. 
[1987]  used  the  Rusch  and  Eckman  (1985]  photochemical 
model  in  addition  to  the  Caltech  model  [Allen  et  al..  1981. 


1984]  in  a  study  which  examined  high-latitude  SME  P  M, 
ozone  profiles  and  A.M./P.M.  ozone  ratios  and  attempted  to 
determine  the  possible  contributions  of  uncertainties  in  0> 
and  Oj  absorption  cross  sections  to  model/data  discrepan¬ 
cies.  The  Clancy  et  al.  (1987]  study  found  that  a  combination 
of  a  30%  increase  in  the  Schumann-Runge  band  Oj  cross 
sections,  a  30%  decrease  in  the  (0 1 Z?)  yield  from  ozone 
photolysis,  and  a  decrease  in  the  efficiency  of  the  odd 
hydrogen  catalytic  loss  of  ozone  would  provide  consistency 
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between  their  model  and  SME  data  (see  model  A  of  Clancv 
et  al.  [19871). 

We  have  performed  model  simulations  of  the  diurnal 
ozone  variation  with  both  the  Rusch  and  Eckman  [1985] 
suggested  changes  in  odd  hydrogen  reaction  rates,  and  the 
changes  incorporated  in  model  A  of  Clancy  el  al.  [1987]  for 
comparison  with  our  diurnal  ozone  data.  In  both  cases  the 
model  results  were  converted  to  relative  increases  of  DBT 
and  normalized  to  noontime  values  to  facilitate  the  compar¬ 
ison  with  data.  The  results  are  plotted  along  with  the 
standard  JPL  chemistry  model  in  Figures  9« — 9 d.  In  general, 
the  Clancy  model  A  chemistry  produces  larger  diurnal 
variation  of  ozone  by  -10%.  However,  all  three  cases  are 
sufficiently  close  to  preclude  unambiguous  determination  of 
a  “best"  case.  The  reasons  for  this  arc  threefold.  First,  the 
largest  effect  on  the  diurnal  variation  of  the  ozone  abundance 


owing  to  the  above  changes  in  photochemistry  is  primarily 
above  75  km.  above  the  useful  range  of  our  data.  Second,  the 
broad  weighting  functions  of  our  retrievals  tend  to  smooth 
out  small-scale  variations  with  altitude  that  occur  when 
different  combinations  of  changes  in  chemistry  are  incorpo¬ 
rated  in  the  model.  The  third  reason  is  related  to  the 
particular  ci.oi,'e  of  chemical  reactions  in  which  changes 
were  made.  The  sharp  transition  at  sunrise  between  high 
nighttime  and  low  daytime  ozone  abundances  is  due  to  the 
short  time  scale  for  ozone  photolysis,  leading  to  a  rapid 
repartitioning  between  0  and  Oj  after  sunrise  (see  (3)).  Thus 
the  average  day  to  night  ozone  abundance  ratio  at  a  partic¬ 
ular  level  in  the  mesosphere  is  strongly  controlled  by  the 
magnitude  of  the  ozone  photodissociation  rate  coefficient, 
which  was  not  changed  in  the  chemical  modifications  dis¬ 
cussed  above.  On  the  basis  of  the  reasonable  agreement 
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Fig.  10  Relative  diurnal  variation  of  the  0.4-  to  0.8-MHz  brightness  temperature  dilFerence  shown  normalized  to  the 

midnight  =2  hours  average. 


between  the  modeled  and  observed  relative  day  to  night 
variation  in  ozone  mixing  ratio,  we  conclude  that  the  model 
value  of  the  ozone  photolysis  rate  coefficient  is  accurate  to 
better  than  10 %.  However,  we  feel  that  these  observations 
do  not  provide  sufficient  constraints  for  deducing  the  correct 
mesospheric  ozone  chemistry  from  among  the  above  sug¬ 
gested  models. 

The  best  available  data  for  winter  are  the  months  of  Decem¬ 
ber  1986  and  January  1987.  For  these  months  only  high-altitude 
data  at  frequency  offsets  of  0.2  and  0.4  MHz  (74  and  66  km. 
respectively)  have  'ufficient  signal  to  noise  to  merit  serious 
comparison  to  model  calculations.  The  relative  variation  of 
DBT  for  December  1986  is  shown  in  Figures  I  la  and  I  16. 
whereas  Figures  12a  and  126  illustrate  a  comparison  of  data 
and  model  calculations  for  January  1987.  Note  that  the  model 
consistently  underpredicts  the  diurnal  variation  of  the  relative 
DBT  by  as  much  as  a  factor  of  2.  A  major  part  of  this 
underprediction  is  associated  with  the  postmidnight  increase  in 
03  mixing  ratio.  This  rise  in  the  03  mixing  ratio  by  up  to  a 
factor  of  2  is  a  real  feature  in  the  data.  It  is  tempting  to  interpret 
Figures  1  la  and  1 16  in  terms  of  a  midnight  minimum  in  03  with 
“excess"  amounts  at  sunset  and  sunrise  which  might  be  due  to 
vertical  motions,  but  in  Figures  12a  and  126  the  sunrise  03 
abundance  definitely  exceeds  the  sunset  value.  The  average  03 
vertical  mixing  ratio  profile  for  midnight  in  January  shows  a 
local  maximum  at  -65  km.  Thus  conservative  vertical  dis¬ 
placements  of  air  parcels  would  lead  to  decreased  03  mixing 
ratios  at  65  km  at  other  times  during  the  night  in  disagreement 
with  Figures  1 16  and  126. 

It  should  be  emphasized  that  the  January  1987  measure¬ 
ments  were  made  with  excellent  tropospheric  transmittances 
and  that  these  observed  increases  in  DBT  are  much  too  large 
to  be  accounted  for  by  temperature  errors  in  tropospheric 
correction  term.  Also  apparent  in  the  data  is  a  decrease  in 
the  relative  DBT  between  sunset  and  midnight,  of  smaller 
amplitude  than  the  postmidnight  increase  (Figures  12a  and 
126).  From  Lohsiger  and  Kami  [1986.  Figure  4]  an  increase 


in  03  concentration  of  '10%  after  midnight  was  observed  at 
74  km.  Our  data  at  74  km  for  December  1986  and  January 
1987  show  an  increase  of  30-40%  after  midnight  in  ihe 
absolute  03  mixing  ratio  until  sunrise  (Figures  4  and  5i.  At 
these  altitudes  the  model  predicts  constant  DBT  between 
sunset  and  sunrise.  There  are  no  chemical  or  transport 
effects  in  the  model  which  can  create  sufficient  O?  or  transfer 
O  atoms  down  from  the  thermosphere  to  be  converted 
chemically  by  t R 15)  to  03  in  this  altitude  region  which  could 
potentially  explain  the  nighttime  behavior  of  Oj.  The  post- 
midnight  increase  in  03  is  not  present  in  the  equinoctial 
(April  1987)  data.  In  addition,  recent  measurements  made  in 
Bern  during  January/February  1988  do  not  show  a  significant 
nighttime  variation. 

If  we  assume  that  the  postmidnight  increase  in  03  is  real, 
then  the  most  plausible  explanation  is  an  enhanced  down¬ 
ward  flux  of  O  atoms  from  the  lower  thermosphere  whose 
convergence  in  the  65-  to  75-km  region  leads  to  the  observed 
03  increase.  This  increase  must  occur  in  a  time  short  in 
comparison  to  the  typical  time  constant  for  removal  of  odd 
oxygen  (-I05  s).  Thus  the  approximate  continuity  equation 
is 


3[03]  3<2> 


which  can  be  integrated  with  respect  to  height  to  yield 
3M03) 

- -  -  0(0.  85  km)  -  <6(0.  60  km)]  t6< 

dt 

where  /V(03)  is  the  column  density.  <6  is  the  flux,  and  <240  wi 
km)  ~  0  as  most  of  the  0  atom  flux  has  been  converted  (o  <  > . 
and  note  that  #0.  85  km),  the  mesopause  flux,  is  dounw.ud 
and  hence  negative.  The  column  density  of  03  above  6ti  km 
is  approximately  4  x  10 15  cm-’.  A  15%  increase  in  the  ' 1 
column  density  over  6  hours  or  2  X  10  ’  s  requiiv'  < 
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Fig.  II.  (a)  Same  as  Figure  9a.  except  for  December  (73  £  9.5  km)  and  shown  only  with  model  results  using  standard 
JPL-87  chemistry,  (b)  December  (66  ±  8.0  km)  comparison. 
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downward  0  atom  flux  HO.  85  km)  or  order  4  x  10 10  atoms 
cm"2  s"1.  This  is  a  reasonable  value  for  the  downward  0 
atom  flux  at  the  mesopause.  but  it  must  penetrate  down  to  at 
least  70  km.  rather  than  only  80  km  where  at  night  it  is 
typically  depleted.  To  penetrate  to  a  given  level,  the  vertical 
transport  time  constant  must  be  shorter  than  the  chemical 
time  for  conversion  of  O  atoms  to  03  by  (R15)  over  the 
altitude  region  above  that  level.  The  time  constant  for  (R15) 
vanes  from  -300  to  1  x  104  s.  The  time  constant  for  eddy 
transport  is  H2IK...  In  the  region  of  strong  flux  convergence 
the  scale  height  of  atomic  oxygen  is  typically  predicted  to  be 
~1  km.  At  70  km  where  the  postmidnight  increase  of  Oi 
appears  to  peak,  the  chemical  time  constant  of  (RI5)  is  ~105 
s.  If  we  require  the  flux  convergence  to  peak  there,  then  the 
transport  and  chemical  time  constant  should  be  comparable 


at  70  km,  i.e..  HZIK..  ~  I03  s.  But  H  ~  105  cm;  hence  K.. 
must  be  ~  107  cm2  s"1.  This  is  two  orders  of  magnitude 
larger  than  the  baseline  K..  profile  used  in  our  diurnal 
calculations.  In  terms  of  a  mean  vertical  velocity  ( ~KJH) 
this  is  equivalent  to  VV  ~  -1  m  s_l.  An  enhancement  in 
either  K ~  or  iv  of  this  magnitude  over  a  6-hour  period  seems 
to  be  very  excessive,  especially  down  to  70  km.  and  would 
thus  cast  suspicion  on  the  reality  of  the  observed  postmid¬ 
night  increase  in  Oj.  We  do  note  that  Bjarnason  et  al.  [1987] 
suggest  that  tidal  influences  on  the  local  zonal  wind  profile 
affect  the  magnitude  of  gravity  wave-induced  vertical  diffu¬ 
sion.  At  86  km  in  the  summer  at  70°N  they  find  an  order  of 
magnitude  variation  in  K..  with  minimum  values  between  18 
and  24  hours  and  elevated  values  from  midnight  to  early 
afternoon.  With  chemical  acceleration  of  eddy  diffusion 
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Fig.  12.  fa)  Same  as  Figure  1 1(a)  except  for  January  (74  a  9.5  km).  ( b )  January  (66  ±  8.0  km)  comparison. 


included,  the  magnitude  of  K..  at  70  km  peaks  around  noon 
with  minimum  values  around  midnight  [Bjarnason  et  al 
1987,  Figure  14],  hut  the  total  variation  is  only  a  factor  of  2. 

7.  Concluding  Remarks 

The  ground-based  microwave  observations  of  the  diurnal 
variation  of  mesospheric  ozone  presented  in  this  paper  are 
currently  the  best  available  measurements  of  this  type.  From 
the  data  taken  from  December  1986  to  April  1987  over  Bern. 
Switzerland,  we  obtained  monthly  averaged  results  of  suffi¬ 
cient  quality  to  define  the  characteristic  diurnal  behavior  of 
the  ozone  mixing  ratio  in  the  mesosphere  during  winter  and 
equinox  conditions.  One-dimensional  photochemical  model 
calculations. for  equinoctial  conditions  correctly  predict  the 
relative  diurnal  variation  of  ozone.  This  supports  the  asser¬ 


tion  that  (4)  represents  the  essential  chemistry  necessary  to 
understand  the  diurnal  variation  of  ozone.  Furthermore,  the 
reasonable  agreement  between  the  model  and  observations 
suggest  that  the  model  value  of  the  ozone  photolysis  rate 
coefficient  is  accurate  to  better  than  10%.  Model  simulations 
incorporating  various  recently  suggested  modifications  to 
standard  mesospheric  odd  hydrogen  and  odd  oxygen  photo¬ 
chemistry  [Rusch  and  Eckman.  1985:  Clancy  et  al..  I9X"| 
show  little  distinction  in  the  calculated  relative  diurnal 
variation  of  brightness  temperature  differences.  To  the  ex¬ 
tent  that  these  model  modifications  represent  the  range  of 
uncertaintity  in  our  understanding  of  ozone  photochemiM  i  x . 
we  conclude  that  observations  of  the  diurnal  variation  oi 
ozone  by  this  technique  do  not  represent  a  good  ic-t  ••>! 
competing  photochemical  theories. 
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During  the  winter  months.  (4)  predicts  only  about  one  half 
the  observed  diurnal  variation  of  ozone:  part  ot  this  discrep¬ 
ancy  is  due  to  the  observed  postmidnight  increase  in  ozone. 
This  is  strictly  a  winter  phenomenon  in  our  data  base,  which 
was  not  observed  in  recent  measurements  during  January/ 
February  1988.  Clearly,  further  measurements  are  required 
to  identify  whether  this  phenomenon  is  typical  and  whether 
special  geophysical  conditions  are  required  to  generate  this 
nighttime  increase  in  mid-latitude  ozone.  One  proposed 
explanation  of  this  phenomenon  in  terms  of  enhanced  down¬ 
ward  transport  of  atomic  oxygen  from  the  lower  thermo¬ 
sphere  requires  substantially  elevated  values  of  K..  or  w  in 
the  postmidnight  period  which  appear  to  be  excessive.  It  is 
sufficiently  intriguing,  though,  to  merit  further  research. 
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